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MODELACIÓN DE LOS TSUNAMIS DE 1835 Y 2015 EN CHILE
Ignacia Calisto  Burgos1

Numerosos tsunamis han ocurrido en Chile a lo largo de la historia y la forma de obtención de los parámetros de 
fuente de estos tsunamis ha evolucionado en el tiempo. Las fuentes de tsunami más común son los terremotos que 
ocurren en las zonas de subducción y por lo tanto los parámetros de la falla están relacionados a este proceso. 
Los tsunamis que se generan a partir de un terremoto de subducción dependen de la geometría de la ruptura y de 
la cantidad de deslizamiento que ocurre durante el evento. La deformación vertical que ocurre en el fondo oceánico 
producto del movimiento del sismo, irá perturbando la columna de agua inmediatamente encima de él, llegando 
hasta la superficie del océano. Este proceso es considerado instantáneo, y por lo tanto se asume que la cantidad de 
movimiento vertical en el fondo del océano es la misma que de la superficie del agua. Los parámetros de ruptura 
que están involucrados en la geometría son el largo y ancho de la falla, el rumbo, manteo, la profundidad y ángulo 
de deslizamiento. La altura de la ola generada como condición inicial dependerá de la cantidad de deslizamiento. 
Para caracterizar un evento, se debe considerar que gran parte de la información requerida se basa en instrumentos 
y tecnología; sin embargo, es recién en la primera década de 1900 donde comienzan las instalaciones de tecnología 
sísmica en nuestro país, por lo que es necesario señalar que los eventos anteriores a esta fecha se caracterizan en 
base a estimaciones derivadas de la intensidad del sismo registrado, teniendo como fuente principal de información 
los relatos y/o documentos históricos de la época.
En este trabajo se muestra como reconstruir el tsunami generado por dos terremotos que ocurrieron en Chile. Uno 
de ellos es anterior a la era instrumental, en 1835, ampliamente documentado, y el otro es uno actual, 2015, para 
el cual existen varios modelos de fuente que se basan en diferentes observaciones. El terremoto del 20 de febrero 
de 1835 en la zona de Concepción, tuvo una magnitud M=8.0-8.5. La caracterización de este terremoto se hace en 
base a registros históricos, de los cuales se extrae información del terremoto y posterior tsunami que azotó princi-
palmente a la Bahía de Concepción, pudiendo definir algunos parámetros, los que son complementados con otros 
determinados mediante relaciones empíricas en sismología.
El terremoto del 16 de septiembre de 2015 en la zona de Illapel, tuvo una magnitud momento de 8.3. La caracte-
rización de este terremoto se basa en varios autores que usaron diferentes tipos de datos geofísicos para realizar 
inversiones y obtener los parámetros de ruptura. 
El trabajo muestra entonces, como generar un tsunami en base a dos terremotos, en que sus parámetros son calcula-
dos dependiendo de la información obtenida. Estos tsunamis generados, se ajustan bastante bien a las observaciones 
de altura de ola o run-up en la costa. La simulación numérica de los tsunamis se hizo con el software COMCOT.

1 Departamento de Geofísica, Facultad de Ciencias Físicas y Matemáticas, Universidad de Concepción. Concepción, Chile
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Comparison Between Tsunami Signals Generated by Different Source Models

and the Observed Data of the Illapel 2015 Earthquake

IGNACIA CALISTO,1 MATTHEW MILLER,1 and IVÁN CONSTANZO
1

Abstract—A major interplate earthquake occurred on

September 16th, 2015, near Illapel, central Chile. This event gen-

erated a tsunami of moderate height, however, one which caused

significant near field damage. In this study, we model the tsunami

produced by some rapid and preliminary fault models with the

potential to be calculated within tens of minutes of the event origin

time. We simulate tsunami signals from two different heteroge-

neous slip models, a homogeneous source based on parameters

from the global CMT Project, and furthermore we used plate

coupling data from GPS observations to construct a heterogeneous

fault based on a priori knowledge of the subduction zone. We

compare the simulated signals with the observed tsunami at tide

gauges located along the Chilean coast and at offshore DART

buoys. For this event, concerning rapid response, the homogeneous

source and coupling model represent the tsunami at least as well as

the heterogeneous sources. We suggest that the initial heteroge-

neous fault models could be better constrained with continuous

GPS measurements in the rupture area, and additionally DART

records directly in front of the rupture area, to improve the tsunami

simulation based on quickly calculated models for near coastal

areas. Additionally, in terms of tsunami modeling, the source

estimated from prior plate coupling information in this case is

representative of the event that later occurs; placing further

importance on the need to monitor subduction zones with GPS.

Key words: Tsunami signal, slip model distribution,

earthquake rupture.

1. Introduction

Central Chile has suffered numerous large earth-

quakes which have generated devastating tsunamis.

These tectonic events are related to the subduction of

the Nazca plate beneath the South American conti-

nent at a speed of � 68 mm/year (ANGERMANN and

KLOTZ 1999; VIGNY et al. 2009). In consequence,

events with a considerable magnitude have occurred

periodically in the study area; the latest of these being

the Illapel earthquake (Mw ’ 8.2) occurring on the

16th of September, 2015, generating a moderate

tsunami which reached a maximum recorded height

of 4.5 m in Coquimbo.

The rupture area is located approximately

between the latitudes of 30� and 32:5�S, and cities of

considerable population were affected by the earth-

quake and tsunami. Tsunamigenic earthquakes have

been registered in this area since 1730, the events of

1880 and 1943 being the two most recent (LOMNITZ

1971; COMPTE and PARDO 1991). The subduction

geometry shows unusual behavior at these latitudes,

since the slab becomes nearly flat at around 100 km

depth (TASSARA et al. 2006; PARDO et al. 2012) and

arc volcanism is cut off (STERN 2004). The rupture

area of the Illapel earthquake, and its predecessors, is

delimited to the north by the Challenger fracture zone

and to the south by the Juan Fernandez ridge

(SPARKES et al. 2010).

To quickly estimate tsunami height and first wave

arrival time, homogeneous fault models can be used.

However, to have a better understanding of the tsu-

nami source, more realistic models can be simulated

(CALISTO et al. 2015). Heterogeneous models are

based on a wide range of observations that include

seismological, GPS, and even tsunami measurements.

The main problem, regarding tsunami hazard miti-

gation, is the time required to generate these

heterogeneous models; those based only on seismo-

logical data are currently the quickest available.

A tsunami brings information about its source and

propagation to coastal, and deep water, tide and

pressure gauges. In this study, we compare the

observed tsunami generated by the 2015 Illapel event

to simulated signals, using different source models, at1 Geophysics Department, University of Concepcion,

Concepción, Chile. E-mail: icalisto@dgeo.udec.cl
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MODELACIÓN NUMÉRICA DE TSUNAMIS GENERADOS POR DESLIZAMIENTOS SUBMARINOS EN 
TALUD CONTINENTAL FRENTE A ARAUCO, CHILE

Ignacia Calisto  Burgos1

Estudios recientes de grandes deslizamientos de tierra generados en el Pleistoceno sobre el talud continental, frente 
a la Península de Arauco en Chile, hablan de la posibilidad que tuvieron dichos eventos de producir tsunamis ca-
tastróficos. Los tsunamis generados por deslizamientos de tierra cumplen con la teoría de aguas someras, al igual 
que los tsunamis de origen sísmico. El presente trabajo muestra posibles escenarios de estos deslizamientos y los 
tsunamis que pudieron generarse a partir de ellos, poniendo especial énfasis en la evidencia existente, que permite 
caracterizar mejor los deslizamientos y analizar su interacción con el agua para formar dichos tsunami.
Tanto los deslizamientos de tierra submarinos como los tsunami subsecuentes fueron simulados a partir de dos 
programas numéricos que trabajan con el modelo de aguas someras: VolcFlow v3.6 y COMCOTv1.7, respectivamente. 
Dichos programas permitieron estudiar diferentes características dinámicas de estos fenómenos, las cuales sirvieron 
para determinar las interacciones entre ambos. Para que esto fuese posible, se tuvo que reconstruir la batimetría 
previa al deslizamiento por medio de interpolaciones 2D en las cuencas dejadas por los depósitos. También fue 
necesario buscar la mejor reología que representarse dichos flujos, esto sólo se logró gracias a las evidencias in-
directas aportadas por las imágenes de reflexión sísmica, las cuales mostraron la posición actual de los depósitos 
dejados por los deslizamientos. Se reconstruyeron los depósitos justo después de que se formaran, considerando 
la dinámica esperable para esta clase de fenómenos.
Entre los resultados más importantes destaca que la ley reológica de Binhgam, junto con la introducción de un 
coeficiente de tensión, pareciera ser la mejor forma de representar un deslizamiento submarino, ya que tanto las 
características dinámicas como la forma de depositación descritas por este modelo están respaldadas por la evi-
dencia existente.

1 Departamento de Geofísica, Facultad de Ciencias Físicas y Matemáticas, Universidad de Concepción. Concep-
ción, Chile



six tide gauge locations along the Chilean coast and

three offshore DART buoys.

2. Tsunami Modeling

The tsunami numerical simulation is computed

using the software COrnell Multi-grid Coupled Tsu-

nami Model (COMCOT), version 1.7 (WANG 2009),

which adopts staggered leap-frog finite differences to

solve shallow water equations in their linear and non-

linear form (LIU et al. 1998). The linear approximation

is used when the wavelength is much larger than the

sea depth; the non-linear approximation is required as

the wave approaches the coast and the bathymetry

changes sharply. COMCOT v1.7 assumes that the

uplift motion is much faster than the wave propaga-

tion, so the initial vertical water displacement is

approximated by the sea floor displacement, calculated

here using the improved elastic finite fault plane theory

of OKADA (1985). Furthermore, in this study we

assume that all deformation occurs simultaneously.

COMCOT v1.7 uses a nested and equally spaced

grid system, which reduces computational costs while

allowing fine bathymetry grids near the coastline. We

use four grid levels at six coastal locations; the

nearest around 140 km from the epicenter and the

farthest 1400 km away. At three offshore DART

locations two grid levels are used. We simulate 3.5 h

of tsunami propagation with a 5 s time step. We used

a bottom friction coefficient of 0.025, representative

of a 2 cm diameter coarse sand and widely used in

tsunami simulation (MASAMURA et al. 2000).

3. Grid Generation

The nine locations chosen for this study are

named in Table 1 and displayed in Fig. 1. Tide gauge

data are available for the coastal and offshore loca-

tions and high resolution bathymetry is used for the

coastal locations. The Generic Mapping Toolkit

(WESSEL et al. 2013) and ArcGis 9.3 are used to

construct the four grid levels, generating in total 23

grids. There are two first level grids, with a resolution

of 2.16 arc minutes, one is common for all coastal

locations and covers the area from Arica to

Talcahuano, and the other one is common for all the

DART locations. Then, for the nine individual loca-

tions, second grids, with a 0.54 arc minutes

resolution, were built. Third and fourth grid levels are

generated with respective resolutions of 0.108 and

0.018 arc min for the coastal areas.

The level 1 grid resamples ETOPO1 (AMANTE and

EAKINS 2009) while the level 2 grid resamples NASA’s

SRTM30 plus data (BECKER et al. 2009). The higher

resolution bathymetry, used for the third and fourth

level grids, is provided by the Chilean Navy Hydro-

graphic and Oceanographic Service (Spanish acronym:

SHOA) which has a maximum resolution of around

30 m (http://www.shoa.cl/tramites/tramite.php); this is

coupled to the ASTER high resolution topography

(http://asterweb.jpl.nasa.gov).

4. Tsunami Signals

4.1. Observed Data

The observed data are acquired from SHOA tide

gauges situated close to the coastal cities of Arica,

Iquique, Caldera, Coquimbo, Valparaiso and Talc-

ahuano; and from NOAA’s National Data Buoy

Center (http://www.ndbc.noaa.gov/) for the offshore

locations, which correspond to water column height

from DART Buoys. For the coastal locations, the

oceanic tide, simulated using a classical harmonic

analysis, is subtracted to obtain the tsunami wave-

form. The DART data were filtered to remove the

diurnal, semi-diurnal and lunar (M3) tides. The

resulting time series represents the tsunami signal,

tidal signals with four or more cycles are not

expected in deep ocean (TOLKOVA 2010). Table 1

summarizes the precise locations of the tide gauges

and DART buoys.

4.2. Fault Models

Four different source models are used in this

study, their surface deformations are shown in Fig. 2.

The simplest model is a homogeneous rectangular

fault, with parameters obtained from the Global

Centroid Moment Tensor Project (http://www.

globalcmt.org/) (DZIEWONSKI et al. 1981; EKSTRÖM

1052 I. Calisto et al. Pure Appl. Geophys.

et al. 2012). This model has a moment magnitude of

8.2, a fault geometry with strike 5�, dip 22� and rake

106� at a centroid depth of 17.8 km and epicenter at

31:22�S, 72:27�W. We use the relations given by

PAPAZACHOS et al. (2004), which relate the event

magnitude to the length and width of the fault, and

KANAMORI and ANDERSON (1975) to compute the slip,

taking the rigidity, l, to be 3� 1010 Pa. The solutions

give an area of 209� 82 km2 and average dislocation

of 5.59 m. These values are consistent with the

parameters calculated based on BLASER et al. (2010),

STRASSER et al. (2010), KAMIGAICHI (2011) and MUR-

OTANI et al. (2013). The resulting vertical surface

deformation produced by this source is shown in

Fig. 2d.

Two heterogeneous models based on seismological

observations were used to simulate tsunami wave-

forms. The first one is the finite fault model obtained

from the USGS event page (http://earthquake.usgs.

gov/earthquakes/eventpage/us20003k7a). This solu-

tion is a preliminary finite fault model based on

teleseismic waveform analysis. Figure 2a shows the

surface deformation produced. On the other hand, the

model of BENAVENTE et al. (2016) corresponds to a

solution obtained using three component W-phase

waveforms (KANAMORI 1993) acquired from the Fed-

eration of Digital Seismograph Networks (FDSN). The

data selection and inversion procedures largely follow

BENAVENTE and CUMMINS (2013). Additionally, the

faulting surface in this solution is parametrized to

follow the slab geometry provided by the SLAB1.0

model (HAYES et al. 2012). The surface deformation

produced by this solution is shown in Fig. 2b.

We finally construct a heterogeneous model

based on information collected prior to the 2015

earthquake: the plate locking within the area delim-

ited by the last megathrust event in this area (1943),

the subduction velocity, and the amount of time

since the previous event. The interseismic coupling

data of METOIS et al. (2014) used GPS data,

collected between 2004 and 2012, to quantify the

kinematic coupling on the subduction interface

producing a plate locking distribution in the Ata-

cama area. Assuming that the previous subduction

event resets the stress accumulation in the system

and that the locking degree has no temporal

variation, the amount of slip that the slab should

move during an earthquake is related to the degree

of locking on the interface and to the amount of time

during which the system is loading. It has previously

been observed that plate locking patterns follow the

slip distribution of large earthquakes (MORENO et al.

2010). We restrict the area of the source to the 1943

earthquake (BECK et al. 1998) and use this year to

compute the amount of time for which the energy

has accumulated, at a velocity provided by the plate

motion code of DEMETS et al. (1994). The predicted

heterogeneous slip distribution in this region is then

the product of the plate locking degree, subduction

velocity, and amount of time since last event. To

obtain the rest of the fault parameters for each

subfault we use the SLAB1.0 model (HAYES et al.

2012) for depth, strike and dip, and the pmotion

code (DEMETS et al. 1994) for rake angle. The

resulting surface deformation pattern is shown in

Fig. 2c.

Table 1

Summary of tide gauge and DART buoy locations

Latitude Longitude Real depth (m) Virtual depth (m)

Arica 18.48S 70.32W 4.43 4.76

Iquique 20.21S 70.15W 5.36 5.28

Caldera 27.10S 70.83W 4.59 3.77

Coquimbo 29.95S 71.33W 4.08 5.17

Valparaiso 33.03S 71.63W 4.58 11.63

Talcahuano 36.69S 73.11W 4.68 6.06

DART 32412 17.99S 86.33W 4387 4357

DART 32401 20.47S 73.43W 4797 4734

DART 32402 26.74S 73.98W 4070 4066

Vol. 173, (2016) Comparison Between Tsunami Signals Generated by Different Source Models 1053
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5. Results

During the 3.5 h tsunami simulation the waves

reach the six tide gauge locations along the coast and

the three DART buoys. In the coastal areas, the far-

thest gauges are 1400 km north, and 650 km south, of

the epicenter; the nearest, Coquimbo, is located

140 km to the north. The DART signals used are

from buoys between 500 and 2000 km from the

rupture area. The results of the observed tide gauge

signals, compared to those generated by the different

sources for coastal areas, are shown in Fig. 3. For the

offshore locations this information is shown in Fig. 4.

In general, the four models can simulate the shape

and arrival time of the tsunami. In the case of coastal

tide gauges, the farthest stations show better fit,

whereas for the offshore locations the main features

of the DART records are well simulated. A

−75˚

−75˚

−70˚

−70˚

Fig. 2

401

402

412
(850 km)

1

2

3

4

5

6

19
43

1 Arica

2 Iquique

3 Caldera

4 Coquimbo

5 Valparaiso

6 Talcahuano

1 km

1 km

1 km

1 km

1 km

1 km

−100 −80 −60 −40 −20 0

Bathymetry [m]

−40˚

−35˚

−30˚

−25˚

−20˚

−40˚

−35˚

−30˚

−25˚

−20˚

Figure 1
Central map: the study location in Chile, showing the limits of Fig. 2 (dashed line); 2015 epicenter from the global CMT solution (yellow

star); 1943 event rupture limit, which activated again in 2015 (blue line); the positions of DART buoys 32401 and 32402 (orange diamonds),

with the direction and distance to DART buoy 32412 off the map indicated by the arrow; and finally the six coastal locations used in this study

(numbered squares). Side maps: the fourth level bathymetry grids used for the six coastal locations (correspondingly numbered and named)

with the coastline estimation and precise location of the tide gauges (white circles)
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measurable difference between the models is the

wave amplitude, therefore we introduce a parameter

which measures how well the amplitude of the first

peak can be reproduced: the Spga parameter of AN-

DERSON (2004), defined by

Sðp1; p2Þ ¼ 10 exp � ðp1 � p2Þ
minðp1; p2Þ

� �2( )

where p1 and p2 are the amplitudes of the first peak of

the observed and virtual tsunami signals. This is a

function which decreases monotonically from the

best fit value of 10. The results are displayed in

Table 2.

Because we are investigating the source of the

tsunami and how this influences its propagation, we

concentrate mainly on the first wavelength, but also we

extend the discussion to the extended wave train. For

the coastal locations, the source contributes relatively

more to the shape of the first wavelength, compared to

the following waves. The first wavelength is less

influenced by the physical consequences of the local

geomorphology, such as shelf and bay resonance

(YAMAZAKI and CHEUNG 2011; BELLOTTI et al. 2012).

However, the following waves can be well modeled at

the coastal locations if the tsunami source is accurately

defined, for example see CALISTO et al. (2015) for

results from a previous earthquake, and for the Illapel

event the simulations from Aránguiz et al. (2016) and

the Center for Tsunami Research (NOAA/PMEL)

(http://nctr.pmel.noaa.gov/chile20150916/). For the

case of the offshore locations, without the influence of

the coast which amplifies the source errors forewards

through time, we consider the entire simulation.

In Arica and Iquique, the gauges farthest north of

the epicenter, the arrival time and shape of the first

peak are well reproduced for all models; nevertheless,

the amplitude is better estimated using the homoge-

neous and coupling-based models, as shown by their

high Spga parameters. The USGS preliminary model

significantly underestimates the wave height.
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Figure 2
Initial deformation of the tsunami model using: a USGS preliminary model, b Benavente W-phase model, c Coupling distribution based on

METOIS et al. (2014), and d Homogeneous fault model. The white circles are the nearest tide gauge locations to the epicenter and correspond to

the boxes 4 and 5 of Fig. 1. The positions of the other tide gauges and DART buoys relative to the limits of this figure can also be seen in

Fig. 1
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Caldera is located 450 km north of the epicenter and

the signals show good correlation for up to 120 min

after the earthquake; beyond this, however, no model

used in this study reproduces the observed waves.

Again, the USGS preliminary model underestimates the

amplitude while the homogeneous, W-phase and cou-

pling-based models all perform relatively accurate

simulations for the first few wavelengths.

Coquimbo is the nearest location to the epicenter

at which a tide gauge recorded the observed tsunami,

−0.4
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Figure 3
Comparison between the observed tsunami signal at SHOA tide gauges (red line) and simulated tsunami signal generated by different source

models: USGS preliminary model (green line), Benavente W-phase model (blue line), Heterogeneous model based on interseismic coupling

(orange line) and Homogeneous fault model (black line). Time is measured relative to the earthquake origin
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situated just to the north of the rupture area. The first

observed wave is again similar to that of the cou-

pling-based model, the only one to have a high Spga

parameter. No model used here can accurately

reproduce the second and fourth waves which reach

over 4 m in height. Concerning the first three waves

only, the W-phase model of Benavente, which pre-

dicts the greatest uplift close to the trench in front of

Coquimbo, produces the best fit.

In Valparaiso, situated close to the southern extent

of the rupture area, the models do not reproduce the

entire 210 min observation, although a high-fre-

quency component on both the observed and modeled

data complicates the visual interpretation. The shape

and amplitude of the first peak is well fit for the

homogeneous, coupling-based, and W-phase models.

The Spga parameters confirm the goodness of fit for

the first peak amplitude; however, it should be noted

that they are time shifted. Furthermore, the coupling-

based model overestimates the arrival time, the sim-

ulated tsunami appears 15 min early.

The southernmost location, Talcahuano, is

650 km south of the epicenter. The first wave is best

represented by the homogeneous model while the two

heterogeneous models derived from seismic data are

very similar in form and slightly underestimate the

observed amplitude, although still with good Spga

values; finally the coupling-based model overesti-

mates the amplitude and the arrival time of the first

peak. The arrival time of the second wave, observed

around 170 min after the event origin time, is not

reproduced by any model.

The DART buoy 32401 is located 1200 km

northwest of the earthquake epicenter and the virtual

signals fit the general shape of the record for the

length of the simulation. The coupling-based and

homogeneous models fit the arrival time of the first

wave better, whereas the amplitude is well repro-

duced by the W-phase and homogeneous models, as

the Spga coefficient confirms.

The closest DART buoy, 32402, is located

500 km from the epicenter. The arrival time is better
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Figure 4
Comparison between the observed tsunami signal at DART buoys (red line) and simulated tsunami signal generated by different source

models: USGS preliminary model (green line), Benavente W-phase model (blue line), Heterogeneous model based on interseismic coupling

(orange line) and Homogeneous fault model (black line). Time is measured relative to the earthquake origin
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obtained by the coupling-based model as well as the

signal shape, although the amplitude is a little over-

estimated. The homogeneous, W-phase and USGS

models generate more subsequent waves than the

coupling-based model, but none are capable of

accurately matching the observation.

The DART buoy 32412 is the furthest tsunami

signal, 2000 km distant from the epicenter. The

arrival time for the first wave is well reached by the

coupling-based and USGS models, and the Spga

parameter confirms that those models also better fit

the amplitude.

6. Discussion

The two heterogeneous source models which can

rapidly be calculated for this earthquake, based on

teleseismic waveform data, produce tsunami signals

which generally represent the waves observed along

the Chilean coastline. Additionally, the W-phase

model of Benavente provides a good tsunami fit when

compared to the preliminary USGS model which uses

the more traditional seismic phases (P, SH and

surface).

Somewhat surprisingly, among the three fault

models based on earthquake data, it is the homoge-

neous finite fault that gives the best first wavelength

fit for the tsunami signal. This can be explained by

limitations on either the heterogeneous source models

or the tsunami simulation and bathymetry used.

However, a prior study of the 2014 Iquique earth-

quake (CALISTO et al. 2015) has demonstrated that it

is possible to accurately model a near field tsunami in

Chile using SHOA bathymetry, in which the

heterogeneous source models were inverted using

coseismic GPS measurements along with teleseismic

waveforms. It is worth noting that later peaks at the

closest tide gauges are not well predicted by any

model used in this study, suggesting a different,

potentially more complicated fault mechanism than

one which can be rapidly obtained from long-period

teleseismic phases. A recent study (HICKS and RIET-

BROCK 2015) has demonstrated that greater source

detail can be found using higher frequency near field

seismic data, information which is lost in the tele-

seismic waveforms. This suggests that a combination

of real-time, near field, seismic and GPS stations,

providing additional constraints for the slip inver-

sions, could improve the correlation between quickly

modeled and observed tsunami signals.

We next focus on the nearest tide gauge,

Coquimbo, at which the amplitudes of the second and

fourth waves are underestimated. The first peak,

which is better reproduced, is the consequence of the

sea floor uplift closest to the gauge. Beyond this

distance range, we suggest that relatively small per-

turbations to the source mechanism have the potential

to alter this waveform after the first peak, as any

changes in wave directionality will be strongly

affected by the bay geometry, especially as the

northernmost rupture limit is around the same latitude

as the bay. The W-phase model of Benavente, which

gives the greatest vertical displacement in front of

Coquimbo, is the closest to obtaining the observed

wave amplitudes. If more data sources were avail-

able, further slight modification of this slip

distribution in the northern part of the rupture area

could significantly improve the model at this tide

gauge.

Table 2

Spga parameter which measures the goodness of fit of the first peak

USGS preliminary Benavente Coupling-based Homogeneous

Arica 0.09 4.74 9.71 9.03

Iquique 2.08 8.15 9.93 10.00

Caldera 7.80 9.76 9.87 9.99

Coquimbo 5.25 3.48 9.46 3.46

Valparaiso 4.36 9.98 9.97 9.98

Talcahuano 9.27 9.32 6.16 9.39

DART 32412 9.83 8.42 9.52 7.58

DART 32401 5.81 9.89 9.41 9.95

DART 32402 8.26 9.77 9.71 8.21
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The coupling-based model uses information

gathered in the rupture area prior to 2015 to generate

a heterogeneous source model. Therefore, the success

of this model in matching the main features of the

generated tsunami in 2015 is a notable result. How-

ever, this is not without complications: the

overestimated arrival time, especially at Valparaiso,

is due to the 2015 event having less slip in the

southernmost part of the rupture area than the cou-

pling predicts. This cannot currently be improved

post-event, as the coupling-based model uses no

parameters of this event in its definition, instead

taking all of its information from the loading stage of

the seismic cycle. The coupling model has limitations

due to the distribution of the GPS stations, and also as

the land-based GPS have less control over the off-

shore coupling values, meaning lower resolution near

the subduction trench, the area which has the most

influence over tsunami generation. In this study in

particular, there is a lower density of GPS stations in

the southern limit of the rupture area, see Fig. 3 of

METOIS et al. (2014). More work is required in this

topic to confirm the suitability of coupling maps to

predict the characteristic features of future tsunamis.

To evaluate source models, the coastal tide gauge

data have limitations: they are sited in sheltered

locations and the complexity of the near shore

bathymetry accentuates any small perturbations in the

tsunami waveforms caused by source errors. In con-

trast, the DART records are free of harbor effects so

provide more reliable information for source esti-

mation. We suggest that the differences between the

DART and simulated signals can be mainly attributed

to source errors in the quickly derived slip models.

Although the tsunami, in this case, arrives at the

DART buoys after the seismic information used to

construct the sources is available, DART data clearly

can improve upon the initial seismic source estimates

(TANG et al. 2016) and more accurately predict

Pacific-wide propagation (see http://nctr.pmel.noaa.

gov/chile20150916/ for more information).

7. Conclusions

For rapid response and tsunami mitigation after a

seismic event, the rupture models predicted by the

teleseismic waveforms produce usable initial tsunami

estimates. The W-phase model is promising; this

phase arrives before the S and surface waves,

meaning it is theoretically possible to model the slip

and produce an initial tsunami prediction as soon as

the W-phase arrives, within 5 min at regional stations

(YE et al. 2016) and around 20 min at seismic sta-

tions up to 5000 km distant (KANAMORI and RIVERA

2008; HAYES et al. 2009). While the tsunami esti-

mated from these slip models is far from perfect, in

this study they reproduce the amplitudes and arrival

times of the tsunami arriving at coastal areas suffi-

ciently well to aid tsunami warning and mitigation

attempts. To further improve these models within the

required timescale, a potential way could be through

real-time GPS measurements in the vicinity of the

rupture area. Previous studies (CALISTO et al. 2015)

have shown success in simulating tsunamis from

GPS-derived source models for other subduction

earthquakes (SCHURR et al. 2014); however, the

accuracy of such methods for tsunami source esti-

mation is still not proven. An increased density of

real-time GPS coverage along subduction zones

would help future studies in this topic.

DART data would help to refine the quickly cal-

culated, seismic-based slip models, and to model a

source to enable more accurate simulation across the

Pacific area. In this case, the closest DART buoy

records the tsunami half an hour after the event origin

time. However, with DART buoys directly in front of

the rupture, it would be possible to use DART data

quicker to constrain the predicted affects of the tsu-

nami and its propagation along the near coastal areas.

Chile is one of the World’s most seismically active

countries and currently only has two offshore DART

buoys, both situated in the north. It would be helpful

for future events to have more buoys operational in

this corner of the Pacific.

In tsunami hazard analysis, potential sources used

to generate inundation maps are often homogeneous

models which do not necessarily produce the best fit

to the eventual event (CALISTO et al. 2015). In this

study, we show that a reasonable heterogeneous slip

model can be predicted by an interseismic degree of

locking. Figure 3 and Table 2 show that the cou-

pling-based model generally performs well in shape,

first peak amplitude and arrival time. GPS
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observations and the generation of accurate, high

resolution locking degree datasets for regions where

subduction earthquakes periodically happen could be

used to predict more realistic heterogeneous tsunami

source models before the earthquakes happen. Tsu-

nami inundation maps could be updated using this

information to give the scenario arising from the most

representative source in a particular region. However,

more work is required at other subduction zones to

confirm this hypothesis.

GPS stations are of great use for subduction

zones, concerning tsunami hazard estimation, for two

main reasons: not only could continuous GPS sites

help to constrain preliminary fault slip models (and

the simulated tsunami they generate), but also GPS

data can generate the plate locking maps which could

provide a representative tsunami source estimate

prior to the event happening. The collection and

transmission of both onshore and offshore data, real-

time automation of slip models and tsunami esti-

mates, and further understanding of subduction zone

segmentation and earthquake cycles are ongoing

challenges concerning accurately simulating and

predicting future tsunamis, and the damage they will

cause.
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The 1960 tsunami on beach-ridge plains near Maullín, Chile: 
Landward descent, renewed breaches, aggraded fans, multiple predecessors
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ABSTRACT. The Chilean tsunami of 22 May 1960 reamed out a breach and built up a fan as it flowed across a sparsely 
inhabited beach-ridge plain near Maullín, midway along the length of the tsunami source. Eyewitnesses to the flooding, 
interviewed mainly in 1988 and 1989, identified levels that the tsunami had reached on high ground, trees, and build-
ings. The maximum levels fell, from about 10 m to 2 m, between the mouth of the tidal Río Maullín and an inundation 
limit nearly 5 km inland across the plain. Along this profile at Caulle, where the maximum flow depth was a few meters 
deep, airphotos taken in 1961 show breaches across a road on a sandy beach ridge. Inland from one of these breaches 
is a fan with branched distributaries. Today its breach holds a pond that has been changing into a marsh. The 1960 fan 
deposits, as much as 60 cm thick, are traceable inland for 120 m from the breach. They rest on a pasture soil above two 
additional sand bodies, each atop its own buried soil. The earlier of the pre-1960 sand bodies probably dates to AD 
1270-1400, in which case its age is not statistically different from that of a sand sheet previously dated elsewhere near 
Maullín. The breach likely originated then and has been freshened twice. Evidence that the breach was freshened in 
1960 includes a near-basal interval of cobble-size clasts of sediment and soil, most of them probably derived from the 
organic fill of pre-1960 breach. The cobbly interval is overlain by sand with ripple-drift laminae that record landward 
flow. The fan of another breach near Maullín, at Chanhué, also provides stratigraphic evidence for recurrent tsunamis, 
though not necessarily for the repeated use of the breach. These findings were anticipated a half century ago by descrip-
tion of paired breaches and fans that the 1960 Chilean tsunami produced in Japan. Breaches and their fans may provide 
lasting evidence for tsunami inundation of beach-ridge plains. The breaches might be detectable by remote sensing, and 
the thickness of the fan deposits might help them outlast an ordinary tsunami sand sheet.

Keywords: Tsunami, Erosion, Deposition, Hazard, Chile.
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GEOLOGIA DE TERREMOTOS Y TSUNAMS EN EL PASADO (PALEO SISMOLOGIA)
Marco Cisternas Vega1

El correcto entendimiento del ciclo sísmico y de sus consecuencias, requiere de su estudio en el largo plazo, a escala 
de cientos e incluso de miles de años. Sólo de esta forma se pueden comprender los recientes grandes terremotos 
y de alguna manera prever que ocurrirá en el futuro. Esto es lo que pretende hacer la paleo sismología.
Con el fin de traspasar la barrera temporal impuesta por la historia escrita (en el caso de Perú y Chile estudiar even-
tos ocurridos antes de la llegada de los españoles), se recurre a la geología y a una de sus recientes sub disciplinas: 
la paleo sismología costera. En resumen, se puede describir la búsqueda y análisis de evidencia geomorfológica, 
estratigráfica y ecológica de la ocurrencia de grandes terremotos y sus tsunamis asociados. Los eventos que ocu-
rren en el margen Pacífico de Sudamérica son tan grandes que dejan profundas huellas, no siempre evidentes, en 
la costa. La paleo sismología costera busca dichas huellas, las que incluyen evidencias de licuefacción producto del 
sacudimiento, cambios en el nivel de la costa (levantamiento o hundimiento) por efecto de la ruptura co-sísmica y 
erosión o depositación de sedimentos producto del tsunami asociado, entre otras.
En esta ponencia se presentan casos de estudio realizados en Chile en los cuales ha sido posible retroceder en el 
tiempo a escala de miles de años. Por ejemplo, en uno de los estudios se reconoció que el terremoto gigante de Chile 
de 1960 (magnitud 9.5), fue precedido por otros seis eventos similares en los últimos 2.000 años. En este caso, se 
utilizaron metodologías relativamente estándar, que incluyeron el análisis de capas de arena dejadas por los tsunamis 
y suelos enterrados por sedimentación estuarina. Para otros casos, se muestran aproximaciones nuevas que aún 
están en etapa experimental, incluyendo la interpretación de cordones litorales y su estratigrafía, mediante radar 
de penetración terrestre (GPR).
Se espera que estos casos motiven a que en Perú se realicen similares estudios, considerando que su costa cuenta 
con similares condiciones y respuestas a los terremotos como las estudiadas en Chile.

1 Escuela de Ciencias del Mar, Pontificia Universidad Católica de Valparaíso, Valparaíso, Chile
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1. Introduction

This paper offers two kinds of findings about 
tsunami history. First, it adds to previous Chilean 
descriptions of the 1960 tsunami. Among descrip-
tions of the waves, high-water marks, and losses of 
life from the Pacific Ocean tsunami that originated 
during the giant (magnitude 9.5) Chile earthquake 
of 22 May 1960, most refer to distant effects in 
Hawaii (Eaton et al., 1961; Dudley and Lee, 1998) 
and Japan (Japan Meteorological Agency, 1961; The 
Committee for Field Investigation of the Chilean 
Tsunami of 1960, 1961). The tsunami’s effects in 
Chile are known mainly from a report published in 
Spanish (Departamento de Navegación e Hidrografía 
de la Armada, 1961) and English (Sievers, 1963). 
In a few areas this contemporary evidence was later 
supplemented by eyewitness accounts that have 
been excerpted in public-safety booklets (Atwater 
et al., 2005a; Cisternas et al., 2010). The paper 
draws on the later eyewitness accounts to derive 
tsunami-height estimates that might be applied 
most directly to the mapping of tsunami hazards 
and the calibration tsunami-inundation models in 
south-central Chile.

Second, the paper offers geological findings that 
may have international application in tsunami research 

and preparedness. A tsunami commonly writes its 
own geological history by spreading sand hundreds 
or thousands of meters inland (Bourgeois, 2009). The 
deposit can serve as a long-term warning of future 
tsunamis, most importantly on a coast where outsize 
tsunamis recur centuries apart and have yet to happen 
in the area’s written history. The sandy forewarning 
described in this paper is notable because the sand 
is distinctly paired with a breach. The main idea, 
adapted from studies in Japan (Konno et al., 1961; 
Minoura and Nakaya, 1991), is cartooned in figure 1.                                                                                  
A tsunami flows through a sandy beach ridge, either 
for the first time or by reaming a breach that an earlier 
tsunami created. The landward-directed outflow from 
the breach builds a sandy fan as it spreads out on a 
plain, or it builds a delta if it runs into water already 
standing there. The resulting fan-shaped deposit 
may form on the landward side while the tsunami 
floods, on the seaward side while it drains, or both. 
The combination of breach and fan may endure for 
centuries as a geological forewarning of the area’s 
next catastrophic tsunami.

We collected eyewitness accounts and examined 
breaches and fans near the town of Maullín, south-
central Chile. This study area includes the estuary of 
the Río Maullín and beach-ridge plains that adjoin 
it (Fig. 2).

RESUMEN. El tsunami de 1960 en una planicie de cordones litorales cerca de Maullín, Chile: descenso tierra 
adentro, surcos renovados, abanicos agradados, múltiples predecesores. El tsunami chileno del 22 de Mayo de 1960 
reabrió un surco y construyó un abanico cuando fluía a través de una poco habitada planicie de cordones litorales cerca 
de Maullín, en medio de la fuente del tsunami. Testigos de la inundación, entrevistados mayormente en 1988 y 1989, 
identificaron los niveles que el tsunami habría alcanzado en suelos altos, árboles y edificios. Los niveles máximos dis-
minuyeron, desde casi 10 m a 2 m, entre la boca del Río Maullín y el límite de la inundación, alrededor de 5 km a través 
de la planicie.  A lo largo de ese perfil, en Caulle, donde la profundidad máxima del flujo fue de unos pocos metros, fotos 
aéreas de 1961 muestran surcos, a modo de canales de erosión, que cruzan un camino sobre un cordón litoral arenoso. 
Tierra adentro desde uno de esos surcos hay un abanico con distributarios ramificados. Hoy, el surco contiene una poza 
que ha evolucionado a ciénaga. Los depósitos del abanico de 1960, de hasta 60 cm de espesor, son trazables tierra aden-
tro por 120 m desde el surco. Descansan sobre un suelo de pasturas por sobre otros dos adicionales cuerpos de arena, 
cada uno cubriendo su propio suelo enterrado. El más antiguo de los cuerpos arenosos pre 1960 probablemente data del 
1270-1400 DC. Así, su edad no se diferencia estadísticamente de la edad de una capa de arena previamente datada en 
otro sitio cercano a Maullín. Probablemente el surco se originó en ese entonces y ha sido reactivado dos veces. Evidencia 
que el surco fue utilizado nuevamente en 1960 incluye un intervalo basal de cantos rodados compuestos de sedimentos 
y suelo, la mayoría de ellos probablemente provenientes desde el relleno orgánico del surco pre 1960. La arena sobre 
los cantos contiene laminación cruzada que indica flujo tierra adentro. El abanico de otro surco cercano, en Chanhué, 
también provee evidencia estratigráfica de tsunamis recurrentes, aunque no necesariamente del uso repetido del surco. 
Estos hallazgos fueron anticipados medio siglo atrás con la descripción de surcos y abanicos que el tsunami de 1960 
produjo en Japón. Los surcos y sus abanicos podrían proveer evidencia duradera de inundación de tsunami en planicies 
con cordones litorales. Los surcos podrían ser detectables mediante sensores remotos, y el grosor de los depósitos del 
abanico podría ayudar a que se preserven por más tiempo que una capa de tsunami ordinaria.

Palabras clave: Tsunami, Erosión, Depositación, Peligro, Chile.
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2. Previous work

2.1. Earthquake and tsunami history in the source 
region of the 1960 Chilean tsunami 

Earth’s largest 20th century quake, of magnitude 
9.5, resulted from a fault rupture at the boundary 
between the subducting Nazca plate and the over-
riding South America plate (Fig. 2a) in the Chilean 
afternoon of  22 May 1960. The rupture extended more 
than 800 km along this subduction zone and lowered 
most adjoining parts of Pacific coast of south-central 
Chile by a meter or two (Fig. 2b) (Plafker and Sav-
age, 1970). Crossing the Pacific Ocean, the ensuing 
tsunami took lives as far away as Hawaii and Japan 
(Atwater et al., 2005b, p. 55).

Written records tell of preceding earthquakes in 
1575, 1737, and 1837 (Lomnitz, 1970; Cisternas et al., 
2005). The 1575 earthquake rivals the 1960 earthquake 
in reported effects:  minutes of strong shaking at all 
Spanish outposts from Concepción to Castro, inferred 
subsidence, a devastating tsunami near Valdivia, and 
landslide damming of a lake in the Andean foothills. 
By contrast, the 1737 earthquake is known only from 
secondary written records in Chile and is not known 
to have produced a tsunami in Chile or Japan. The 
earthquake in 1837, perhaps generated mainly in the 
southern half of the 1960 fault-rupture area, spawned 
a Pacific Ocean tsunami that caused documented 
flooding and damage in Hawaii and Japan. 

Among these four historical events, only those 
from 1575 and 1960 are evident in sequences of sand 
sheets and buried soils previously described near 
the study area. This stratigraphy, at the lowlands of 
Chuyaquén (Fig. 3a, g), provides an inferred history 
of recurrent earthquakes and tsunamis of the past 

2,000 years (Cisternas et al., 2005). The sand sheets 
rest on the buried soils of tidal marshes and supratidal 
meadows. Some of the sand sheets record tsunami 
deposition, while others represent sandy tidal flats that 
record coseismic subsidence. The four most recent of 
the geologically recorded earthquakes and tsunamis 
at Chuyaquén date, at two standard deviations, to                     
AD 1020-1180, 1280-1390, during or soon after 
1450-1620 (probably 1575), and 1960.

Evidence for recurrent earthquake shaking has 
been found in deposits beneath Lago Puyehue, about 
175 km northeast of Maullín (Moernaut et al., 2007), 
and twice that distance to the north-northeast beneath 
Lago Calafquén and Lago Villarrica (Moernaut et al., 
2009). This lacustrine evidence extends south-central 
Chile’s earthquake history as much as 10,000 years 
into the past. 

2.2. Tsunami deposits associated with breaches

The pairing of a tsunami’s breaches and fans was 
first noted as an effect of the Pacific Ocean tsunami 
associated with the giant Chilean earthquake of 22 
May 1960. The initial descriptions came from far-
field shores of northeast Japan, where both flooding 
and subsequent draining breached roads and levees 
(Konno et al., 1961), and from Chile, where the tsunami 
breached sand spits near Puerto Saavedra (Weischet, 
1963, p. 1247; Wright and Mella, 1963, p. 1369) and 
Maullín (Fig. 2e) (Thomas et al., 1963). Fan deposits 
nearly a meter thick in the Chilean near field were 
later reported from Mehuín (Fig. 2b), where they 
formed behind a seaside beach ridge that the 1960 
tsunami breached (Bourgeois and Reinhart, 1989).

Other pairing of tsunami erosion and tsunami 
deposition has been reported for the 2004 tsunami 
in Aceh, Indonesia (Paris et al., 2009) and the 2006 
tsunami in the Kuril Islands (MacInnes et al., 2009), 
and has been inferred from eolian landforms and 
archaeological materials in New Zealand (Goff et 
al., 2009).

Breaches paired with fans have been used to 
estimate heights that tsunamis likely attained as 
they overtopped beach ridges. At Seaside, Oregon, 
Cascadia tsunamis of the past few thousand years 
repeatedly incised gravelly beach ridges and built 
fans behind the incisions (Peterson et al., 2010). At 
Anegada, British Virgin Islands, waters of the North 
Atlantic breached sandy beach ridges a few meters high 
during a tsunami or an unusual storm in the decades 

FIG. 1. Cartoon of breach and fan formed by recurrent tsunamis 
flowing from left to right.
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between 1650 and 1800, and during an earlier time 
of overwash as well (Atwater et al., 2012).

The 1755 Lisbon tsunami likely accounts for 
overwash fans on the back side of a sand spit in Spain 
(Luque et al., 2001; Lario et al., 2010). These fans 
were recently cited as analogs for overwash fans 
that have been interpreted as evidence for tsunamis 
at Tierra del Fuego (Bujalesky, 2012).

The 2004 Indian Ocean tsunami breached beach 
ridges in Indonesia, Thailand, and Sri Lanka (Choowong 
et al., 2007; Goff et al., 2007, p. 11, 29, 31; Fagherazzi 
and Du, 2008). The Thai breaches widened seaward 
across the modern beach, a form ascribed primarily 
to drainage of tsunami waters (Fagherazzi and Du, 
2008). Such breaches were also produced on sand 
spits in Japan by the tsunami from the 2011 Tohoku 
earthquake (Tanaka et al., 2012). Longshore drift of 
beach sand filled most of the Japanese breaches in 
the first months after the tsunami. 

3. Methods

This study began with a four-month reconnaissance 
in 1988 and 1989. The work was aided by oblique 
airphotos taken by the United Stetes military in 1944 
(Fig. 2e, f), low-altitude vertical airphotos of tsunami 
damage taken June 4, 1960 by the Chilean airforce 
(Figs. 1a, b, 2 appendix), and vertical airphotos of 
1:50,000 scale taken January 1961 (Figs. 3a, 4a, b) 
and 1:20,000-scale vertical airphotos taken in 1979. 
The work included interviews of eyewitnesses to the 
1960 tsunami (Table, Text appendix), measurement 
of tsunami high-water levels (Fig. 3) and topographic 
profiles (Fig. 4a, c) by means of third-order leveling 
linked to readings on a tide staff (Table appendix), 
and measurement of tsunami-deposit thickness in 
shovel pits and hand-auger holes (Figs. 3g, 4d, e).

Paired breaches and fans noticed in this reconnais-
sance received further field study in 2006. This field 
work focused on fans at Caulle, 2 km inland from 
the sea, and Chanhué, a few hundred meters from 
the Río Maullín. We dug pits, made sediment peels, 
and surveyed topography along a transect (Figs. 5-8). 
Most of the pits extended 1.5 m in length and width 
and reached 1 m in depth (example, Figs. 5, 7d). The 
sediment peels (Figs. 6, 7) were made with OH-1A, 
a hydrophilic grout that contains toluene di-isocyante 
and methyl ethyl ketone. Grain size was estimated in 
the field by hand lens. The leveling plotted in figure 
5 had a closure error of 1 cm.

A horizontal woody root in growth position 
yielded the radiocarbon age introduced in this pa-
per (Fig. 6c). We converted its age in radiocarbon 
years to a two-standard deviation range in calibrated 
(approximately sidereal) years with the Southern 
Hemisphere calibration data of McCormac et al.
(2004) and with Calib 5.01, a recent version of the 
radiocarbon-calibration program of Stuiver and 
Reimer (1986). 

4. Eyewitness accounts of the 1960 tsunami

Published accounts of the 1960 tsunami near 
Maullín begin with a summary prepared soon 
afterward by the Chilean Navy (Departamento de 
Navegación e Hidrografía de la Armada, 1961) and 
later published in English (Sievers, 1963). It states 
that the 1960 tsunami reached Maullín around 20 
minutes after the mainshock, which began about 
3:10 p.m. local time on 22 May. It further states 
that the tsunami began with a withdrawal, reached 
a maximum height of 14 m, and included eight large 
waves of which the second and the fourth were the 
highest. We presume that the height of 14 m was 
estimated from debris observed in trees. 

Eyewitnesses interviewed in 1988 and 1989 
identified vertical and horizontal limits of the 1960 
tsunami near the Río Maullín. We surveyed the 
heights relative to a local datum that we related to 
tides in 1988 and 1989. We estimated the height of 
this datum relative to the heights of the tide in the 
Río Maullín during first hours after the mainshock of 
22 May 1960 (details in Table appendix, footnote 2). 
The tsunami heights reported herein are referenced 
to this estimated post-earthquake tidal level. 

The maximum heights reached by the tsunami 
diminish inland. The greatest of the well-substantiated 
heights, 10 m, was attained by the tsunami as it 
poured across a bedrock saddle north of the river 
mouth (Figs. 2f, 3b, c). Seven kilometers upriver the 
heights inferred from interviews diminish to about 6 
m in La Pasada and 5 m in Maullín (Fig. 3c). On an 
overland profile across the beach-ridge plain west 
of Maullín, the estimated high-water levels diminish 
more abruptly, descending to 5 m at Caulle, 2 km from 
the sea, and further declining to little more than 2 m 
at a site nearly 5 km from the sea (Figs. 3d, 4a-c).                              
The 1960 Chilean tsunami similarly descended inland 
near Tsugaruishi and Tanabe, Japan (Atwater et al., 
2005b, p. 64-65, 88-89). 
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Several reliable observers who were in or near the 
town of  Maullín recounted three tsunami waves before 
dusk. The first arrived within 45 minutes of the earth-
quake. The second, probably the largest, exceeded the 
first. The difference is evidenced in snapshots taken in 
the town plaza between the afternoon’s waves. These 
show structures standing after one wave but not after 
another (Fig. 1 appendix).

At least 116 people reportedly died from the tsu-
nami along the lower reaches of the Río Maullín (Text  
appendix). Nearly all were close to the river mouth 
when the tsunami first came ashore; a former official 
recalled a death toll of 105 in Quenuir (Fig. 2f), and 
families of victims mentioned at least 10 deaths on the 
beach-ridge plain west of Maullín. An additional person 

who died is known to have been swept away by the 
tsunami beside the plaza of Maullín itself (Fig. 1c).

4.1. Caulle

Further clues to the relative sizes of the first 
two waves near Caulle were provided during the 
1989 reconnaissance by Nelly Gallardo and René 
Maldonado and were clarified by Ms. Gallardo in 
the early 2000s. Ms. Gallardo, 23 years old in 1960, 
was close to the sea, near the mouth of Río del Rey 
(Fig. 3a), when the first wave reached her. It crested 
at her knees. The second wave swept her off her feet 
and left her afloat on a wooden rail (Atwater et al., 
2005a, p. 14). 
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AD 1270-1400 at two standard deviations
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5 cm in 

both photos 

in c

Tsunami breach, Figure 6 of 8

FIG. 6. Examples of evidence for recurrent tsunamis at the Caulle fan. Sand unit A represents the 1960 tsunami, while sand units B
and C are inferred to record earlier tsunamis.
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404 THE 1960 TSUNAMI ON BEACH-RIDGE PLAINS NEAR MAULLÍN, CHILE...

Mr. Maldonado, age 30 in 1960, was in Maullín 
during the earthquake. On horseback he raced home 
to Caulle, 5 km by dirt road, to check on his mother. 
After picking her up he proceeded southeastward 
to high ground. Because he never saw the tsunami 
throughout this trip, it is likely that the first wave 
did not reach the Caulle breaches that would be later 
cut or reamed and which he had to cross to reach his 
home. However, the tsunami eventually succeeded 
in flooding Mr. Maldonado’s home, where it left a 
high-water mark on interior walls (Atwater et al., 
2005a, p. 11). This flooding probably took place 
during the second wave. The high-water mark, 
surveyed in 1989, was about a meter above the 
ground surface and 5 m above the estimated tide 
level at the time of the tsunami.

Both Ms. Gallardo and Mr. Maldonado reported 
that the 1960 tsunami left ponds on the beach-ridge 
plain west of Maullín. Mr. Maldonado further in-
ferred that the 1960 tsunami cleaned out the fill of a 
pre-1960 pond. He stated that, prior to this tsunami, 
what would become the scour pond nearest his home 
in Caulle (southern ‘Breach’ in figure 3b) had been 
made of soft ground that offered little support for 
a fence he attempted to build. He described resort-
ing to fence poles as much as 10 m long, and he 
recounted that the ground would sink under his feet 
and rise around him-as does the floating mat in the 
Caulle pond that we surveyed.

4.2. Chanhué

Tulio Ruiz provided eyewitness accounts of the 
first two waves at La Pasada, about 2 km up the 
Río Maullín from Chanhué (Figs. 2f, 3a). Mr. Ruiz, 
23 years old in 1960, waded through waist-deep 
water of the first wave on his way to high ground, 
where he watched the second wave carry away his 
family’s home. 

According to Mr. Ruiz, the tsunami left a high-
water mark that he observed on a religious statue 
a few hours later. In 1989 we surveyed that level 
as 5 m above our estimate of the tide level at the 
time of the tsunami. 

5. Landforms

The beach-ridge plains breached at Caulle and 
Chanhué swing inland from the present Bahía 
Maullín to the vicinity of Maullín and La Pasada, 

respectively (Fig. 2d-f). The breach and fan studied 
at Caulle fan is 2 km inland from the 1960 shoreline 
(Fig. 3a), while the Chanhué features are little more 
than 100 m from the shore (Figs. 3a, 8a). 

5.1. Beach ridges

Dozens of beach ridges curve across the plains 
on both sides of the lower Río Maullín. Though 
none of the ridges have been dated numerically, 
their weakly developed soils and parallel curvature 
imply that all are of Holocene age. 

The ridges are founded on beach sand and capped 
by dune sand, as judged from beachfront outcrops 
that expose the core of a beach ridge 5-10 m high 
near Chanhué. The lowest meter of these outcrops 
consists of parallel-laminated fine sand with abundant 
heavy-mineral layers. This probable swash-zone 
deposit grades upward into arkosic fine sand that 
contains cross-beds in sets decimeters thick.

The Río Maullín cuts across the trends of beach 
ridges west of Maullín and east of La Pasada. We 
speculate that this cross-cutting resulted from 
enlargement of the river through capture of the 
catchment of Lago Llanquihue. Llanquihue, a lake 
largely fringed by a Pleistocene moraine, may have 
drained eastward past the south flank of Volcán 
Osorno some thousands of years ago (Fig. 2c). An 
Osorno eruption may have blocked that path, spilling 
the lake across the moraine into the Río Maullín.

Sand dunes cross and obscure the beach-ridge 
trends west of Caulle (Figs. 2f, 4a). They reach heights 
several meters greater than the ridges (Fig. 4b).                                                                                        
In size and orientation on airphotos taken in 1944 
they resemble coastal parabolic sand bodies that 
abound to the south-southwest (Fig. 2e). Like so-
called chevrons on other coasts (Bourgeois and 
Weiss, 2009), they are more readily explained by 
wind than by tsunamis, though tsunami erosion 
and deposition may yield a sandy plain on which 
wind may build parabolic dunes (Goff et al., 2009). 
The dunes west of Caulle may have served as sand 
sources for the Caulle fan, and they also may have 
even funneled the 1960 tsunami toward that fan.

5.2. Breaches

The breaches near Caulle and Chanhué form 
openings a few tens of meters wide in the beach 
ridges they cut. Each breach holds a shallow pond 
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several meters below the ridge crest. The pond 
floors in 2006 felt like dense sand both when 
walked on and when tapped with a surveying rod. 
In the Caulle pond the maximum measured depth 
to the floor is 2.2 m (Fig. 5); in the Chanhué pond, 
about 1 m (Fig. 8e). By 2006 the Caulle pond was 
choked with aquatic plants that form a floating mat 
barely capable of supporting a prone adult. The 
Caulle pond extends a few tens of meters seaward 
of its breached beach ridge, perhaps because of 
nickpoint retreat.

5.3. Fans and their geomorphic evidence for 
tsunami flow directions

Fans on the landward sides of the Caulle and 
Chanhué breaches are evident on black-and-white 
airphotos taken in January 1961, seven months 
after the 1960 tsunami. They are marked by white 
aprons that extend several tens of meters inland and 
probably represent bare sand (Figs. 4a, b; 8a-c).

Two lines of geomorphic evidence show that the 
1960 tsunami flowed mainly or exclusively inland 
through the breach that adjoins the Caulle fan. 
First, on the January 1961 airphotos, the Caulle fan 
includes distributaries that radiate landward from 
the breach in a birdfoot pattern (Fig. 4b). Second, 
the lowest topographic path across the beach-
ridge plain rises seaward from the breach to Bahía 
Maullín (Figs. 3d, 4a, c). To return to the sea by this 
northwestward path, waters of the 1960 tsunami at 
Caulle would need to have flowed 2 m uphill. A 
similar rise impedes drainage from the Caulle fan 
northeastward into the tidal Río Maullín (Fig. 3e). 
The receding waters more likely flowed into the 
Río San Pedro Nolasco (Figs. 2e, 3a). Perhaps the 
tsunami drained southwestward from Caulle in the 
broad swale that separates beach ridges Y and Z of 
figures 4a and 4c. The Caulle fan extends landward 
into this swale, from the breach through ridge Y, as 
does modern drainage from the pond, which follows 
the tsunami’s birdfoot channels.

Landforms at Chanhué, by contrast, suggest 
both inflow and outflow. The 1961 airphotos show 
tributary gullies on both sides of the beach ridge; 
these give the pond an hourglass shape (Figs. 8a-c).                  
The pond now drains to the Río Maullín, little more 
than 100 m away. It is also entered, according to 
residents interviewed in 2006, by extreme high 
tides in winter.

6. Fan stratigraphy and facies

The fans studied rest on well-sorted fine ar-
kosic sand termed unit D (Fig. 5). Its thickness 
and genesis were difficult to determine, because 
being saturated with water, the sand collapsed in 
pits and auger holes. However, because fine arkosic 
sand is widespread elsewhere on the area’s beach-
ridge plains, we assume that unit D accumulated 
on beaches, back-beach dunes, or both.

Above this foundation lie as many as three buried 
soils, each overlain by very fine to fine, well-sorted 
arkosic sand. We illustrate this sequence mainly for 
the Caulle fan (Figs. 5-7), where the sand units are 
thicker and were studied more thoroughly than at 
Chanhué (Fig. 8).

The Caulle fan deposits are probably limited to 
the vicinity of the white apron and distributary chan-
nels on the 1961 airphoto (Fig. 4b). Their landward 
taper contrasts with the uniform thickness with the 
1960 sand sheet to the west, which stays in the range                      
10-20 cm thick except near other breaches (Fig. 4d, e).                                                                                        
The fan differs further in overlying two earlier sand 
layers that each rest on a buried soil. We did not find 
evidence for pre-1960 tsunamis west of ridge Y in 
figure 4c, even though we usually dug to a depth 
at least twice the thickness of the 1960 deposit. 
Furthermore, in the two places checked we found 
no sand sheets of any age landward of the toe of 
the Caulle fan (Fig. 4d).

Three successive sand units above the basal 
unit D can be traced across the Caulle fan. Each 
rests on a distinctly different buried soil. Unit C, 
the lowermost, probably represents a prehistoric 
tsunami, while units B and A probably represent the 
tsunamis of 1575 and 1960, respectively. 

6.1. Unit C

Unit C, tabular and mainly 5-10 cm thick, is 
found between apparent crests in beach-ridge sand 
of unit D. The soil beneath is typically less than                     
5 cm thick. In pit 1 this soil is sandy and olive gray 
(Fig. 6a), as it is in pit 10.

The upper half of the underlying soil in pit 10 
contains horizontal, growth-position woody roots 
as large as 1 cm in diameter (Fig. 6c). Such roots 
are absent from overlying unit C itself and from any 
deposit above it. One of the roots gave an age of 
710±50 14C yr BP (Beta-216265).  The corresponding 
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calendar age range, AD 1270-1400 at two standard 
deviations, is probably a close maximum age for the 
tsunami represented by unit C. In that case, unit C,             
probably correlates with the youngest prehistoric 
sand sheet at Chuyaquén, which also dates to the 
14th century AD (location, Figs. 2e, 3g; stratigraphy, 
Cisternas et al., 2005).

Unit C may contain eolian deposits less than 15 m 
from present scour pond. In that area the upper part 
of the unit includes several sand layers a few mil-
limeters thick that are intercalated with peaty layers 
as much as 3 cm thick. If the sand laminae were not 
deposited by wind, the peat layers may have been 
deposited as detritus.

6.2. Unit B

Unit B consists of dark gray sand that rests on soft 
peaty mud. The sand is as much as 30 cm thick where 
preserved in its entirety. But the unit’s depositional 
thickness and extent are poorly known because of 
widespread trampling by livestock. The trampling 
caused upward injection of the peaty mud into the 
stronger, sandy soil that separates sand units A and B,                                                                             
and which formed the land surface in the years before 
1960. Grazed and perhaps plowed in those years, 
this stronger soil probably loaded the soft peaty mud 
(Fig. 6b).

Bracketed in time between the 14th century AD 
(unit C) and 1960 (unit A), unit B probably represents 
the enormous and well documented Chilean tsunami 
of 1575. This tsunami likely accounts for the penulti-
mate sand sheet at Chuyaquén (Cisternas et al., 2005).

6.3. Unit A 

Unit A is evident in birdfoot channels shown on 
figure 4b. From a maximum measured thickness of 
60 cm it tapers to fan’s landward edge, where it is 
broken and swirled by hoofs. The sand ranges in 
color from olive gray to orange. It abruptly overlies 
brownish-gray sandy soil 20-40 cm thick, and it is 
capped by the sandy modern soil, which is firm on 
high ground and soft on low ground. 

Where thicker than 30 cm, the uppermost sand 
unit at each of the two studied fans contains primary 
sedimentary structures. At Caulle, close to the scour 
pond, unit A shows a consistent internal sequence, 
summarized here from bottom to top (Fig. 7a, b) and 
interpreted below in section 7.2:

1. Basal structureless sand: A few centimeters of fine 
sand that lacks larger clasts and also shows no 
internal structure. The unit, evident in figures 6b,                                                                                 
7b, and 7d, is too thin to plot in figures 7c. It is 
locally absent in pit 10 where a boulder-size clast 
rests directly on the buried 1960 soil (Fig. 7b).

2. Clast-rich sand: The next division contains lenses 
of sedimentary breccia marked by angular to su-
brounded clasts mainly of pebble and cobble size 
(Fig. 7b, d, e). The largest clast found, 0.5 m in 
diameter, spans entire thickness of unit A (pit 10).                                                                              
Most of the clasts are sand-poor, light weight, 
and reddish brown to orange. Their low density 
and paucity of sand suggest that they originated 
as peat, and their color suggests that iron within 
the clasts was oxidized by desiccation after their 
deposition on the fan. Other clasts, brownish-gray 
and sandy, resemble the slightly organic upper 
part of the soil beneath sand unit A. These sandy 
clasts may have been eroded from the adjoining 
sandy plain. Sand between the clast lenses locally 
contains indistinct parallel laminae.

3. Laminated sand: The upper part of unit A con-
sists of distinctly laminated sand (Figs. 6a, 7a). 
The laminae are defined by slight differences 
in heavy-mineral content and in penetration by 
peeling grout. The laminae are entirely parallel 
>50 m from the present scour pound. Closer to 
the pond, in pits 10, 2, 4, and 1, the laminated 
division also contains an interval 5-10 cm thick of 
ripple-drift cross-laminae, with landward-dipping 
foresets. In pits 2, 4, and 1 this interval is bounded 
by parallel laminae below and above (Fig. 7a).
An indistinct version of this sequence appears 

to be present where unit A is thickest in Chanhué. 
In the trench wall shown in figure 7e, unit A con-
tains a basal sand layer free of rip-up clasts and an 
overlying layer that contains soil clasts (like internal 
sequences 1 and 2, above). In a sediment peel of this 
trench wall, sand above the clast-rich layer contains 
parallel laminae (like sequence 3).

7. Interpretations

7.1. Correlation with the 1960 tsunami

Landward-directed flow during the 1960 tsunami 
probably deposited most or all of unit A at both 
Caulle and Chanhué. This inference best explains 
the white fringe on the landward side of scour ponds 
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on the 1961 airphotos. It also explains the birdfoot 
distributaries on the Caulle fan, the likely deriva-
tion of the Caulle clasts from a pre-existing scour 
pond, and the landward climb of the ripple-drift 
cross laminae. 

At the Caulle fan, pebble- and cobble-size clasts 
rule out an eolian source for the lower part of sand 
unit A, as does the small amplitude of the ripple-drift 
laminae. The fan’s strongest candidates for eolian 
deposition are indistinct laminae in the sandy soil 
beneath unit A (described in figure 5) and sand 
laminae in the peat above unit C (Fig. 6c).

7.2. Correlation with individual waves of the 
1960 tsunami

Eyewitness accounts presented above (under the 
heading ‘1960 tsunami’) aid in assigning subdivi-
sions of Caulle unit A to particular phases of the 
1960 tsunami. The accounts imply that the tsunami’s 
first wave did not reach the fan we studied at Caulle, 
and that the second wave was probably the largest. 
Accordingly, the internal sequence of unit A can be 
interpreted as follows:

As it began pouring through a pre-existing 
breach, the second wave deposited the basal fine 
sand of unit A. This sand may have been derived 
from beach ridges and dunes farther west on the 
beach-ridge plain (Fig. 4).

As the second wave continued to its crest, the flow 
depth and velocity through the breach increased. The 
flow ripped out the previous pond’s fill and broke 
off chunks of adjoining beach-ridge soil. The ero-
sion bulked up the flow with clasts and sand. Upon 
exiting the breach these aggraded the fan with the 
indistinctly laminated, clast-rich horizon of unit A.

After the breach had been cleaned of its fill, the 
waning part of the second wave, or perhaps a later 
wave, laid down the laminated sand that forms the 
upper part of unit A.

The increasing flow inferred for phases 1 and 2 
can be explained by analogy with video footage of 
the 2004 Indian Ocean tsunami. Some of this footage 
shows a tsunami wave as a surge that grows in height 
and speed, as illustrated by a sequence of scenes 
from Banda Aceh that can be found on the cover 
of a UNESCO tsunami-safety booklet (Yulianto et
al., 2010). The increase in flow may result from a 
tsunami wavelength that is long enough for the wave 
crest to arrive tens of minutes after the wave front.

7.3. Recurrence of breaching and fan deposition

René Maldonado’s evidence for a pre 1960 
tsunami-his finding soft ground where the 1960 
tsunami scooped out a pond (section 4.1)-accords 
with stratigraphic evidence for pre 1960 inception 
of the tsunami-scour fan that we studied nearby in 
Caulle. Pre 1960 tsunamis probably account for sand 
units B and C (Figs. 5, 6). Though largely deformed 
by the trampling of livestock across soft ground, 
unit B locally shows an original thickness of 30 cm 
or more (Fig. 5, pits 9 and 5). If analogous to the 
1960 tsunami deposits along the profile in figure 4c,                                                                        
unit B records the sandy waters of a tsunami that 
poured through a breach and buried a soil behind it.

The occurrence of one or two pre 1960 tsuna-
mis is also implied by pre 1960 sand layers at the 
tsunami-scour fan at Chanhué (Fig. 8). These sand 
layers are thin enough, however, that they might 
represent ordinary tsunami sand sheets, produced 
without the aid of beach-ridge breach. Alternatively, 
although tabular, these layers might have been 
deposited by wind.

7.4. Correlation with earthquakes and tsunamis 
recorded at Chuyaquén

The sequence of sand units C, B, and A of the 
Caulle fan probably matches one-for-one with the 
three most recent sand sheets dated by Cisternas 
et al. (2005) at nearby Chuyaquén. We base this 
match mainly on radiocarbon dating of unit C and 
of its probable Chuyaquén correlative. The small 
woody root below unit C at Caulle gave an age                                   
(AD 1270-1400) that overlaps with ages of Juncus
(rush) culms surrounded by tsunami deposits of 
unit C at Chuyaquén (AD 1280-1390). 

The dated plants in both places probably died 
from the event that produced the sand layer, so the 
age of the dated material is probably indistinguishable 
from the time of the event. At Caulle, the woody 
roots are small, covered with bark, difficult to 
cut or break, and still connected with dozens of 
rootlets (Fig. 6c). The roots are restricted to the 
soil below unit C. The soil above unit C, soft and 
peaty, probably represents a wetland in which the 
woody plant died. Perhaps the wetland resulted 
from rise in local ground-water level in response 
to cutting of the nearby breach, regional tectonic 
subsidence, or localized subsidence from shaking-
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induced settlement. At Chuyaquén, the pre-earthquake 
Juncus marsh subsided to intertidal levels below 
those where the Juncus can survive.

8. Conclusions

1. Maximum heights reached by the 1960 tsunami 
decrease inland, more steeply across a beach-ridge 
plain than along the tidal Río Maullín. A post-
tsunami survey that emphasized tsunami runup, 
conventionally measured as height at the landward 
limit, would greatly underestimate heights reached 
nearer the shore of the beach-ridge plain.

2. As it crossed beach-ridge plains, the 1960 tsunami 
reamed out breaches that already existed in the 
ridges and aggraded fans behind them. The fan 
behind one of the breaches, 2 km inland, was 
likely aggraded by three tsunamis. The breach 
was probably cut during a tsunami between 1270 
and 1400, and it was probably refreshed by the 
outsize historical tsunami of 1575 as well during 
the 1960 catastrophe.

3. Paired breaches and fans may aid in identifying and 
quantifying tsunami hazards on coasts dominated 
by beach-ridge plains. A breach may be visible on 
airphotos, satellite images, and laser topographic 
maps. It may endure for centuries or more if, as in 
the example near Caulle, it was cut too far inland 
to be healed by longshore drift, and if it escapes 
burial by eolian sand. The associated fan deposits 
may aid in showing how the breaches formed, 
when they originated, and how often tsunamis 
have poured through them.
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Abstract Far-field tsunami records from the Japanese tide gauge network allow the reexamination of the
moment magnitudes (Mw) for the 1906 and 1922 Chilean earthquakes, which to date rely on limited
information mainly from seismological observations alone. Tide gauges along the Japanese coast provide
extensive records of tsunamis triggered by six great (Mw >8) Chilean earthquakes with instrumentally
determined moment magnitudes. These tsunami records are used to explore the dependence of tsunami
amplitudes in Japan on the parent earthquake magnitude of Chilean origin. Using the resulting regression
parameters together with tide gauge amplitudes measured in Japan we estimate apparent moment
magnitudes ofMw 8.0–8.2 andMw 8.5–8.6 for the 1906 central and 1922 north-central Chile earthquakes. The
large discrepancy of the 1906 magnitude estimated from the tsunami observed in Japan as compared with
those previously determined from seismic waves (Ms 8.4) suggests a deeper than average source with
reduced tsunami excitation. A deep dislocation along the Chilean megathrust would favor uplift of the coast
rather than beneath the sea, giving rise to a smaller tsunami and producing effects consistent with those
observed in 1906. The 1922 magnitude inferred from far-field tsunami amplitudes appear to better explain
the large extent of damage and the destructive tsunami that were locally observed following the earthquake
than the lower seismic magnitudes (Ms 8.3) that were likely affected by the well-known saturation effects.
Thus, a repeat of the large 1922 earthquake poses seismic and tsunami hazards in a region identified as a
mature seismic gap.

1. Introduction

Magnitude information for past earthquakes provides essential basis for earthquake and tsunami prepared-
ness. Unfortunately, poor or nonexistent seismic data for older earthquakes does not allow an accurate deter-
mination of their sizes. Therefore, the magnitudes for pre-and early-instrumental earthquakes have been
typically estimated using indirect approaches, such as those based on geological and historical evidence of
shaking [Goldfinger et al., 2012; Moernaut et al., 2014], land-level changes [Nelson et al., 1995], or tsunamis
[Satake et al., 2003; Nanayama et al., 2003; Yanagisawa et al., 2016].

It has long been known that far-field tsunami amplitudes should increase with the magnitude of the parent
earthquake [Kajiura, 1970; Ben-Menahem and Roseman, 1972; Abe, 1979; Comer, 1980; Okal, 1988; Pelayo and
Wiens, 1992; Satake and Tanioka, 2003; Geist, 2012]. The long travel distance of far-field tsunamis attenuates
the small-scale irregularities of the initial tsunami waveform. As a result, far-field observations are made on
clean signals that roughly represent the overall size of the tsunami at the source [e.g., Satake and Tanioka,
2003]. On this basis, several studies have proposed scaling relationships between far-field tsunami and earth-
quake size. Abe [1979] early introduced a tsunami magnitude scale for earthquakes, Mt, based on tsunami
observations in the far field. The Mt scale was experimentally adjusted to the moment magnitude (Mw) scale
[Kanamori, 1977], so it measures directly the seismic moment of an earthquake. Using far-field tsunami obser-
vations in California, Hawaii, the Aleutian Islands, and Japan, Abe [1979] inferred the moment magnitude for
65 major earthquakes that occurred since 1837 along the circum-Pacific belt. Similarly, Satake et al. [1996,
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2003] used old Japanese written
records of tsunamis together with
numerical simulations to account for
a Mw ~9 earthquake in Cascadia in
A.D. 1700, a region of limited written
history [Atwater et al., 2005].

Comparisons of magnitude estimates
determined from tsunami amplitudes
(Mt) with those determined from seis-
mic observations (Ms) have been use-
ful for identifying abnormal events,
such as tsunami earthquakes [e.g.,
Abe, 1979; Pelayo and Wiens, 1992;
Geist, 2012]. Earthquakes that gener-
ate disproportionately large tsunamis
for their magnitude (i.e., tsunami
earthquakes) have a large Mt relative
to Ms, owing to slip concentration
near the trench, where ocean depth
is greater and the fault zone has
weaker mechanical properties than
the average [Okal, 1988; Pelayo and
Wiens, 1992; Geist, 2012]. In contrast,

earthquakes that rupture at deeper than typical depths along the plate interface are expected to have a small
Mt relative toMs, because vertical deformation is restricted to shallower water or land, leading to reduced tsu-
nami excitation [Geist et al., 2006; Geist, 2012]. Here we use the term “typical depths” in a general sense to
refer to depths associated to the central portion of seismogenic zones of subduction plate boundaries, where
slip for the most common or typical earthquakes is concentrated (roughly domain B in terminology of Lay
et al. [2012], associated to depth ranges of about 15–35 km).

Source depth takes additional importance when relating tsunami observations with magnitudes for earth-
quakes in the Chilean subduction zone. Because the trench to coast distance along the Chilean margin is
smaller than in typical subduction zones, a significant portion of the seismogenic zone extends beneath land,
leading to a trade-off between uplift of land versus that beneath the sea (Figure 1). Omira et al. [2016]
showed, for example, that the 2010 earthquake proportionally expended more initial tsunami energy for
inland deformation than did the later events in 2014 and 2015. This sensitivity of the overall tsunami size
to source depth in the Chilean megathrust is further supported by tsunami modeling, which shows that
earthquakes that concentrate slip at deeper than typical depths produce smaller tsunamis and greater
coastal uplift than those resulted from earthquakes with typical or shallower concentrations of slip
[Carvajal and Gubler, 2016].

Chilean tsunamis have historically been reported on the Japanese coast on the farside of the Pacific (Figure 2a).
Contemporary Japanese documents provide records of repeated flooding and damage caused by tsunamis
of Chilean origin in 1730, 1751, 1837, and 1877 [Watanabe, 1998]. More recently, the 1960 tsunami was
recorded by tide stations located all along the Japanese coast, where tsunami waves reached >4m locally
[Takahashi and Hatori, 1961]. These large observations in Japan caused by tsunamis from Chile are partially
explained by tsunami energy concentration, which is controlled by source directivity [Ben-Menahem and
Roseman, 1972] and tsunami propagation paths [Miyoshi, 1955; Woods and Okal, 1987; Satake, 1988].
Reciprocally, tsunamis triggered in Japan are large in Chile. Heidarzadeh and Satake [2013] reported that
the largest far-field tsunami amplitude during the 2011 Japan tsunami was gauged in Chile. This tsunami con-
nection between Chile and Japan was earlier shown by applying the ray-tracing technique to tsunami propa-
gation paths [Satake, 1988].

The connection between tsunamis recorded in Japan and Chilean earthquakes provides an opportunity to
explore the relationship between earthquake magnitude and far-field tsunami size. Abe [1979] offered the

Figure 1. Cross section of vertical surface deformation patterns predicted by
three hypothetical interplate earthquakes with shallow (green), typical (light
blue), and deep (blue) ruptures. The cross section of the subduction zone is
appropriately scaled for central Chile, where the dip angle is fixed at 15°
[Tassara and Echaurren, 2012]. Each rupture is 80 km wide and involves an
average slip of 1m following a bell-shaped slip distribution that is symme-
trical in the dip direction [Wang and He, 2008]. The surface deformation due
to faulting was computed using the analytic solutions of Okada [1985]. Using
other focal parameter values changes the details of the model results but
leads to the same model behavior and thus conclusions.

Journal of Geophysical Research: Solid Earth 10.1002/2016JB013269

CARVAJAL ET AL. THE 1906 AND 1922 SOURCES FROM TSUNAMI JAPAN 5

3332



following scaling model to estimate magnitudes of earthquakes sourced in the Chile-Peru region from their
tsunami amplitudes recorded in Japan.

Mt ¼ log10 Hð Þ þ 7:1 (1)

where H is the maximum tsunami amplitude, in cm, measured in Japan by tide gauges or their substitutes.
However, the model was calibrated with the limited data then available in the global catalogues, consisting
at that time of only the moment magnitude and tsunami data for the 1960 south central Chile earthquake
(Mw 9.5) and those for the 1966 (Mw 8.1) and 1974 (Mw 8.1) Peru earthquakes. Moreover, the large differences
in both the location and fault strike among these events yielded significant differences in tsunami radiation
patterns toward Japan due to directivity and path effects. Using the now available, extensive database of tsu-
namis gauged in Japan for modern Chilean earthquakes that followed the 1960 Chile event would improve
Abe’s [1979] scaling model (i.e., equation (1)) to better study the magnitudes of past Chilean earthquakes.

Here we aim to increase the reliability of the magnitude estimates for past Chilean earthquakes that predate
accurate seismic instrumentation. In particular, we reexamine the magnitudes for the 1906 central and 1922
north central Chile earthquakes, which have been determined mainly from seismological observations that
are likely affected by saturation effects. To this end, we exploit abundant and high-quality records from
the Japanese tide gauge network for tsunamis recorded from six modern Chilean earthquakes (Mw> 8) with
instrumentally determined moment magnitudes. Based on the relationship obtained, between earthquake
and far-field tsunami size for the recent modern events, we examine the magnitudes and most likely source
depth for the 1906 and 1922 Chilean earthquakes, which have instrumental tsunami records in Japan.

Figure 2. Index maps. (a) Locations of studied sites on the Pacific Ocean. (b) Tectonic setting of Chile. The paired arrows indicate the plate convergence at 6.7 cm/yr
[Altamimi et al., 2007]. (c) Rupture areas of instrumental [Moreno et al., 2009; Comte et al., 1986; Chlieh et al., 2004; Moreno et al., 2012; Yagi et al., 2014; Tilmann et al.,
2016] and historical (modified from Kelleher [1972]) earthquakes. (d) Japanese tsunami records from the 1906 (crimson) and 1922 (green) earthquakes.
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2. The 1906 and 1922 Chilean Earthquakes and Tsunamis

The 1906 and 1922 earthquakes appear to be the only twentieth century Chilean events that have poorly
determined magnitudes but at the same time have precise far-field tsunami records. Both events occurred
on the plate boundary between the subducting Nazca Plate and the South America Plate (Figure 2b).
While the 1906 event is better known for its strong widespread shaking and coastal uplift reports than by
its tsunami, the 1922 event is known for its destructive tsunami along the source region. Below, we provide
a brief description of both events.

2.1. The 1906 Central Chile Earthquake and Tsunami

The 16 August 1906 earthquake was the penultimate event of the sequence that has been taking place reg-
ularly in central Chile every ~80 years (i.e., 1730, 1822, 1906, and 1985) [Comte et al., 1986; Lomnitz, 2004;
Cisternas et al., 2012]. The earthquake caused >3800 casualties and severe damage in a region of about
500 km long, extending from Illapel (31.7°S) to Cauquenes (36°S; Figure 2c) [Montessus de Ballore, 1914].

The 1906 earthquake produced vertical surface deformations which resulted in coastal uplift reports and a
minor local tsunami. Coastal uplift of up to 80 cm was observed between Los Vilos (31.9°S) and Llico (34.8°S)
[Steffen, 1907; Montessus de Ballore, 1914], suggesting deep interplate slip in a region of at least 300 km long.
A minor tsunami of <3m was locally observed, and amplitudes of tens of centimeters were detected on
coastal tide stations around the Pacific: in Hawaii, California, and Japan (Figure 2a). On the east coast of
the main Japanese Islands the tsunami was recorded at Hakodate, Ayukawa, Aburatsubo, and Kushimoto,
reaching maximum crest-to-trough heights of 24, 18, 5, and 35 cm, respectively (Figure 2d, crimson lines)
[Honda et al., 1908; Hatori, 1968].

Although efforts have been made to estimate the magnitude of the 1906 earthquake from both seismic and
tsunami observations, a series of circumstances have affected these estimates. Analysis of seismograms, pro-
vided by Rudolph and Tams [1907], yield surface wave magnitudes of Ms 8.4 [Gutenberg and Richter, 1954;
Kanamori, 1977; Abe, 1981; Abe and Noguchi, 1983a, 1983b; Comte et al., 1986; Okal, 2005]. However, besides
the fact that theMs scale is not expected to provide accurate size measures of earthquakes larger thanMs 8.2,
because of saturation effects [Geller, 1976], the used seismograms were contaminated with the seismic waves
of a larger earthquake that occurred in the Aleutian Islands only 30min earlier [Okal, 2005]. On the other
hand, the tsunami magnitudes of Mt 8.4 and 8.5 reported by Abe [1979] and later Comte et al. [1986] are
biased and thus unreliable, because of the extremely large run up at Maui, of 3.5m, that was erroneously
reported in tsunami catalogs (see Appendix A of Okal [2005]).

2.2. The 1922 North Central Chile Earthquake and Tsunami

The 11 November 1922 earthquake ruptured a region north of the 1906 earthquake (Figure 2c). Written
records suggest that the 1922 earthquake has been the largest historical event to rupture the plate boundary
in a region that has shown evident variations in earthquake size [Lomnitz, 1970; Beck et al., 1998]. Previous
large earthquakes have been reported in 1796, 1819, and 1918, interspersed with several moderate events
[Beck et al., 1998]. According toMétois et al. [2013], this variability is probably determined by the regional seg-
mentation defined by the distribution of interseismic coupling, leading to the rupture of single or
multiple segments.

The 1922 earthquake produced strong shaking from Chañaral (26.3°S) to La Serena (30°S), causing significant
damage in many intermediate cities and towns [Willis, 1929; Lomnitz, 1970; Comte et al., 2002]. A destructive
tsunami was locally observed with maximum heights of 7–9m [Lomnitz, 1970; Lockridge, 1985]. Outside the
source region, the tsunami waves caused damage in Perú, Hilo (Hawaii); Pago Pago (Samoan Islands); Taiwan;
and Japan (Figure 2a) [Soloviev and Go, 1975; Lockridge, 1985]. On the Japanese coast, the tsunami was
recorded by tide gauges at Hanasaki, Ayukawa, Aburatsubo, Kushimoto, and Hososhima, where the waves
reached maximum crest-to-trough heights of 60, 65, 5, 70, and 39 cm (Figure 2d, green lines) [Imamura
and Moriya, 1939; Hatori, 1968]. Notwithstanding these moderate gauged heights, Soloviev and Go [1975] sta-
ted that the 1922 tsunami washed away 30 houses in Ofunato (Japan).

While the locally large tsunami suggests large seafloor deformations, land-level changes were not evident.
Willis [1929], who surveyed the area 2months after the earthquake, reported uplift only in Chañaral
(Figure 2c).
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Tsunami observations provide larger magnitude estimates for the 1922 earthquake than seismic data.
Gutenberg and Richter [1954] and later Abe [1981] determined a magnitude of Ms 8.3 through the analysis
of surface-body waves. However, these estimates are likely affected by saturation effects. Kanamori [1977]
later proposed a magnitude of Mw 8.5, based on the “aftershock area.” These estimates contrast with a mag-
nitude of Mt 8.7 derived from far-field tsunami observations [Abe, 1979].

3. Data and Methods

To examine the magnitudes for the 1906 and 1922 earthquakes, we explored the scaling relationship
between tsunami amplitudes in Japan and moment magnitude for earthquakes of Chilean origin. We per-
formed regression analyses on a large set of instrumental earthquake and tsunami data from six recent
Chilean events with well-determined moment magnitudes. We then used the computed regression lines
to determine the magnitudes for the 1906 and 1922 earthquakes from their Japanese tsunami
amplitudes alone.

3.1. Japanese Records of Tsunamis from Modern Chilean Earthquakes

During the last 60 years, at least six earthquakes with moment magnitudes equal or greater than 8.0 were
triggered on the Chilean megathrust and their tsunamis were extensively recorded by tide gauges along
the Japanese coast. The earthquakes occurred in different portions of the Chilean margin: along north
(1995, Mw 8.1; 2014, Mw 8.2), north-central (2015, 8.3 Mw), central (1985, 8.0 Mw), south-central (2010, 8.8
Mw), and south (1960, 9.5Mw) Chile (Figure 2c). For the scaling analysis, we focused on the maximum tsunami
amplitudes recorded at each station along the east coast of Japan for each of these Chilean tsunamis. Here
the maximum amplitude is defined as half of the maximum crest-to-trough vertical distance in a marigram
[e.g., Abe, 1979].

The tsunami data were obtained from various sources, and each record was treated according to its original
format. We mostly used published values and checked them against original marigrams when possible.
When no reported values were available, we determined the maximum tsunami amplitude directly from pub-
lished marigrams. In this last case, we (1) scanned and digitized the marigrams when necessary, (2) estimated
the dominant tidal components through a harmonic least squares fit and then removed these from the ori-
ginal records, and (3) determined the maximum tsunami crest-to-trough heights in each record through the
zero upcrossing technique [e.g., Yoo et al., 2010].

For the 1960, 1985, and 1995 tsunami data, we chiefly used the maximum crest-to-trough heights reported
byWatanabe [1998]. We checked the 1960 and 1985 data with themarigrams published by The Committee for
Field Investigation of the Chilean Tsunami of 1960 [1961] and Hatori [1985], respectively. We found no signifi-
cant differences, except for the 1960 Ayukawa record, for which we determined a maximum crest-to-trough
height of 350 cm instead of the 61 cm reported by Watanabe [1998]. Although we could not check the 1995
values with original marigrams, we assume that they may contain minor errors, because of the common
source as for the 1960 and 1985 event [i.e.,Watanabe, 1998]. The 2010 amplitudes weremainly obtained from
Kawai et al. [2010]. We checked these with the original marigrams provided by the same authors, and no dis-
crepancies were found. Original marigrams provided by UNESCO-IOC (www.ioc-sealevelmonitoring.org)
were also used. Finally, the 2014 and 2015 tsunami digital marigrams were provided by UNESCO-IOC.

3.2. Parent Earthquake Magnitude Versus Far-Field Tsunami Amplitudes

We explored the scaling relationship, between tsunami amplitudes in Japan and moment magnitudes, by
regression analysis using the least squares method. We applied a linear-log model because earthquake mag-
nitude is a logarithmic measure of earthquake size or seismic moment [Kanamori, 1977]. In particular, we
regressed the Chilean earthquake’s moment magnitude on the maximum tsunami amplitudes observed
along the Japanese coast (H), according to the following linear-log model:

Mw ¼ α� log10 Hð Þ þ β (2)

where α and β are the slope and intercept for the best model fit, respectively. The main difference between
equation (2) with that of Abe [1979] (equation (1) in this paper) is that in the latter the slope is fixed at unity
and only the intercept needs estimation. Assuming that log (H) is related to Mw by a slope of 1 (i.e., equation
(1)) implies that the efficiency of tsunami generation decreases with increasing seismic moment. Instead, in
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equation (2) the slope is determined by the best fit criterion of least squares [e.g., Pelayo and Wiens, 1992;
Geist, 2012].

We used different approaches to the selection of H to examine the sensitivity of the regression parameters to
the variability of tsunami amplitudes among sites. We considered (1) the average of the maximum ampli-
tudes for each event, (2) all the tsunami amplitude data directly, and (3) only the data from individual sites
in Japan that hold multiple tsunami observations. Here we only considered sites where at least four tsunamis
out of six were recorded. We computed the coefficient of determination (R2) tomeasure the goodness of fit of
the data to each of these models.

The magnitudes for the 1906 and 1922 earthquakes were directly obtained from the regression lines that
resulted from each model. We used the root-mean-square error (RMSE) to assess the magnitude uncertainty
inferred from each model.

4. Results and Discussion
4.1. Magnitudes for the 1906 and 1922 Earthquakes from Their Tsunamis in Japan

Figure 3 shows the distribution of maximum tsunami amplitudes along the east coast of Japan for each of the
modern Chilean earthquakes used in the analysis. It is evident that maximum tsunami amplitudes grow with
increasing earthquake magnitude. While aMw 8 earthquake produces, in average, amplitudes of 10 cm, aMw

9.5 earthquake produces amplitudes above 100 cm. Although the along-coast distribution tends to be rela-
tively constant, both the 1960 and 2010 tsunamis show a slight southward decrease in amplitude, probably
due to the wave’s radiation pattern toward Japan from a tsunami sourced in southern Chile (see Figure S2 in
the supporting information).

The variability in tsunami amplitude shown as horizontal lines in Figure 3 is produced by the site response to
tsunami waves, which in turn is controlled by the local geomorphologic and bathymetric characteristics.

Figure 3. Tsunami data of the events used in the analysis. (left) The graph shows the location, along the Japanese east coast, where the Chilean tsunamis were
recorded. Green triangles = 1960, blue triangles = 1985, red squares = 1995, black squares = 2010, light blue circles = 2014, gray stars = 2015. (right) The plot shows
the maximum tsunami amplitudes recorded at each site for each event. The numbers and bars at the bottom of the plot show the mean and range of the obser-
vations for each event at all sites, respectively.
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Averaging the amplitudes recorded
at all sites for each event smoothes
out local effects, providing a more
representative tsunami amplitude
for each modern earthquake.

Figure 4 shows how the earthquake
and the event-averaged tsunami
data fit the regression line (black
line). The data are shown by means
of box plot diagrams to allow for
visualization of the scatter in the
data. The average maximum tsunami
amplitudes are represented by the
thick vertical lines.

In this case, the linear-log regression
model yields a rather good fit to the
data (R2 = 0.97), implying that the
observed tsunami size in Japan scales
consistently with the magnitude for
Chilean earthquakes (Figure 4). The
linear-log model that best describes
the scaling relationship, when con-
sidering event-averaged tsunami
amplitudes, is determined by the

following equation:

Mw ¼ 1:26 log10 Hð Þ þ 6:8 (3)

The best fit slope of 1.26, although greater than the unity slope imposed by Abe [1979] (equation (1) in this
paper), falls within the two slope values expected from theoretical considerations. Comer [1980], who inves-
tigated theoretically the relation between far-field tsunami amplitudes and earthquake size, predicted a slope
of 1.33, if dispersion during wave propagation is neglected, and 0.67 in a highly dispersive limit.

Figure 4 also shows the regression line when using all the tsunami amplitudes plotted in Figure 3 (dashed
line). While the coefficient of determination (R2) decreases significantly, from 0.97 for the averages to 0.83
for all data directly, the result still suggests a consistent scaling relationship, despite the wide range of ampli-
tudes and the heterogeneity of the local physical characteristics where the tide gauges were located. Using
all the tsunami amplitudes, the equation that determines the regression line is

Mw ¼ 1:09 log10 Hð Þ þ 7:1 (4)

It is interesting to note that equation (4) is very similar to that of Abe [1979] for Chilean (and Peruvian) tsuna-
mis observed in Japan (equation (1)). Although this new slope of 1.09 is somewhat smaller than the 1.26 slope
of equation (3), it still falls within the range of theoretically expected slopes of Comer [1980].

Estimates of the magnitudes for the 1906 and 1922 earthquakes using equation (3) yield Mw 8.07 and Mw

8.54, respectively, with an RMSE of 0.1 Mw units. If equation (4) is used instead, the estimated magnitudes
areMw 8.17 andMw 8.57, with a RMSE of 0.26Mw. The small variability among results from the different mod-
els together with the low RMSE suggests that both magnitude estimates are reliable if the earthquakes
occurred at typical depths (typical rupture in Figure 1).

4.2. Testing for Possible Bias in the Results

At this point, we estimated the 1906 and 1922 magnitudes from regression analyses using the entire data set,
considering either averaged or all tsunami amplitudes. However, using the complete data set could induce
bias to the regression results by introducing significant local effects associated to sites where only a few tsu-
namis were recorded.

Figure 4. Regression results showing data with box plot diagrams. The black
line, with slope and intercept of 1.26 and 6.8, respectively, represents the
best fit line (R2 = 0.97) between the logarithm of the average of the maxi-
mum tsunami amplitudes in Japan (cm) and the Mw of the parent earth-
quake of Chilean origin. Similarly, the oblique dashed line with slope and
intercept of 1.09 and 7.1, respectively, represents the best fit line (R2 = 0.83) if
the regression analysis is performed on all the tsunami amplitudes plotted in
Figure 3. Q1 and Q3 represent the 25th and 75th percentiles, respectively.

Journal of Geophysical Research: Solid Earth 10.1002/2016JB013269

CARVAJAL ET AL. THE 1906 AND 1922 SOURCES FROM TSUNAMI JAPAN 10

To test this possibility, we computed regression lines for individual tide stations. The results are shown in
Figure 5 and Table 1. Although some variability exists, most of the individual regression lines are similar to
those estimated using the aggregated data. In general, the slope and intercept values using the complete
data set are consistent with those obtained from individual-site regressions (Table 1). It is interesting to note
that the best fit slopes determined for most individual sites are also bracketed by the slopes theoretically pre-
dicted by Comer [1980].

Consequently, the 1906 and 1922magnitudes estimated from the individual-site regression lines, where their
tsunamis were recorded, are in agreement with those inferred using the data from all sites. Magnitudes are
estimated as Mw 8.07, 8.17, and 8.08 for the 1906 earthquake and Mw 8.54, 8.57, and 8.54 for the 1922 earth-
quake, when using event-averaged, all, and individual-site amplitude data, respectively. Thus, we conclude
that regardless of the regression model used, Japanese tsunami amplitudes provide similar magnitude esti-
mates and therefore that there is no evidence of significant bias.

4.3. Influence of the Tsunami Source Location Along the Chilean Megathrust on the Japanese
Tsunami Amplitudes

So far, by aggregating the results, we have assumed that the waves radiation pattern toward Japan is the
same for all events, regardless of its fault strike and location along the Chilean megathrust. However, our
results may be affected if any of these two parameters plays an important role in the tsunami amplitudes
observed in Japan. To address this issue, we explored the influence of tsunami radiation by means of numer-
ical simulations of tsunami waves across the Pacific, because it accounts for directivity effect through the
fault’s strike and for path effects through the use of actual bathymetry [Satake and Kanamori, 1991].

In the numerical experiment (detailed in the supporting information) we compared the overall tsunami size
predicted offshore Japan by synthetic earthquakes of equal magnitudes but located in different segments of
the Chileanmargin (see Figure S1). Note that these segments represent purely geographical areas rather than
zones limited by geological or seismic barriers and are not directly related to the modern earthquakes of our
data set. The synthetic sources were constructed from local fault geometry parameters to account for strike
and dip effects on the far-field tsunami amplitudes (Table S2 in the supporting information). For each rupture

Figure 5. Regression results for individual sites where at least four out of the six tsunamis were recorded. The black bold lines represent the fit line for each site. The
black dashed lines show the best fit lines for event-averaged amplitudes. The gray thin lines indicate the best fit lines for all amplitudes.
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area, we represented the overall tsunami size (η) by the peak tsunami amplitudes averaged along the 50m
depth contour offshore Japan, according to the following expression:

η ¼ 1
L
∫ηmaxdL (5)

where ηmax is the maximum tsunami amplitude predicted offshore Japan along the 50m depth contour of
length L and infinitesimal length dL.

The predicted tsunami size, normalized to the [0, 1] range, represents for each source segment a correction
factor, henceforth termed radiation factor (RF). Earthquakes triggered along segments with large RF are
expected to produce larger tsunami amplitudes on Japan than those that occur at segments with lower RF.
Next, we assigned a RF value to each of the earthquakes that comprise our data set, according to its location
along the Chilean megathrust. We then calculated new Mw and R2 from regression analysis using the follow-
ing modified version of equation (2) to account for this phenomenon in the analysis.

Mw ¼ α� log10 H=RFð Þ þ β (6)

We found that tsunami radiation toward Japan, although sensitive to fault strike, does not significantly affect our
regression results nor the previous tsunami magnitude estimates. Our simulations show that the largest differ-
ence exists between tsunamis sourced in south central Chile (RF=1; 32.7–36.9°S) and tsunamis sourced in south
Chile (RF=0.7; 41.4–45.9°S). The obvious correlation between fault strike and RF observed in Figure S4 seems to
explain the comparatively large RF for south central Chile tsunamis. Because the fault strike (measured from the
north) of the south central Chile segment is larger than elsewhere (Figure S4), for a given earthquake magnitude
tsunami amplitudes in Japan are expected to be slightly larger for earthquakes occurring in that segment.

If we include the resulting values of RF into the analysis (equation (6)), the fit of the data to the regression
model is not significantly improved (the new R2 of 0.98 is slightly better than our former R2 of 0.97), and

Table 1. Regression Results and Regressed Moment Magnitudes for the 1906 and 1922 Earthquakesa

1906 1922

Tsunami data analyzed α β R2 RMSE H (cm) Mw H (cm) Mw
Event-averaged amplitudes 1.27 6.79 0.97 0.11 - 8.07 - 8.54
All amplitudes 1.09 7.06 0.83 0.26 - 8.17 - 8.57

Individual-site amplitudes

Hanasaki 1.24 6.62 0.97 0.13 - - 60 8.45
Kushiro 1.00 7.02 0.99 0.10 - - - -
Urakawa 1.08 7.03 0.96 0.17 - - - -
Tomakomai 1.26 6.82 0.98 0.12 - - - -
Muroran 1.08 7.31 0.92 0.24 - - - -
Hakodate 1.06 7.02 0.97 0.15 24 8.17 - -
Hachinohe 1.02 6.93 0.98 0.12 - - - -
Ofunato 0.79 7.33 0.66 0.21 - - - -
Ayukawa 1.14 6.92 0.98 0.12 18 8.00 65 8.63
Onahama 1.10 6.94 0.95 0.18 - - - -
Mera 1.24 6.86 0.94 0.21 - - - -
Aburatsubo - - - - 5 - 5 -
Omaezaki 1.12 6.96 0.98 0.10 - - -
Kushimoto 1.51 6.20 0.97 0.13 35 8.08 70 8.53
Tosashimizu 1.19 6.90 0.98 0.11 - - - -
Hososhima - - - - - - 39 -
Aburatsu 1.54 6.39 0.98 0.13 - - - -
Mean 1.16 6.88 0.95 0.15 21 8.08 48 8.54
Maximum 1.54 7.33 0.99 0.24 35 8.17 70 8.63
Minimum 0.79 6.20 0.66 0.10 5 8.00 5 8.45
Standard deviation 0.19 0.30 0.08 0.04 13 0.09 27 0.09

aThe α and β are the slope and intercept for the best model fit. R2 and RMSE are the coefficient of determination and
root-mean-square error. H (cm) is the maximum tsunami crest-to-trough height recorded in Japan for the 1906 and 1922
earthquakes. Mw is the regressed moment magnitude for the 1906 and 1922 earthquakes. Mean, maximum, minimum,
and standard deviation are for individual sites only (shown in italic font).
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the magnitudes of the 1906 and 1922 earthquakes are Mw 8.1 and 8.6, respectively, which fall within the
range previously obtained. To avoid the assumptions and uncertainties of numerical models we prefer to
use our former analysis, which is based solely on instrumental tsunami evidence.

5. Implications of the 1906 and 1922 Inferred Earthquake Magnitudes
5.1. The 1906 Deep Earthquake: Sensitivity of the Method to Source Depth

The remarkable linearity between earthquake and far-field tsunami size (Figure 4) suggests that the six mod-
ern earthquakes used in developing our scaling relationship produced roughly proportional tsunamis relative
to their magnitude and can thus be considered as typical events (similar to the typical rupture in Figure 1).
This inference is also in agreement with most of the slip distribution models for these events, which show
most coseismic slip at typical depths [Moreno et al., 2009; Mendoza et al., 1994; Chlieh et al., 2004; Lorito
et al., 2011; Hayes et al., 2014; Tilmann et al., 2016]. However, this scaling relationship is not expected to hold
for abnormal earthquakes that produce proportionally lesser or larger tsunamis as expected from their mag-
nitude (deep and shallow ruptures in Figure 1, respectively) [e.g., Geist, 2012]. This is the case for tsunami
earthquakes, which have been distinguished from typical interplate thrust earthquakes on the basis of such
disproportionality [e.g., Kanamori, 1972; Abe, 1979; Pelayo and Wiens, 1992; Geist et al., 2006; Geist, 2012].
Earthquakes that rupture at deeper than typical depths along the plate interface and are thus deficient in tsu-
nami generation appear to be even less common or at least less reported than tsunami earthquakes. Perhaps,
one of the few reported cases of deeper than average ruptures is that of theMw 8.5 Sumatra 2005 earthquake.
According to Geist et al. [2006], coseismic slip in this event was concentrated along the downdip part of the
rupture zone, restricting vertical displacements to shallow water and land (Nias Island) and thus produced a
small tsunami despite its large earthquake magnitude.

A deeper than average sourcemight also be the case for the destructive Chile earthquake of 1906. In contrast to
most seismic wave analyses that place the 1906 earthquake in the Ms 8.4 range [Gutenberg and Richter, 1954;
Kanamori, 1977; Abe, 1981; Abe and Noguchi, 1983a, 1983b; Comte et al., 1986; Okal, 2005], our estimate from
the tsunami observed in Japan persistently indicates Mw 8.0–8.2. Indeed, the surface wave estimates, near Ms

8.4, likely underestimate the true moment magnitude of the earthquake because of saturation effects and thus
should be considered lower bound estimates. This disparity between themagnitudes determined from the tsu-
nami versus those from seismic waves suggests a deep interplate source for the 1906 earthquake. This inference
is strongly supported by the reports of systematic uplift along the coast immediately after the 1906 event, also
suggesting a deeper rupture than is common for Chilean interplate earthquakes. As shown in Figure 1, a deep
rupture along the Chilean megathrust favors coastal uplift rather than seafloor displacement and thus fails to
produce a proportional tsunami. These effects resemble those observed in 1906, when although notable coastal
uplifts were reported, only a small tsunami was locally observed [Steffen, 1907; Lomnitz, 1970; Kelleher, 1972].

Four other kinds of observations support a deep source for the 1906 earthquake. First, the severe and wide-
spread building damage reported in central Chile. Lay et al. [2012] found that slip in the deeper portions of
the megathrust radiates higher amounts of coherent short-period energy and thus leading to increased
damage. Second, the longer tsunami travel times to Japan. Hatori [1985] compared the arrival times of the
1906 and 1985 tsunamis to the same places in Japan. Although the 1985 earthquake has been ascribed to
slip on a portion of the megathrust that ruptured in 1906, its ensuing tsunami arrived, in average, 12min ear-
lier than the 1906 tsunami. This suggests an ~70 km landward (1 km ocean depth at the source) and conse-
quently deeper source in 1906 than in 1985. However, clock inaccuracies as well as errors in arrival time
estimations, due to the low signal-to-noise ratio of the 1985 and 1906 records, could affect the true arrival
time difference and thus may invalidate this argument. It is worth noting that the wave amplitude similarity
exhibited in these 1985 and 1906 tsunami records observed at the same places on Japan and presented by
Hatori [1985] supports a relatively small tsunami for the 1906 earthquake, comparable with that produced by
an Mw 8.0 earthquake (1985 magnitude). The third argument that supports a deep source in 1906 is recent
geodetic observations, which could help explain deep coseismic slip in 1906. Distribution of the interseismic
plate boundary coupling shows that in the 1906 earthquake region high coupling extends to depths greater
than 60 km [Métois et al., 2016]. In contrast, these highly coupled areas are located updip on the interface, that
is, at shallower depths, northward and southward from the 1906 area, where the 2010 and 2015 typical earth-
quakes occurred [Métois et al., 2016]. Fourth, significant slip on both shallow and typical seismogenic depths
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along the southern area of the 1906 rupture would conflict with most of the slip models for the 2010 earth-
quake. The ~20m slip patch inferred in this area for the 2010 earthquake [e.g., Vigny et al., 2011; Yue et al.,
2014] represents ~300 years of plate motion (plate convergence of 6.7 cm/yr), which triples the time interval
between the 2010 and the 1906 earthquakes and thus supports deeper slip along this area in 1906.

Apparently, deep earthquakes are not unusual in the seismic sequence of central Chile. The 1822 earthquake,
which preceded the 1906 event, also exhibited notable coastal uplifts up to 1.2m, strong shaking, and a minor
tsunami [Lomnitz, 1970]. These effects, however, contrast with those of the 1730 event, which generated a
destructive tsunami in both the near-and far-field [Lomnitz, 1970], suggesting large amounts of offshore slip
[Carvajal and Gorigoitia, 2015]. If true, the range of earthquake ruptures depths along the plate interface in central
Chile may allow events with large shallow slip and with high tsunami potential, as well as deeper earthquakes
that are capable of producing strong ground shaking but have somewhat less potential for devastating tsunamis.

If the 1906 event was indeed a deep earthquake, this case reveals the limitations of our method owing to varia-
tions in source depth. If indeed the variation in source depth of Chilean interplate earthquakes is sufficient to affect
far-field tsunami amplitudes in Japan, then our method will provide inconsistent magnitude estimates for “abnor-
mal” earthquakes relative to their true magnitudes. In this case, magnitude assessments should be addressed
through other approaches, such as using a combination of land-level changes with tsunami observations.

5.2. The Great 1922 Earthquake: Tsunami Hazard in North-Central Chile

Our Mw 8.5–8.6 magnitude estimate for the 1922 earthquake is consistent with previous estimates that are
based on far-field tsunami data (Mt 8.7) [Abe, 1979] and on the aftershock area (Mw 8.5) [Kanamori, 1977]
but disagrees with Ms 8.3 inferred from surface waves [Gutenberg and Richter, 1954; Abe, 1981]. The latter,
however, may be underestimated, because of the saturation effects for Ms>~8.2 earthquakes, which occur
when the magnitude is determined at a fixed period [Geller, 1976]. On the basis of the large effects produced
by the 1922 event, such as damage extent and the oversized tsunami, we consider thatMw ~8.5–8.6 is a more
realistic measure of the size of this event.

The large magnitude inferred for the 1922 earthquake underscores the high seismic and tsunami hazard to
north-central Chile, a highly coupled region that has not been affected by recent large earthquakes. This
region has been recently identified as a mature seismic gap, since it last ruptured in 1922 and has shown little
background seismicity since the 1970s [Beck et al., 1998; Comte et al., 2002; Lomnitz, 2004;Métois et al., 2013].
This condition is supported by GPS measurements that show two high-coupled segments divided by a nar-
row zone that exhibits weak coupling [Métois et al., 2013]. Moreover, the recent occurrence of theMw 8.3 2015
Illapel earthquake, which ruptured the southern boundary of this region, probably increased the stress on the
plate interface and may influence the timing of the fault’s failure.

If this is true, the actual interseismic condition for north-central Chile suggests two plausible scenarios for the
near future: (1) the failure of a single segment with a moderate earthquake (Mw ~8.0) or (2) a multisegment
rupture associated to a 1922-type event (Mw ~8.5) with large-tsunami excitation [Beck et al., 1998;Métois et al.,
2013]. As in 1922, the latter scenario threatens with severe flooding of both regional and distant locations
[Soloviev and Go, 1975]. In the near field, attention should be paid to the coastal area of Coquimbo, which
recently showed its potential for tsunami amplification with the 2015 tsunami.

6. Conclusions

In this study, we performed regression analyses on a large set of Japanese tsunami amplitudes from six
modern Chilean earthquakes to reexamine the magnitudes for the 1906 and 1922 Chilean earthquakes,
which have been poorly determined mainly from seismological observations alone. The major conclusions
are summarized as follows:

1. The old and robust Japanese tide gauge network provides valuable evidence for studying source charac-
teristics of earthquakes and tsunamis of Chilean origin. Because many tide stations in Japan have been
operating before modern seismic instrumentation, tide gauge information is particularly valuable to
assess earthquake sources that have been previously examined from limited observations.

2. Regression analyses show a rather good relationship between Chilean earthquakes magnitudes and their
tsunami amplitudes observed in Japan. This conclusion imply that the six modern earthquakes used for
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developing our scaling relationship produced roughly proportional tsunamis relative to their magnitudes
and can thus be considered as typical events (i.e., generated by ruptures at typical seismogenic depths on
the Chilean megathrust). This inference is in agreement with most of the slip models for these earth-
quakes, which show most slip at typical depths.

3. Through tsunami simulation techniques, we verified that the location and fault orientation do not play a
major role in the tsunami amplitudes observed in Japan from Chilean megathrust earthquakes. Although
the along-strike direction of the tsunami source has more influence than the source location or the path
effect, none of these significantly modify our scaling relationship results.

4. The resulting regression equations are very similar to the previously determinedMt formula of Abe [1979]
for Chilean tsunamis observed in Japan. The slopes determined for these regression lines, including Abe’s,
fall within the two extreme slope values (neglecting wave dispersion and at the highly dispersive limit)
expected from theoretical considerations and imply that efficiency of tsunami generation decreases with
increasing seismic moment.

5. Based on the finding that tsunami amplitudes in Japan scale consistently with magnitude for typical
Chilean earthquakes, tide gauge observations in Japan yield magnitude estimates of Mw 8.0–8.2 and
8.5–8.6, for the 1906 and 1922 earthquakes, respectively. The estimates for the 1906 earthquake (Mw 8–
8.2) disagree with those determined from seismic data (Ms 8.4), which have to be considered as lower
bound estimates because of likely saturation effects. We believe that this discrepancy can be explained
by a deeper than average source for the 1906 earthquake. This inference is also consistent with the nota-
ble coastal uplift and the minor local tsunami reported in 1906. The geophysical possibility of deep slip on
the plate interface where the 1906 occurred is supported by modern estimates of interseismic plate cou-
pling that indicate high and deep coupling for this region.

6. If the 1906 event was indeed a deep earthquake, the megathrust in central Chile must be considered to
allow a variable rupture mode, including events with large shallow slip with high tsunami potential, as
well as deeper earthquakes that are capable of producing notable coastal uplift and strong ground shak-
ing, but with perhaps less potential for devastating tsunamis. Further work is required to increase earth-
quake and tsunami hazard assessment in a region that concentrates two thirds of the country’s
population and where interseismic coupling maps show its plate interface highly coupled.

7. The 1906 earthquake is apparently another of the few reported cases of large-magnitude earthquakes
that were generated by deeper than average ruptures with reduced tsunami excitation and thus with
unreliable tsunami magnitudes. This finding calls attention and suggests the revision of the magnitudes
determined for other historical earthquakes from their tsunami amplitudes alone.

8. Although our large 1922 magnitude estimate (Mw 8.5–8.6) is consistent with previous estimates that are
based on the aftershock area and on far-field tsunami data, it is in disagreement with estimates based
on surface waves (Ms 8.3). This lower magnitude, however, was likely underestimated, because of the
well-known saturation problem of the Ms scale. We prefer a larger magnitude (Mw 8.5–8.6), which is con-
sistent with the damage extent and the locally large tsunami reports. If this is true, a repeat of the 1922
event poses seismic and tsunami hazard to a region identified as a mature seismic gap.

9. From a different point of view, the results of this study can be used as an additional tool for increasing the
reliability of the Japanese far-field tsunami warning system. Because moment magnitudes are determined
very quickly after the earthquake, the range of maximum tsunami heights expected in Japan can be easily
predicted several hours before its arrival to the Japanese coast.
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Erratum

In the originally published version of this article, Figure 2c was incorrect. The figure has since been corrected
and this version may be considered the authoritative version of record.
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Abstract Historical records of an earthquake that occurred in 1730 affecting Metropolitan Chile provide
essential clues on the source characteristics for the future earthquakes in the region. The earthquake and
tsunami of 1730 have been recognized as the largest to occur in Metropolitan Chile since the beginning of
written history. The earthquake destroyed buildings along >1000 km of the coast and produced a large
tsunami that caused damage as far as Japan. Here its source characteristics are inferred by comparing local
tsunami inundations computed from hypothetical earthquakes with varying magnitude and depth, with
those inferred from historical observations. It is found that a 600–800 km long rupture involving average slip
amounts of 10–14 m (Mw 9.1–9.3) best explains the observed tsunami heights and inundations. This large
earthquake magnitude is supported by the 1730 tsunami heights inferred in Japan. The inundation results
combined with local uplift reports suggest a southward increase of the slip depth along the rupture zone of
the 1730 earthquake. While shallow slip on the area to the north of the 2010 earthquake rupture zone is
required to explain the reported inundation, only deeper slip at this area can explain the coastal uplift reports.
Since the later earthquakes of the region involved little or no slip at shallow depths, the near-future
earthquakes on Metropolitan Chile could release the shallow slip accumulated since 1730 and thus lead to
strong tsunami excitation. Moderate shaking from a shallow earthquake could delay tsunami evacuation for
the most populated coastal region of Chile.

1. Introduction

The recent 2004 Indian Ocean (Mw 9.2) and 2011 Japan (Mw 9.0) tsunami disasters highlighted the need for
long-term examination of the magnitudes for past earthquakes [Satake, 2014]. Sand sheets buried under-
neath those left by the 2004 and 2011 tsunamis revealed similar-size events that have been affecting both
regions since prehistoric times [Minoura et al., 2001; Jankaew et al., 2008; Monecke et al., 2008; Sawai et al.,
2008, 2015]. The long written history of Japan further allowed the confirmation and exact timing of the
two most recent predecessor of the 2011 event, which occurred in A.D. 869 [Usami, 1987] and in A.D. 1454
[Namegaya and Yata, 2014]. These large-scale catastrophes could have been reduced if these geological
and historical findings could have timely influenced disaster mitigation policies [Normile, 2011].

Geological and historical records have also provided evidence for a giant earthquake and tsunami in the
region of Cascadia (western North America), when written history had not yet began. Local evidence of tsu-
namis and land-level changes together with orphan tsunami heights in Japan were ascribed to aMw 9 earth-
quake in Cascadia, in January A.D. 1700 [Satake et al., 1996; Atwater et al., 2005]. Despite the lack of historical
earthquakes in this region, this finding spurred revisions to local building codes, in which seismic design
levels were significantly increased [Wallace and Miller, 2008; Normile, 2011]. Similarly, the real possibility of
a large near-field tsunami prompted the government to review and update local tsunami inundation maps,
which are today based on the A.D. 1700 earthquake scenario [Walsh et al., 2004].

Despite the frequent occurrence of large earthquakes and tsunamis in Chile, size assessments of past great
events are scarce. The magnitudes for pre- and early-instrumental earthquakes have been traditionally
inferred from limitedmacroseismic data derived from the early twentieth century seismic catalog, thoroughly
compiled by Montessus de Ballore [Lomnitz, 1970; Kelleher, 1972; Ramírez, 1988; Barrientos, 2007]. An essential
case to consider is the 1730 earthquake and tsunami of Metropolitan Chile (30–37°S; Figure 1b), which has
been recognized as the largest event of this region since the beginning of written history in A.D. ~1540
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[Montessus de Ballore, 1914; Comte et al., 1986]. Here Metropolitan Chile is defined as the central portion of
Chile, roughly between 30°S and 37°S, where >70% of the population resides (Figures 1a–1c). Although
the 1730 earthquake shaking affected ~1000 km along the Chilean coast and the accompanying tsunami
caused damage as far as Japan [Watanabe, 1998], the earthquake’s source parameters have been poorly
constrained. Estimates of the earthquake magnitude fall within theMw 8.5–9 range, involving rupture lengths
of 350–550 km [Lomnitz, 1970; Kelleher, 1972; Ramírez, 1988; Nishenko, 1985; Comte et al., 1986]. However,
tsunami observations in the near- and far-field suggest that the earthquake size was at least in the upper
bound of those previous estimates. A giant earthquake (Mw >9.0) and tsunami in Metropolitan Chile, which
concentrates most of the country’s population and economic activity, would have devastating consequences
that must be considered in local disaster prevention plans.

Here we use historical observations of the 1730 tsunami to provide a more substantiated size of the 1730
Metropolitan Chile earthquake. We compare local tsunami inundations computed from hypothetical earth-
quakes that vary in magnitude and depth with those inferred from historical records. We show that a giant
earthquake with a magnitude in the range of Mw 9.1–9.3 is required to explain the heights and land inunda-
tions reported by eyewitnesses during the 1730 tsunami. This large magnitude is also in agreement with the
tsunami heights reported on Japan.

2. The Seismic History of Metropolitan Chile

The intense seismic activity in Chile is a result of the subduction of the Nazca Plate beneath the South
America Plate at a rate of about 6.6 cm/yr (Figure 1a) [Angermann et al., 1999]. The earthquakes sources
and mechanisms of the subduction zone boundary are rather well established and include large mega-
thrust ruptures, as well as intraplate ruptures either within the Nazca or South America plates
[Barrientos, 2007]. Figure 1b shows the rupture zones of the modern large megathrust earthquakes that
have occurred along the coast of Chile during the instrumental era. The Metropolitan Chile area defined
in this study is also shown.

Figure 1. Index maps. (a) Chile’s tectonic setting and latitudinal distribution of population. Paired arrows indicate plate convergence at ~6.6 cm/yr [Angermann et al.,
1999]. (b) Rupture zones of themodern largemegathrust earthquakes that have occurred along the coast of Chile during the instrumental era. TheMetropolitan Chile
area defined in this study is also shown. (c) Geophysical setting of Metropolitan Chile. Blue contour lines indicate inferred slip in meters for the 2015 [Tilmann et al.,
2016] and 2010 [Moreno et al., 2012] earthquakes. The white shaded area represents the aftershock zone for the 1985 earthquake [Comte et al., 1986]. The red lines
indicate the 80% contour of plate coupling [Métois et al., 2016]. (d) Geophysical profile shown in Figure 1c. Triangles indicate the along dip position of 80% plate
coupling (red) and the thermally defined updip limit of the seismogenic zone (black). The line extensions indicate the interplate coupling fromMétois et al. [2016] (red)
and the along dip rupture extents inferred for the 1985 [Comte et al., 1986] and 2010 [Moreno et al., 2012] earthquakes. Refer to Text S1 in the supporting information.
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The historical sequence of large earthquakes (Mw > 8) that clearly ruptured the plate interface of
Metropolitan Chile started in 1730 and continued in 1822, 1906, and 1985. Other historical events in 1575,
1580, and 1647 were either likely smaller thanMw 8.0 (1575 and 1580) or are best explained by intraplate slip
(1647), either within the Nazca Plate or within the South America Plate, rather than between these plates
[Lomnitz, 2004; Cisternas et al., 2012; Cisternas, 2012]. Despite the remarkably constant recurrence interval
(~85 years), the earthquakes produced effects that varied in both magnitude and extent, suggesting sources
of different sizes and characteristics. The extent of damage together with the large tsunami that followed the
1730 earthquake leaves little doubt that this event was by far the largest of the historical sequence
[Montessus de Ballore, 1914; Lomnitz, 1970].

Besides these events, other large earthquakes have historically ruptured into the likely rupture zone of the
1730 earthquake. Written records suggest that the southern portion of the region has been ruptured by great
(Mw > 8) interplate earthquakes centered largely to the south in A.D. 1570, 1657, 1751, 1835, and 2010 (Mw

8.8) [Lomnitz, 2004; Udías et al., 2012]. The reported effects of both shaking and tsunami produced by the
1751 event suggest that its size and extent were similar to those of the 2010 earthquake (Mw 8.8), and that
both were larger than those of 1570, 1657, and 1835 [Udías et al., 2012]. The closeness in time between
the 1751 and 1730 events makes the spatial extent of the slip in 1751 particularly important for the study
of the 1730 earthquake source and is thus discussed in section 7.1. In contrast, the northernmost portion
of the 1730 area and that immediately to the north have shown significantly less seismic activity since the
beginning of written history. Moderate-sized earthquakes in A.D. 1880 and 1943, as well as the slightly larger
2015 earthquake (Mw 8.3) comprise the seismic sequence of this region [Tilmann et al., 2016].

3. Historical Observations of the 1730 Earthquake and Tsunami

The earthquake and tsunami that occurred in Metropolitan Chile on 8 July 1730 at 4:30 A.M. local time have
been recognized as the largest to occur in this region since the beginning of written history [Montessus de
Ballore, 1914]. The event was preceded by a strong foreshock, which although produced a tsunami that was
observed in Concepción, its effects were not as large as those reported for themain shock [Urbina et al., 2016].

The shaking produced by the 1730 earthquake caused severe damage to buildings along >1000 km of the
coast, from Copiapó (30°S) to Concepción (36.6°S) (Figures 1a and 1b) [Urbina et al., 2016]. Severe damage
to buildings was also reported on the other side of the Andes, in Mendoza, Argentina (Figure 1a) [Urbina et al.,
2016]. Large seafloor deformations are inferred from the oversized tsunami reported along the source region
[Lomnitz, 1970] and as far as Japan [Soloviev and Go, 1975]. However, land deformations in 1730 were not that
evident. The drying of a lagoon in Santo Domingo and the sudden spoiling of a saltwork in Bucalemu are
perhaps the only evidence of coastal uplift associated to the 1730 earthquake (Text S2 in the supporting
information) [Urbina et al., 2016].

The observations for the 1730 tsunami that provide constraints on the size of the event come mostly from
local reports available in historical documents. However, observations of the 1730 tsunami in Japan also
contribute to this goal.

3.1. Near-Field Observations of the 1730 Tsunami

Local evidence for the 1730 tsunami comes from the historical record, including first-hand accounts of
tsunami descriptions in two historically important coastal cities: Concepción and Valparaíso.

In Concepción, originally located in Penco on the Bay of Concepción (36.7°S, 73.0°W) (Figures 1c, 2a, and S1),
the tsunami effects were described by an anonymous Jesuit Father who saw the flooding [Valenzuela, 2012;
Urbina et al., 2016]. He reports precise flow depth values at the beach (~8 m) and at the convents of both the
Jesuits (~1 m) and Franciscans (~1.5 m) as well as flooding of the Hospital, Guard, Plaza, Palace, and Cathedral
(Figures 2a and 2b). He also reports that the Mercedarian convent was not reached by the sea waves, owing
to the high ground where it was located. Figure S1 shows the flooding descriptions and our tsunami flow
depth interpretations at each of these historical sites.

About 500 km to the north, in Valparaíso (33.0°S, 71.6°W) (Figures 1c, 2c, and S2), the reports include first- and
second-hand tsunami inundation descriptions. Here an original religious document reports minor flooding at
the Augustinian convent and a 7 m tsunami height at the beach (Figures 2c and 2d) [Valenzuela, 2012; Urbina
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et al., 2016]. We also used two second-hand descriptions of inundation: at LaMatriz Church [Vicuña, 1936] and
at the Mercedarian Convent [Martín y Manero, 1890], whose primary sources we could not find in the main
historical archives. The flooding descriptions for Valparaíso and our tsunami flow depth interpretations are
shown in Figure S2.

To estimate the heights and land inundations for the 1730 tsunami in Penco and Valparaíso, we located the
historical sites mentioned in the documents onmodernmaps and then surveyed topographic profiles using a
differential GPS (Figure 2). In Penco, the largest tsunami height of ~9 m was inferred at the Jesuits convent,
which is consistent with that reported at the beach (~8 m), but much larger than the height inferred at the
Franciscans (~5 m) (Figure 2b). For comparison, Figure 2b also shows the height for the 2010 tsunami,
inferred fromwatermark lines that we saw in a post-tsunami survey made 3 weeks after the 2010 earthquake.
Note that the 2010 tsunami reached ~5 m in Penco, which is less than the tsunami heights reported in 1730
despite the closeness of Penco (Concepción) to the 2010 rupture zone (Figure 1c). The inundation distances
required to reach the Jesuits and Franciscans convents were measured as ~350 m (Figure 2b). In Valparaíso,
the largest tsunami height of ~11 m was inferred at the Augustinians, which is consistent with the ~10 m and
~9 m inferred at the Mercedarians and La Matriz (Figure 2d), respectively. While similar inundation distances
of ~320 mwere inferred at the Augustinians and at La Matriz, to reach the Mercedarians, the tsunami flooded
at least 500 m inland (850 m from the present coastline) (Figure 2d).

3.2. Observations of the 1730 Tsunami on Japan

In addition to the near-field evidence, Japanese historical documents also provide constraints on the size of
the 1730 earthquake and tsunami. The tsunami triggered by the 1730Metropolitan Chile earthquake reached

Figure 2. Heights and inundation extents of the 1730 tsunami inferred from historical documents. (a) Historical sites,
mentioned in the historical document, located on a modern map of Penco. (b) Positions of the historical sites relative
to the topographic profiles shown in Figure 1a. The inset shows the computed tide levels at the moment of the
earthquake. (c and d) The same as Figures 2a and 2b but for Valparaíso.
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the Japanese coast about 1 day after the earthquake and was reported in at least six places along the north-
east coast of Honshu (Figure 3), where it probably reached up to 2 m above mean sea level.

The historical documents describe flooding between Ofunato (39.07°N) to the north and Shiogama (38.31°N)
to the south, including the coastal areas of Akasaki (39.06°N), Motoyoshi (38.77°N), Monou (38.57°N), and
Ojica (38.44°N) (Figure 3). Although the tsunami did not cause any human injury or death, it flooded and
damaged barriers, rice fields, and salt works. Detailed descriptions of its effects are available in compilations
of records in Japan from historical earthquakes and tsunamis collected from old Japanese documents [Tsuji,
2013]. Based on the descriptions of flooding and damage, Tsuji [2013] estimated tsunami heights of 2 m at all
sites (Figure 3b).

4. Rupture Candidates to Match the 1730 Near-Field Tsunami Evidence

We tested different hypothetical ruptures of varying size, slip amount, and depth to match the 1730 tsunami
evidence in Penco and Valparaíso. The rupture candidates were developed based on the inferred fault
geometry and seismogenic zone for Metropolitan Chile. Tsunami simulations for each rupture candidate
were based on current knowledge of tsunami generation, propagation and inundation.

4.1. Hypothetical Ruptures

First, we tested six megathrust earthquake candidates of different magnitudes. All candidates span the entire
seismogenic zone width but differ in rupture length and in the amount of average slip, simulatingMw 8.7–9.3
earthquakes. The 180 km wide seismogenic zone and its downdip position along the plate interface were
inferred from geophysical observations of (1) rate-state frictional properties of the plate interface, (2) rupture
areas of large interplate earthquakes, and (3) interseismic fault locking (details in Text S1) [Wang and
Tréhu, 2016].

The scaling relationships between rupture length, mean slip, and moment magnitude were defined in accor-
dance to Papazachos et al. [2004] scaling laws, which have shown good agreement with modern Chilean
earthquakes [e.g., Aránguiz et al., 2013]. Rupture lengths are 300, 400, 500, 600, 700, and 800 km with average
slip amounts of 4.5, 6.3, 8.1, 10, 12, and 14 m (i.e.,Mw 8.7, 8.8, 9.0, 9.1, 9.2, and 9.3 earthquakes for fault rigidity
of 40 GPa) (Figure 4). The along-strike length of all ruptures was centered at ~33°S, to be consistent with the
along-strike distribution of reported building damage [Urbina et al., 2016]. This is in agreement with previous
estimates of the earthquake rupture [Lomnitz, 1970; Kelleher, 1972; Udías et al., 2012]. Because of the evident
change in strike of the trench axis at ~33°S, we divided the rupture area into two segments with strike angles
of 3° and 23° for the northern and southern segments, respectively (Figure 4). We filled the triangle-shaped
gap, formed between these segments, by adding small rectangular faults.

In the dip direction we represented the 180 km curved seismogenic zone by 18 segments of 10 km wide with
varying dip, according to the local fault geometry [Tassara and Echaurren, 2012] and the downdip limit of the
inferred seismogenic zone (Text S1). Dip angles vary from 12° to 32°, from the shallowest to the
deepest segments.

Figure 3. Locations on Japan where the 1730 tsunami was reported. (a) The light area indicates Honshu Island.
(b) Locations where tsunami heights of 2 m were estimated.
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Fault slip for each rupture candidate followed a symmetrical bell-shaped distribution that spanned the entire
seismogenic zone width (Figure 4c), as expected for typical large earthquakes that concentrate slip on the
central portion of the megathrust (roughly domain B in terminology of Lay et al. [2012]). We used a discre-
tized version of the slip function equations (1) and (2) proposed by Wang and He [2008] (after correction
of typographical errors found first byWang et al. [2013]), which is based on considerations of fault mechanics.
This slip function allows the slip to decrease in the updip and downdip directions, reflecting the depth-
varying frictional properties of real megathrusts [Lay et al., 2012]. Similar symmetrical slip distributions have
been inferred for recent large earthquakes along the Chilean [Moreno et al., 2009; Tong et al., 2010; Yagi et al.,
2014; Tilmann et al., 2016] and other subduction zones [e.g., Subarya et al., 2006] and are also consistent with
crack theory [Geist and Dmowska, 1999] and analog models [Rosenau et al., 2010].
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Here x0 = x/W, where x is the downdip distance from the trench axis and W is downdip width (here
W = 180 km), b is a broadness parameter ranging from 0 to 0.3 (here we used 0.25), and q is a skewness para-
meter ranging from 0 to 1, which determines the skewness of the slip distribution along the seismogenic
zone’s width. We made our slip distributions symmetrical in the dip direction by assigning q = 0.5.

Because the distribution of fault slip in the dip direction has a first-order control on tsunami runup [Geist,
2002; Carvajal and Gubler, 2016], the magnitude estimate for the 1730 earthquake is expected to be sensitive
to how the slip is distributed along dip. We explored this variability in our results by comparing them with
those obtained from earthquakes with depth-varying distributions of earthquake slip. We considered

Figure 4. Hypothetical ruptures considered in this study. (a) Spatial setting of the ruptures. (b) Rupture zones, according to
Figure 4a. (c) Distribution of slip along dip. The color dots represent the discretized slip amount used in subfaults according
to their along-dip location. (d) Trench-perpendicular patterns of surface deformation predicted by each of the slip distri-
butions. Arrows and vertical lines indicate position of locations of interest cited in the text.
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earthquakes with shallow (q = 0.25) and
deep concentrations of slip (q = 0.75)
[e.g., Carvajal and Gubler, 2016], as well
as earthquakes with ruptures that
propagate all the way to the trench
(trench-breaching rupture) as occurred
in Japan 2011 [Kozdon and Dunham,
2013] (Figure 4c). In all our bell-shaped
slip distributions peak slip roughly dou-
bles the mean value. The main para-
meters and magnitude for all the
earthquake candidates are shown in
Figure 4b.

4.2. Tsunami Computation

We performed numerical simulations of
tsunamis for each hypothetical rupture
to compare the results with the local
historical evidence. The initial tsunami
waveforms were inferred from the verti-
cal seafloor deformations due to earth-
quake faulting. We only considered the
vertical component of seafloor displa-
cement, since that controls tsunami
generation on subduction zones such
as that of Metropolitan Chile [Tanioka
and Satake, 1996; Bletery et al., 2015].
Seafloor deformations were approxi-
mated by superimposing the displace-
ments produced by the elastic
dislocation of the individual fault seg-
ments (Figure 4d) [Okada, 1985].

The propagation and inundation of tsu-
namis were computed by using a finite
difference method on modern deep-
ocean bathymetry and on historical
bathymetry and topography at the
coastal areas. We used the well-
validated numerical model COMCOT,
which solves the linear (LSWE) and non-
linear (NLSWE) shallow water equations
using a leap-frog scheme on a stag-
gered and nested grid system [Wang,
2009]. We constructed a three-level
nested grid system with increased spa-

tial resolution at the coast. A first grid level with 30 arc sec spatial resolution was used in the source region
and in deep water, where the LSWE were considered. In the coastal area of Valparaíso and Penco we used
a finer grid of 1 arc sec for shallow water propagation and land inundation. Here we attempted to reconstruct
the historical coastal bathymetry and topography by carefully removing artificial fills and modern infrastruc-
ture, especially at Valparaíso, where the shoreline has prograded seaward since 1730 as a result of the con-
struction of the port facilities in the early twentieth century. We assumed, in both Penco and Valparaíso,
that sea level changes since 1730 have been insignificant as suggested by recent studies [Kopp et al.,
2016]. To ensure computational stability at the transition between the 30 and 1 arc sec grids, we used an

Figure 5. Land inundation results for typical-slip (light blue area) and shal-
low-slip (dashed line contour) ruptures. Dots represent the location of the
historical sites, mentioned in the historical documents, that were flooded
(red dots) and not (dark grey dots) by the 1730 tsunami. The inundation
results are shown for the smallest source (Mw 8.7) to the largest (Mw 9.3)
from top to bottom.
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intermediate grid level of 6 arc sec [Wang,
2009]. In both 1 and 6 arc sec grids, we
considered the NLSWE and represented the
effects of bottom friction by a Manning’s
roughness coefficient of 0.025 s m�1/3

[Kotani et al., 1998]. We assumed an open
radiation boundary condition to the outer
sea and a moving boundary on the coast
that depends on both the topographic and

water heights. The computation time step for all grids was set to satisfy the Courant-Friedrichs-Lewy stability
condition of the finite difference method. All tsunami simulations were run for 4 h.

For all simulations we considered the local water levels at the time of the 1730 earthquake. We computed the
astronomic tidal levels using the global tidal model TPXO 8 Atlas [Egbert and Erofeeva, 2002], which is based
on satellite altimetry data and has been shown to be a good tide prediction model for coastal areas [Stammer
et al., 2014].

5. Magnitude of the 1730 Earthquake

The heights and extents of the 1730 tsunami inferred locally from written records in Valparaíso and Penco
imply large seafloor deformation consistent with an earthquake of magnitude Mw 9.1 or larger. Figure 5
shows the inundation predicted by the typical-slip (light blue area) and shallow-slip (dashed line) earthquake
ruptures at Penco and Valparaíso.

In order to flood all the historical sites inundated by the 1730 tsunami at Penco, an earthquake source similar
to that of candidate T-600 is required (Figure 5). A smaller source fails to inundate the Jesuits, the Cathedral,
and the Plaza, all flooded in 1730 (Figure S1). On the other hand, a source larger than T-700 would flood the
Mercedarians, which were not reached by the tsunami (Figure S1). Similar results are obtained for hypothe-
tical ruptures with different slip patterns in the dip direction. Regardless of how slip is distributed along dip,
all of the Mw 9.1 hypothetical earthquakes with fault lengths of 600 km and average slip of 10 m match the
flooding evidence at Penco (Table 1). This lack of sensitivity is not surprising, since the Bay of Concepción,
where Penco is located, has long been known to amplify tsunamis, especially those from the north
[Farreras, 1978; Yamazaki and Cheung, 2011].

In Valparaíso, however, only shallow-slip ruptures provide reasonable results. The tsunami inundation
predicted by the largest typical-slip earthquake candidate, T-800, still fails to reach the Mercederians
and the height reported at La Matriz (Figure 5). Notably, if Shallow-slip ruptures are considered, a
S-600 source would already match the flooding evidence (Figure 5; Table 1). None of the deep-slip
or trench-breaching rupture candidates predict sufficient inundation to reach the historical sites
flooded at Valparaíso in 1730.

Thus, the numerical results for both Penco and Valparaíso indicate that a 600–800 km long rupture involving
average slip amounts of 10–14 m and maximum of 20–28 m best explains the observed tsunami heights and
extents (Table 1). Assuming a constant shear rigidity of 40 GPa along the entire fault zone [Tong et al., 2010],
these parameters yield a Mw 9.1–9.3 earthquake. Both mean and maximum values of slip appear consistent
for a Chilean earthquake of this magnitude. While mean and maximum slip inferred for the much smallerMw

8.8 earthquake in 2010 was 7–10m and 15–20 m, respectively [Tong et al., 2010;Moreno et al., 2012], those for
the much larger Mw 9.5 earthquake in 1960 was 15–20 m and 30–40 m [Moreno et al., 2009; Fujii and
Satake, 2013].

6. Tsunami Heights on Japan Support a Giant Earthquake in 1730

Additional constrains on the size of the 1730 earthquake come from the tsunami observed in Japan.
Instead of modeling transpacific tsunamis [e.g., Satake et al., 2003], which may include large uncertainties,
we relied on the well-known assumption that far-field tsunami amplitudes scale with the parent earth-
quake magnitude [Abe, 1979; Pelayo and Wiens, 1992; Geist, 2012]. This assumption has been successfully
verified for tsunamis observed in Japan from Chilean earthquakes, regardless of their fault strike and

Table 1. Minimum Earthquake Size to Match the Local
Tsunami Evidencea

Slip-Type Candidate Penco Valparaíso Average Mw

Typical T-600 >T-800 >9.2
Deep D-600 >D-800 >9.2
Shallow S-600 S-600 9.1
TB rupture TB-600 >TB-800 >9.2

aTB rupture stands for trench-breaching ruptures.
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location along the Chilean coast [Carvajal et al., 2017]. We compared the tsunami heights reported in
Japan in 1730 with those observed at the same coastal region by modern Chilean earthquakes with
instrumentally determined moment magnitudes. We used two independent tsunami data sets for the
modern earthquakes: observed and instrumental data. The details of the method are given in Text S3
in the supporting information.

The results indicate that the overall size of the 1730 tsunami in Japan is consistent with earthquakes of
magnitudes close to Mw 9.3. Figure 6a shows the observed tsunami heights reported on Japan for the
1960, 2010, and 1730 earthquakes. The distribution of tsunami heights along the coast seems to explain
why the 1730 tsunami was widely reported along the northeast coast of Honshu; in this region tsunami
heights are larger than elsewhere. The inset of Figure 6a shows a close-up of the coast of northeast
Honshu. If Tsuji’s [2013] heights estimates of 2 m are correct, the size of the 1730 earthquake was likely
in the Mw 8.8–9.5 range, because tsunami heights for the 1730 event were larger than those for the Mw

8.8 2010 earthquake, but smaller than those for the Mw 9.5 1960 event (Figure 6a). This larger far-field
tsunami in 1730 than in 2010 is in agreement with the local tsunami heights in Penco that were inferred
for these events (Figure 2b).

We attempted to narrow this estimate range by using the large set of instrumental tsunami amplitudes
for six modern tsunamis of Chilean origin (Figure 6b). Although these tsunamis were not all necessarily
detectable by eye in the far field, they were all well recorded by tide stations in Japan. Using these data,
the magnitude for the 1730 earthquake is estimated at Mw 9.3. This result was obtained by first convert-
ing the 2 m tsunami heights observed on Japan to an 1.4 m equivalent gauged tsunami amplitude for the
1730 tsunami (Figure 6b; see Text S3 in the supporting information) and then comparing this value with
those measured for modern earthquakes (Figure 6b) in the same coastal region.

Figure 6. Comparison of the 1730 tsunami heights observed in Japan with those observed for modern Chilean earth-
quakes. (a) Tsunami heights observed in 1730, 2010 (Mw 8.8), and 1960 (Mw 9.5). Left graph shows the tsunami
heights, observed in 1960 and 2010, along the Japanese east coast. Right plot shows a close-up of the coastal region
of northeast Honshu, where the 1730 tsunami was reported. (b) Left graph shows the relation between observed and
gauged tsunami amplitudes for the 2010 (light blue) and 1960 (blue) tsunamis. The black line indicates the best-fit line
for the data, and the red dot shows the equivalent gauged amplitude regressed from the 200 cm tsunami height
inferred in 1730 [Tsuji, 2013]. The right graph shows the best-fit line between moment magnitude (Mw) and
log(gauged tsunami amplitude) for the instrumentally recorded earthquakes shown in Figure 1b. The tide gauge data
were measured along the northeast coast of Honshu (see Text S3). The moment magnitude for the 1730 earthquake
from this regression is Mw 9.3.
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7. Implications
7.1. Along-Strike Slip Heterogeneity: Shallow Versus Deep Slip

The inundation results together with evidence for land-level changes may imply along-strike variations in the
depth of earthquake slip in 1730. While shallow slip offshore Valparaíso is required to explain the reported
coastal inundation in such location, only deeper slip to the south of Valparaíso can explain the coastal uplift
reported in the southern area.

Shallow offshore slip explains the flooding of the historical sites at Valparaíso with more reasonable values of
earthquake slip (~20 m peak) than those for candidates that concentrate slip along typical (> 28 m peak) or
deeper depths of the plate interface (Figure 5 and Table 1). In contrast, the observations at Penco do not
require shallow slip. At Penco, reasonable amounts of slip (~20 m peak) for shallow, typical, and even
deep-slip ruptures would all produce inundation consistent with that reported in historical documents.

Furthermore, coastal uplift at the two sites located to the south of Valparaíso supports deeper than typical slip
along this area. The inferred uplift from the drying of a lagoon in Santo Domingo and the sudden spoiling of a
saltwork in Bucalemu are best explained by deeper than typical slip (Figure 4d). In contrast, the deformation
patterns produced by both typical and shallow slip candidates indicate subsidence on the coast of Santo
Domingo and Bucalemu (Figure 4d) and are thus inconsistent with the observations.

Deeper slip along the area south of Valparaíso would also not conflict with the shallow or typical slip inferred
for the 1751 earthquake. In the same historical document that suggests uplift at Bucalemu in 1730, subsi-
dence is inferred for the predecessor of the 2010 earthquake, in 1751: “…after the year [17]51, the sea waters
have been left raised one vara [83 cm] and little more of that they were before… and it is known that… the
saltworks… did not borne fruit before the said year of [17]51…because the waters receded since the said
year of [17]30…” (see Text S2). Because subsidence in Bucalemu can only be explained by slip at typical or
shallow depths (Figure 4d), it would be very unlikely that only 21 years earlier (<1.5 m of slip deficit if fully
coupled) large slip had occurred along the same portion of the plate interface.

Perhaps, the successive occurrence of deep slip followed by shallow slip is not unusual for this intersegment
zone, where the ruptures areas of the 1730 and 1751 earthquakes likely overlapped. A similar slip sequence at
this zone was inferred for the following 1906 (successor of the 1730 event) and 2010 (successor of the 1751
event) earthquakes [Carvajal et al., 2017]. This could suggest that the depth of slip along this section of the
trench is possibly controlled by the slip history of the earthquakes rupturing into this zone from both the
north (e.g., 1730) and south (e.g., 1751). Similar fault behaviors of deep ruptures followed by shallower ones
along the same fault sections have also been reported in other subduction zones, such as in that of Kurile for
the 1969–1975 earthquake sequence [Ioki and Tanioka, 2016] and in that of Mentawai for the 2007–2010
earthquake sequence [Lay, 2015].

Thus, it seems that like most instrumentally recorded earthquakes, the 1730 earthquake exhibited along-
strike variations in the slip depth, as suggested by the comparison between observations and modeling
results. Although other possibilities may not necessarily be excluded, these fail to explain all the observations
taken together. For instance, uplift at Bucalemu and Santo Domingo, which are separated by about 110 km,
could be ascribed to the strong 1730 foreshock that occurred about 3 h earlier. However, this possibility
would still conflict with the shallow slip inferred for the 1751 earthquake in this area.

7.2. Implications for Tsunami Hazard Along the Coast of Metropolitan Chile

If the shallow portion of the megathrust to the north of the 2010 earthquake rupture zone has not slipped
aseismically since 1730, our results imply that a near-future earthquake in this region could involve large
shallow slip leading to strong tsunami excitation. While the reported effects of the 1985 earthquake indicate
only partial release of the accumulated energy along the shallow portion of the plate interface, those of the
1822 and 1906 earthquakes suggest little or no or slip at shallow depths.

In contrast to the 1730 earthquake, the events in 1822 and 1906 produced conspicuous coastal uplift along
their source regions but only a small tsunami [Lomnitz, 1970], which is best explained by localized slip along
the deeper portion of the plate interface [Carvajal et al., 2017]. On the other hand, slip in the last earthquake
of the sequence, in 1985, is much less than that theoretically accumulated since the 1730 event. Slip models
for theMw 8.0 1985 earthquake indicate a rupture zone of about ~200 × 100 km2 with maximum slip of about
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3 m [Comte et al., 1986; Mendoza et al., 1994]. This slip amount represents only about five decades of plate
motion, which is far less than the almost three centuries between the 1985 and 1730 earthquakes.

The impending large shallow slip offshore Metropolitan Chile not only underscores the high tsunami hazard
for the most populated region of Chile, but it also jeopardizes its tsunami evacuation. Because earthquakes
characterized by large, offshore, shallow slip produce less shaking and larger tsunamis than typical earth-
quakes [Kanamori, 2014], the main and popular criterion for tsunami evacuation (i.e., seek higher ground
immediately when feeling strong shaking) could delay the response of the population to evacuate to higher
ground. Despite the recent advances in modern tsunami warning technology [e.g., Riquelme et al., 2016], tsu-
nami evacuation in Chile will always be a critical issue, because the trench-to-coast distance is much shorter
than elsewhere, and hence, the first tsunami waves can reach the coast within 15 min or less, as evidenced in
the recent Mw 8.3 2015 Chile earthquake [Aránguiz et al., 2016]. This scenario is of serious concern for the
region that not only accounts for most of the country’s coastal population but also contains the two main
commercial ports of Chile (Valparaíso and San Antonio) and its most popular beach resort (Viña del Mar) that
is visited by more than 5 million of tourists every year.

8. Conclusions

We used historical evidence and tsunamimodeling to assess themagnitude and source characteristics for the
1730 earthquake. We compared local tsunami inundations computed from hypothetical earthquakes, with
varying magnitude and depth, with those inferred from historical observations. We also compared our results
with the magnitude derived from the tsunami heights reported on the Japanese coast, and with the limited
reports of local uplift. The major conclusions of this study are summarized as follows:

1. Tsunami descriptions from historical documents indicate that the 1730 tsunami flooded buildings that
were located on sites that today are at about 11 m and 9 m above sea level, and 850 m and 350 m from
the coastline, in Valparaíso and Penco, respectively. In both locations, the computed tide level for the
moment of the earthquake was only 40 cm above mean sea level, suggesting that the tidal level did
not have a significant impact on the observed tsunami runup.

2. Flooding and damage described in old Japanese documents suggest that the 1730 tsunami reached
about 2 m above sea level along the northeast coast of Honshu.

3. The historical observations at Valparaíso and Penco suggest that the magnitude for the 1730 earthquake
was in the range ofMw 9.1–9.3. This estimate is in agreement with the tsunami heights observed in Japan
in 1730, which indicate an overall tsunami size consistent with instrumentally recorded Chilean earth-
quakes of magnitudes of about Mw 9.3.

4. A southward increase of the slip depth along the rupture zoneof the 1730 earthquake best explains the tsu-
nami anduplift observations.While shallow slip on thearea to thenorthof the 2010 rupture zone is required
to explain the reported inundation, only deeper slip at this area can explain the coastal uplift reports.

5. Our results suggest that the near-future earthquakes on Metropolitan Chile could involve large, offshore,
shallow slip with strong tsunami excitation. The effects produced by the earthquakes of 1822 and 1906
suggest deeper than average ruptures, and those for the 1985 earthquake indicate only partial release
of the accumulated slip at shallow depths since 1730. If true, potential large shallow slip poses a serious
risk to a region that concentrates most of the country’s coastal population and economic activity.
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USO DE ORGANISMOS BENTÓNICOS COMO INDICADORES DE CAMBIOS  
VERTICALES DE LA COSTA

Eduardo Jaramillo Lopetegui1

El uso de GPS diferenciales ha sido la aproximación geodésica más común para evaluar modificaciones de la costa 
en relación al nivel relativo del mar, como resultado de terremotos de subducción. Otro tipo de aproximación para 
la evaluación de esas modificaciones es la geodesia biológica, es decir, el análisis de la variabilidad en los límites 
superiores de la distribución vertical de plantas y animales del litoral rocoso. 
Fitzroy fue pionero en estudios de geodesia biológica, cuando documentó la altura sobre el nivel relativo del mar de 
bivalvos muertos en la costa de Isla Santa María (Chile), como resultado del terremoto de 1835  que afectó la costa 
del centro sur de  Chile (ca. 37-41°S). En base a esas evaluaciones se estimó un levantamiento de esta isla cercano 
a los 2 m. Posterior al terremoto de Valdivia del año 1960, se estimaron los cambios de la costa mediante el uso 
de los límites superiores de la distribución vertical de cirripedios y bivalvos, situación que se ha repetido luego de 
otros grandes terremotos en diferentes a través del globo. 
Esta ponencia incluye un análisis crítico del uso de tales indicadores, haciendo énfasis en la utilidad de los mismos, 
siempre y cuando sean utilizados en un contexto ecológico conocido y como apoyo para mediciones realizadas con 
GPS diferenciales. 

 

1 Instituto de Ciencias de la Tierra,  Facultad de Ciencias, Universidad Austral de Chile, Valdivia, Chile
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Uso de organismos intermareales del litoral rocoso como
bio-indicadores de deformación continental cosísmica en

el centro sur de Chile
Use of rocky shore intertidal organisms as bioindicators of coseismic continental deformation in south

central Chile

Pamela López1* y Eduardo Jaramillo1

1Instituto de Ciencias de la Tierra, Facultad de Ciencias, Universidad Austral de Chile, Edificio Emilio Pugín, Avenida Eduardo
Morales Miranda, Campus Isla Teja, Valdivia, Chile. Autor corresponsal: *pamelalopez.san@gmail.com

Abstract.- On february 27, 2010, the south central coast of Chile (ca., 34-39°S) was affected by an earthquake magnitude
Mw= 8,8, with the epicenter located offshore Cobquecura (ca., 36.29°S). This earthquake originated continental uplift on
that coastal areas closer to the trench between the Nazca and South American tectonic plates (i.e., Peninsula de Arauco
and Isla Santa María) and subsidence along coastal areas located further north of that (the coast of the Maule Region), as
well as in continental zones ordered in a west - east axis. In this study we tested the hypothesis that independent of the
taxonomic group, the rocky shore sessile benthic organisms can be used as indicators of continental uplift. The methodology
involved measurements of heights upper of distributional bands above the low tide level at the coast affected by the
earthquake. The results show that the calcareous crustose algae Lithothamnium sp., the mytilid bivalve Perumytilus
purpuratus and the macroalgae Mazzaella laminarioides and Lessonia spicata, are benthonic useful organisms to describe
continental uplift, due to the fact that their vertical distributions after the earthquake follow the coastal deformation
observed in the field. This allow to suggest that in studies aimed to evaluate this tectonic processes, more than a single
species must be used in order to gain a full view of that along gradients of continental deformation. This due to the fact that
a significant number of the benthic species of the rocky shore do not have continuous distribution; thus, to use a single
species may well result in conclusions with low level of generalizations.

Key words: Continental uplift, benthic organisms, subsidence

Resumen.- El 27 de febrero de 2010, la zona centro-sur de Chile (ca., 34-39°S) fue afectada por un terremoto de magnitud
Mw= 8,8, localizándose el epicentro en Cobquecura (ca., 36°S), causando un levantamiento continental en las costas más
cercanas a la fosa (i.e., Península de Arauco e Isla Santa María) y subsidencia en áreas costeras localizadas al norte de esas
costas (Región del Maule). En este estudio se evaluó la hipótesis de que independientemente del grupo taxonómico, los
organismos bentónicos intermareales adheridos al sustrato pueden ser utilizados como indicadores de levantamiento
cosísmico continental. La metodología consistió en medir la altura del límite superior de las bandas de distribución de
cada especie sobre el nivel de marea baja, a lo largo de la costa afectada por el terremoto. El alga calcárea Lithothamnium
sp., el mitílido Perumytilus purpuratus y las macroalgas Mazzaella laminarioides  y Lessonia spicata, son organismos
bentónicos apropiados para describir el levantamiento continental cosísmico. Se sugiere que en estudios tendientes a
evaluar este tipo de procesos tectónicos, se utilice más de una especie para tener una visión completa de tal proceso a
lo largo de gradientes de deformación continental. Esto ya que, parte importante de las especies bentónicas de la costa
rocosa no tienen distribución continúa, por lo que el uso de una sola especie puede resultar en conclusiones con bajo nivel
de generalización.

Palabras clave: Levantamiento continental, organismos bentónicos, subsidencia

INTRODUCCIÓN

Chile es uno de los países con mayor actividad sísmica
en el mundo (Farías et al. 2010, Madariaga et al. 2010),
debido a que convergen dos placas tectónicas, la de Nazca
y la Sudamericana. Esta convergencia entre estas placas

es de aproximadamente 6,8 cm año-1 (Ruegg et al. 2009),
lo cual origina grandes sismos de magnitudes entre 8 y 9
Mw cada aproximadamente 100-150 años (Lomnitz 2004)
y > 9 Mw cada aproximadamente 300 años (Cisternas et
al. 2005).
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INTERACCIONES DESARROLLO COSTERO &TERREMOTOS  
DE SUBDUCCIÓN & TSUNAMIS

Eduardo Jaramillo Lopetegui2

La construcción de defensas costeras artificiales como una respuesta a la erosión y retroceso de la línea de costa. 
Resultados de estudios realizados en playas arenosas del sur de Chile y la costa de California, muestran que las 
abundancias poblacionales de la macrofauna intermareal son significativamente más bajas en aquellos sitios ubica-
dos frente a murallas de concreto o enrocados que interactúan directamente con el oleaje, que en áreas de la playa 
carentes de infraestructura artificial. 
Estudios realizados con posteridad al terremoto del 27F 2010 en la costa centro sur de Chile, muestran que el ancho 
de la zona intermareal de playas ubicadas en la Península de Arauco (ca. 37°S), aumentó debido a levantamiento 
continental cosísmico. Esto resultó en: i) creación de nuevo intermareal seguido de recolonización de fauna típica 
de los niveles superiores y medios del intermareal y de plantas terrestres y que previamente estaban ausentes en 
esas playas, ii) pérdida de organismos típicos de los niveles inferiores debido al levantamiento de sustratos rocosos 
previamente sumergidos, y iii) aparición de fauna de fondos sedimentarios no expuestos al oleaje, lo que da cuenta 
de la transformación de ambientes expuestos al oleaje (antes del 27F) a ambientes protegidos del mismo (después 
del 27F). 
Se discuten estos resultados en relación a la costumbre generalizada de construir defensas costeras artificiales como 
una respuesta al poder erosivo del mar y que en muchos casos no hacen más que afectar la costa en vez de protegerla. 
También se comparan los efectos de marejadas y un tsunami sobre la estructura física y biológica de playas arenosas 
del centro norte de Chile (ca. 30°S) afectadas por este tipo de perturbaciones en un período de tiempo muy corto 
(agosto vs. septiembre 2015, respectivamente). Tales comparaciones permiten obtener generalizaciones en cuanto 
a la resiliencia de este tipo de hábitat costero intermareal.

2 Instituto de Ciencias de la Tierra,  Facultad de Ciencias, Universidad Austral de Chile, Valdivia, Chile
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La madrugada del 27 de febrero del 2010 (27F de aquí
en adelante), la costa del centro sur de Chile (ca., 34-
39ºS) fue afectada por un terremoto de magnitud Mw= 8,8
(Farías et al. 2010). Hasta ese momento, este evento fue
el quinto más grande registrado de modo instrumental en
el mundo y ocurrió en la laguna sísmica más extensa que
existía en Chile hasta el verano del 2010 y que estaba
comprendida entre Pichilemu por el norte (ca., 34ºS) y
Concepción por el sur (ca., 37ºS). En esa zona, no habían
ocurrido grandes sismos (≥ 8,0 Mw) desde el 20 de febrero
de 1835 (Farías et al. 2010).

El epicentro del 27F se ubicó bajo el mar y frente a la
localidad costera de Cobquecura (ca., 36ºS), localizándose
el hipocentro aproximadamente a 30 km de profundidad
(Vargas et al. 2011). El área de fractura de la placa estuvo
comprendida entre Valparaíso (ca., 33°S) por el norte e
Isla Mocha (ca., 39°S) por el sur y abarcó aproximadamente
610 km, con un desplazamiento cercano a los 10 m en el
contacto inter placa (Quezada et al. 2010).

El sismo del 27F ocasionó un levantamiento continental
cosísmico (especialmente conspicuo en la costa de la
península de Arauco e Isla Santa María) y subsidencia en
la zona costera ubicada al norte de esas costas (i.e.,
Región del Maule) y en áreas continentales ordenadas
en un eje oeste-este; los mayores alzamientos alcanzaron
valores promedio cercanos 250 cm, lo que afectó la
infraestructura costera y remodeló el paisaje litoral
(Castilla et al. 2010, Farías et al. 2010, Quezada et al. 2010,
Jaramillo et al. 2012, Rodil et al. 2015, 2016).

Estudios realizados en diferentes litorales rocosos,
muestran que la deformación continental cosísmica
producto de un terremoto de subducción afectó a la flora
y fauna litoral (e.g., Plafker & Savage 1970, Ortlieb et al.
1996, Wong 2009, Morton et al. 2011). En aquellas áreas
emergidas, ocurre mortandad masiva de macroalgas e
invertebrados marinos, algunos de los cuales han sido
utilizados como marcadores de levantamiento continental,
incluyendo cirripedios (Plafker & Savage 1970), bivalvos
(Barrow 1836, Castilla et al. 2010) y algas calcáreas
incrustantes (Corallinaceae) (Castilla et al. 2010, Farías et
al. 2010, Quezada et al. 2010, Jaramillo et al. 2012). Sin
embargo, no se ha analizado en general, el uso de varios
de esos organismos de modo coincidental, aun cuando el
estudio de Ortega et al. (2014) analizó el efecto del
levantamiento continental del 27F sobre un conjunto de
especies de invertebrados que ocurre en grampones del
alga parda Lessonia spicata.

En este estudio, se evaluó la hipótesis que,
independientemente del grupo taxonómico, los
organismos bentónicos intermareales adheridos al
sustrato rocoso, sirven como bio-indicadores de
levantamiento cosismico continental en la costa del
centro-sur de Chile. Para ello, se estudió la variabilidad
en los límites superiores de la distribución vertical de
algas e invertebrados bentónicos de amplia distribución
en las costas del Maule y Biobío, afectadas por el 27F.
Con el objetivo de evaluar la magnitud de esa
deformación, se realizaron mediciones similares en la costa
de Valdivia y Osorno, donde aparentemente no fue
observada alguna deformación continental durante este
terremoto.

MATERIALES Y MÉTODOS

ÁREA DE ESTUDIO

En la Figura 1 y Tabla S1, se muestran la ubicación
geográfica de los sitios de estudio en la Región del Maule,
Biobío, Los Ríos y Los Lagos, Chile. En la Tabla S2, se
muestran los códigos diseñados para la identificación de
los mismos así como otros términos abreviados que se
mencionan en el texto.

MEDICIONES EN TERRENO

Los datos utilizados en este estudio, están basados en
estimaciones de la altura del límite superior de la
distribución vertical de organismos bentónicos en la zona
intermareal rocosa con respecto al nivel relativo del mar
post- terremoto 27F. Las distribuciones de los organismos
estudiados incluyen los siguientes taxa: i) un alga calcárea
incrustante perteneciente a la familia Corallinaceae
(Rhodophyta, Cryptonemiales) (Lithothamnium sp. y
comúnmente distribuida en los niveles inferiores del litoral
rocoso de la costa chilena. Cuando viva, esta alga tiene
un característico color rosado que pasa a blanco debido
a una exposición extrema a la luz solar y altas temperaturas
(Ortlieb et al. 1996, Ramírez-Herrera & Orozco 2002). Si
bien en este estudio no se determinó a que género
realmente pertenece esta alga, se le ha denominado
Lithothamnium sp. (Heydrich, 1897) debido a que esta
denominación ha sido ampliamente utilizada en estudios
recientes similares a este (Ortlieb et al. 1996, Farías et al.
2010, Quezada et al. 2010, Vargas et al. 2011); ii) el bivalvo
mitílido Perumytilus purpuratus (Lamarck, 1819), especie
dominante de amplia distribución geográfica en los niveles
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medios del intermareal rocoso de la costa chilena (Castilla
1981);  iii) la macroalga roja Mazzaella laminarioides,
(Bory de Saint-Vincent, 1828) Fredericq, especie que en
general ocurre en límites intermareales ubicados bajo el
cinturón de Perumytilus purpuratus, y iv) la macroalga
parda Lessonia spicata (Suhr) Santelices comb. nov.,
especie típica del intermareal rocoso inferior de la costa
de Chile. De estos taxa, las especies más representadas
(i.e., mayor número de sitios donde ocurra una especie)
fueron Lithothamnium sp. y Perumytilus purpuratus (Fig.
2).

Las mediciones se establecieron a través de
estimaciones de la altura del límite superior de la banda
de distribución de cada especie en relación al nivel
relativo del mar representado por el nivel de la marea baja
al momento de realizar las mediciones. Los muestreos se
efectuaron entre abril y mayo del 2010 en la costa
continental de las regiones del Maule y el Biobío, en
noviembre 2010 en la Isla Santa María y Región de Los
Lagos, en diciembre 2010 en Isla Mocha, y diciembre 2011
en la Región de Los Ríos. Los muestreos se efectuaron
en períodos de mareas de sicigia.

Figura 1. Localización de los sitios de muestreos en la costa: a) Región del Maule, b) Región del Biobío, c)
Regiones de Los Ríos y de Los Lagos, d) Isla Santa María (ISM) y e) Isla Mocha (IM). En la Tabla S1 se indican
las latitudes y longitudes de esos sitios y en la Tabla S2 el significado de los códigos indicados en esta figura
/ Location of sampling sites on the coast:  a) Maule Region, b) Biobío Region, c) Los Ríos and Los Lagos
Regions, d) Isla Santa María and e) Isla Mocha. Table S1 shows latitudes and longitudes of those sites
and Table S2 shows the meaning of codes indicated in this figure
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ANÁLISIS DE LOS DATOS

Los datos de terreno se analizaron luego de corregir las
mediciones por el efecto de marea de acuerdo a las alturas
de estas. Para ello, se trabajó con diferentes paquetes
computacionales, tales como MATLAB® (The MathWorks,
Inc.) y XTide (FlaterCo)1 a fin de permitir estandarizar y
realizar una comparación de las alturas verticales de las
especies con respecto al nivel medio del mar, a lo largo de
la costa afectada por el terremoto. Los datos corregidos
de las alturas de los límites superiores de las diferentes
especies, se agruparon como sigue: i) costa del Maule, ii)
costa del Biobío al norte de la Península de Arauco, iii)
costa de la Península de Arauco e Isla Santa María, iv)

costa de la Isla Mocha, y v) costa de Valdivia y Osorno. Los
análisis estadísticos consistieron en comparar los
promedios de las alturas de las especies en estudio de
cada uno de esos grupos mediante análisis de varianza
(ANDEVA); los datos no transformados fueron
examinados para evaluar normalidad y homocedasticidad
con los tests de Shapiro-Wilk y Levene, respectivamente.
Luego, se aplicó el Test de Tukey para evaluar cuáles
promedios diferían significativamente entre sí.

RESULTADOS

La variabilidad espacial de los promedios de los límites
superiores (cm) de la banda vertical del alga calcárea
incrustante Lithothamnium sp. se muestran en la Tabla 1
y Figura 3; se incluyen los límites superiores del alga
blanqueada o muerta y del alga rosada o viva.

Figura 2. Efecto del levantamiento continental cosísmico de la costa rocosa durante el 27F. (a) roca blanqueada por la presencia de algas
calcáreas incrustantes muertas (Lithothamnium sp.) en la costa de Lebu;(b) bivalvos (Perumytilus purpuratus) muertos en la Isla Santa
María; (c) algas rojas muertas (Mazzaella laminarioides) en la costa de Lebu;(d) algas pardas muertas (Lessonia spicata) en Lebu / Effect of
the coesismic continental uplift of the rocky shore during the 27F. (a) rocks bleached for the presence of dead calcareous crustose
algae (Lithothamnium sp.) on the coast of Lebu; (b) dead bivalves (Perumytilus purpuratus) on Isla Santa María; (c) dead red algae
(Mazzaella laminarioides) on the coast of Lebu; (d) dead brown algae (Lessonia spicata) on Lebu

1<https://flaterco.com/xtide.html>
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Figura 3. Variabilidad espacial de los límites superiores de la banda del alga calcárea incrustante Lithothamnium sp. en los sitios
muestreados (cf. Tabla S2 para el significado de los códigos de cada sitio). Los valores son promedios ± 1 desviación estándar. La
elipse en color rojo indica la presencia de especímenes muertos en Pelluhue, situación probablemente no relacionada a deformación
continental cosísmica (ver texto) / Spatial variability of the upper limits of the crustose calcareous algae Lithothamnium sp.
on the sampling sites (cf. Table S2 for meanings of site codes).The values are means ± 1 standard deviation. The red ellipse
indicates the presence of dead specimens at Pelluhue, a fact probably not related to coseismic land level changes (see text)

Tabla 1. Variabilidad espacial en los promedios de los límites superiores (cm) de la banda de Lithothamnium sp. en el área de
estudio. Lsb= límite superior del alga blanqueada o muerta; Lsr= límite superior del alga rosada o viva. Los valores en paréntesis
corresponden a desviación estándar. La ausencia de datos indica que no se detectó la presencia de especímenes de Lithothamnium
sp., blanqueados o muertos / Spatial variability in the averages of the upper limits (cm) of the band of Lithothamnium sp. in the
study area. Lsb= upper limit of bleached or dead algae; Lsr= upper limit of pink or living algae. The values in parentheses correspond
to standard deviation. The absence of data indicates that the presence of white or dead Lithothamnium sp., was not detected
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Figura 4. Variabilidad espacial de los límites superiores de la banda del bivalvo Perumytilus
purpuratus en los sitios muestreados (cf. Tabla S2 para el significado de los códigos de cada sitio).
Los valores son promedios ± 1 desviación estándar / Spatial variability of the upper limits of the
bivalve Perumytilus purpuratus on the sampling sites (cf. Table S2 for meanings of site codes).
The values are means ± 1 standard deviation

Los resultados de los análisis ANDEVA obtenidos para
evaluar eventuales diferencias entre áreas costeras,
muestran que la banda de Lithothamnium sp. ocurrió a
niveles significativamente más altos (P < 0,05) en los sitios
muestreados en la Península de Arauco e Isla Santa María
(especímenes muertos) en comparación con aquellos de
la costa del Maule, costa al norte de la Península de
Arauco, Isla Mocha, Valdivia y Osorno (Tabla 2).

La variabilidad espacial en los promedios de los límites
superiores (cm) de la franja del bivalvo mitílido
Perumytilus purpuratus se muestran en la Tabla 3 y Figura
4. Los resultados de ANDEVA, muestran que esos límites
ocurrieron a alturas significativamente más altas (P < 0,05)
en los sitios estudiados en la Península de Arauco e Isla
Santa María (especímenes muertos; Tabla 4, cf. Fig. 4). Es
más, no se registraron diferencias significativas (P > 0,05)
al comparar con los sitios de la costa del Maule, costa al
norte de la península de Arauco, Isla Mocha, Valdivia y
Osorno (especímenes vivos). No se detectaron diferencias
significativas (P > 0,05) al comparar estos últimos sitios
entre sí (Tabla 4).

Tabla 2. Resultados de los análisis ANDEVA, realizados para evaluar
eventuales diferencias en los límites superiores de la banda de
especímenes blanqueados o muertos y rosados o vivos del alga
calcárea incrustante Lithothamnium sp. Se presentan los valores
de P y q resultantes de los análisis de ANDEVA. Los valores en negrilla
son significativos a un nivel de probabilidad de 0,05 / Results of
ANOVA performed to evaluate eventual differences in the upper
limits of the band of bleached or dead and pink or alive specimens
of the crustose calcareous algae Lithothamnium sp. The values
of P and q resulting from ANOVA are displayed. Values in bold are
significant at a 0.05 probability level
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Tabla 4. Resultados de los análisis ANDEVA, realizados para evaluar
eventuales diferencias en los límites superiores de la banda del
bivalvo mitílido Perumytilus purpuratus. Se presentan los valores
de P y q resultantes del análisis de ANDEVA. Los valores en negrilla
son significativos a un nivel de probabilidad de 0,05 / Results of
ANOVA performed to evaluate eventual differences in the upper
limits of the band of the bivalve Perumytilus purpuratus. The
values of P and q resulting from ANOVA are displayed. Values in
bold are significant at a 0.05 probability level

Tabla 3. Variabilidad espacial en los promedios de los límites
superiores (cm) de la banda de Perumytilus purpuratus. Ls= límite
superior. Los valores en paréntesis corresponden a desviación
estándar / Spatial variability in the average of the upper limits
(cm) of the band of Perumytilus purpuratus. Ls= upper limit. The
values in parentheses are standard deviation

Figura 5. Variabilidad espacial de los límites superiores del alga roja Mazzaella laminarioides en los sitios muestreados
(cf. Tabla S2 para el significado de los códigos de cada sitio) / Spatial variability of the upper limits of the red algae
Mazzaella laminarioides on the sampling sites (cf. Table S2 for meanings of site codes). The values are means ± 1
standard deviation
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Tabla 5. Variabilidad espacial en los promedios del límite superior
(cm) de la banda de especímenes del alga roja Mazzaella
laminarioides. Ls= límite superior. Los valores en paréntesis
corresponden a desviación estándar / Spatial variability in the
average of the upper limits (cm) of the band of specimens of the
red algae Mazzaella laminarioides. Ls= upper limit. The values in
parentheses are standard deviation

Tabla 6. Resultados de los análisis ANDEVA, realizados para evaluar eventuales diferencias en los límites
superiores de la banda de especímenes del alga roja Mazzaella laminarioides. Se muestran los valores
de P y q resultantes del análisis de ANDEVA. Los valores en negrilla son significativos a un nivel de
probabilidad de 0,05 / Results of ANOVA performed to evaluate eventual differences in the upper
limits of the band of specimens of the red algae Mazzaella laminarioides. The values of P and q
resulting from ANOVA are displayed. Values in bold are significant at a probability level of 0.05

La variabilidad espacial en los promedios de los límites
superiores (cm) de la distribución vertical del alga roja
Mazzaella laminarioides se muestran en la Tabla 5 y
Figura 5. Los resultados de ANDEVA, revelan que los
límites superiores de esta especie en la Península de
Arauco e Isla Santa María fueron significativamente más
altos (P < 0,05) que en la costa al norte de la Península de
Arauco, Isla Mocha, Valdivia y Osorno (especímenes
vivos; Tabla 6).

La variabilidad espacial en los límites superiores (cm)
de la distribución vertical del alga parda Lessonia spicata
en el área de estudio se muestran en la Tabla 7 y Figura 6.
Los resultados de ANDEVA muestran que la banda de
esta especie se observó a mayor altura (P < 0,05) en los
sitios muestreados en la Península de Arauco e Isla Santa
María vs. aquellos sitios ubicados al norte de la Península
de Arauco, Valdivia y Osorno (especímenes vivos). No
se detectaron diferencias significativas (P > 0,05) al
comparar las alturas promedio de la banda con las otras
zonas entre sí (cf. Tabla 8 y Fig. 6).

69Vol. 53, N°1, 2018
Revista de Biología Marina y Oceanografía

Figura 6. Variabilidad espacial de los límites superiores del alga café Lessonia spicata en los sitios muestreados
(cf. Tabla S2 para el significado de los códigos de cada sitio). Los valores son promedios ± 1 desviación estándar /
Spatial variability of the upper limits of the brown algae Lessonia spicata on the sampling sites (cf. Table S2 for
meanings of site codes). The values are means ± 1 standard deviation

Tabla 8. Resultados de los análisis ANDEVA, realizados para evaluar
eventuales diferencias entre los límites superiores de la banda de
especímenes del alga parda Lessonia spicata. Se presentan los
valores de P y q resultantes del análisis de ANDEVA. Los valores en
negrilla son significativos a un nivel de probabilidad de 0,05 /
Results of ANOVA performed to evaluate eventual differences in
the upper limit of the band of specimens of the brown alga Lessonia
spicata. The values of P and q resulting from ANOVA are displayed.
Values in bold are significant at a probability level of 0.05

Tabla 7. Variabilidad espacial en los promedios de los límites
superiores (cm) de la banda de especímenes del alga parda Lessonia
spicata. Ls= límite superior. Los valores en paréntesis
corresponden a desviación estándar / Spatial variability in the
average of the upper limits (cm) of the band of specimens of the
brown seaweed Lessonia spicata. Ls= upper limit. The values in
parentheses are standard deviation

6968



70 López & Jaramillo
Organismos intermareales, bio-indicadores de deformación cosísmica, Chile

DISCUSIÓN

Este estudio estuvo enfocado en evaluar algunos
organismos bentónicos pertenecientes a diferentes taxa
como bio-indicadores de levantamiento cosísmico
continental en la costa rocosa intermareal del centro sur
de Chile. El uso de algunos de estos organismos ha sido
común desde las observaciones pioneras de Robert Fitz-
Roy, comandante del ‘HMS Beagle’, cuando en conjunto
con Charles Darwin describieran los efectos del terremoto
de 1835 en las costas de la Isla Santa María y del Biobío
en Chile (Barrow 1836, Darwin 1851, Lee 2010). Los
resultados de este estudio, muestran que todas las
especies analizadas resultaron ser buenos indicadores
para estimar la deformación continental, ya que en la zona
donde ocurrió levantamiento cosísmico, estas especies
tuvieron modificaciones en los límites superiores de su
distribución vertical, a la vez que en las costas no
afectadas por la deformación continental (i.e., Valdivia y
Osorno) estos taxa no mostraron variaciones en sus
zonaciones verticales.

Uno de los organismos analizados en este estudio fue
Lithothamnium sp., alga calcárea perteneciente a la familia
Corallinaceae (Meneses 1993) y abundante en la zona
intermareal baja y submareal de la costa rocosa chilena.
La distribución vertical de esta especie es controlada
primariamente por el oleaje (Farías et al. 2010); sus paredes
celulares poseen carbonato de calcio lo que le permite
sobrevivir al pastoreo de invertebrados ramoneadores
(Ortlieb et al. 1996). Las plantas de Lithothamnium sp.
tienen un característico color rosado, el que cambia a
blanco cuando quedan expuestas al aire y la desecación.
De ahí que la altura vertical de esta alga en el litoral rocoso
ha sido utilizada como expresión de levantamiento
continental cosísmico (Ortlieb et al. 1996, Farías et al.
2010, Castilla et al. 2010).

Los resultados de este estudio muestran que los
valores promedios de los límites superiores de la
distribución vertical de la banda blanqueada de
Lithothamnium sp. (i.e., especímenes muertos) fueron
significativamente más altos (P < 0,05) en los sitios
estudiados en la Península de Arauco e Isla Santa María
versus aquellos ubicados más al norte o al sur de esa área
y donde hubo menor deformación continental o donde
se observó subsidencia como en la costa de Maule
(Jaramillo et al. 2012). En el sitio de Pelluhue (Región del
Maule), se observó una banda de Lithothamnium sp.
blanqueada, aun cuando este sitio se ubica en la zona de
subsidencia continental por efecto del terremoto (Fig. 2).
Esta situación podría estar asociada a la ocurrencia

durante el período del oleaje (mar en calma) con mareas
más bajas, con  una constante exposición a altas
temperatura y radiación solar, lo que puede haber
provocado el blanqueamiento de Lithothamnium sp. en
esta zona (cf. Meneses 1993).

Otra de las especies analizadas fue el bivalvo mitílido
Perumytilus purpuratus, organismo que ocupa gran parte
del gradiente vertical en la zona intermareal rocosa del
litoral chileno (Alvarado & Castilla 1996, Broitman et al.
2001). Este bivalvo fue recientemente utilizado para
evaluar el levantamiento cosísmico del terremoto 27F
(Melnick et al. 2012).

Las estimaciones entregadas por los datos de
distribución vertical de esta especie en la costa afectada
por el terremoto son en general coincidentes con los datos
de deformación continental entregados por los GPS
(Melnick et al. 2012).

Las observaciones realizadas en este estudio sobre la
distribución vertical de los organismos muertos de
Perumytilus purpuratus, muestran un patrón similar al
observado en Lithothamnium sp., es decir, los valores
promedios de los límites superiores de este bivalvo fueron
significativamente más altos (P < 0,05) en los sitios
localizados en la Península de Arauco e Isla Santa María,
comparados con los demás sitios.

En general, no hay muchos estudios que estimen si
macroalgas no incrustantes reflejan la variabilidad en
altura que ocurre luego de un terremoto de subducción.
El alga utilizada en este estudio fue Mazzaella
laminarioides, macroalga roja correspondiente a la familia
Gigartinaceae y que se distribuye a lo largo de la costa,
extensamente en el intermareal medio y bajo (Santelices
1991). Su tamaño poblacional es afectado por procesos
tales como los vinculados al evento ENOS (El Niño -
Oscilación del Sur), altas temperaturas y episodios como
levantamientos continentales durante la ocurrencia de
terremotos de subducción (Montecinos et al. 2012) siendo
algunos de estos las causas de mortandades masivas.
Los resultados para M. laminarioides muestran, que los
valores promedios de los límites superiores fueron
significativamente más altos (P < 0,05) en los sitios
estudiados en la Península de Arauco comparados con el
resto de los sitios.

El alga parda Lessonia spicata, antes conocida como
Lessonia nigrescens, fue utilizada como bio-indicador de
levantamiento continental cosísmico producto del
terremoto del 3 de marzo de 1985 en la costa de Chile
central (Castilla & Oliva 1990). En este estudio, la banda
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vertical de distribución de esa macroalga se observó a
alturas significativamente más altas (P < 0,05) en los sitios
muestreados en la Península de Arauco e Isla Santa María,
coincidiendo con la visible mortalidad detectada en
terreno.

Los resultados anteriores permiten aceptar la hipótesis
planteada en este estudio, ya que Lithothamnium sp.,
Perumytilus purpuratus y Lessonia spicata mostraron
valores más altos de distribución vertical en la Península
de Arauco e Isla Santa María, sitios con mayor
levantamiento continental (Farías et al. 2010, Quezada et
al. 2010). Conclusiones similares pueden derivarse para
Mazzaella laminarioides, aun cuando especímenes
muertos sólo se encontraron en el sitio Caleta Hernández
en la Isla Santa María. Los datos anteriormente expuestos,
coinciden con el área donde se registraron los mayores
alzamientos continentales cosísmicos, con una elevación
promedio de 250 cm; es decir, la altura de los organismos
marinos muertos en las rocas evidencia la magnitud del
alzamiento continental en la Península de Arauco e Isla
Santa María. En la Isla Mocha, el levantamiento fue de
menor magnitud a pesar de la cercanía de la misma a la
fosa que ocurre entre las placas de Nazca y Sudamericana
(Quezada et al. 2010); la evidencia de esto proviene de
las menores alturas a las que se observaron especímenes
muertos de por ejemplo, Perumytilus purpuratus en la
misma. Por último, no se observó evidencia de alzamientos
cosísmicos en los sitios estudiados en las Regiones de
Maule, Los Ríos (Valdivia) y Los Lagos (Osorno),
concluyendo que los valores más altos en los límites
superiores se observaron en la Península de Arauco e
Isla Santa María, resultado del levantamiento continental
cosísmico producto del 27F. El alga calcárea crustosa
Lithothamnium sp. Resultó ser un buen indicador de
levantamiento cosísmico, puesto que, el típico color
rosado de la misma cambia a blanco producto de la
emersión y exposición al aire. Sin embargo, esta misma
alga se observó en la costa de la región de Coquimbo
luego del sismo de Illapel del 16 de septiembre del 2015,
específicamente en la localidad de Tongoy, donde no se
detectó deformación continental aparente.

Los resultados de este trabajo pueden ser útiles para
evaluar el efecto del eventual levantamiento continental
cosísmico y recuperación de la costa rocosa luego de un
terremoto de subducción en cualquier lugar de la costa
chilena donde ocurran las especies aquí estudiadas. Sin
embargo, se debe tener presente que muchas especies de
invertebrados bentónicos del litoral rocoso muestran una
notoria distribución en parches (Cerda & Castilla 2001),

resultado de heterogeneidad del sustrato, dinámica del
asentamiento y reclutamiento (Camus & Lagos 1996,
Lagos et al. 2007). Se hace relevante entonces la necesidad
de realizar observaciones y mediciones en conjuntos de
especies y no taxa aislados a fin de obtener conclusiones
con generalizaciones apropiadas.
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Abstract
Vegetated dunes are recognized as important natural barriers that shelter inland ecosys-

tems and coastlines suffering daily erosive impacts of the sea and extreme events, such as

tsunamis. However, societal responses to erosion and shoreline retreat often result in man-

made coastal defence structures that cover part of the intertidal and upper shore zones

causing coastal squeeze and habitat loss, especially for upper shore biota, such as dune

plants. Coseismic uplift of up to 2.0 m on the Peninsula de Arauco (South central Chile, ca.

37.5º S) caused by the 2010 Maule earthquake drastically modified the coastal landscape,

including major increases in the width of uplifted beaches and the immediate conversion of

mid to low sandy intertidal habitat to supralittoral sandy habitat above the reach of average

tides and waves. To investigate the early stage responses in species richness, cover and

across-shore distribution of the hitherto absent dune plants, we surveyed two formerly inter-

tidal armoured sites and a nearby intertidal unarmoured site on a sandy beach located on

the uplifted coast of Llico (Peninsula de Arauco) over two years. Almost 2 years after the

2010 earthquake, dune plants began to recruit, then rapidly grew and produced dune hum-

mocks in the new upper beach habitats created by uplift at the three sites. Initial vegetation

responses were very similar among sites. However, over the course of the study, the

emerging vegetated dunes of the armoured sites suffered a slowdown in the development

of the spatial distribution process, and remained impoverished in species richness and

cover compared to the unarmoured site. Our results suggest that when released from the

effects of coastal squeeze, vegetated dunes can recover without restoration actions. How-

ever, subsequent human activities and management of newly created beach and dune hab-

itats can significantly alter the trajectory of vegetated dune development. Management that

integrates the effects of natural and human induced disturbances, and promotes the devel-

opment of dune vegetation as natural barriers can provide societal and conservation bene-

fits in coastal ecosystems.
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Introduction
Ecological responses of coastal communities to natural or human-induced disturbances are
influenced, in part, by the type and magnitude of the specific disturbance. Sandy beaches—the
most prevalent coastal ecosystem along the ice-free coasts of the world [1]—are threatened by
intense and transformative major disturbances, such as sea level rise and large storms, which
cause coastal erosion and affect beach biota and ecosystem function [2–5]. Increasing coastal
erosion, due to sea level rise, results in the restriction of coastal plant communities to a narrow
upper-shore habitat zone [2,3]. Worldwide, the growing frequency and intensity of large storm
events are also affecting coastal plant and macroinvertebrate communities through destabiliz-
ing habitat, increasing erosion and suppressing ecosystem recovery [4,5].

The construction of armouring structures, such as seawalls and rock revetments has been the
most common societal response to threats from coastal erosion and shoreline retreat [6,7]. While
plants of coastal dunes and strandlines are well-adapted to harsh physical conditions such as daily
exposure to salt, winds, abrasion by sand and low nutrient availability [8,9], many of these plants
seem unable to cope with the habitat loss and alteration associated with man-made structures, such
as coastal defences. Coastal armouring alters beach and dune environments by directly covering
habitat, constraining landward migration of the shoreline, and reflecting waves, encouraging con-
tinued erosion of the beach and leading to reductions in beach width [6,10,11]. As shown by recent
field studies, as beach width narrows in front of armouring structures, habitat is eliminated from
the upper and mid-intertidal zones resulting in loss of macroinfaunal diversity and ecosystem func-
tion [12–14]. The extent of coastal armouring can constrain the beach and upper shore community
to such a narrow width that strandline plants are no longer able to establish or grow [5,15], result-
ing in upper-shores that are completely devoid of strandline vegetation, hummocks and dunes.

Coastal dune habitats support a valuable and dynamic plant community that can reduce the
vulnerability of inland ecosystems to waves and wind. The relevance of the spatial distribution
of dune vegetation as a major main factor controlling coastal vulnerability to storms has been
recently recognized [16]. By acting as ecosystem engineers, dune vegetation may also influence
the resiliency of coastal environments to climate fluctuations [16]. The spatial distribution of
dune plants between the high tide line and the dune crest is a distinctive and highly dynamic
phenomenon on open coast sandy beaches [17]. The zonation of coastal dune vegetation has
been described for a number of regions worldwide [17–20]. However, there are no studies de-
scribing the responses of coastal dune vegetation to the combined effects of a major natural dis-
turbance and coastal squeeze by armouring structures.

Catastrophic large-scale natural disturbances, such as earthquakes, tsunamis, volcanic erup-
tions, wildfires, hurricanes and floods, are key factors shaping natural ecosystems since they
can change the state and the trajectory of an ecosystem [21–23]. Earthquakes, for instance, are
extreme events occurring periodically along the seismically active coasts surrounding the Pacif-
ic Ocean. On 27 February 2010 (hereafter, 27F), a 500-km-long segment of the Nazca-South
American plate boundary fault bordering the Chilean coast between ~ 34 and 38°S ruptured
generating the Maule earthquake [24]. This seismic event reached a moment magnitude (Mw)
of 8.8, resulting in coseismic coastal land-level changes that reached a maximum uplift of 2.0 m
in the Peninsula de Arauco (37.5° S), generating widespread damage and reshaping coastal
landscapes [25–28]. Sandy beach ecosystems were affected by the devastating action of the tsu-
nami associated with this earthquake as well as by the coastal uplift, with dramatic conse-
quences for intertidal biota [13]. Coastal uplift associated with the Maule earthquake caused a
dramatic increase of the total beach width up to 12.5 times in some places [13]. This extreme
disturbance resulted in a significant expansion of the upper and mid-intertidal beach habitats
potentially available for colonization by macrofaunal and plant communities.
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In this study, we quantify the responses of coastal dune vegetation to habitat creation (i.e.
increase in beach width) including the emergence of a new vegetated dune habitat following
coseismic uplift using results obtained from ecological surveys conducted after the Maule
earthquake (February 27, 2010). From 2012 to 2014 we surveyed dune vegetation on the up-
lifted sandy beach located in front of and adjacent to coastal armouring along the coast of Llico
(Peninsula de Arauco, Chile; ca. 37.5° S). The recently emerged upper shore began to be colo-
nized by dune-building plants nearly 21 months after the earthquake (November 2011), and
subsequently a vegetated dune habitat started to take shape. The present study contributes with
a thorough description of the initial development and zonation patterns of the main dune
plant species from a very early stage on the earthquake and tsunami-affected coast of Llico. We
also evaluated the effects of artificial coastal defence structures, and their interactions with an
extreme event on these dune plants communities by comparing the spatial distribution of dune
plants between armoured and unarmoured sites of the same beach.

Materials and Methods

Ethics statement
No specific permits were required for the described intertidal study sites. The sandy beach of
Llico we studied in Chile is unrestricted to public access and use, and is not privately owned or
designated as a protected area (reserve or park). The field study did not involve protected or
endangered species.

Study site and sampling design
This study was conducted at three sites located along the sandy beach of Llico (37°11’38” S, 73°
33’44”W; Fig 1), on the northern coast of the Peninsula de Arauco in south central Chile. Con-
tinental uplift at this location during the Maule earthquake was estimated at around 2.0 ± 0.1
m by using a coralline alga [13], 2.0 ± 0.1 m by using an intertidal mussel [28], and 1.6 ± 0.05
m through GPS measurements at a geodetic benchmark [24]. The study area included two sites
on armoured sections of the beach located on the southern and northern sides of a jetty used
actively by fishermen for storing and launching boats; the site located north of the jetty (yellow
arrow in Fig 1) is in front of a seawall while that located south is in front of a rocky revetment
(Figs 1 and 2). The third study site was an unarmoured section of the beach located nearly 350
m north of the armoured sites (Figs 1 and 2). The three sites supported human activities and
were subjected to frequent visitors, likely interfering with natural coastal vegetation dynamics
(Figs 1 and 2). Although the degree of human interference appeared to be higher for the
armoured sites than for the unarmoured site, no dune plants were observed on the upper shore
levels of the three study sites in the year prior to the 2010 earthquake event (Figs 1 and 2).

Colonization of the upper shore levels of Llico sites by dune plants started most likely during
November 2011 (~21 months after 27F). Data on dune plant communities was first collected
during February 2012 (two years after the earthquake), followed by eight more sampling dates
in 2012 (April, August and October), 2013 (January, June and November), and 2014 (January
and November). Plant cover was measured on four shore-normal 50 cm-wide strip transects at
each study site. The first transect was randomly placed perpendicular to the coast and the next
three transects were spaced 5 m apart along the shore and fixed for the duration of the study.
Transects extended across the entire distribution of vegetation: i.e. from the armoured struc-
ture (or the beginning of the sand) to the seaward limit of the vegetated area (total distance var-
ied depending on the total width of each vegetated area). We estimated the cover of all the
plants using 0.25 m2 (50 x 50 cm) quadrats placed contiguously along each transect. Visual
estimates were made with the aid of 25 small squares (10 x 10 cm each) marked off within the
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Fig 1. Location of the study sites at the beach of Llico, south central Chile. Before (July 2009) and after (December 2011) Maule earthquake (27th

February 2010) pictures of Llico are presented to show approximate locations (red dots) of sandy sites in front of the seawall (Sw) and the rocky revetment
(Rv), as well as that of the unarmoured beach (B). Yellow arrows indicate location of a jetty in relation to low tide level. Note differences in intertidal width
before and after the earthquake.

doi:10.1371/journal.pone.0124334.g001
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quadrat frame, and percent cover of each plant species per quadrat was then calculated. Species
were identified in the field, but when doubt existed, samples were collected to confirm identifi-
cations in the laboratory.

Data analyses
The absolute cover of each plant species was calculated as the area of each species’ cover (m2)
standardized by the total area sampled (m2) (i.e., absolute cover percentage expressed as a deci-
mal number). We also estimated the amount of sandy substrate not occupied by plants.

Changes in width of the vegetated zone, number of plant species, sand cover, absolute total
plant cover, and the absolute cover of the main plant species were analyzed separately through
Generalized Linear Mixed Models (GLMMs) [29] with random slopes. Site (three levels: revet-
ment, seawall, and beach) was considered a fixed factor, time (9 dates) a continuous co-variable,
and random effects were associated with transects as a grouping factor. We assumed the depen-
dent variable to be either Gaussian (width and cover), or Poisson distributed (number of plant

Fig 2. Before/after Maule earthquake (27th February 2010). Pictures of the armoured sites located in front of a seawall and a rocky revetment, and those
of the unarmoured site taken at the beach of Llico at different stages of the study. Note the increasing human activities at the seawall site and the developed
vegetation at the unarmoured site after the earthquake. Repair work on the concrete wall affected the vegetated zone at that site during November 2014.

doi:10.1371/journal.pone.0124334.g002
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species). We built different models considering the interaction of site and time and the random
effects on both, the slope and the intercept (either correlated or not correlated), on the intercept
alone, and finally on the slope alone. The most parsimonious model was selected according
to AIC and through likelihood-ratio tests to formally compare the significance of the models.
GLMMs were fitted by maximum likelihood assuming a Laplace approximation to the likeli-
hood function. Model validity was checked by visual examination of residual plots and by as-
sessment of dispersion statistics [29]. A posteriori contrasts were performed by reassigning the
“Intercept” term sequentially to assess responses of individual levels of factors. All the computa-
tions were performed with the R software [30] and the “lme4” package [31].

The pooled data of the four transects at each site were used to plot kite diagrams (% cover) to
describe zonation of plants over time. One-way analysis of similarity (ANOSIM) [31] on the
basis of Bray-Curtis similarity matrices of absolute cover (4th-root transformed) for each plant
species was used to test for differences in plant assemblages among sites over time (February,
April, August, and October 2012, January, June, and November 2013, and January and Novem-
ber 2014). In addition, structure of plant assemblages over time in each site was visualized by
non-metric multidimensional scaling (nMDS, see S1 Fig). A dummy species value of 1 was added
to account for missing values (i.e., zero values in plots with no species present). Species that con-
tributed most to the dissimilarities between sites and over time were identified using SIMPER
analysis (see S1 Table). Multivariate data analyses were performed with PRIMER 6 [33].

Results
Before the Maule earthquake (27 February 2010), the three study sites at Llico did not support
dune or strand vegetation of any kind (Fig 2). Prior to the earthquake, both of the armouring
structures occupied the upper shore levels and interacted directly with waves, even during lower
tides (Fig 2); thus, no supratidal “dry sand” zones were present on these sites. The lack of an
upper habitat at the armoured sites also greatly restricted human activities, including trampling,
sunbathing, or the storage of boats on the upper beach and shoreline (Fig 2). After the coast was
uplifted by 2.0 m, upper beach habitat suitable for these human activities became available at the
armoured sites (Fig 2). In November 2014, part of the new vegetated area of the seawall site dis-
appeared due to construction on the jetty (Fig 2). Prior to the earthquake, the upper shore habi-
tats present on the unarmoured beach site also lacked dune or strand vegetation (Fig 2). Backed
by a well-defined grassy area, this site provided dry sand areas subjected to recreational human
uses. Two years after the first survey, the new upper beach habitat at the unarmoured site
showed a more developed vegetated dune compared to the armoured sites (Fig 2).

Analyses of the species richness in the vegetated zone
Dune plant communities at the three study sites were typically low in species richness (total of
10 species) (see S1 Table). Three of the dune plants observed were native species (Nolana para-
doxa Lindl., Rumex maricola Remy, and Schoenoplectus americanus Pers.), while four were
non-natives (Ambrosia chamissonis (Less.) Greene, Cotula coronopifolia L.,Matricaria chamo-
milla L., and Salsola kali L.). Although with some controversy, the standard flora for Chile gen-
erally considers C. coronopifolia an introduced species [34]. Genus but no species was used for
three plants (Atriplex spp., Distichlis spp. and Hordeum spp.).

Overall, the armoured sites showed the lowest values in species richness (up to six species)
compared to the unarmoured site (up to nine species) (see S1 Table for species contribution,
SIMPER). The number of plant species observed varied significantly among the three sites
(Wald chisquare test: χ2 = 66.01, df = 2; p< 0.001). Thus, the seawall and revetment sites did
not differ in species richness, but both differed significantly from the unarmoured beach site
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(Fig 3a, see Table 1 for pair-wise comparisons). The number of plant species increased signifi-
cantly over time at all three sites (Wald test: χ2 = 18.9, df = 1; p< 0.001, Fig 3b).

Analyses of the plant cover in the vegetated zone
The width of the vegetated zone varied significantly among sites (see Table 1 for pair-wise com-
parisons). In general, the vegetated zone at the unarmoured beach site was significantly wider
than the zones at the armoured sites (Fig 3c), but this pattern was not consistent over time (i.e.,
significant site�time interaction, Wald test: χ2 = 21.5, df = 2; p<0.001). The width of the vege-
tated zone in front of the revetment was significantly greater than in front of the seawall in the
last sampling dates (Fig 3c, Table 1). Also, this width differed significantly between the beach
and revetment sites at the beginning of the surveys, and between the beach and seawall sites for
all the sampling dates (Fig 3c, Table 1).

The amount of bare, unvegetated sand varied significantly among sites, but this pattern was
not consistent over time (i.e. significant site�time interaction, χ2 = 8.5, df = 2; p<0.05). The re-
vetment site showed an increase in the cover of bare sand in the dune zone over time, and the
unarmoured beach site showed a higher proportion of bare sand at the beginning of the surveys
(2012) (Fig 3d, Table 1). The cover of bare sand at the beach also differed significantly from
that of the seawall site over time (Fig 3d, Table 1).

The total cover of dune vegetation was always significantly higher (χ2 = 5.8, df = 2; p<0.05)
at the unarmoured beach compared to the armoured sites (Fig 4a, Table 1). In general, six species

Fig 3. Responses of the plant species and vegetated area to the Maule earthquake. a) Mean (1 + SE,
n = 4 transects) number of species at each site, b) total number of species including all sites, c) mean (1 ± SE,
n = 4 transects) width of the vegetated area at each site, d) absolute sand cover (standardized mean ± SE,
n = 4 transects) of the three study sites over time. The study sites at the beach of Llico are: Sw (in front of a
seawall), Rv (in front of a revetment) and B (unarmoured beach). The sampling times were: February (F),
April (A), August (Au) and October (O) 2012, January (J), June (Ju), and November (N) 2013, and January (J)
and November (N) 2014.

doi:10.1371/journal.pone.0124334.g003
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comprised most of the vegetation cover in all the sites (S1 Table). The cover of three of those spe-
cies, A. chamissonis (χ2 = 5.8, df = 2; p<0.05),M. chamomilla (χ2 = 43.9, df = 2; p<0.001), and R.
maricola (χ2 = 11.1, df = 2; p<0.01) showed significant differences among sites. The cover of A.
chamissonis was significantly greater at the revetment than at the seawall sites, and no significant
differences were found between the revetment and unarmoured sites (Fig 4b, see Table 2 for
pair-wise comparisons). The cover ofM. chamomilla and R.maricola were significantly greater
at the unarmoured than at the armoured sites (Fig 4c–4d, Table 2). Three plants, Atriplex spp.
(χ2 = 7.56; p<0.05), S. americanus (χ2 = 16.2; p<0.001) andHordeum spp. (χ2 = 29.3; p<0.001)
showed significant interactions (i.e. site�time, df = 2 for all tests, Table 2). As a result, the cover of
Atriplex spp. at the unarmoured site was significantly greater than at the revetment site in April
2012 (Fig 5). For Atriplex spp., significant differences were also found between the seawall and
the revetment sites, but this pattern was not consistent over time (Table 2, Fig 5). The cover of

Table 1. Results of GLMMs (model fit by maximum likelihood, Laplace approximation) containing pair-wise contrasts for the main response vari-
ables of the vegetated area at each study site.

Response variable Contrast effects Estimate SE z/t value p

Number of species B-Rv -1.001 0.159 6.054 <0.001

B-Sw -0.983 0.160 -6.154 <0.001

Rv-Sw 0.0184 0.18938 0.923 0.923

Time 0.105 0.024 4.346 <0.001

Transect (random effects): var = 0.002; SD = 0.043

full model: spp~Site+Time+(1|Transect), family = poisson; AIC = 377.5

Vegetated area B-Rv -13.32 -2.182 -6.106 <0.001

(width) B-Sw -8.535 -2.182 -3.912 <0.001

Rv-Sw 4.785 2.182 2.193 <0.05

B*Ti—Rv*Ti 1.2 0.388 3.096 <0.01

B*Ti—Sw*Ti -0.563 0.388 -1.451 0.150

Rv*Ti—Sw*Ti -1.763 0.388 -4.547 <0.001

Transect (random effects): var = 1.25; SD = 1.12

full model: width~Site*Time+(1|Transect), family = gaussian; AIC = 624.97

Sand B-Rv -0.1956 0.0646 -3.028 <0.01

B-Sw -0.0588 0.0825 -0.714 0.512

Rv-Sw 0.1368 0.0664 2.059 <0.05

B*Ti—Rv*Ti 0.0305 0.0113 2.701 <0.01

B*Ti—Sw*Ti -0.0026 0.0139 -0.189 0.858

Rv*Ti—Sw*Ti -0.0331 0.0115 -2.212 0.087

Transect (random effects): var = 0.01; SD = 0.09

full model: sand~Site*Time+(Site*Time|Transect), family = gaussian; AIC = -89.6

Total plant cover B-Rv -0.0179 0.018 -0.998 0.320

B-Sw -0.043 0.018 -2.403 <0.05

Rv-Sw -0.025 0.018 -1.405 0.163

Time 0.003 0.0028 1.228 0.222

Transect (random effects): var = 7.7 10e-4; SD = 0.03

full model: cover~Site+Time+(1|Transect), family = poisson; AIC = 225.34

Models included site (B: unarmoured beach, Rv: revetment and Sw: seawall) as a fixed factor, time (9 dates) as a covariate, and random effects were

associated with transects as a grouping factor. The best fitted full model is indicated per response variable. SE: standard error; var: variance; SD:

standard deviation; AIC: Akaike’s information criterion. z values for models with Poisson error structures, t values for models with Gaussian error

structures. Significant effects appear in bold.

doi:10.1371/journal.pone.0124334.t001
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both S. americanus andHordeum spp. was significantly greater at the unarmoured than at the
armoured sites in the later sampling dates (2014) (Fig 5).

Zonation and composition of dune plant assemblages
Total plant cover was higher at the upper shore levels, especially at the site with the seawall (Fig
6). The most common plant species at the armoured sites were A. chamissonis, Atriplex spp.
and S. kali (S1 Table). The native species R.maricola was recorded at the upper shore of the
seawall site in October 2012 (<10%, on average), and then again in November 2013 (< 1%, Fig
6). N. paradoxa andM. chamomilla were recorded in the last sampling dates at the mid and
upper levels of the seawall and revetment sites (Figs 6 and 7). The sedge, S. americanus, was
found in the mid level of the vegetated zone at the revetment for the first time in November
2013, and again in the next survey in January 2014 (< 10%, Fig 7).

At the unarmoured site, six species (A. chamissonis, Atriplex spp.,M. chamomilla, N. para-
doxa, R.maricola and S. kali) were recorded on all sampling dates (S1 Table). Three species, A.
chamissonis (5–30%), Atriplex spp. (1–13%), and R.maricola (1–6%), extended throughout the
whole vegetated zone over time (Fig 8).M. chamomilla was recorded at the upper-shore levels,
while N. paradoxa and S. kali were observed in the mid-low levels of the vegetated zone (Fig 8).
C. coronopifolia was recorded in August 2012 at the upper levels, and again in November 2014
(~ 1%). The sedge, S. americanus was counted at the mid vegetated zone in the last sampling
dates in 2014 (Fig 8). For grasses, Hordeum sp was recorded at the upper part of the dune in
June 2013 (< 5%) and November 2014 (~ 3%), and Distichlis spp. was recorded in November
2014 (< 5%) (Fig 8).

ANOSIM indicated that the absolute cover of the dune plant assemblages changed signifi-
cantly among the three sites over time (S2 Table), illustrated through the ordination plots and

Fig 4. Absolute cover of a) all plants, b) Ambrosia chamissonis, c)Matricaria chamomilla, and d)
Rumexmaricola. The plots show the standardized mean values (1 + SE, n = 4 transects) at the three study
sites (Sw: seawall, Rv: revetment and B: unarmoured beach).

doi:10.1371/journal.pone.0124334.g004
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Table 2. Results of GLMMs (model fit by maximum likelihood, Laplace approximation) containing pair-wise contrasts for the main plant species
(standardized absolute cover, see Methods) of the vegetated area at each study site.

Response variable Contrast effects Estimate SE t value p

A. chamissonis Be-Rv 0.0210 0.0157 1.34 0.185

Be-Sw -0.0168 0.0157 -1.068 0.288

Rv-Sw -0.0378 0.016 -2.404 <0.05

Time 0.0042 0.003 1.70 0.093

Transect (random effects): var = 5.2e-4, SD = 0.023

full model: Ambrosia~Site+Time+(1|Transect), family = gaussian; AIC = 241.35

M. chamomilla Be-Rv -0.0131 0.0022 -5.853 <0.001

Be-Sw -0.0126 0.0022 -5.623 <0.001

Rv-Sw 0.0005 0.0022 0.231 0.818

Time -0.0002 0.0003 -0.518 0.602

Transect (random effects): var = 7.2e-6, SD = 0.003

full model: Matricaria~Site+Time+(1|Transect), family = gaussian; AIC = -686.2

R. maricola Be-Rv -0.0110 0.0035 -3.12 <0.01

Be-Sw -0.0090 0.0035 -2.55 < 0.01

Rv-Sw 0.0000 0.0006 0 1

Time 0.0004 0.0006 0.741 0.460

Transect (random effects): var = 0, SD = 0

full model: Rumex~Site+Time+(1|Transect), family = gaussian; AIC = -593.44

Atriplex spp. Be-Rv -0.028 0.008 -3.582 <0.001

Be-Sw -0.007 0.0077 -0.904 0.368

Rv-Sw 0.0206 0.0077 2.678 <0.01

Be*Ti—Rv*Ti 0.0037 0.0014 2.72 <0.001

Be*Ti—Sw*Ti 0.0014 0.0014 1.028 0.306

Rv*Ti—Sw*Ti -0.0023217 0.00137 -1.694 0.0933

Transect (random effects): var = 4.7e-6, SD = 0.002

full model: Atriplex~Site*Time+(1|Transect), family = gaussian; AIC = -589.01

S. americanus Be-Rv 0.0129 0.0052 2.496 <0.05

Be-Sw 0.0130 0.0051 2.52 < 0.05

Rv-Sw 0.000 0.005 -0.02 0.982

Be*Ti—Rv*Ti -0.0042771 0.0009 4.65 <0.001

Be*Ti—Sw*Ti -0.0043 0.001 -4.73 <0.001

Rv*Ti—Sw*Ti 0.0001 0.0009 0.076 0.940

Transect (random effects):var = 6.6e-7, SD = 0.001

full model: Scoenoplectus~Site*Time+(1|Transect), family = gaussian; AIC = -676.16

Hordeum spp. Be-Rv 0.0022 0.0013 1.68 0.0968

Be-Sw 0.0022 0.0013 1.68 0.097

Rv-Sw 0.0000 0.001 0 1

Be*Ti—Rv*Ti -0.0008 0.0002 -3.49 <0.001

Be*Ti—Sw*Ti -0.0008 0.0002 -3.49 <0.001

Rv*Ti—Sw*Ti 0.0000 0.0002 0 1

Transect (random effects): var = 0, SD = 0

full model: Hordeum~Site*Time+(1|Transect), family = gaussian; AIC = -976

Models included site (B: unarmoured beach, Rv: revetment and Sw: seawall) as a fixed factor, time (9 dates) as a covariate, and random effects were

associated with transects as a grouping factor. The best fitted full model is indicated per response variable. SE: standard error; var: variance; SD:

standard deviation; AIC: Akaike’s information criterion. Significant effects appear in bold.

doi:10.1371/journal.pone.0124334.t002

Responses of Dune Plant Communities to a Major Earthquake

PLOS ONE | DOI:10.1371/journal.pone.0124334 May 6, 2015 10 / 18

8382



summary (Figs 9 and S1). During the first survey in February 2012 no significant differences
were detected among the 3 sites, but over time significant differences among sites developed
and persisted (Fig 9). Since April 2012 significant differences in the similarity of plant assem-
blages were found between unarmoured and armoured sites (Fig 9). Dune plant assemblages
were similar between the revetment and seawall sites, although significant differences between
these two armoured sites were found in January and November 2013, and then again in No-
vember 2014 (Fig 9, S2 Table).

Fig 5. Absolute cover of Atriplex spp., Schoenoplectus americanus, andHordeum spp. The plots show the standardized mean values (1 ± SE, n = 4
transects) of the three study sites over time (sampling times and study sites as in Fig 3).

doi:10.1371/journal.pone.0124334.g005

Fig 6. Across-shore distribution over time of the dune plant species (plant cover in %). Sandy beach site located in front of the seawall at Llico (scale:
0–50%). Upper-shore levels started at 0 m. The sampling times were: February, April, August, October 2012 January, June, November 2013, and January
2014. Repair work on the concrete wall affected the vegetated zone at this site during November 2014; thus, no sampling was carried out at that month.

doi:10.1371/journal.pone.0124334.g006
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Discussion
On 27 February 2010, the Chilean coast between ~ 34 and 38°S was affected by the Maule
earthquake, resulting in widespread damage and coastal land-level changes largely affecting in-
tertidal landscapes in the region. Our results provided striking new evidence of the rapid colo-
nization of dune plants on one sandy beach after such an extreme event, and the subsequent
development of vegetated dunes in the previously absent high-shore habitats created by the (2
m) coseismic uplift. However, the consequences of interactions between the uplift (which re-
sulted in beach widening), the presence of man-made armouring structures, and the new op-
portunities for tourism and fishing activities provided by the new habitat complicated the
responses of dune plant communities at three sites of Llico beach. We found that plant com-
munity structures associated with the early colonization and zonation of the new vegetated
dune habitat were initially quite similar among the study sites, but that they diverged signifi-
cantly between the armoured and the unarmoured sites over the course of our study.

Before the earthquake, the presence of defence structures in the two armoured sites pre-
vented the development of any upper shore vegetated zones, and also restricted human uses of
the beach such as sunbathing or storing of boats at these sites. Armouring had also eliminated
populations of common high-intertidal wrack-associated macroinvertebrates at these sites [13]
as shown elsewhere [12,35, 36] where armouring structures are a common feature of the littoral
landscape. Prior to this extreme event, the upper shore habitat present on the unarmoured site
was subjected to human uses, such as sunbathing and trampling, which can interfere with the
natural dynamics of dune and strandline vegetation [37,38]. Nonetheless, this site supported

Fig 7. Across-shore distribution (m) over time of the dune plant species (plant cover in %). Sandy beach site located in front of the rocky revetment at
Llico (scale: 0–50%). Upper-shore levels started at 0 m. The sampling times were: February, April, August, October 2012 January, June, November 2013,
and January, November 2014.

doi:10.1371/journal.pone.0124334.g007
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populations of high-intertidal wrack-associated macroinvertebrates before and after the earth-
quake [13].

During the earthquake, continental uplift strongly affected all the study sites, transforming
intertidal habitats at the armoured sites into upper shore “dry sand” habitats, where dune plant
species emerged and thrived within a relatively short period of time. The coastal dune zonation
and temporal patterns of vegetation across the beach sites showed that plants colonized the
newly created habitat in less than two years after which, dunes and hummocks developed
quickly. This result suggests that the lack of plants seaward of armoured sites prior to the earth-
quake was largely due to the constraint of the man-made defences on coastal evolution. Thus,
the post-earthquake creation of a sandy upper shore habitat in front of the coastal defences at
Llico, had a significant and positive effect on dune and strandline vegetation.

Other upper-beach biota, in particular the wrack-associated invertebrates, exhibited positive
post-earthquake uplift responses at the armoured sites at this beach [13]. However, the contrast
in the timing of the appearance of wrack-associated invertebrates (<2 months, [13]) and vegeta-
tion (21 months, this study) in the new sandy habitats created by coseismic uplift on armoured

Fig 8. Across-shore distribution (m) over time of the dune plant species (plant cover in %). Located at the unarmoured sandy beach site at Llico (scale:
0–50%). Upper-shore levels started at 0 m. The sampling times were: February, April, August, October 2012 January, June, November 2013, and January,
November 2014.

doi:10.1371/journal.pone.0124334.g008
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beach is striking. This contrast suggests that while mobile wrack-associated invertebrates per-
sisted and were readily available at the adjacent unarmoured site to colonize the new uplifted
habitats, the lack of a local seed bank may have inhibited the recruitment of plants at all sites.
The size of seed banks in coastal dunes on a barrier island scaled with the frequency of distur-
bance and the time since disturbance, as well as successional state, with poorly developed and
more transient seed banks found in frequently disturbed coastal habitats [39]. Local seed banks

Fig 9. Similarity in the dune plant assemblages among the beach sites over time. Similarity of plant
assemblages (note scale: 40–100%) between a) Revetment—Sewall, b) Revetment—Beach, c) Sewall—
Beach were calculated from the Bray-Curtis similarity matrix (ANOSIM, S2 Table). Sampling times as in Fig 3.
*significant differences (p < 0.05) in the similarity of plant assemblages between sites (Rv vs Sw, Rv vs B,
and Sw vs B) at each time.

doi:10.1371/journal.pone.0124334.g009
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also appeared to be extremely reduced on groomed beaches in southern California, resulting in
negligible recruitment of coastal strand vegetation [40]. In the present study, a combination of
coastal armouring and human uses prior to the 2010 earthquake may have reduced the local
seed bank and delayed recruitment of plants until sufficient seeds were delivered from source
areas via marine processes. In addition, debris left by the tsunami may have also covered some
of the habitat suitable for plant colonization in front of the seawall site until it was removed in
late 2011 (see Fig 2 in [13]).

The coseismic uplift of the coast was a clear opportunity to allow natural processes to cre-
ate vegetated strand and dune communities that could store sand, provide shelter from ero-
sion, enhance biodiversity and become self-sustaining coastal landscape features. This process
began at a similar time at the three study sites, but after a few months it slowed significantly at
the armoured sites. Following the earthquake and the coseismic uplift, the plant community
of the unarmoured beach site showed the highest diversity and plant cover throughout the en-
tire course of our two year study. This coastal evolution included well-developed hummocks
covered by a diverse plant community including upland plants, such asM. chamomilla or S.
americanus at very early stages of succession, and salt tolerant grass species such as Distichlis
spp. These contrasting results for armoured and unarmoured sites may represent and indirect
rather than a direct effect of the armouring, which already existed before the earthquake and
coastal uplift [13]. Man-made artificial defences, such as those as Llico, are built not only to
protect coastal sites from erosion and retreat, but also to facilitate human shoreline uses, such
as fishing and tourism, vital to local economies. Widespread activities, including strolling
[37], mechanical raking [40], vehicle use [41], and the landing and storing of boats (as illus-
trated in our study) can result in habitat disturbances that retard the evolution of coastal dune
vegetation. Following the earthquake these, likely new, disturbances were frequently observed
at the armoured sites of Llico (especially in front of the seawall). Also the level of human activ-
ity may have declined at the unarmoured site after the earthquake due to the availability of
ample new upper dry sand beach habitats for recreational use proximal to the armouring
structures and coastal access point. For this reason, we hypothesize that the result of lower
number of plant species, diversity and plant cover observed at the armoured sites over the
course of the study, as compared to the unarmoured site, was related to the new human uses
of these formerly intertidal sites. Our results and observations suggest that human activities
slowed down the plant colonization and dune development at the armoured sites, as com-
pared to the unarmoured site. Nonetheless, at the three sites, the development of perennial
vegetation trapped wind-blown sand, and generated embryonic dunes that transformed the
uplifted coastal habitats, providing an important ecotone between intertidal and terrestrial
ecosystems in a coastal area that had lacked this fundamental natural transition zone and bar-
rier before the earthquake.

A well-developed and diverse dune plant community acts as an ecosystem engineer that
provides unique ecosystem function and services, including buffering intertidal habitats and
protecting sensitive inland ecosystems from inundation [42]. However, disturbance-induced
shifts in species richness, composition and zonation, as observed at the armoured sites in this
study, could result in reduced sand-holding ability and reduced dune-building capacity to buff-
er and respond to coastal erosion from waves and storms in the future [2,3,16]. Recent major
earthquakes and tsunamis demonstrate the vulnerability of highly populated shorelines to
these large-scale events and the role of natural ecosystems, such as dunes and forests, as buffers
for human infrastructure [42,43]. In the wake of a major natural disaster, our results illustrate
how the development of new coastal dune vegetation, that can serve as a natural barrier against
erosion by ocean forces, can be significantly affected by interactions between coastal armouring
and human activities.

Responses of Dune Plant Communities to a Major Earthquake

PLOS ONE | DOI:10.1371/journal.pone.0124334 May 6, 2015 15 / 18

References1. Brown AC. Biology of sandy beaches. In: Steele JH, Thorpe SA, Turekian KK, editors. Encyclopedia ofOcean Sciences, volume 5. pp. 2496–2504 Academic Press, London; 2001.2. Feagin RA, Sherman DJ, Grant WE. Coastal erosion, global sea-level rise, and the loss of sand duneplant habitats. Front Ecol Environ. 2001; 3(7): 359–364.3. Miller TE, Gornish ES, Buckley HL. Climate and coastal dune vegetation: disturbance, recovery, andsuccession. Plant Ecol. 2009; 206(1): 97–104.4. Long Z, Feagley SR, Peterson CH. Suppressed recovery of plant community composition and biodiver-sity on dredged fill of a hurricane-induced inlet through a barrier island. J Coastal Conserv. 2013; 17:493–501.5. Witmer AD, Roelke DL. Human interference prevents recovery of infaunal beach communities from hur-ricane disturbance. Ocean Coast Manage. 2014; 87: 52–60.6. Nordstrom KF. Beaches and Dunes on Developed Coasts. Cambridge University Press, Cambridge.338 p; 2000.7. Charlier RH, Chaineux MCP, Morcos S. Panorama of the history of coastal protection. J Coastal Res.2005; 21: 79–111.8. Barbour MG, DeJong TM. Response of West Coast beach taxa to salt spray, seawater inundation, andsoil salinity. B Torrey Bot Club. 1977; 104 (1): 29–34.9. Wilson JB, Sykes MT. Is zonation on coastal sand dunes determined primarily by sand burial or saltspray? Ecol Lett. 1999; 2:233–236.10. Hall MJ, Pilkey OH. Effects of hard stabilization on dry beach widths for New Jersey. J Coastal Res.1991; 7: 771–785.11. Nordstrom KF. Living with shore protection structures: A review. Estuar Coast Shelf S. 2014; 150 (A):11–23.12. Dugan JE, Hubbard DM, Rodil IF, Revell DL, Schroeter S. Ecological effects of coastal armoring onsandy beaches. Mar Ecol. 2008; 29: 160–170.13. Jaramillo E, Dugan JE, Hubbard DM, Melnick D, Manzano M, Duarte C, et al. Ecological Implications ofExtreme Events: Footprints of the 2010 Earthquake along the Chilean Coast. PLOS ONE. 2012; 7(5):e35348. doi: 10.1371/journal.pone.0035348 PMID: 2256710114. Dugan JE, Airoldi L, Chapman MG, Walker S, Schlacher TA. Estuarine and Coastal Structures:Environmental Effects, A Focus on Shore and Nearshore Structures. In: Wolanski E and McLuskyDS (eds.) Treatise on Estuarine and Coastal Science Vol. 8, pp. 17–41. Waltham: AcademicPress; 2011.15. Dugan JE, Hubbard DM. Ecological responses to coastal armoring on exposed sandy beaches. ShoreBeach. 2006; 74(1): 10–16.16. Durán O, Moore LJ. Vegetation controls on the maximum size of coastal dunes. P Natl Acad Sci USA.2013; 110 (43):17217–17222. doi: 10.1073/pnas.1307580110 PMID: 2410148117. Doing H. Coastal fore-dune zonation and succession in various parts of the world. Vegetatio. 1985; 61,65–75.18. Sykes MT, Wilson JB. Vegetation of a coastal sand dune system in southern New Zealand. J Veg Sci.1991; 2:531–538.19. Moreno-Casasola P. Patterns of plant species distribution on coastal dunes along the Gulf of Mexico. JBiogeogr. 1995; 15: 787–806.20. Frederiksen L, Kollman J, Vestergaard P, Brunn HH. A multivariate approach to plant commu-nity distribution in the coastal dune zonation of NW Denmark. Phytocoenologia. 2006; 36 (3):321–342.21. Lindenmayer DB, Likens GE, Franklin JF. Rapid responses to facilitate ecological discoveries frommajor disturbances. Front Ecol Environ. 2010; 8: 527–532.22. Turner M. Disturbance and landscape dynamics in a changing world. Ecology. 2010; 91: 2833–2849.PMID: 2105854523. Thilenius JF. Woody plant succession on earthquake-uplifted coastal wetlands of the Copper RiverDelta, Alaska. Forest Ecol Manag. 1990; 33– 34: 439–462.24. Moreno M, Melnick D, Rosenau M, Baez J, Klotz J, Oncken O, et al. Toward understandingtectonic control on the Mw 8.8 2010 Maule Chile earthquake. Earth Planet Sci Lett. 2012;305:413–424.25. Castilla JC, Manríquez PH, Camaño A. Effects of rocky shore coseismic uplift and the 2010 Chileanmega-earthquake on intertidal biomarker species. Mar Ecol Prog Ser. 2010; 418: 17–23.

Responses of Dune Plant Communities to a Major Earthquake

PLOSONE | DOI:10.1371/journal.pone.0124334 May 6, 2015 17 / 18

Patterns of colonization and zonation by dune plants on the uplifted upper shore at other
sites along the coast affected by the Maule earthquake were broadly similar to those we ob-
served at Llico. However, as shown in our results from Llico, it is difficult to generalize these re-
sponses across sites, even at a single beach location, due to the variety of human uses and
intensities. Nonetheless our study illustrates how natural experiments can be useful tools to un-
derstand the consequences of unpredictable large disturbance events on coastal ecosystems
[5,13,43]. Our findings have important implications for coastal management and emphasize
the need to understand the ecological responses to major natural events on coastal ecosystems,
and their interactions with human interventions and activities [2,5,13,44,45]. This is not trivial,
since the use of coastal armouring is expected to increase in the near future given the likelihood
of sea-level rise and continued erosion of the majority of the world’s coastlines [2,11,12,36], the
cyclical occurrence of catastrophic events [46–48], and the exponential growth of human pop-
ulations in coastal areas [49]. Our study represents a unique example of the need to develop
strategies and coastal management approaches that effectively integrate effects of natural and
human induced disturbances while promoting the development of dynamic strand and dune
vegetation to provide benefits for both society and conservation in vulnerable
coastal ecosystems.
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S1 Fig. Graphic results of non-metric multidimensional scaling (nMDS) analyses. Plots
showing differences in dune plant species assemblages (normalized absolute cover) among the
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Figura 0     Campaña de terreno. Playa de Lebu 2010. Foto: Alejandro Sotomayor
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RESUMEN

respuesta a la erosión costera y retroceso de la línea de costa. Resultados de estudios de terreno realizados durante Enero de 
2010 en playas arenosas de la Región del Bíobío y Maule (centro sur de Chile), muestran que las abundancias poblacionales 
de la macrofauna intermareal son más bajas en aquellos sitios ubicados frente a murallas que interactúan directamente 
con el oleaje durante marea alta, que en sitios ubicados frente a murallas que no muestran tal interacción, o en áreas de la 
playa carentes de este tipo de defensas. Estudios realizados a partir de Marzo de 2010, muestran que el ancho de la zona 
intermareal de las playas arenosas ubicadas en la Península de Arauco y alrededores, aumentó debido al levantamiento 
continental (ca. 2-2,5 m) producto del terremoto del 27 de Febrero de 2010. Esto originó interacciones no esperadas con las 
defensas costeras, incluyendo i) creación de nuevo hábitat en el intermareal superior de la cara oceánica de las murallas, 
seguido de recolonización rápida de la fauna móvil de los niveles superiores y medios del intermareal y que previamente 
estaba ausente, y ii) pérdida de especies de los niveles inferiores debido al levantamiento del sustrato rocoso previamente 

costero devastado por el terremoto y tsunami del 27 de Febrero de 2010. 

Palabras clave: playas arenosas, defensas costeras, costa del Bíobío y Maule, terremotos

ABSTRACT

Human impacts on sandy beach ecosystems include the construction of coastal defences in response to coastal erosion and 
retreating coastlines. Field studies carried out in January 2010 along sandy coastal beaches of the Bíobío and Maule regions 
(south central Chile), indicated lower populations of intertidal macrofauna at sites located in front of sea walls with direct wave 
interaction during high tide, compared with those found at sites with sea wall defences but without any wave interaction, or at 
sites without any intervention. Studies carried out since March 2010 show that the width of the intertidal zone of sandy bea-
ches on the Arauco peninsula (ca. 36ºS) and nearby areas increased due to continental uplift (ca. 2-2.5m) as a result of the 
earthquake of February 27th, 2010. This resulted in unexpected interactions with sea defences including i) the creation of new 
upper intertidal habitat seaward of seawalls, followed by rapid recolonisation of hitherto absent mobile upper and mid shore 
fauna, and ii) the loss of lower shore species due to uplift of the previously submerged rocky substrate. It is suggested that 
outcomes such as these should be taken into consideration during planning of the reconstruction of the coastal zone devasta-
ted by the earthquake and tsunami of February 27th 2010.

Keywords: sandy beaches, coastal defences, coast of Bíobío and Maule, earthquakes

DEFENSAS COSTERAS EN PLAYAS ARENOSAS DE LA 
REGION DEL BIOBIO Y MAULE: 

¿QUE PODEMOS APRENDER DE SU INTERACCIÓN CON EL TERREMOTO DEL 27 

DE FEBRERO DE 2010?
1

Eduardo Jaramillo Lopetegui2

Secuencia: Eduardo Jaramillo trabajando junto a su equipo en la playa Las Peñas, Arauco 12 de Marzo de 2010.
Fotos: Felipe Dreves Keim  

COASTAL DEFENSES ON SANDY BEACHES IN THE BIOBIO AND MAULE REGIONS: 
WHAT CAN WE LEARN FROM THEIR EFFECT IN THE EARTHQUAKE OF 27TH FEBRUARY, 2010?1

[1]   Este artículo está basado en resultados del Proyecto FONDECYT 
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Figura 1 Campaña de terreno. Playa de Lebu 2010. Foto: Alejandro Sotomayor.
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INTRODUCCION

Las zonas costeras alrededor del mundo están 
representadas primariamente por playas arenosas, las 
cuales representan cerca del 75% de la costa mundial libre 
de hielos (Brown 2001). Debido a que la mayoría de esas 
playas son afectadas estacionalmente o puntualmente 
por eventos erosivos, el continuo incremento del nivel del 
mar como resultado del cambio climático global, ejercerá 
en el futuro cercano presiones aún mayores sobre estos 
hábitat costeros, lo que resultará en deterioramiento 
del hábitat y retroceso de la línea de costa (Nordstrom 
2000; Slott et al. 2006). Esto no es trivial, debido al valor 
ambiental de las playas de arena, incluyendo capacidad 

de agua y circulación de materia orgánica y provisión de 
hábitat para diferentes especies de invertebrados y aves 

y debido al constante movimiento del sustrato, las playas 
arenosas son considerados como los ecosistemas costeros 
más dinámicos del mundo. Por lo tanto, cualquier actividad 
alóctona, tal como impactos antropogénicos directos sobre 
las mismas, crea una presión adicional sobre la dinámica 
natural de este importante hábitat costero. 

El impacto humano sobre las playas arenosas incluye 
entre otros, la construcción de defensas costeras como 
una respuesta a la erosión y retroceso de la línea de 
costa, una respuesta societaria que ha ocurrido por siglos 
(Nordstrom 2000; Charlier et al. 2005). La erosión de arena 
en áreas cercanas o en la base de defensas costeras como 
murallas y revestimientos rocosos, es el principal efecto de 
estas estructuras, lo que resulta en el hundimiento de la 
playa en la base de las mismas (e.g. Krauss & McDougal 
1996; Griggs 2005 a,b). La presencia de tales defensas 
produce también un aumento en la frecuencia con que 
las olas interactúan con la línea de costa. Por lo tanto, el 

energía de las olas como ocurre en playas carentes de 
tales estructuras) y la disminución del ancho de la zona 
de rompiente de las olas durante períodos de tormenta, 
resulta en una reducción de la zona intermareal, un hábitat 
ocupado por una fauna de invertebrados abundante y 
diversa (ver por ejemplo McLachlan & Jaramillo 1995 
y Jaramillo 2001). Más aún y debido a que la instalación 
creciente de defensas costeras probablemente continuará 
en un mundo afectado por el aumento del nivel del mar, es 
razonable asumir que los impactos de estas estructuras 

el uso de defensas costeras aumentó alrededor de un 400% 
entre 1971 y 1992 en California (Griggs 1998). Asumiendo 
un aumento promedio del nivel del mar de 15 a 95 cm para 
el año 2100 o bajo 30 cm para el 2025 (IPCC 2001 a,b,c), 
Brown & McLachlan (2002) han predicho que el patrón 
mundial de erosión de las playas arenosas aumentará de 
modo inevitable, con una posibilidad bastante probable que 
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las playas más angostas desaparecerán completamente, 
mientras que las más anchas pero sin sistemas de dunas 
en su parte continental, verán restringidos sus anchos 
intermareales, especialmente si se instalan en ellas 

costero urbano. Considerando que cerca del 70% de las 
playas arenosas del mundo están en proceso de erosión, 
que 20-30% son estables y que un 10% o menos están en 
proceso de acreción (Bird 2000), la erosión de las playas 
arenosas, aumentada por parte del desarrollo urbano 
costero y la recesión continental debido al cambio climático 
global, es un elemento clave para la integridad de estos 
ecosistemas costeros en el futuro cercano (cf. Slott et al. 
2006). 

Aún cuando el desarrollo de los asentamientos humanos 
y las defensas costeras ha ocurrido por siglos (Nordstrom 
2000; Charlier et al. 2005), las consecuencias ambientales 
de las mismas sobre los ecosistemas de playas arenosas 
son escasamente conocidas alrededor del mundo. Las 
playas de arena son el hábitat de invertebrados marinos que 
viven bajo el nivel de la marea alta (pequeños crustáceos, 
gusanos marinos y moluscos, entre los más comunes) 
y de otros que viven sobre ese nivel (principalmente 
insectos) (Brown & McLachlan 1990). La mayoría de 
estos organismos son formas únicas que no ocurren en 
otro hábitat costero. Como mencionado anteriormente, la 
alteración humana de la costa está entre los factores más 
importantes de la erosión de las playas arenosas (de Ruyck 
et al. 1997), lo que afecta no solo las abundancias de los 
organismos que habitan en la mismas, sino también su 
estabilidad ambiental y calidad escénica (Edney & Jordan-
Edney 1974; De Ruyck et al. 1997). Lo último no es trivial, ya 
que las demandas por recreación en ambientes naturales 
y el desarrollo económico, son fuentes potenciales de 

hábitat costero. Como se ha argumentado más arriba, 
cualquiera perturbación humana que pueda afectar la 
dinámica natural de las playas arenosas (tales como 
cambios en erosión de la arena), puede resultar en efectos 
que se transmitan a las características físicas de este 
hábitat litoral y a los invertebrados que ahí habitan, lo que 
en ecología se denomina efectos en cascada. 

Lo argumentado anteriormente constituye el marco 
ambiental sobre el cual se sustenta el Proyecto FONDECYT 
“Efectos en cascada del desarrollo costero sobre los 
ecosistemas de playas arenosas: evaluando generalidades 
a través de comparaciones inter hemisféricas”, iniciado 
durante el año 2009 y que busca analizar eventuales 

estructura física y biológica de las playas arenosas. En 
este estudio se presentan los resultados de campañas 
de terreno realizadas durante Enero de 2010 en playas 
arenosas de la Región del Bíobío y Maule (Figura 0 y 1), 
donde las murallas de concreto son una característica 
común del paisaje litoral. Se evalúa también la interacción 
de la presencia de esas murallas con los efectos del 

terremoto del 27 de Febrero del año 2010, entregándose 
comentarios acerca de las eventuales consecuencias 
que pueden derivarse de la instalación de murallas en 
la costa afectada por este terremoto o en otra área de la 
costa Chilena. Esto último no es trivial, ya que Chile se 
ubica en el límite convergente que ocurre entre las placas 
tectónicas de Nazca y Sudamérica. Esta es, una de las 
áreas sísmicas más activas del mundo (Farías et al. 2010), 
ya que a lo largo del margen Chileno, la convergencia de 
ambas placas es de 66-68 mm/yr (Barrientos 1988, Plafker 
& Savage 1970), lo que cada 100-150 años resulta en 
grandes terremotos magnitudes momento >8 Mw (Lomnitz 

áreas costeras y continentales (Plafker & Savage 1970, 
Farías et al. 2010).

METODOLOGIAS

Durante Enero de 2010, se muestreó en diez playas 
arenosas de la costa de las Regiones del Bíobío y Maule 
(Figura 2). Los sitios de muestreo se ubicaron en playas que 
tuvieran murallas, ya sea interactuando o no con el oleaje 
durante marea alta y en período de buen tiempo. Siete de 
las playas estudiadas tenían murallas que interactuaban 
directamente con el oleaje durante ese período mareal 
(Boyeruca, Pelluhue, Maule, Playa Blanca, Colcura, Llico y 
Punta Lavapie), a la vez que cuatro de ellas tenían murallas 
que no interactuaban con el oleaje durante marea alta 
(Iloca, Lenga, Playa Blanca y Lebu) (Figura 3 y 4).

Figura 2 Localización de los sitios de muestreo en la costa de 
las Regiones del Bíobío (Lenga, Maule, Playa Blanca, Colcura, 
Punta Lavapie, Llico y Lebu) y del Maule (Boyeruca, Iloca y 
Pelluhue). 
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Figura 3
Maule (6), Playa Blanca (7), Colcura (8), Llico (9), Punta Lavapie (10, 11) y Lebu (9) en la Región del Bíobío. Fotos: Eduardo Jaramillo (1 a 12 
con excepción de 3), Alejandro Sotomayor (3).
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N
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N
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Figura 4 Vistas aéreas (fuente: Google Earth) de las playas arenosas visitadas, con esquemas en planta de las murallas estudiadas. 
Elaboración [AS] Arquitecturas del Sur.
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Figura 5 Esquema de distribución o zonación de la macrofauna de crustáceos que ocurre en la zona intermareal de playas 

espejo de agua y el nivel de marea baja (MB). Los crustáceos son el anfípodo Orchestoidea tuberculata (“pulga de mar”) 
que ocurre alrededor de MA o parte superior de la zona intermareal, los isópodos Excirolana braziliensis y Excirolana 
hirsuticauda entre MA y LE o parte media del intermareal y el anomuro Emerita analoga (“chanchito de mar”) entre LE y 
niveles inmediatamente inferiores a MB o parte inferior del intermareal. 
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sEn nueve de las diez playas muestreadas existen áreas 
carentes de murallas (la playa de Punta Lavapie tiene 
muralla en toda su extensión). Lo anterior indica que en 
Playa Blanca se muestrearon las tres condiciones (muralla 
interactuando, muralla no interactuando y sitio carente de 
muralla), a la vez que en Punta Lavapie se muestreo solo 
la condición de muralla interactuando. En cada sitio de 
muestreo se marcaron cuatro transectos separados por 5 
m y extendidos entre el nivel superior de la playa o nivel de 
la última marea alta y el nivel de la marea baja, tanto en 
áreas ubicadas frente a murallas como en áreas carentes 
de las mismas. En cada transecto se muestreó en las tres 
zonas faunísticas que ocurren a lo ancho del intermareal 
de las playas arenosas de Chile y que están caracterizadas 
por la presencia mayoritaria de crustáceos, invertebrados 
marinos cuyo cuerpo está protegido por una caparazón 
(Jaramillo 2001, McLachlan & Jaramillo 1995). 

Estas son: 

i) zona superior; ocupada primariamente por anfípodos o 
“pulgas de mar” (Orchestoidea tuberculata) y generalmente 
extendida entre las dunas o cortes naturales posteriores 
de la playa y el nivel de la marea alta, ii) zona media; 
ocupada por isópodos (Excirolana braziliensis y Excirolana 
hirsuticauda) y extendida entre el nivel de marea alta y la 

iii) zona inferior; ocupada primariamente por anomuros o 
“chanchitos de mar” (Emerita analoga) y extendida entre 

(Figura 5). 

Se recolectaron cinco muestras a intervalos regulares 
en cada una de las zonas faunísticas mencionadas 
anteriormente. Para ello se utilizó un cilindro metálico de 10 
cm de diámetro enterrado a una profundidad de 30 cm en el 
sustrato. Las cinco muestras recolectadas en cada zona se 

de 1000 micrones. Los organismos retenidos en la malla 
se conservaron en agua de mar - formalina (10%) hasta 
posterior análisis en el laboratorio. Los procedimientos de 
muestreo y recolección de organismos arriba mencionados 
se repitieron en la playa de Punta Lavapie y Lebu durante 
los meses de Marzo, Julio y Septiembre del año 2010.  

RESULTADOS

Los resultados de los estudios llevados a cabo durante Enero 
de 2010, muestran que las abundancias poblacionales 
de los crustáceos Orchestoidea tuberculata, Excirolana 
braziliensis y Emerita analoga, fueron más bajas en 
aquellos sitios ubicados frente a murallas que interactúan 
directamente con el oleaje durante marea alta, que en sitios 
ubicados frente a murallas que no muestran tal interacción 

Figura 7 Valores promedio de las abundancias poblacionales 
de las especies más comunes (crustáceos) de la macrofauna, en 
sitios de la playa frente a murallas que interactúan y no interactúan 
con el oleaje durante marea alta (MI y MNI, respectivamente) y en 
sitios de la playa sin murallas (PSM). Las especies son el anfípodo 
Orchestoidea tuberculata (“pulga de mar”), los isópodos Excirolana 
braziliensis y Excirolana hirsuticauda y el anomuro Emerita analoga 
(“chanchito de mar”). Líneas horizontales unen promedios que no 

de varianza de una vía y test a posteriori Tukey).
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o en áreas de la playa carentes de estas defensas costeras 
(Figura 7). Esta situación fue especialmente evidente en 
el anfípodo Orchestoidea tuberculata; su abundancia 
promedio en los sitios ubicados frente a murallas que 
interactúan directamente con el oleaje durante marea alta 

frente a murallas que no interactúan y en sitios carentes de 
murallas (68,4 y 82,8 ind m2 respectivamente) (Figura 7). 
Similarmente, la abundancia promedio de Emerita analoga 
en los sitios ubicados frente a murallas que interactúan fue 

frente a murallas que no interactúan directamente con el 
oleaje (2301,4 ind m2). Por el contrario, las abundancias 
promedio de Excirolana hirsuticauda en los sitios ubicados 
frente a murallas que interactúan directamente con el 
oleaje y en sitios de las playas sin murallas, fueron similares 
(67,3 y 91,3 ind m2, respectivamente) e inferiores (aún 

estimado para los sitios ubicados frente a murallas que no 
interactúan (204,2 ind m2) (Figura 7). 

Comparaciones realizadas con datos obtenidos durante 
Marzo de 2010 en los mismos sitios estudiados durante 
Enero y Febrero de 2010, muestran que el ancho de la 
zona intermareal de las playas arenosas ubicadas en la 
Península de Arauco y alrededores aumentó debido al 
levantamiento continental en el área (ca. 2-2,5 m). Esto 
es particularmente evidente en la playa arenosa ubicada 
frente a la muralla de Punta Lavapie, donde por efecto del 
levantamiento continental, el ancho de la zona intermareal 
de la playa aumentó y la plataforma rocosa que antes 
del terremoto ocurría sumergida, está ahora expuesta 
al aire durante marea baja (Figura 8). Lo anterior trajo 
consecuencias positivas y negativas para la fauna de 
esta playa; antes del terremoto (Enero 2010), la fauna de 
la misma estaba representada solo por Emerita analoga 
(Figura 8); es decir, la presencia de la muralla había 
excluido la fauna de los niveles superiores y medios del 
intermareal. Luego del terremoto esta especie desapareció 
de la playa, probablemente debido a la presencia de la 
plataforma rocosa la cual impide que en marea baja ocurra 

Figura 8 Levantamiento continental frente a la playa de arena de Punta Lavapie. El sustrato rocoso que ahora ocurre expuesto al aire durante 
marea baja, estaba siempre sumergido antes del terremoto del 27 de Febrero del año 2010. El levantamiento de ese sustrato, ha eliminado del 
nivel inferior de la playa de arena la zona de rompiente de las olas, el hábitat típico del “chanchito de mar” Emerita analoga (ver texto). Foto: 
Eduardo Jaramillo.
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una zona de rompiente de las olas (Figura 8), el hábitat 
típico de E. analoga. Esta situación es análoga al efecto 
de las murallas costeras, pero en los niveles inferiores 
de la playa. Por el contrario, el levantamiento continental 
originó nuevo hábitat intermareal, lo que ha resultado 
en la colonización de ese espacio por especies como 
Excirolana hirsuticauda y Excirolana braziliensis, las que 
antes del terremoto habían sido excluídas de la playa 
por la presencia de la muralla (Figura 9). En este caso, 
el levantamiento continental produjo un efecto análogo 
al observado en la zona superior y media del intermareal 
arenoso carente de murallas. En aquellas playas donde 
hubo levantamiento continental como Lebu, pero donde la 
muralla estaba ubicada más arriba del nivel de marea alta 
(es decir, el oleaje no interactuaba con la marea), no se 
observó desaparición de especies, sino solo disminuciones 
poblacionales inmediatamente después de ocurrido el 
terremoto y tsunami del pasado 27 de Febrero de 2010 
(Figura 9). 

CONCLUSIONES

Los resultados de este estudio muestran que la presencia 
de murallas que interactúan con el oleaje durante marea 

poblacionales de la macrofauna de las playas arenosas 
de la costa del Bíobío y del Maule. Esto no es trivial, ya 
que los organismos que forman parte de esta macrofauna 
cumplen un importante rol en el funcionamiento de los 
ecosistemas de playas arenosas, ya sea como reducidores 
de la materia orgánica que es arrojada a las playas por el 
oleaje o como alimento base para peces de importancia 
económica (Orchestoidea tuberculata y Emerita analoga,
respectivamente). Por el contrario, aquellas murallas que 
no interactúan con el oleaje durante marea alta (Figura 
10b), parecen no afectar las abundancias poblacionales de 

de la instalación de defensas costeras como las murallas 
aquí analizadas, debe tener en cuenta el ancho de la 

Figura 9 Variabilidad post terremoto y tsunami del 27 de Febrero del 2010 en el ancho de la zona intermareal de las playas arenosas ubicadas 
frente a las murallas de Punta Lavapie y Lebu y en las abundancias poblacionales de Emerita analoga, Excirolana hirsuticadua, Excirolana 
braziliensis y Orchestoidea tuberculata. E=Enero 2010, M=Marzo 2010, J=Julio 2010, S=Septiembre 2010. Fotos: Eduardo Jaramillo.
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Figura 10 a)
caso la energía de las olas interactúa directamente con la muralla produciendo pérdida de arena en la base de la misma. b) Olas disipándose 
sobre la playa ubicada frente a la muralla de Lebu; en este caso, la energía de las olas no interactúa directamente con la muralla durante marea 
alta con excepción de períodos donde ocurren grandes tormentas o eventos extremos (e.g. tsunami del 27 de Febrero 2010). Fotos: Eduardo 
Jaramillo.
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zona intermareal (o dicho de otro modo, el nivel hasta 
el cual llega la marea alta durante mareas de luna llena 
o luna nueva cuando la variabilidad mareal es mayor), 
con el objetivo de ubicar esas murallas en áreas de 
la playa donde la interacción con el oleaje sea menor y 
donde consecuentemente la erodabilidad del sustrato se 
disminuya al máximo. Debe tomarse en cuenta además, 
la interacción entre defensas costeras y eventos naturales 
extremos como el terremoto del 27 de Febrero de 2010, ya 
que en la costa levantada de la Península de Arauco tal 
levantamiento restauró parte de la zona intermareal la que 
ha sido recolonizada por especies típicas de los niveles 
superiores y medios, las que habían sido excluídas del área 
por la instalación de defensas costeras con anterioridad 
a ese evento. De este modo, puede compatibilizarse el 
desarrollo urbano de la costa y la estabilidad ambiental 
de los ecosistemas arenosos aledaños; situación 
particularmente importante en la reconstrucción del borde 
costero de la costa del Bíobío y Maule, devastada por el 
terremoto y tsunami del 27 de Febrero del año 2010. 
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EL NUCLEO MILENIO CYCLO Y SUS REDES DE COLABORACION ACADEMICA

Daniel Melnick d`Etigny1

Las zonas de subducción han generado los más grandes terremotos del planeta. Los devastadores eventos de Suma-
tra 2004 y Japón 2011 subrayan las limitaciones de nuestro conocimiento respecto al potencial sísmico asociado al 
proceso de subducción. El ciclo sísmico en dichas zonas de subducción es un proceso repetitivo caracterizado por 
la acumulación de energía durante décadas o siglos, producto de la convergencia de placas tectónicas (intersísmi-
co), y su liberación repentina durante un terremoto (cosísmico), al desplazarse la falla interplaca (la que separa a 
las placas). Al menos tres factores limitan nuestro entendimiento del ciclo sísmico: (1) falta de observaciones de 
largo término que permitan cuantificar la acumulación y liberación de energía durante ciclos sísmicos completos; 
(2) desconocimiento de los procesos que controlan el área de la ruptura y así poder predecir la magnitud máxima 
posible; y (3) desconocimiento de la respuesta de la placa continental ante el ciclo sísmico, y su posible realimen-
tación en la acumulación/liberación de energía a lo largo de la falla interplaca.
Las zonas de subducción mejor estudiadas, respecto a su historia sísmica y potencial sismogénico, son Japón y Cas-
cadia. Sin embargo, el modelo de segmentación japonés no pudo pronosticar el terremoto del 2011 y en Cascadia 
aún no han ocurrido eventos que permitan validar los escenarios de amenaza. La zona de subducción chilena ha sido 
menos estudiada, a pesar de ser un excelente laboratorio natural, que incluye tanto grandes terremotos recientes 
(con buen registro instrumental), como al terremoto de mayor magnitud registrado por la sismología moderna (M9.5 
en 1960). Además, las condiciones tectónicas de borde son relativamente simples a lo largo de miles de kilómetros.
Los objetivos del Núcleo Milenio CYCLO son cuantificar procesos de deformación asociados  al ciclo sísmico a lo largo 
del margen continental chileno, para explorar los mecanismos responsables de grandes terremotos y desarrollar 
modelos probabilísticos de amenaza. Sus resultados servirán de base para que las instituciones responsables del 
riesgo puedan reducir las pérdidas causadas por futuros terremotos y tsunamis en las zonas de subducción.
CYCLO obtendrá nuevas observaciones de ciclos sísmicos individuales a través del estudio de la deformación en la 
falla interplaca y en la placa superior. Dichas observaciones serán integradas con modelos geofísicos para proveer una 
definición formal de segmentos sismotectónicos. Esta información es vital para evaluar correctamente la amenaza 
de terremotos y tsunamis a nivel nacional. La incorporación de las observaciones a modelos estadísticos permitirá 
estimar el potencial sísmico de cada segmento mediante un enfoque probabilístico empírico. Considerando que 
en Chile el modelamiento numérico de la física de terremotos se encuentra en sus albores, CYCLO colaborará con 
científicos internacionales de primera categoría para especializar a investigadores jóvenes.
Adicionalmente, se apuntará a mitigar las pérdidas causadas por terremotos y tsunamis mejorando la percepción 
pública mediante el programa “Chile se mueve“, el cual difundirá los resultados y enfoques actualizados para 
desarrollar estrategias de reducción de la amenaza sísmica. En el marco de dicho programa hemos diseñado di-
versas actividades y productos para tener una llegada directa a instituciones, empresas y a la ciudadanía. CYCLO 
se vinculará con el medio externo mediante sus dos productos principales: el modelo formal de segmentación del 
margen Chileno, el cual será utilizado para el modelamiento de tsunamis y su aplicación al SIPAT (UTFSM-SHOA), y 
los modelos probabilísticos de ocurrencia de sismos para diversas magnitudes y en los distintos segmentos. Estos 
resultados serán utilizados por empresas hidroeléctricas, forestales y mineras que ya han demostrado interés en 
implementarlos en sus políticas de mitigación de la amenaza.
CYCLO está integrado por investigadores pertenecientes a tres de las más prestigiosas universidades regionales de 
Chile, las que destacan por su rol social y científico en sus respectivas regiones. Investigadores Adjuntos, Jóvenes,  
Sénior, y Extranjeros además de post-docs y doctorantes, trabajarán interdisciplinariamente y transversalmente con 
 
1 Instituto de Ciencias de la Tierra, Facultad de Ciencias, Universidad Austral de Chile, Valdivia, Chile

los Investigadores Asociados en tres Programas de Trabajo para adquirir observaciones empíricas. Una vez obte-
nidas serán suministradas a un cuarto Programas de Trabajo dedicado a la producción de modelos probabilísticos 
que predecirán la ocurrencia espacial y temporal de terremotos de distintas magnitudes en diferentes segmentos. 
Adicionalmente, las observaciones servirán para ayudar a comprender la física de los terremotos en las zonas de 
subducción y los modelos probabilísticos para evaluar la amenaza causada por sismos y tsunamis en Chile.

ALZAMIENTO COSTERO DE LOS ANDES CENTRALES

Daniel Melnick d`Etigny2

Los movimientos superficiales durante los terremotos más grandes en zonas de subducción comúnmente sumergen 
las costas. Sin embargo, a escalas de tiempo geológicas, las costas que borden las zonas de subducción se elevan. En 
este estudio se realiza un análisis morfométrico combinado con un modelo numérico de evolución del paisaje para 
estimar las tasas de levantamiento costero a lo largo de la Rasa de los Andes Centrales, una superficie costera de 
bajo relieve delimitada por un acantilado formado por la erosión de las olas, expuesta entre los 33 y 16S. La rasa ha 
experimentado levantamiento constante de 0.13 ± 0.04 mm por año a lo largo de un tramo de más de 2.000 km de 
longitud, durante el Cuaternario. Estas tasas de elevación a largo plazo no se correlacionan con mediciones de GPS 
de movimientos inter-sísmicos en la escala decenal, lo que implica que el levantamiento permanente no se acumula 
predominantemente durante el período intersísmico. En cambio, la tasa de levantamiento de la rasa se correla-
ciona con el deslizamiento durante los terremotos que se extienden a ambos lados de la transición entre la placa 
oceánica subductada y la base de la corteza continental, el Moho. Tales terremotos más profundos suelen alcanzar 
una magnitud de 7 a 8, y los que ocurrieron entre 1995 y 2012 causaron decímetros de levantamiento costero. El 
deslizamiento durante estos terremotos se encuentra debajo de la parte acoplada de la interfaz de las placas y, por 
lo tanto, puede traducirse en una deformación permanente de la placa superior, donde provoca el levantamiento 
de la línea costera. Por lo tanto, las partes más bajas del límite de la placa se segmentan de forma estable durante 
cientos a millones de años. Sugiero que la costa marca la expresión superficial de la transición entre el dominio 
sísmico acoplado superficial y el dominio más profundo, condicionalmente estable donde los terremotos modestos 
construyen la topografía costera.

AVANCES EN EL CONOCIMIENTO DEL CICLO SÍSMICO DESPUÉS DEL TERREMOTO 
DE FEBRERO 2010 EN CHIL 

Daniel Melnick d`Etigny3

El terremoto del 27F 2010 no fue un evento único en la historia sísmica de Chile ya que fue precedido por un evento 
similar en 1835 descrito por FitzRoy y Darwin, durante el viaje del Beagle. En 1837, la zona de Chiloé fue afectada 
por un terremoto de magnitud superior a 8 el cual desató un tsunami transpacífico. A su vez, el 27F  fue seguido en  
 
 
2 Instituto de Ciencias de la Tierra, Facultad de Ciencias, Universidad Austral de Chile, Valdivia, Chile
3 Instituto de Ciencias de la Tierra, Facultad de Ciencias, Universidad Austral de Chile, Valdivia, Chile
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Rise of the central Andean coast by earthquakes
straddling the Moho
Daniel Melnick†

Surfacemovements during the largest subduction zone earthquakes commonly drown coastlines. Yet, on geological timescales,
coastlines above subduction zones uplift. Here I use a morphometric analysis combined with a numerical model of landscape
evolution to estimate uplift rates along the central Andean rasa—a low-relief coastal surface bounded by a steep cli� formed
by wave erosion. I find that the rasa has experienced steady uplift of 0.13±0.04mm per year along a stretch of more than
2,000 km in length, during the Quaternary. These long-term uplift rates do not correlate with Global Positioning System (GPS)
measurements of interseismic movements over the decadal scale, which implies that permanent uplift is not predominantly
accumulated during the interseismic period. Instead, the rate of rasa uplift correlates with slip during earthquakes straddling
the crust–mantle transition, the Moho. Such deeper earthquakes with magnitude 7 to 8 that occurred between 1995 and 2012
resulted in decimetres of coastal uplift. Slip during these earthquakes is located below the locked portion of the plate interface,
and therefore may translate into permanent deformation of the overlying plate, where it causes uplift of the coastline. Thus,
lower parts of the plate boundary are stably segmented over hundreds to millions of years. I suggest the coastline marks
the surface expression of the transition between the shallow, locked seismogenic domain and the deeper, conditionally stable
domain where modest earthquakes build up topography.

The pioneering observations of sudden coastal uplift during the
great 1835 Chile earthquake (M> 8.5) led Darwin to relate
seismicity with the rise of mountain belts such as the Andes1.

However, his observations of coseismic uplift were made locally at
islands and on peninsulas closer to the trench than most of the
Andean coastline. Instead, the coastline at average distances from
the trench typically subsides during great earthquakes, even as it
emerges permanently over longer timescales2. This inverse relation
observed at several subduction zones—including Sumatra3, Chile2,4,
Cascadia5 and Japan6–8—remains poorly understood. For example,
the coastline along the 2011 Tohoku (M9.1) earthquake subsided
before and during the event in an area where marine terraces record
permanent uplift for at least ∼125,000 years8.

Different mechanisms operating at a wide range of timescales
have been invoked to explain permanent coastal emergence.
At Hokkaido, ∼1m of uplift, decades after a great earthquake
that drowned the coastline, has been interpreted to result from
postseismic creep along deeper portions of the plate boundary6;
a mechanism not yet observed that could explain uplifted marine
terraces. Alternatively, coastal uplift has been associatedwith upper-
plate deformation9–12 or interseismic strain13–16. Here I discuss these
mechanisms on the basis of new estimates of coastal uplift along the
central Andes and their relation to deformation during and between
plate-boundary earthquakes.

The rise of the central Andes results from subduction of the
Nazca plate belowSouthAmerica associatedwith an erosive tectonic
regime since at least ∼20 million years ago12,13,17–20. Subduction
erosion commonly causes coastline retreat, accompanied by subsi-
dence and extensional faulting across the forearc18. Margin-parallel
extensional faults are indeed ubiquitous along the central Andean
forearc13, inferred to slip during great subduction earthquakes14,21.
However, in contrast to predictions of tectonic erosionmodels18, the
central Andean coast has emerged during the Quaternary in spite

of drowning by recent great earthquakes22,23. Thus, neither subduc-
tion erosion18 nor strain accumulated by many great earthquakes14
explain long-term vertical and horizontal deformation patterns.
Alternatively, coastal uplift has been interpreted as resulting from
underplating of subducted trench sediments10,11 or footwall uplift of
a crustal-scale fault above a kink in the subducting plate9,12,24, both
operating at million-year timescales.

To gain insight on coastal emergence mechanisms, I estimated
uplift rates using the central Andean rasa25 (CAR), a geomorphic
feature ubiquitously exposed along more than 2,000 km of coast
between 15◦–33◦ S, limited by the intersections of the Nazca and
Juan Fernández Ridges with the margin (Fig. 1a). A rasa is a low-
relief coastal surface that dips gently towards the ocean, bounded
landwards by a steep cliff formed by wave abrasion26. Uplift rates
are estimated by combining CAR morphometry with a landscape
evolution model of coastal erosion (Methods and Figs 2 and 3). The
modelled uplift rates are compared with various parameters (Figs 4
and 5) to discuss the underlying mechanisms.

Central Andean rasa morphometry and uplift rates
The CAR is characterized by a ∼2-km-wide smooth plain rising
gently to the foot of a steep cliff (Fig. 1c and Supplementary
Fig. 1). Measurements of first-order morphometric parameters,
including the plain width, elevation of the cliff foot, cliff height,
eroded volume, and shelf slope were made continuously using
104 swath profiles (Fig. 2 and Methods). Along-strike variations in
morphometric parameters are smooth, with wavelengths of several
tens to a hundred kilometres and low gradients (Fig. 1). The
linear relation between CAR width and foot elevation (Fig. 4a),
and similarity in the distributions of all morphometric parameters
(Fig. 2), suggests they are genetically linked and reflect the processes
responsible for relief formation controlled by regional tectonic and
climatic forcing.
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2015 y 2016 por terremotos de magnitudes respectivas de 8.3 y 7.6, ubicados al norte y sur de su zona de ruptura. 
Utilizando evidencias geológicas, datos geodésicos, documentos históricos y cartas náuticas, analizamos el ciclo 
sísmico de los terremotos de 1835-1837 y 2010-2015-2016, para proponer un mecanismo que explica las relacio-
nes causales de dichas secuencias.

CALIBRACIÓN DE LA DISTRIBUCIÓN VERTICAL DEL BIVALVO PERUMYTILUS PURPURATUS PARA 
ESTIMAR LEVANTAMIENTO COSÍSMICO: UN CASO DE ESTUDIO DEL TERREMOTO DEL MAULE 

2010 EN CHILE (MW=8.8)

Daniel Melnick d`Etigny4

El levantamiento costero cósmico se ha cuantificado usando organismos intermareales sésiles después de varios 
grandes terremotos siguiendo las mediciones pioneras de FitzRoy en 1835. Un análisis denso de tales marcadores 
puede complementar datos geodésicos espaciales para obtener una distribución precisa del deslizamiento de fa-
llas y la segmentación de terremotos. Sin embargo, las estimaciones de elevación basadas en diversos organismos 
intermareales tienden a diferir, debido a las pocas metodologías y estudios comparativos. En el presente estudio, 
calibramos y estimamos la elevación costera en el segmento sur del terremoto del Maule, Chile en 2010 (Mw 8.8) 
utilizando > 1100 mediciones de elevación post-terremoto del molusco sésil Perumytilus purpuratus. Este bivalvo 
es el competidor predominante de costas rocosas a lo largo de toda la costa del Pacífico de América del Sur, donde 
forma franjas o cinturones distintivamente en la zona intermareal media. Estos cinturones se centran en el nivel 
medio del mar y su ancho debe ser igual a un tercio del rango de la marea. Nosotros medimos anchos de dichos 
cinturones cercanos a este valor en el 40% de los sitios, pero los anchos generales son muy variables debido a la 
desigualdad en los límites superiores de esos cinturones; los límites inferiores de los mismos son más regulares. 
La desigualdad superior del cinturón aparentemente resulta de salpicadura de olas, mientras que la uniformidad 
de la base del cinturón está controlada por la depredación. De acuerdo con nuestros resultados de mediciones 
realizadas más allá de la zona de ruptura del terremoto, la base del cinturón se encuentra en la parte inferior del 
intermareal medio, y por lo tanto, proponemos estimar el levantamiento costero usando la elevación media de la 
base del cinturón más un sexto del rango de mareas para alcanzar el nivel medio del mar. En general, nuestras es-
timaciones concuerdan con los desplazamientos medidos por GPS geodésico, pero difieren de otros métodos. Las 
comparaciones de las inversiones conjuntas para el deslizamiento de la falla interplaca sugieren la combinación 
de datos  de GPS geodésico e interferometría satelital con los datos con estimaciones de organismos intermareales 
pueden aumentar localmente los detalles de las distribuciones de deslizamiento.

4 Instituto de Ciencias de la Tierra, Facultad de Ciencias, Universidad Austral de Chile, Valdivia, Chile
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The age and elevation of coastal geomorphic features such as
the CAR may be used to estimate uplift rates26,27. However, dating
the CAR has been challenging28; absolute ages from marine fauna
and bedrock exposure cluster below 0.2Myr (75% of 159 ages),
and were mostly collected from peninsulas emerging faster than
the average coastline (Supplementary Fig. 2). The extrapolation

of these ages back to the CAR foot yields an apparent uplift
rate of 0.25–0.3mmyr−1, implying relatively rapid emergence since
∼0.4Myr ago, interpreted as renewedAndean uplift after a period of
quiescence or subsidence28, and associated with the dynamic effects
of a decreasing plate convergence rate20. However, gravel deposits
near the CAR foot have exposure ages of 0.8–0.9Myr, plus an up to
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0.6-Myr-long history of inherited exposure during marine and/or
fluvial reworking and transport29,30, suggesting a maximum uplift
rate of only∼0.2mmyr−1. In fact, at rates below 0.2mmyr−1 marine
terraces will be reoccupied during successive sea-level highstands,
the main process responsible for rasa genesis and reworking of
associated sediments26. Thus, the inferred young onset of uplift
and apparent faster uplift28 may be biased by terrace reoccupation
processes.

To assess the role of terrace reoccupation on estimates of uplift
rates from CAR morphometry, I used a landscape evolution model
to simulate the effect of wave erosion on an uplifting coast under
oscillatory sea level (Methods). Models reproduce the 2–3 kmwidth
and 0.1–0.3 km foot elevation of the CAR (Fig. 2a,b) with slow
protracted uplift at 0.08–0.15mmyr−1 over a period of 3Myr
(Fig. 3a,b). The CAR finally emerges ∼1Myr ago (Fig. 3a and
SupplementaryMovie 1), when sea-level oscillations increased from

0.04 to 0.1Myr cycles. This change in period has been inferred
to control rasa formation globally26. Models using a young onset
of uplift fail to reproduce CAR morphometry, resulting in much
wider rasa plains or two distinct surfaces (Supplementary Fig. 4).
Therefore, slow and steady coastal uplift during the Quaternary
and beyond cannot be discounted. In fact, the nonlinear relation
between uplift rate and foot elevation obtained from the landscape
evolution model for the range of shelf slopes measured along the
CAR (Figs 3c and 4c) implies that foot elevations cannot be directly
converted to uplift rates, as done previously28. The nonlinear relation
results from the continuous reoccupation of abrasion platforms
during slow uplift, coupled to diffusion of the palaeo-cliff, and
dependsmostly on the initial shelf slope (Figs 3c and 4b). Uplift rates
are thus estimated by using the relation between foot elevation and
local shelf slope (Methods). The modelled uplift rates range from
0.01–0.23mmyr−1, with a mean of 0.13±0.04mmyr−1 (±1σ ), and
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are not significantly different from a normal distribution at 95%
confidence (Fig. 3d).

The modelled uplift rates exhibit gradual along-strike gradients
(Fig. 1b), with faster uplift occurring predominantly at sites closer
to the trench, where the plate boundary is shallower, and decrease
smoothly inland (Fig. 4e). Slow uplift is consistent with independent
inferences from river incision31 and sedimentary archives11. The
lowest uplift rates are found at the Arica Bend, increasing gradually
southwards and mimicking elevation changes along the Coastal
Ranges (Fig. 1a). Broad regions (>100-km-wide) where uplift rates
reach 0.15–0.2mmyr−1 occur along distinct peninsulas (Fig. 1b).
The fact that uplift rates are normally distributed and along-
strike variations have long wavelengths and low gradients suggests
similar responsible mechanisms, which are deep-seated processes
that affect entire crust, probably rooted in the plate interface.

Tectonic models for coastal uplift
The high spatial resolution of CAR uplift rates allows testing
previous models of coastal emergence at million-year timescales—
footwall uplift of an inferred crustal-scale fault9,12,24 and
underplating of subducted trench sediments10,11. Uplift rates
increase smoothly southwards along the Great Cliff in northern
Chile, a pattern difficult to explain with an offshore normal fault,
because it would need to extend continuously for ∼400 km. Such
long crustal faults have not been yet mapped in the Andes. Actually,
crustal-scale normal faults have neither been observed in seismic-
reflection profiles17,18, nor illuminated by microseismicity16,17, and
mapped faults intersecting the coast have lengths of only tens of
kilometres13. These faults can account for coastal uplift only in

their vicinity, and certainly shape peninsulas4,13, but cannot explain
gradual variations in coastal uplift along the central Andes.

Alternatively, underplating of subducted trench fill as a driving
mechanism for coastal uplift10,11 would require a correlation between
trench sediment thickness and uplift rate, because nomajor barriers
exist along the trench that could focus sediment accretion32. Such
a correlation is not observed (Fig. 4d and Methods). In addition,
seismic profiles revealed a ∼10-km-wide accretionary prism
adjacent to the trench, which could account for frontal accretion of
trench sediments18. Moreover, coastal uplift occurs in regions that
overlie hydrated mantle (Fig. 1a), where subducted sediments are
unlikely to basally accrete owing to its lower strength17,19. Therefore,
neither of the proposed mechanisms operating at million-year
timescales explain regional patterns of Andean coastal uplift.

Land-level changes during, after and between earthquakes
Vertical deformation resulting from plate-boundary slip has been
estimated from dislocation models and discussed using the A–B–C
depth zonation33 (Fig. 5 and Methods). The 2014 Pisagua (M8.2)
earthquake had ∼7m of slip in domains A–B, causing ∼0.3m of
coastal subsidence23. Sub-metric coastal subsidence also occurred
during the 2001 Arequipa (M8.4) and 2010Maule (M8.8) events22,34,
and is probably representative of great Andean earthquakes slipping
mostly domains A–B. In turn, the 1995 Antofagasta (M8) event
ruptured deeper along domains B–C, uplifting the mainland coast
by 0.15–0.2m (ref. 35). Similarly, the 2007 Tocopilla (M7.7)
earthquake, with only ∼1m of slip in domain C (35–50 km depth),
generated 0.25m of coastal uplift16,36, and the 2012 Constitución
(M7.0) earthquake in south-central Chile that also ruptured
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Figure 5 | Comparisons between plate-boundary slip during and between
earthquakes and CAR uplift. a, Correlation between CAR uplift rates with
uplift inferred from a domain-C event (left) and interseismic uplift rates
(right) resulting from locking in the shallower domains A–B (Methods).
Error bars are 1σ and are defined in the Methods section. b, Vertical surface
deformation predicted from dislocation models. c, Crustal structure at
∼22◦ S. Coloured lines indicate portions of the plate boundary used for
dislocation modelling, indicating A–B–C depth domains33. d, Probability
density function (p) of depth from M7-8 earthquakes between 1900 and
2008 from the PAGER-CAT catalogue49, assuming an interplate source
(Methods and Supplementary Fig. 9).

domain C (30-40 km depth) caused 0.15m of coastal uplift37.
Coastal uplift of∼0.03moccurred during the 2005 (M7.7) Tarapaca
intraslab earthquake nucleated at ∼100 km depth38. No significant
postseismic vertical motion followed the Tocopilla earthquake36,
and trajectory models of GPS time series show regional postseismic
coastal subsidence following the Maule and Pisagua earthquakes
(Supplementary Methods and Supplementary Fig. 7). In summary,
the central Andean coast has drowned during and immediately
after great shallow earthquakes, and been uplifted bymodest deeper
events (Fig. 5b).

Both coastal uplift and subsidence occur during interseismic
plate locking15,39,40. At ∼21◦ S, the coast emerges at ∼3mmyr−1,
as suggested by geodesy15 and a back-slip model of full plate
locking down to 35 km depth (Fig. 5b), which corresponds to the
median plate-interface depth below the CAR. However, vertical
interseismic velocities estimated at coastal GPS sites range from
−7 to +5mmyr−1, and are not correlated with CAR uplift
rates (Fig. 4f and Supplementary Fig. 6); this lack of correlation
suggests permanent uplift is not predominantly accumulated during

the interseismic period, as previously inferred14–16. These GPS
velocities were estimated before the Pisagua earthquake, in an area
characterized by high plate locking15,39,40, and therefore should be
considered maximum interseismic rates. Furthermore, dislocation
models of plate locking show an inverse correlation between
interseismic and CAR uplift rates (Methods and Fig. 5a), further
ruling out interseismic contraction as the main mechanism driving
Andean coastal uplift.

Implications for coastal uplift mechanisms
The cumulative vertical displacement during a full subduction–
earthquake cycle has been difficult to estimate because observables
at a centennial timescale are lacking. Here, I assume coastal
uplift during and between recent well-documented earthquakes
to be characteristic. Coastal subsidence of ∼0.3–0.5m caused by
great Andean domain-B earthquakes will probably be recovered
by interseismic uplift at ∼3mmyr−1 in the 111 ± 33 year
recurrence interval estimated for the past four centuries41. The
lack of a correlation between GPS and long-term uplift rates
(Fig. 4f), and inverse correlation with modelled interseismic rates
(Fig. 5a), support the notion that forearc regions are dominated
by ‘yo-yo’ vertical motions3 associated with the accumulation and
release of elastic strain. Over many earthquake cycles, viscoelastic
deformation of the continental and oceanic mantles is also expected
to be balanced out between postseismic relaxation and interseismic
drag42, although the vertical component of this process is not fully
understood42. Thus, permanent uplift of the central Andean coast
is apparently neither accumulated during great shallow earthquakes
nor throughout interseismic locking.

Alternatively, permanent coastal uplift could result from five
possible causes, which we describe in turn: deep creep6; slow-
slip events; intraslab earthquakes; deep afterslip; and domain-C
earthquakes. First, creep at >35 km depth is thought to occur
diffusely over wide (∼102–103 m) portions of the plate boundary, in
contrast to seismic slip that focuses over narrower (∼10−2–100 m)
shear zones43. Diffuse deformation at depths will have a subdued
surface expression because strain will be dissipated over a wide
region; therefore, creep is probably not driving permanent coastal
uplift. Second, slow-slip events have occurred in several subduction
zones, causing maximum coastal uplift of ∼0.05m in Mexico44.
However, slow slip has not been yet detected along the Andes in
over ten years of GPS monitoring, and is therefore probably not
driving permanent coastal uplift. Third, intraslab earthquakes may
cause permanent crustal deformation, as the released energy arises
from dehydration processes within the slab38, not necessarily related
to plate-boundary strain. However, intraslab events occur at a large
depth range (∼50–300 km), and therefore could result in either
coastal uplift or subsidence. Fourth, deep afterslip has been inferred
from coastal uplift following the 2004 Sumatra45 and 2011 Tohoku
earthquakes8. At Tohoku, the magnitude of pre- and coseismic
coastal subsidence largely exceeded that of postseismic, afterslip-
driven coastal uplift, suggesting that afterslip is probably not
causing the observed long-term uplift8; whereas at Sumatra regional
long-term uplift has not been documented27. Postseismic coastal
subsidence followed the 2010 Maule and 2014 Pisagua earthquakes
(Supplementary Fig. 7), and the 2005 Nias (M8.7) event, modelled
as shallow afterslip46. Therefore, deep afterslip is apparently not a
major driver of permanent coastal uplift. Fifth, the rupture zone
of domain-C earthquakes is thought to consist of a patchwork
of conditionally stable (that is, seismogenic) and stable (aseismic
sliding) zones, straddling the continental Moho33 (Fig. 5c). Uplift
caused by the Tocopilla domain-C earthquake decreased smoothly
inland16,36 as the plate interface deepens (Fig. 5b), mimicking the
apparent negative relation between slab depth and CAR uplift rates
(Fig. 4e). Models of interseismic locking image a sharp decrease
from high locking to aseismic slip below the coastline at ∼35 km
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depth, where the continental Moho meets the slab (Fig. 5b), and
only limited coupling locally at greater depths15,40. Apparently, plate
convergence at domain-C depths is partly accounted for by aseismic
slip and partly by deep M7-8 earthquakes. The source of energy
released by domain-C earthquakes is not well understood, and may
be linked to the pull exerted by the larger earthquakes occurring
in the shallower domain B, attenuated by the weaker hydrated
continental mantle. Because the domain C is below full interseismic
locking, the associated deformation may accumulate permanently
in the crust, causing coastal uplift. Bounded domain-C deformation
may be viewed as anelastic, brittle deformation that taps updip
on the shallower elastic reservoir in domain B, where strain is
accumulated by full interseismic locking. Slip that propagates from
a locked zone into a neighbouring uncoupled, conditional-slip
zone has a strong theoretical basis47, and has been inferred from
palaeoseismic and historical observations48.

Interestingly, most M7-8 earthquakes between 1900 and 2008
in the CAR region49 occurred at median depths of 35 km from
catalogue locations, or 43 km assuming an interplate source and
projecting their epicentres to the plate interface (Fig. 5d and Supple-
mentary Fig. 8). Slip distributions of 11 such events corroborate their
domain-C source50. In northern Chile, domain-C events are com-
mon, as suggested by their occurrence on average every 60 km of
coast during the past century (Supplementary Fig. 8), although their
cumulative uplift rate accounts for only ∼20–50% of the long-term
CAR uplift rate (Supplementary Fig. 9 and Supplementary Meth-
ods). Anyway, if the measured 0.15–0.25m of coastal uplift pro-
duced by three recent domain-C earthquakes were permanent, one
event every 1,000–2,500 years affecting 20–60 km of coast would be
sufficient to account for the CAR uplift rate at 0.13±0.04mmyr−1.
The reach of domain-C events is illustrated by the >100-km-long
stretch of coast uplifted by theM7.7Tocopilla earthquake16,36. There-
fore, if these well-documented events are characteristic of Andean
domain-C ruptures, their cumulative effect is a viable mechanism to
explain long-term coastal uplift; this inference is also supported by
the positive correlation between simulated domain-C earthquakes
and CAR uplift (Fig. 5a). The along-strike variability in uplift rates
(Fig. 1a) predominantly results from changes in the geometry of the
plate interface (Fig. 4e), and only very locally from crustal faults.

This study suggests that the build up of topography along the
central Andean coast ismostly associatedwith cumulative coseismic
uplift produced by modest earthquakes slipping below the Moho,
deeper than great tsunamigenic events. Such modest earthquakes
are common in subduction zones33,49, and may therefore constitute
a mechanism to explain the slow emergence of the adjacent
coastlines27. These findings support stable downdip seismotectonic
segmentation of the plate boundary, probably associated with
changes in mechanical properties between shallower seismogenic
and deeper conditionally stable domains33, which occur below
the coastline. The link proposed here suggests that downdip
segmentation may persist over hundreds to millions of years, with
implications on inferring seismogenic behaviour at depth from
patterns of surface deformation.

Methods
Methods and any associated references are available in the online
version of the paper.
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Methods
Morphometry. The CAR was analysed using 104 swath topographic profiles
oriented perpendicular to the coast with a width of 5 km, extracted from a grid
including the SRTM-1 data set at 30m resolution and bathymetry compiled by the
Hydrologic and Oceanographic Survey of the Chilean Navy (SHOA) at 300m
resolution, merged along the SRTM-WaterBody coastline. Swath profile locations
were chosen at straight sectors of the coast, avoiding river mouths and sharp bends
in the coastline at peninsulas, with a mean spacing of 20 km. The foot and top of
the cliff were picked at every profile, and the width was estimated as the horizontal
distance between the coast and the cliff foot. The 1σ error in foot elevation was
calculated as half the difference between the maximum and mean elevations at the
horizontal position of the foot. Width errors were calculated similarly, but using the
difference in along-profile distance. Probability density functions were calculated
across each swath, and then stacked to visualize the local relief across each profile
(Fig. 1c). The pre-erosion slope of the continental shelf was estimated between the
top of the cliff and the 133m water depth, which corresponds to the deepest
position of sea level during the past 3Myr (ref. 52) plus a wave base depth of 12m.
All the profiles are included in the Supplementary Methods (Supplementary
Fig. 11) and results presented in Google Earth and ESRI Shapefile data files.

Trench fill was compiled from estimates made using seismic-reflection
profiles53. To test the hypothesis of basal underplating driving coastal uplift10,11, the
comparison between CAR uplift rates and trench fill thickness (Fig. 4d) was done
along profiles parallel to the local plate convergence vector to avoid biases
associated with the along-strike change in convergence obliquity. Plate convergence
vectors were estimated at the latitude of each CAR profile using a million-year
timescale Nazca–South America Euler pole54. The depth to the plate interface was
extracted from the Slab1.0 model55.

Landscape evolution model of coastal erosion.Marine terraces are formed by
retreat of the coastal cliff by wave erosion51. They commonly consist of a low-relief
surface abrasion platform, the shoreline angle or cliff foot, which marks the past
position of mean sea level, and a steep cliff at the back. During periods of stationary
sea level, continuous cliff retreat by wave erosion results in widening of the
abrasion platform and an increase in the relief of the cliff. The formulation for the
numerical model used in this study is based on refs 56,57, using the expression for
water-depth dependence of the sea bed erosion rate as a linear function of the rate
of energy dissipation against the sea bed:

dz/dt=β(dE/dt)=β(dE/dt)0 exp(−h/h∗)

where dz/dt is the vertical sea bed erosion rate, dE/dt is the energy dissipation
rate due to bathymetric drag, (dE/dt)0 is the rate of wave energy dissipation in very
shallow water, h is water depth to the local sea floor, h∗ is the water depth at which
the dissipation rate is 1/e of that in very shallow water. The wave base, hwb, is the
depth at which dissipation rate is essentially zero, and is set as h∗

=hwb/4.
Connecting this to wave climate, the dissipation scale h∗ is of the order of the
wavelength. β is an efficiency factor relating energy dissipation rate to erosion rate.
For the simplest case of a planar shelf of slope θ , which the analysis of swath
profiles (Fig. 1c and Supplementary Fig. 11) suggests is a valid assumption to make,
�E, the energy available in the wavefield to drive cliff retreat is estimated as:

�E=(dE/dt)04hwb/V sin(θ)

where V is the component of wavespeed normal to the coast. The rate of cliff
retreat into the landmass, dx/dt , is assumed to be linearly proportional to the wave
energy remaining at the instantaneous shoreline:

(dx/dt)cliff =βcliffEcliff

where Ecliff =E0 −�E, and E0 is the wave energy in the farfield. The model input
parameters are: the slope of the shelf (assumed to be planar), the rate of rock uplift
(assumed homogeneous along the profile), the initial rate of cliff retreat (the rate
evolves as relief is formed by sea bed erosion and sea-level changes), the diffusion
coefficient for the exposed cliff (adapted from estimates in semiarid

environments58), and a sea-level history52. Values used for the preferred model
(Fig. 3a) can be found in Supplementary Table 1 and a sensitivity analysis to the
input parameters in Supplementary Fig. 3 and to changes in uplift rate through
time in Supplementary Fig. 4. The evolution of erosion rate as the shelf bathymetry
changes throughout the model is shown in Supplementary Fig. 5.

Model results summarized in Fig. 3b show that the relation between uplift rate
and elevation of the cliff foot is not linear, and is strongly dependent on the initial
shelf slope. Thus, to estimate the uplift rate, the modelled curve relating foot
elevation to uplift rate (Fig. 3c) for the shelf slope of each profile is used. A normal
distribution is generated using as input parameters the foot elevation and its
1σ error, and is intersected with the uplift rate–foot elevation modelled curve to
estimate a probability distribution function of modelled uplift rates. All
distributions are included, together with the bathymetric–topographic profiles, in
Supplementary Fig. 11.

Vertical displacement associated with plate-boundary slip. To estimate coastal
land-level changes resulting from plate-boundary slip during and between
earthquakes, dislocation models of slip resulting from a buried fault in an elastic
half-space were calculated using Okada’s model59. Geometries based on
geophysical data were adopted for the plate interface55 and continental Moho17,60.
Mean slip values inferred from geodetic and seismologic data, as well as the up-
and downdip limits of the ruptures, were used as input parameters for recent
earthquakes that ruptured different depth segments of the plate boundary in north
Chile (1995 Antofagasta35, 2007 Tocopilla61, 2014 Pisagua23). Interseismic uplift
rates in Fig. 5a were estimated by back-slip modelling at the full plate convergence
rate (66mmyr−1), assuming a homogeneous locked zone down to 35 km depth, as
suggested by modelling of geodetic data15,40. The dip and strike of the plate
interface were extracted at each CAR site and used as input for the dislocation
models in Fig. 5a. Coseismic models use a unit slip of 1m, which is assumed to be
characteristic of domain-C earthquakes (from the 2007 Tocopilla event) extending
from the Moho–Slab intersection down to a depth of 55 km—except at the Arica
Bend, where slip reaches 60 km to account for the shallower slab dip.

Code availability. The corresponding computer codes will be made available as
part of the TerraceM project51 at www.terracem.com.
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Atmospheric concentrations of methane — 
a potent greenhouse gas — have been rising 
steadily since the Industrial Revolution. 
This steady rise was, however, interrupted 
by a plateau in methane concentrations 
between 1999 and 2006. The cause of this 
plateau is the subject of some debate as 
the amount of methane in the atmosphere 
is controlled by both the magnitude of 
methane emissions and the availability of 
reactants to break that methane down. 
A full account of the methane budget 
over this interval therefore requires an 
understanding of how much methane was 
being produced by various sources, as well 
as the availability of atmospheric chemicals 
that decompose methane.

The carbon isotopic composition 
of the methane can go some way to 
identify the sources of methane to the 
atmosphere; the largest sources — fossil 
fuel burning, biomass burning, and 
agriculture and wetland emissions — 
each produce methane with a di�erent 
isotopic composition. Hinrich Schaefer and 
colleagues utilize measurements of the 
isotopic composition of methane contained 
in ice cores and archived air samples as 
well as the composition as recorded by a 
network of monitoring stations to isolate 
the factors that contributed to the methane 
plateau (Science 352, 80–84; 2016).

Prior to 1999, methane concentrations 
and isotopic composition rose in tandem, 
indicating increasing emissions of methane 
that had a relatively higher ratio of 
13C to 12C. The isotopic ratio is consistent 

Shifting sources
ATMOSPHERIC METHANE

©
 K

U
TT

IG
 - 

TR
AV

EL
 /

 A
LA

M
Y 

ST
O

C
K 

PH
O

TO

with a fossil fuel-like source. However, this 
trend broke down during the plateau period 
and, after 2006, methane concentrations 
started to rise again while the isotopic 
composition fell. This indicates that the 
methane being emitted had a lower amount 
of 13C, consistent with methane derived 
from biogenic sources. Box-modelling 
e�orts confirm that the observed trend 
is best explained by a reduction in fossil 
fuel-related emissions starting between 
1992 and 1993, with possible contributions 

by changes in atmospheric reactants, 
namely hydroxyls, whereas the rise 
in methane concentrations following 
2006 is best explained by an increase in 
biogenic emissions.

Unfortunately, carbon isotopes are 
not able to readily distinguish between 
di�erent biogenic sources of methane, 
for instance ruminant livestock, rice 
cultivation, tropical wetlands and Arctic 
permafrost. However, satellite methane 
measurements rule out any substantial 
emissions increases in the high latitudes; 
tropical climate changes over this time 
would be expected to increase wetland 
emissions, but not in the areas where 
the greatest emissions were observed. In 
contrast, increases in livestock inventories 
and rice cultivation have been reported 
for this interval, and methane inventories 
record increasing methane emissions from 
agriculture between 2000 and 2006. Thus, 
it perhaps isn’t surprising that agriculture 
is having such a large influence on 
atmospheric methane concentrations.

It is, however, surprising that fossil 
fuels seem to have less of a contribution, 
especially given the recent exploitation 
of both coal and unconventional gas 
reserves. This finding suggests that 
carbon budgeting — and mitigation 
e�orts — must closely consider the 
expansion of agriculture, particularly if 
the trend towards increased global meat 
consumption continues.

ALICIA NEWTON

EARTHQUAKES

Megathrusts and mountain building
Coastlines above subduction zones slowly emerge from the sea despite repeated drowning by great, shallow 
earthquakes. Analysis of the Chilean coast suggests that moderate-to-large, deeper earthquakes may be 
responsible for the net uplift.

Rich Briggs

Charles Darwin was awed and delighted 
by metres of sudden coastal upli� 
that accompanied the Concepción 

earthquake in Chile in 1835. In typical 
fashion, he posed a startling but clear 

hypothesis that the high elevation of 
coastal islands, and by inference the Andes 
Mountains themselves, had been “e�ected by 
successive small uprisings”1. Indeed, it seems 
intuitive that massive o�shore earthquakes 

could build mighty onshore mountains. Yet, 
the largest subduction zone earthquakes — 
great earthquakes of magnitude 8 to 9 or 
more — typically drown coastlines. Writing 
in Nature Geoscience, Daniel Melnick2 
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Figure 1 | Oblique view of the South American subduction zone at approximate latitude 17.5° S. At the 
Peru–Chile Trench, the Nazca plate subducts beneath the South America plate. The frictional properties of 
the plate boundary fault vary on average with increasing depth, leading to di�erent plate slip conditions. 
The unstable portion (blue) of the megathrust plate boundary fault tends to fail in great ruptures that 
cause the coastline to subside. However, using a combined analysis of coastal platform uplift and recent 
seismicity, Daniel Melnick2 shows that slip on the deeper, conditionally stable (red) part of the plate 
boundary may lift the coastline, generating net uplift over geological timescales. Dashed portions of the 
interface denote transitions between average frictional properties. Plate interface depths from the Slab 1.0 
model14. Map image: Google, Landsat (USGS). 

integrates analysis of coastal upli� with 
seismicity records from Chile to argue 
for a modi�ed version of Darwin’s idea. 
He suggests that permanent deformation 
from rare moderate-to-large-sized, deep 
ruptures may outweigh that from more 
frequent great, shallow earthquakes, leading 
to net upli� of the Coastal Cordillera of 
South America.

�e coastline of western South America 
sits above a subduction zone. Here, the 
Nazca plate dives below the South American 
continent along a shallowly dipping fault, 
or megathrust (Fig. 1). �e megathrust is 
not simply a ramp along which land rides 
out of the ocean. For example, slip during 
the monstrous magnitude 9.5 Valdivia 
earthquake in 1960 instantaneously 
drowned, rather than elevated, over 
1,000 km of coastline3. Similar coastal 
subsidence has been documented along 
continental coastlines adjacent to most large 
subduction zone ruptures. �e subsidence 
occurs because Earth’s crust fails elastically. 
Slip during great megathrust earthquakes 
typically occurs on patches of the fault 
located at shallow depths o�shore, resulting 
in a bulge of undersea upli� set within a 
halo of shoreward subsidence. During the 
hundreds of years between great subduction 
earthquakes, the warped sea �oor and 
ground surface slowly reverse to near their 
original positions through elastic and viscous 
processes4,5. �e fault is then primed for the 
next in a millennial timescale sequence of 
sudden lurches, during the subsequent great 
megathrust rupture. However, if the system is 
best approximated as a yo-yo over millennial 
timescales6, it is not clear how permanent 
coastal upli� can accumulate.

Melnick2 approaches this problem by 
analysing the long-term upli� rate of the 
central Andean rasa — a 2,000-km-long, 
elevated and abandoned marine platform 
in central Chile and southern Peru. �is 
platform is a geomorphologist’s dream 
because it is preserved at a continental scale, 
but the sparse and con�icting age data that 
constrain the timing of formation of this 
surface mean it can also be a nightmare. 
Employing an elegant landscape model that 
accounts for erosion caused by oscillating 
sea levels, Melnick �rst establishes that upli� 
along this coastline has been slow, at less 
than 0.2 mm per year, steady and broadly 
uniform since about 3 million years ago. 
However, he also �nds that a non-linear 
relationship exists between the rate of upli� 
and the elevation of the central Andean 
rasa. As in most coastal settings, platform 
ages and elevations do not simply convert to 
upli� rates.

Melnick argues that episodic slip along 
smaller crustal faults in the South America 

plate, changes in sediment supply and slow 
contraction of the upper plate between 
great earthquakes cannot be the root cause 
of the slow, sustained upli� of the Andean 
coast. Instead, he highlights the role of 
an overlooked class of moderate-to-large, 
deeper earthquakes, such as the 1995 
magnitude 8.0 Antofagasta, 2007 magnitude 
7.7 Tocopilla and 2012 magnitude 7.1 
Constitución events. �ese ruptures all 
occurred between 40–45 km depth, directly 
beneath the coast, well landward of typical 
great subduction earthquakes (Fig. 1). Each 
earthquake caused tens of centimetres 
of coastal upli�. Melnick shows that slip 
during deep, moderate-to-large ruptures 
every 1,000 to 2,500 years and a�ecting 
20 to 60 km of coast — values consistent 
with modern seismic data — would 
generate the upli� rates recorded by the 
central Andean rasa. �e nagging question, 
then, is whether coastal upli� from these 
earthquakes is permanent or reversible.

�e key to permanent coastal upli� 
may lie in the frictional behaviour of the 
subduction interface. Megathrust frictional 
properties vary with depth7,8: shallow 
portions of the plate boundary are termed 
unstable because they tend to spend 
centuries locked and then fail in spectacular, 

large ruptures. By contrast, the deeper 
interface region beneath and just landward 
of the coast is termed conditionally stable9, 
because it typically exhibits a rich suite of 
slip styles including stable aseismic creep, 
slow deformation and unstable earthquake 
stick–slip. Failure of the deep, conditionally 
stable domain during rare moderate-to-large 
earthquakes may not represent localized 
strain accumulation and release; if so, 
these ruptures may cause permanent upli� 
of the overlying coastline. To borrow a 
powerful metaphor, earthquake ruptures 
in this conditional-slip domain may be 
able to tap into a reservoir of elastic strain 
energy10 maintained elsewhere. �at is, these 
earthquakes may convert energy stored at 
shallow levels in the subduction system into 
deep, focused deformation. If so, common 
notions of elastic rebound may require 
careful reconsideration.

Darwin also speculated that the South 
American coast is raised by an “insensibly 
slow rise”1, a reasonable description of 
postseismic slip or a�erslip. A�erslip is 
decaying, aseismic fault motion in the 
regions surrounding recent ruptures, and is 
a ubiquitous phenomenon5. Deep a�erslip 
following great, shallow earthquakes 
may play a key role in coastal upli�11. If 
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so, deep a�erslip and deep moderate-to-
large ruptures may both help to reverse 
subsidence caused during great megathrust 
earthquakes. �is line of thinking can 
also be applied to continental subduction. 
For example, deep rupture and a�erslip 
may also contribute to long-term upli� 
of the Himalaya, despite subsidence 
in events like the 2015 magnitude 7.8 
Gorkha earthquake12,13.

Melnick’s2 assessment of continental-scale 
upli� and subduction zone seismicity in 
Chile implies that over geological timescales 

the coastline gradually upli�s in response 
to earthquakes on the deep subduction 
plate boundary. �is counterintuitive result 
invites careful reappraisal of where and 
how megathrust strain energy is accrued 
and spent. ❐

Rich Briggs is at the Geologic Hazards Science Center, 
US Geological Survey, Golden, Colorado 80401, USA. 
e-mail: rbriggs@usgs.gov
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Supplementary Methods 

GPS trajectory models 
 

Time series from 23 continuous GPS stations operated by different agencies were compiled and 
their positions modelled using the standard (sltm) and extended (eltm) linear trajectory models1, 
which include a polynomial term, heaviside jumps to simulate earthquakes and non-tectonic effects 
such as changes in receiver, antenna or multipath, and a truncated Fourier Series to simulate 
seasonal cycles; the eltm includes a logarithmic component to simulate the decaying postseismic 
transient that follows a great earthquake. Jumps associated with earthquakes were automatically 
included by searching nearby events from the National Earthquake Information Center Catalogue 
(www.earthquake.usgs.gov). Only earthquakes with Mw  6, located at d  10(0.5 * mag Ð 0.8), where d 
is the distance between the GPS station and the earthquake in kilometres, and mag is the 
earthquakeÕs magnitude were included. The Matlab function lscov was used to preform the least-
squares inversion in the presence of covariance for the three components of motion simultaneously 
and to estimate each coefficient and their associated errors. 
In order to quantify linear velocities after great earthquakes, the entire time series of stations with 
pre-earthquake data were inverted for a quadratic polynomial function, heaviside jumps, and 
seasonal variations with annual and semi-annual periods. Then, the time series were separated at the 
earthquakeÕs date and inverted for linear trends using the seasonal coefficients extracted from the 
previous step. Figure S7 shows a map with the estimated linear velocity components after both 
earthquakes, the time series and trajectory models are shown in Figure S10. 
Time series from 4 coastal stations (Table S2) from the CanTo Network in southern Peru were 
analysed using the sltm model to estimate interseismic uplift rates before the 2014 Pisagua 
earthquake, and include them in the comparison with long-term uplift rates (Fig. 4f). Figure S6 
shows a map with location of these four station and their estimated uplift rates, the time series and 
trajectory models are in Figure S10. 

 
Table S2. Vertical velocities from GPS stations of the CanTo Network in southern Peru. 
 

Station Longitude Latitude 
Uplift rate 
(mm/yr) 

Error 
(mm/yr) 

CHRA -72.93 -16.52 3.07 0.58 
LYAR -70.57 -18.13 0.79 0.25 
ATIC -73.7 -16.23 2.55 0.55 
PTCL -71.37 -17.7 2.6 0.27 
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GPS Data Sources  
 
Stations: ATJN, ATIC, CGTC, CHRA, CRSC, LYAR, PTCL from the CAnTo Network operated 
by Caltech/IGP-Peru, partly supported by the Gordon and Betty Moore Foundation. 
http://www.tectonics.caltech.edu/resources/continuous_gps.html 
Stations: CONS, ILOC, PELL, VITA, RCSD, PSGA, UTAR from the LIA-MdB network operated 
by ENS/IPGP/DGF-Chile 
https://gpscope.dt.insu.cnrs.fr/chantiers/chili/ 
Stations: VALP, IQQE, CONZ operated by the IGS 
http://www.igs.org/network/ 
Stations: ARCO, CBQC, DUAO, PCLM operated by OSU and Unavco 
http://www.unavco.org/ 
 
GPS Time series Sources  
 
Time series downloaded from the NGL in IGS08 reference frame 
http://geodesy.unr.edu 
 
Sites PSGA and RCSD processed by the IPOC-Network in IGS08 reference frame 
https://kg3-dmz.gfz-potsdam.de/ipoc 

 

Cumulative coastal uplift caused by historical earthquakes 

In order to estimate the coastal uplift rate induced by historical earthquake first events with 
preferred magnitude greater than 6.5 were extracted from the PAGER Catalogue2 for the entire 
CAR region, which encompasses the period between years 1900 and 2008. The rate of coastal uplift 
during the PAGER time period was estimated from intersecting the vertical displacement estimated 
from dislocation models3 of each earthquake with the GSHHS coastline divided by the time span of 
the catalogue. The input parameters for the dislocation models were estimated as following: (1) the 
length and width were obtained from the PAGER preferred magnitude of each event using the 
empirical scaling relations determined for subduction earthquakes4; (2) the maximum and average 
slip from the empirical relation for reverse earthquakes5; (3) the centroid depth, fault dip and fault 
strike were extracted from the geometry of the plate interface6 at each epicenter, assuming an 
interplate source for all the earthquakes and exclusively thrust motion.  

The 2001 Arequipa earthquake was removed from the catalogue as it occurred mostly in domains A 
and B. The largest earthquake in the past century was the 1922 with a preferred magnitude of 
Mw=8.7 in the PAGER catalogue or Ms=8.3 in Ref. 7. The 1922 event had a rupture zone of ~400 
km and generated a trans-Pacific tsunami; its depth has been estimated to between 0-40 km, 
suggesting it was a domain-B shallow event7. Coastal land-level changes caused by this event were 
not documented, but the PAGER location suggests significant coastal uplift, and thus may introduce 
a major bias to the centennial uplift rate. Therefore, distributions of coastal uplift rates estimated 
from the PAGER Catalogue along the entire CAR region are presented for the entire catalogue 
excluding only the 2001 event (Fig. S9a), and excluding both the 2001 and 1922 events (Fig. S9b). 
In both cases distributions are presented using the maximum and average slip obtained from the 
empirical relations5, as well as for the entire catalogue excluding the 2001 Arequipa event, and 
excluding both the 1922 and 2001 events. 

 

Supplementary Figures 
 
 

 
 
Figure S1. Field views of the CAR. Locations: a, 28.5¡S. b, 22.4¡S. c, 22.5¡S. d, 25.4¡S. The main 
geomorphic features are highlighted. Note that Pleistocene marine sediments are preserved locally 
whereas other regions are characterized by bare bedrock. 
 

 

Figure S2. Isotopic ages from the CAR compiled by Ref. 8. a, Latitudinal distribution along the margin. 
More than 70% of the ages have been obtained from sites at peninsulas, where the uplift rate is 
commonly much higher than along the main coast. Ta-Talinay Peninsula, Ca-Caldera Peninsula, Me-
Mejillones Peninsula. b, Distribution of the ages. Note that more than 75% of the ages cluster at below 
200 ka. 
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Figure S3. Sensitivity analysis to input parameters of the landscape evolution mode. EÐInitial cliff 
retreat rate; S-slope (expressed as distance/elevation ratio). Same colorscale for all plots.  

 

 
 
Figure S4. Sensitivity analysis to the onset of uplift. U-uplift rate; S-slope (expressed as 
distance/elevation ratio). Same colorscale for all plots. Note that models with continuous uplift since 3 
Ma (Black lines), i.e. during the entire simulation, reproduce better the main morphometric parameters 
of the CAR. Models with a young onset (0.5 Ma) produce rasa widths that are much higher than those 
measured for the CAR. 
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Figure S5. Evolution of cliff erosion rate as a function of model runtime for different initial erosion 
rates (E). Upper panel shows sea-level curve from Ref. 9. Middle panel the evolution of erosion rate 
for the three initial values. Note that erosion rate peaks when sea level rises fast. Lower panel shows 
histograms of erosion rates for the three initial values. Red line indicates the initial value. Note that 
median erosion rates are always below the initial value. 
 
 
 
 

 

 
 
Figure S6. Interseismic coastal uplift rates estimated from continuous GPS stations of the CAnTO 
network in southern Peru using the standard linear trajectory model1. Rates estimated before 2014 
Pisagua earthquake. Errors are 1 . Time series and trajectory models in Fig. S10, rates in Table S2. 
 
 

 
 
Figure S7. Postseismic uplift rates estimated from continuous GPS stations after the 2010 Maule and 
2014 Pisagua earthquakes using the extended linear trajectory model1. Note predominance of 
subsidence after both events. Rates estimated using the standard linear trajectory model for Pisagua 
also yield subsidence trends but with larger errors. Coseismic slip contour from Refs. 10,11. Errors are 
1 . Time series and trajectory models in Fig. S10. 
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Figure S8. Seismicity from the centennial PAGER Catalogue2 in northern Chile. Contours plotted 
every 10 km show the depth to the plate interface from the Slab 1.0 model12. Circles in the centre panel 
show depth calculated by projecting the PAGER horizontal locations to the Slab1.0 model. Histograms 
show depths from PAGER (top) and Slab 1.0 projection (bottom). Note most events are located in 
domain C. 
 
 

 

 

 
 

 
 
 
Figure S9. Coastal uplift rates from M>6.5 earthquakes in the PAGER Catalogue, for maximum and 
average slip values (see Supplementary Methods). a, Distributions excluding only the 2001 Arequipa 
earthquake. b, Distributions excluding both the 2001 Arequipa and 1922 Atacama events. 
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Figure S10 (23 pages). Time series analysis of the 23 continuous GPS stations shown in Figs. S6 and 
S7. Blue line marks the 2010 or 2014 earthquake. Green lines are heaviside jumps. wrms Ð weighted 
root mean square error (mm). Velocities and trajectory lines in red are pre-earthquake, in black are 
post-earthquake. Velocity errors are 1 .  
 
Figure S11 (21 pages). The 104 swath profiles used in this study along the CAR. Topography 
extracted from SRTM-1 (30-m resolution) and bathymetry from SHOA (300-m resolution). Grey 
shading represents the probability density of elevation across the profile. Swath width is 5 km. See 
Methods for details and Data File 1 for area of each profile. The panel at the right of each profile 
shows the conversion between cliff foot elevation and uplift rate. Areas are probability density 
functions. The elevation of the cliff foot and its uncertainty are used as inputs to generate a normal 
distribution, which is intersected with the uplift rate - cliff elevation curve derived from the landscape 
evolution model for the respective shelf slope of each profile (details in Methods). The median uplift 
rate and one standard deviation of each probability density function are shown above each profile. 
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Profile 31 - Lat=-20.43 - Shelf slope=0.06
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Profile 41 - Lat=-22.04 - Shelf slope=0.15
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Profile 51 - Lat=-24.30 - Shelf slope=0.19
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Profile 61 - Lat=-25.99 - Shelf slope=0.10
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Profile 71 - Lat=-27.81 - Shelf slope=0.04
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Profile 81 - Lat=-29.05 - Shelf slope=0.03
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Profile 91 - Lat=-30.63 - Shelf slope=0.11
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INTERPRETACIÓN DE SEDIMENTOS LACUSTRES ASOCIADOS A MOVIMIENTOS COSÍSMICOS:  
LA EXPERIENCIA GHENT & VALDIVIA

Mario Pino Quivira 1

Desde hace 15 años existe un convenio de cooperación entre el Instituto Renard de Geología Marina de la 
Universidad de Ghent y la Universidad Austral de Chile, lo que se ha materializado en la realización de traba-
jos de campo y publicaciones conjuntas que tienen como base los sedimentos de las cuencas de los lagos del 
sur de Chile. 
Para las interpretaciones acerca de ocurrencia e intensidad de eventos cosísmicos, se ha usado el levanta-
miento de perfiles sísmicos de reflexión de 3.5 kHz y la toma de testigos de sedimentos. Los estudios han 
revelado la existencia de nueve eventos de deslizamientos masivos subacuáticos en los fondos sedimentarios 
lacustres. Los dos últimos deslizamientos podrían atribuirse a los terremotos de 1960 y 1575 de Valdivia. 
También se han observado lentes sedimentarios, probablemente creados por la licuefacción provocada por 
un terremoto en depósitos de deslizamientos masivos y la ulterior fluidización de los sedimentos y la extru-
sión de ellos en el fondo del paleo lago. Así, ha sido posible diferenciar cuatro eventos sísmicos.  Los lagos 
estudiados se caracterizan típicamente por presentar sedimentos laminados, interrumpidos por turbiditas  
que proporcionan una resolución cuasi anual. Se propone que el segmento de Valdivia se caracteriza por un 
modo de rupturas completas, incompletas y parciales fechadas en 1127 ± 4 , 1319 ± 9, 1466 ± 4, 1575, 1737, 
1837 y 1960.
Finalmente, se han obtenido dos registros lacustres largos, que comprenden hasta 35 turbiditas desencade-
nadas por terremotos en los últimos 4800 años. Los terremotos más intensos (≥VII 1/2) tienen intervalos de 
recurrencia más largos (292 ± 93 años), que los terremotos con una intensidad de ≥VI 1/2 (139 ± 69 años).

1  Instituto de Ciencias de la Tierra,  Facultad de Ciencias, Universidad Austral de Chile, Valdivia, Chile
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Chronology, mound-building and
environment at Huaca Prieta, coastal
Peru, from 13 700 to 4000 years ago
Tom D. Dillehay1,2, Duccio Bonavia3, Steven Goodbred4,
Mario Pino5, Victor Vasquez6, Teresa Rosales Tham6,
William Conklin7, Jeff Splitstoser8, Dolores Piperno9, José Iriarte10,
Alexander Grobman11, Gerson Levi-Lazzaris1, Daniel Moreira12,
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Elise Dufour 17, Olivier Tombret17,18, Michael Ramirez19,
Rachel Beavins4, Larisa DeSantis4, Isabel Rey20, Philip Mink21,
Greg Maggard21 & Teresa Franco1

Renewed in-depth multi-disciplinary investi-
gation of a large coastal mound settlement
in Peru has extended the occupation back
more than 7000 years to a first human
exploitation ∼13 720 BP. Research by the
authors has chronicled the prehistoric sequence
from the activities of the first maritime
foragers to the construction of the black mound
and the introduction of horticulture and
monumentality. The community of Huaca
Prieta emerges as innovative, complex and
ritualised, as yet with no antecedents.

Keywords: Peru, Holocene, ritual mound, horticulture
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GEOARQUEOLOGÍA, CAMBIOS DEL NIVEL RELATIVO DEL MAR, TSUNAMIS Y TECTÓNICA:  
EL CASO DE HUACA PRIETA, TRUJILLO

Mario Pino Quivira 2

La zona inmediatamente al norte de Trujillo, a unos 400 km al norte de Lima, Perú, se caracteriza por presentar los 
primeros registros de construcción de montículos y también ocupaciones humanas del Pleistoceno superior en la 
base de ellos. Destaca la presencia de la Huaca Prieta, en el valle del río Chicama.
Investigaciones interdisciplinarias lideradas por Tom Dillehay han demostrado la complejidad de la ocupación 
humana y la existencia de una sucesión de paleoambientes ocupados por las culturas que construyeron la huaca 
en tiempos pre-cerámicos (7.700 a 4.200 años cal A.P.), originando una oportunidad de establecer relaciones tem-
porales y espaciales entre muy bien fechados eventos culturales y depósitos naturales como aquellos originados 
por ascenso tectónico, eventos de El Niño y ocurrencia de posible depósitos de tsunamis. La metodología usada 
incluye una sistemática serie de excavaciones arqueológicas de hasta 32 m de profundidad, levantamiento de per-
files estratigráficos, obtención de testigos sedimentarios, estudios geomorfológicos,  muchos y variados  análisis 
paleo biológicos.
La Huaca Prieta fue construida sobre una terraza fluvial parcialmente modificada, de edad equivalente a la inter 
glaciación Sangamon en USA (∼125.000 años atrás). Su altura sobrepasa en varios metros la altura el nivel del mar 
de la época, por lo que se puede interpretar que ha sido alzada tectónicamente, una característica muy común en 
esta parte del Perú. Una segunda terraza más joven, muy bien desarrollada espacialmente y ubicada a 3,5 m s.n.m. 
presenta las características sedimentológicas que permitirían correlacionarla con la ingresión del Holoceno medio; 
sin embargo con restos culturales ha sido posible fecharla en ∼1000 años cal A.P. lo que indica que la componente 
de alzamiento tectónico es muy reciente. 
Las ocupaciones humanas y sus depósitos se interdigitan y mezclan con depósitos naturales sedimentados en am-
bientes tan diversos como conos aluviales, canales fluviales trenzados, marismas, estuarios y lagunas costeras. Se 
discute la presencia de depósitos asociados al Niño y a tsunamis.

2 Instituto de Ciencias de la Tierra,  Facultad de Ciencias, Universidad Austral de Chile, Valdivia, Chile
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Introduction
The warming trend at the end of the Pleistocene led to new and generally richer terrestrial
and coastal environments that were exploited by human foragers in several regions of the
world (Straus et al. 1996). Post-Pleistocene complex hunters and gatherers who practised
intensive maritime adaptations and established extensive often sedentary communities are
best represented by the Jomon culture in Japan (Habu 2004), the Ertebølle culture in
Scandinavia (Miller et al. 2010), the ring-mounds in the south-east of the United States
(Thompson & Worth 2010) and the sambaqui mounds in Brazil (Fish et al. 2000). The
settlements of these cultures are invariably characterised by mortuary rituals suggestive of
social differentiation, and by extensive shell middens that have yielded a wide array of
marine and terrestrial species. At different times between ∼8000 and 4000 cal BP, some
of these communities also practised various degrees of horticulture as evidenced by the
appearance of food crops. Like these regions, the Pacific coast from southern Ecuador
to northern Chile witnessed the early rise of complex societies, especially in Peru where
sedentism and monumental non-domestic architecture appeared by at least 5200 cal BP
(Moseley 1975, 1992; Richardson 1981; Bird et al. 1985; Haas & Creamer 2004). Some
of these developments are due to the unique ecology of the region, with diverse and
abundant maritime resources closely juxtaposed with a long fertile but arid coastal plain,
through which rivers descend from the Andean mountains. Others are the result of emerging
ideologies adopted by these communities, which built monuments prior to the use of pottery.
Associated with these changes was a variety of food and industrial crops (Bird 1948; Pearsall

5 Instituto de Ciencias Geológicas, Facultad de Ciencias, Universidad Austral de Chile, Casilla 567, Valdivia,
Chile

6 Laboratorio de Bioarqueologı́a, Universidad Nacional de Trujillo, Avda. Universitaria s/n, Trujillo, Perú
7 Department of Anthropology, Field Museum, 1400 S. Lake Shore Drive, Chicago, IL 60605-2496, USA
8 Boundary End Archaeology Research Center, One Walker Creek Road, Barnardsville, NC 28709-0592, USA
9 Archaeobiology Program, Department of Anthropology, National Museum of Natural History, Smithsonian

Institution, Washington DC 20013-7012, USA & Smithsonian Tropical Research Institute, Balboa, Panama
10 Department of Archaeology, University of Exeter, Laver Building, North Park Road, Exeter EX4 4QE, UK
11 Universidad Nacional Agraria La Molina, Av. La Universidad s/n, Facultad de Ciencias, Lima 12, Perú
12 Departamento de Arqueologia, Universidade Federal de Rondônia, Avenida Presidente Dutra 2965, Porto Velho

78900-500, Brasil
13 Escuela de Arqueologı́a, Universidad Nacional de Trujillo, Avenida Juan Pablo II s/n, Ciudad Universitaria,

Trujillo, La Libertad, Perú
14 Department of Anthropology, Tulane University, 101 Dinwiddie Hall, 6823 St Charles Avenue, New Orleans,
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Erie, PA 16546-0001, USA
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Figure 1. Location of Huaca Prieta on the remnant Sangamon terrace and outlying wetlands and Preceramic domestic sites
in the Chicama Valley of the north coast of Peru.

2008). Particularly important was cotton for producing fishing nets, textiles and gourds for
net floats. One of the early coastal monuments is Huaca Prieta, a large stone and earthen
mound measuring 138 × 62 × 32m, built on the southern point of a remnant Pleistocene
terrace overlooking the Pacific Ocean and estuarine wetlands and the delta plain of the
Chicama River valley (Bird et al. 1985) (Figure 1).

Huaca Prieta was first excavated by Junius Bird in the 1940s and radiocarbon dated to
between ∼5302 and 1933 cal BP in the 1950s (Figure 2; Table 1). Based on the large size
of the mound, on an abundance of marine resources, wood charcoal, ash and soot, thus the
appearance of a black or prieta mound, and on the presence of small stone structures, Bird
believed that the site was occupied by sedentary people living in pit-houses. In addition
to a marine economy, he documented incipient gardening and social differentiation, as
indicated by the remains of several food crops, the uninterrupted accumulation of cultural
layers, the presence of room structures, the interment of human burials with grave offerings
and a wide variety of material technologies including lithic, gourd, basketry, bone, wood
and textile. The most developed technology at the site was cotton weaving and netting (Bird
& Mahler 1952). The site’s weavers devised sophisticated iconographic styles with various
designs. Iconography was also exhibited through incised and engraved gourds, hematite
C© Antiquity Publications Ltd.
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Figure 2. View looking north-west toward the mound at Huaca Prieta. Scale indicated by workers standing on the side. The
Pacific Ocean is in the background. The wetland farm plot in the foreground is probably similar to those that existed near
the site in Preceramic times.

painted pebbles and recently recovered coral sculptures. A crude lithic industry included
grinding stones for processing plants and edge-trimmed pebble flake tools, hammerstones,
cores and other implements used for various tasks (Bird et al. 1985: 77–91).

Until now, the broader importance of Bird’s pioneering work at Huaca Prieta has
been constrained by few radiocarbon dates and cursory study of the site’s environment,
stratigraphy and chronology, architecture and off-mound activity. In 2006 we began an
interdisciplinary project at the site to re-examine the previous work and to better understand
the relationship between coastal environments, economies and mound building within the
site’s changing social and natural landscapes. To date, we have excavated more than 2000m3

in old and new areas of Huaca Prieta, located and explored other domestic sites on the
remnant terrace, conducted a survey of Preceramic settlements along the coast of the
Chicama River valley and reconstructed the local palaeoecology (Figure 3).

The new work has greatly extended the time span of occupation at the site and increased
its significance for the understanding of the development of early societies in Peru. We
have documented the site stratigraphy encountered by Bird and the primary refuse of
charcoal, ash, burned rock, the remains of numerous marine organisms such as fish, urchins,
shellfish, sea lion and porpoise, birds and other fauna, and cultivated plants. We have also
obtained numerous radiocarbon dates from intact features and floors and defined several
site phases (Table 1), ranging in chronometric age from 13 720–13 260 cal BP for the first
human presence, from ∼8979–7500 cal BP for a pre-mound occupational phase and from

C© Antiquity Publications Ltd.
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Table 1. Radiocarbon dates from Huaca Prieta, nearby off-mound geological deposits and the
Paredones site.

Conventional 1σ -calibrated 2σ -calibrated
Sample no. Provenience δ13C radiocarbon age range (BP) age range (BP) Material

Unit 2

AA76975 Unit 2 ext
west,
upper
Stratum 3

−24.4 3535+−35 3827–3696 3849–3639 Wood charcoal

Beta233650 Unit 2,
lower
Stratum 3

−22.2 3700+−40 4073–3893 4088–3844 Charred
material

AA76974 Unit 2 ext
west,
Stratum
5a

−24.2 3588+−36 3873–3724 3956–3694 Wood charcoal

AA76973 Unit 2,
Stratum
7a

−24.0 3748+−40 4137–3933 4151–3898 Wood charcoal

AA81925 Unit 2,
Stratum
7b

−19.1 3964+−41 4418–4259 4511–4159 Wood charcoal

AA85506 First mound
Layer:
Unit 2,
Stratum
7C-3

−25.4 6641+−49 7555–7434 7571–7424 Wood charcoal

AA76972 Pre-mound
occupa-
tion (?):
Unit 2,
Stratum
7C-7 base

−23.5 6797+−48 7656–7572 7680–7508 Wood charcoal

Beta233651 Pre-mound
occupa-
tion: Unit
2, Stratum
8, base

6920+−30 7740–7660 7786–7618 Wood charcoal

Unit 3

AA76977 Unit 3 ext
south,
Floor 2

−22.8 3530+−36 3827–3693 3849–3636 Wood charcoal

AA76978 Unit 3 ext
south,
Floor 5a

−19.6 3567+−40 3841–3717 3901–3643 Wood charcoal

AA76979 Unit 3 ext
south,
Floor 5b

−19.6 3758+−40 4142–3978 4216–3901 Wood charcoal

C© Antiquity Publications Ltd.
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Table 1. Continued

Conventional 1σ -calibrated 2σ -calibrated
Sample no. Provenience δ13C radiocarbon age range (BP) age range (BP) Material

Beta247695 Unit 3,
Stratum 8,
below
Floor 6

−20.8 4000+−40 4510–4296 4520–4245 Organic
sediment

Unit 7

AA76970 Unit 7,
Floor 1

−25.1 3649+−36 3964–3841 4072–3727 Wood charcoal

Unit 8

AA81916 Unit 8,
Tomb 4

−17.2 3534+−53 3833–3689 3892–3590 Bone

Unit 9

AA81922 Unit 9,
Stratum
7a, top

−22.0 3547+−40 3829–3705 3876–3640 Wood charcoal

AA84168 Pre-mound
occupa-
tion: Unit
9, Stratum
8, base

−22.8 7956+−50 8931–8599 8979–8592 Wood charcoal

Unit 10

AA81923 Unit 10,
Base of
Structure
2

−25.7 3556+−44 3834–3705 3895–3640 Wood charcoal

AA81919 Unit 10,
Floor 4

−26.4 3557+−40 3834–3716 3891–3642 Wood charcoal

Unit 12

AA81929 Unit 12, Ash
Stratum 1

−25.2 3441+−39 3688–3576 3817–3480 Wood charcoal

Unit 13

AA81920 Unit 13,
Floor 3

−19.7 3810+−41 4224–3996 4283–3974 Wood charcoal

Unit 14

AA81921 Unit 14,
Floor 4

−25.1 3508+−40 3825–3641 3838–3588 Wood charcoal

C© Antiquity Publications Ltd.
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Table 1. Continued

Conventional 1σ -calibrated 2σ -calibrated
Sample no. Provenience δ13C radiocarbon age range (BP) age range (BP) Material

Unit 16

AA86935 Off-mound
domestic
Unit 16,
Stratum
13-7

−22.6 6310+−33 7251–7162 7266–7021 Wood charcoal

Unit 20 (Paredones)
AA86936 Unit 20,

Stratum
5B

−23.8 4783+−31 5578–5330 5583–5324 Wood charcoal

AA86937 Unit 20,
Stratum
6B-18

−25.8 4849+−31 5589–5479 5603–5333 Charred wood

Unit 21 (Unit
15)

AA86941 Unit 21,
Floor 2-3,
16

−10.6 3599+−29 3889–3728 3956–3704 Corn cob

AA86931 Unit 21,
Floor 3-2

−25.2 3638+−29 3957–3838 3982–3728 Wood charcoal

AA86946 Unit 21,
Floor 9

−11.9 3783+−41 4148–3988 4235–3928 Corn cob

AA75322 Unit 15,
Floor 26

−29.4 5018+−86 5860–5599 5911–5488 Wood charcoal

AA85507 First mound
layer: Unit
15

−25.6 6522+−54 7429–7323 7474–7268 Wood charcoal

AA75327 Pre-mound
occupa-
tion: Unit
15, below
sunken
plaza in
mound

−29.5 7226+−44 8019–7947 8156–7871 Wood charcoal

Beta290621 Buried
surface of
Sangamon
Terrace

−25.6 11500+−50 13403–13294∗∗ 13420–13260∗∗ Charred wood

Beta299536 Buried
surface of
Sangamon
Terrace

−28.3 11800+−50 13757–13517∗∗ 13794–13459∗∗ Wood

C© Antiquity Publications Ltd.
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Table 1. Continued

Conventional 1σ -calibrated 2σ -calibrated
Sample no. Provenience δ13C radiocarbon age range (BP) age range (BP) Material

Unit 22 (Paredones)

AA86934 Unit 22,
Floor 6

−13.4 4181+−34 4809–4570 4821–4527 Charred cob

Beta263320 Unit 22,
Floor 10,
Capa 14

−24.5 4590+−40 5308–5062 5435–5044 Wood charcoal

Beta263321 Unit 22,
Floor 15

−25.6 4790+−40 5580–5331 5585–5325 Charred
material

AA86947 Unit 22,
Floor 16,
Fill 10

−24.0 4898+−49 5644–5483 5711–5335 Wood charcoal

AA83260 Unit 22,
Floor 24

−26.0 5750+−60 6561–6405 6640–6319 Wood charcoal

Unit 23

AA86930 Unit 23,
Stratum
3-1

−10.0 1760+−29 1690–1557 1697–1539 Wood charcoal

AA86949 Unit 23,
Floor 3-3

−27.1 3467+−39 3704–3584 3828–3560 Wood charcoal

AA86948 Unit 23,
Floor 11

−23.5 5059+−72 5887–5652 5902–5606 Wood charcoal

Bird’s HP-2

Beta233648 Basal mound
layer:
HP-2 west
side of site

−23.8 5110+−40 5891–5745 5919–5667 Organic
sediment

Libby-598 Test Pit 2;
Bottom

−22.2 4298+−230 5260–4439 5462–4152 Charcoal

Bird’s HP-3

AA81926 HP-3,
Stratum 5

−28.0 3394+−40 3634–3485 3688–3464 Wood charcoal

AA86943 HP-3,
Stratum
14

−24.6 3806+−28 4213–3999 4233–3985 Wood charcoal

AA86940 HP-3,
Stratum
19

−25.6 3875+−30 4287–4107 4406–4090 Wood charcoal

AA81924 HP-3,
Stratum
22

−23.5 3687+−40 4063–3876 4084–3838 Wood charcoal

AA81927 HP-3,
Stratum
23

−17.3 3728+−40 4084–3927 4147–3875 Wood charcoal
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Table 1. Continued

Conventional 1σ -calibrated 2σ -calibrated
Sample no. Provenience δ13C radiocarbon age range (BP) age range (BP) Material

Unit 22 (Paredones)

AA86934 Unit 22,
Floor 6

−13.4 4181+−34 4809–4570 4821–4527 Charred cob

Beta263320 Unit 22,
Floor 10,
Capa 14

−24.5 4590+−40 5308–5062 5435–5044 Wood charcoal

Beta263321 Unit 22,
Floor 15

−25.6 4790+−40 5580–5331 5585–5325 Charred
material

AA86947 Unit 22,
Floor 16,
Fill 10

−24.0 4898+−49 5644–5483 5711–5335 Wood charcoal

AA83260 Unit 22,
Floor 24

−26.0 5750+−60 6561–6405 6640–6319 Wood charcoal

Unit 23

AA86930 Unit 23,
Stratum
3-1

−10.0 1760+−29 1690–1557 1697–1539 Wood charcoal

AA86949 Unit 23,
Floor 3-3

−27.1 3467+−39 3704–3584 3828–3560 Wood charcoal

AA86948 Unit 23,
Floor 11

−23.5 5059+−72 5887–5652 5902–5606 Wood charcoal

Bird’s HP-2

Beta233648 Basal mound
layer:
HP-2 west
side of site

−23.8 5110+−40 5891–5745 5919–5667 Organic
sediment

Libby-598 Test Pit 2;
Bottom

−22.2 4298+−230 5260–4439 5462–4152 Charcoal

Bird’s HP-3

AA81926 HP-3,
Stratum 5

−28.0 3394+−40 3634–3485 3688–3464 Wood charcoal

AA86943 HP-3,
Stratum
14

−24.6 3806+−28 4213–3999 4233–3985 Wood charcoal

AA86940 HP-3,
Stratum
19

−25.6 3875+−30 4287–4107 4406–4090 Wood charcoal

AA81924 HP-3,
Stratum
22

−23.5 3687+−40 4063–3876 4084–3838 Wood charcoal

AA81927 HP-3,
Stratum
23

−17.3 3728+−40 4084–3927 4147–3875 Wood charcoal
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Table 1. Continued

Conventional 1σ -calibrated 2σ -calibrated
Sample no. Provenience δ13C radiocarbon age range (BP) age range (BP) Material

Beta210862 Pre-mound
Occupa-
tion,
Stratum
20

−27.4 9530+−50 [11000]–10501 [11000]–10579 Wood charcoal

Beta290620 Test Pit 22,
Stratum
25

−28.3 11780+−50 13732–13510∗∗ 13720–13440∗∗ Wood

Bird’s 14C samples from HP-3∗

321 Test pit 3;
Layer D

2966+−340 3555–2621 3905–2160 Gourds, chewed
fibre, squash
stems, cotton,
wood,
barkcloth

Beta9286 HP 3, E 3730+−300 4422–3634 4845–3272 Gourd
(Lagenaria
siceraria)

Beta9288 HP 3, F 3960+−100 4510–4157 4784–3989 Gourd
(Lagenaria
siceraria)

Beta9287 HP 3, J 3270+−100 3569–3343 3692–3169 Gourd
(Lagenaria
siceraria)

318b Test pit 3;
Layer J

3550+−600 4569–3005 5446–2344 Twigs and
treated
huarango
wood

362 Test pit 3;
Layer K

4044+−300 4845–3996 5298–3648 Carbonised
cattail roots

315 Test pit 3;
Layer M

3572+−220 4088–3485 4423–3267 Shell

316 Test pit 3;
Layer M

4380+−270 5302–4539 5590–4158 Misc. woody
plants

313 Test pit 3;
Layer Q

4257+−250 5263–4411 5462–3999 Misc. woody
plants

Geological dates mentioned in text

AA83255 Swash-
laminated
shoreface
sands

−21.1 2767+−90 2924–2746 3077–2505 Wood charcoal

Beta244172 Muddy
back-dune
swale

−19.1 2820+−80 2950–2778 3078–2742 Organic-rich
soil

AA83252 Sandy
burned
cultural
horizon

−25.8 3521+−49 3828–3645 3868–3610 Wood charcoal
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Table 1. Continued

Conventional 1σ -calibrated 2σ -calibrated
Sample no. Provenience δ13C radiocarbon age range (BP) age range (BP) Material

AA81933 Swash-
laminated
shoreface
sands
onlapping
Huaca
Prieta

−24.7 3598+−40 3893–3725 3964–3696 Wood charcoal

AA83258 Carbonate
lagoon
sediments

−6.0 5739+−51 6538–6404 6633–6321 Non-marine
gastropod

OS-77302 Organic
layer inter-
bedded
within
Carbonate
lagoon
sediments

−25.6 6180+−35 7155–6939 7158–6901 Plant matter

OS82737 Organic
layer inter-
bedded
within
Carbonate
lagoon
sediments

−29.9 6500+−30 7421–7326 7428–7279 Plant matter

OS77304 Organic
layer inter-
bedded
within
Carbonate
lagoon
sediments

−24.1 6500+−45 7422–7324 7432–7269 Plant matter

OS77303 Organic
layer inter-
bedded
within
Carbonate
lagoon
sediments

−27.7 6600+−35 7483–7425 7518–7416 Plant matter

All dates calibrated using shcal04 (McCormac et al. 2004).
[ ]= calibrated range impinges on end of calibration data set.
∗ Bird’s corresponding layers in HP-3 are based on study of his photographs, notes, and profile drawings.
∗∗ Calibration done on curve other than shcal04.
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Figure 3. Map of the remnant terrace showing the location of investigations at Paradones and Huaca Prieta. HP: excavations
by J.B. Bird; TP: test pit; GU: area of geophysical survey; U: excavations undertaken in the present campaign.
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∼7555–4510 cal BP for subsequent mound-building phases. Our findings also indicate that
the site was first occupied by maritime foragers. After ∼7500 cal BP, activity shifted about
50m north and the first mound layers, associated with burning and mortuary rituals, were
built on the southern end of the terrace.

Method
During five recent field seasons, we recut, profiled and studied all of Bird’s prior pits on
the mound (Bird et al. 1985: 26), particularly his HP-2 and HP-3 units (Figure 4), taking
more than 15 000 measurements of stratigraphic profiles in 60 different archaeological
excavations, three with cultural deposits of 22–32m. We selected several new areas for
extensive and deeper excavations, working with large teams of professional archaeologists
and experienced local workers. Specialists such as botanists, geneticists, malacologists and
geologists joined the research team for various periods of time to extract specific data sets.

In total, we excavated 31 block units ranging in size from 2 × 4m to 12 × 14m, 30
test pits ranging between 1 × 2m and 2 × 3m, more than 25 geological trenches and
hundreds of sediment cores on and off the site. Many of the test pits and small block
units were exploratory in nature, seeking to define the mound and off-mound stratigraphy,
function and chronology (Figure 3). Given the depth and size of the mound, which covered
or destroyed the early occupational deposits to a depth of 8–32m, we obtained only three
terminal Pleistocene and six pre-mound Early Holocene radiocarbon dates (Units 2, 9,
15 [21], HP-2, HP-3 and TP-22). Additionally, five large 20 × 20m block units were
subjected to geophysical mapping for purpose of testing deep subsurface features. Thus, the
majority of our work was located in areas not probed by Bird, such as the lower and upper
south side of the site and deposits buried underneath later Cupisnique and Moche mounds
(∼3500–1500 cal years ago) located immediately north of Huaca Prieta.

We also carried out block excavations at Paredones, a smaller 30 × 70m mound located
1km north of Huaca Prieta (Figure 3). Paredones dates between ∼6700 and 4200 cal BP and
presents a 6m-deep cultural sequence associated with domestic occupation. The stratigraphy
at both Huaca Prieta and Paredones is intact, with almost impenetrable cement-like floors
and floor fills. Minimal disturbance resulted from occasional architectural construction at
Huaca Prieta.

In this paper we focus on the dating of the sequence. Summary reports on the floodplain
deposits, mound stratigraphy, architectural phases, subsistence economy and off-mound
domestic sites (including Paredones) will be found in the supplement online (SOL) at
http://www.antiquity.ac.uk/projgall/dillehay331.

Holocene environmental history
Our recent palaeoecological studies indicate that the environs of Huaca Prieta are defined by
the interface of several geo-climatic settings, which present diverse natural resources (Dillehay
et al. 2010). Geological evidence reveals an intimate association with fertile deltaic wetland
systems that were juxtaposed with diverse semi-arid lowlands and coastal estuarine and
marine settings. Located at these ecological junctions, settings like that of Huaca Prieta were
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Figure 4. Topographic map of the mound at Huaca Prieta produced by digital contour mapping, GPR probing and pre-
excavation drawings and photographs by J.B. Bird. Top of the mound shows a height of 23m above datum at present-day
ground surface; however, the mound is 32m high from the top to the first mound layers buried below ground surface. Note
the location of the ramp, the circular sunken plaza and excavation units mentioned in the text.

susceptible to environmental changes forced by various phenomena: local (e.g. river avulsion,
earthquakes), regional (e.g. El Niño), global (e.g. sea-level change) or anthropogenic (e.g.
land use) (Bird, R. 1983; Sandweiss et al. 1999, 2009; Wells 1999). The earliest coastal
plain formation near the site is recorded by unique algal carbonate (Charophyta) and
interbedded organic sediments that indicate the development of a widespread wetland-
fringed, estuarine lagoon by 7457 cal BP (OS-77303, see Table 1). This setting persisted
until 6470 cal BP (AS-83258, see Table 1), after which the onset of El Niño floods
began to infill the lagoon with riverine silts. This major environmental transformation
from open-water lagoon to a well-drained floodplain occurs over ∼2000 years and is
largely complete by 4500 cal BP. Floodplain deposition, largely through El Niño flood
events, remains a continuous but episodic process up to the present (Sandweiss et al. 1999)
(SOL 1).
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A prominent feature across the relatively flat and narrow coastal plain of the Chicama
River valley are several small drainages that cross-cut the plain as they descend from the
Andean foothills to the ocean. These drainages change depending on the level of the water
table and El Niño events, becoming larger when heavy rains in the highlands increase their
load. When these drainages reach the ocean and mix with its salty tidal water, numerous
estuary systems are formed between 2 and 20km north of Huaca Prieta. These estuaries are
generally narrow and 2–7km long, running perpendicular to the seashore, although they
may connect to lagoons that are elongated and parallel to the coast. Sand dunes created by
the sediments dumped by rivers and shaped by the action of waves separate these wetland
systems from the ocean. The wetlands provide a wide variety of edible plant and animal
life, in addition to various species of reeds used to make mats, baskets and other utilitarian
items. Today, people grow crops along the edges of the wetlands where the soils are rich and
humid year round (Figure 2).

Phasing and dating at Huaca Prieta
In total, more than 150 radiocarbon dates were obtained from 60 mound and off-mound
excavations and from various geological cuts and cores (Table 1). Not all floor and use
episodes were radiocarbon dated, which would require more than 1000 chronometric
measurements (see SOL). However, the deeper stratigraphic cuts were dated from the
top to bottom, as shown in Figures 5–7 for Units 2, 15/21 and HP-3. All radiocarbon
dates from Huaca Prieta and Paredones were taken on single chunks of wood charcoal,
maize and cotton textiles recovered from features embedded in floors. Unfortunately, not all
excavated strata contained single chunks embedded in floors or features. With the exception
of fragments of maize and other organic debris, which will be detailed in later publications,
all radiocarbon dates are on wood charcoal and cotton. No radiocarbon samples were taken
from fills and middens or from marine shells. Given the different organic materials dated
by four different laboratories over a period of six decades, nearly all dates agree and overlap
chronologically and stratigraphically at the 1σ calibrated age range. There is also agreement
and stratigraphic alignment between Bird’s 14C dates and his schematic profile of the north
to south oriented HP-3 trench and our 14C dates and stratigraphy in this same unit (Bird et
al. 1985: 51–8) (Figure 5).

Our excavations at the site have defined limited terminal Pleistocene and Early Holocene
occupational phases followed by four successive mound-building phases (Figures 8 & 9).
The terminal Pleistocene materials are buried in the upper surface deposits of the ancient
terrace upon which the mound sits at Huaca Prieta. Because these deposits are deeply buried
beneath the mound, we have not yet fully studied the spatial extent and geological setting
of this occupation. To date we have recovered simple edge-trimmed pebble flakes, several
bone remains of fish and sea lion, and fractured shellfish valves from these deposits, which
are dated between 13 720 and 13 260 cal BP (Table 1).

The mound sequence has been resolved in five phases. Phase I is dated ∼9000–7500 cal BP
and is associated with maritime foragers and incipient gardeners intermittently occupying
around 80m of the lower east side of the Sangamon terrace near the banks of the brackish
water, estuarine lagoon (see Table 1; Figures 3 & 4, Units 2, 9 & 15/21, HP-3 & TP 22).
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Figure 5. Profile view of a section of the west wall in the north-south trench (Bird’s HP-3) showing the lower stratigraphic
levels at the north end of Huaca Prieta, the stratigraphic location of the Phase IV–V ramp addition, and the combined
radiocarbon date locations of Bird’s and our excavations in the basal pre-mound and later mound layers in this sector of the
site. The numeration of strata in this unit does not follow a progressive sequence. Those strata in the west wall that correspond
with previously numbered strata in the east wall of the trench were given the same number, thus resulting in some strata with
higher numbers, assigned by our work, overlying or underlying lower or higher numbers, respectively. Dates with prefix of
‘Layer. . .’ are radiocarbon dated strata from Bird’s work at the site (Bird et al. 1985: figs 20 & 33). All dates are given at 1σ

calibration years before present. Radiocarbon laboratory numbers beginning with A are from the University of Arizona, with
B from Beta Analytic and with L are from Willard Libby’s radiocarbon laboratory in the 1950s. The haystacking construction
technique is best represented by strata 54, 53, 39, 48, 22 and 23.

No architecture was detected for this phase. Phase II is dated between ∼7572 and 6538 cal
BP and represents the first mound construction stage. We estimate that the mound during
this phase minimally measured ∼5m high, ∼25m wide and ∼25–35m long and consisted
of several cobblestone and soil layers. In Units 15/21 and HP-3, the first layers are dated
between 7429 and 6899 cal BP, with younger and older dates stratigraphically bracketing
these layers, respectively. In Unit 2, the first layer is represented by stratum 7C-2, which we
have not dated due to the absence of datable charcoal (Figure 6). However, this layer overlies
stratum 7C-3, which is AMS dated to between 7555 and 7434 cal years ago, suggesting
the former probably dates to at least ∼7000 cal years ago. The current evidence suggests
that the earliest mound layers were placed on the south-east flank and crest of the ancient
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terrace near the shoreline of the lagoon (Table 1, Units 2, 15/21 & HP-3; and see Figure 3
and SOL 2). From there, the mound appears to have gradually spread to the north and west
along this flank, with later construction layers reaching to the western edge of the terrace
in the vicinity of Bird’s HP-2 pit. The use of space along the eastern flank and the crest of
the terrace eventually became more restricted by the increasing steeper sloping sides of the
mound. No stone room foundations were recovered for this phase, though a few postholes
and cane poles were excavated suggesting the construction of perishable structures.

The mound building phases, beginning with Phase II, did not develop from a gradual
accumulation of occupation midden but from deliberate and gradual, planned mounding
over a period of ∼3000 years. The beginning points of the individual mounding phases
are represented in the form of haystacking strata whereby a basal ring or layer of shingled
cobblestone berms are laid out and angled to define the outer limits of the structure and to
provide an architectural footing for the space inside to be infilled by floors and floor fills
(Figure 7).

During Phase III the focus of mound construction shifted more to the crest and the
western edge of the terrace (Figure 3; Table 1, Units 2, 15/21, HP-2, HP-3). Phase III dates
between ∼6538 and 5308 cal BP and is characterised by the addition of more artificial
layers, several small stone-faced, terraced rooms placed along the eastern and western slopes
of the mound and, at the end of this phase, the lower floors of a circular sunken pit
(Figures 7, 8 & 9: IIIa) on the south side, and the lower part of a stone retention wall on
the north-east side (see Figure 4 and SOL 3). These structural features are spatially and
architecturally conjoined, suggesting simultaneous planned construction and use across the
entire upper surface of the mound at this time. These features began to give the mound a
stepped platform-like form. During this phase, the mound expanded to ∼8–10m in height
in some places and ∼80m in length.

Phase IV dates from ∼5308–4107 cal years ago, when the mound spread over a more
extended area of old and new ground and increased in height (Figures 8 & 9; Table 1, all
units). Phases III and IV are separated by a yellowish clay cap ∼25cm thick placed over
most of the mound. Further additions during this phase were the first layers of a ramp
built on the east side, the upper portion of the retention wall and the stepped structures
in the sunken plaza (Figures 4, 8 & 9: IIIb) (see SOL 3). The ramp addition is ∼40m
long and ∼35m wide and characterised by a series of thick cobble stone berm layers and by
intervening floors built over and sealing the retention wall and the first construction phases
of the mound. Later the foundations of the ramp rested directly upon the eastern edge of
mound layers built during Phase III. The mound during Phase IV was roughly the size it is
today, although a few new layers were added in Phase V.

During Phase V the steep sloping flanks of the mound to both the east and west were used
less, with most activity now limited to the flat crest of the structure. It dates between ∼4107
and 3455 cal BP when, during the early part of this phase, cobblestone burial chambers
were built along the upper rim of the sunken pit and on the top of the mound. More
layers were also added to the ramp, which eventually covered and sealed the retention wall.
By ∼4000–3800 cal BP the Preceramic use of the site terminated. People of later ceramic
cultures, dating from the Cupisnique to Inca periods (∼3500–600 cal years ago) carried out
rituals and buried their dead on the top of the mound.
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Figure 7. Plan and profile views of the circular sunken plaza showing stepped-rooms and platforms and radiocarbon dated
stratigraphy in Units 15 and 21. All dates are given at 1σ calibration years before present. Radiocarbon laboratory numbers
beginning with A are from the University of Arizona and with B from Beta Analytic.
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Discussion

Huaca Prieta was a place where several important architectural, technological and artistic
innovations took place. The rich coastal environment of the site continuously supported
a mixed maritime, wetland and agriculture economy that gave rise to one of the earliest
developments of cultural complexity in the Americas (see also SOL 4). Complexity is
evidenced not only in the textile and gourd technology, iconography, burial chambers,
mound architecture and mixed economy of Huaca Prieta, but in the growth and density of
the Preceramic population in the diverse littoral environment north of Huaca Prieta of the
Chicama Valley.

Huaca Prieta is an enigma in Andean archaeology because it currently has no known
antecedents, either on the ancient terrace (see SOL 5) or further afield. Its complexity lies
in its form, function and location. The haystacking construction technique, the circular
sunken plaza and retention walls, and the multiple agglutinated rooms of the mound
impart a sense of site planning as evidenced at other public monuments during the late
Preceramic period (c . 5000–4500 cal BP), such as Alto Salaverry, Cerro Ventarrón, Sechı́n
Bajo, Aspero, Bandurria and others along the north and central coast of Peru. However,
the architecture, stratigraphy and mortuary remains evidenced for Phases II and III are
different from the staircases, ramps and maze-like room construction of the late Preceramic
platform monuments at sites such as Sechin Bajo, Caral, Caballete and Cerro Lampay
located farther inland in coastal valleys farther south (Moseley 1975; Shady et al. 2001;
Haas & Creamer 2004; Fuchs & Briceno 2006; Alva 2010), suggesting different activities.
The inland sites do not exhibit large numbers of human burials, extensive soot layers and
burning, isolated retention walls or the stone- and earth-layered mound, as seen at Huaca
Prieta and Paredones. On the other hand, Phases II and III at Huaca Prieta are not associated
with large platform structures, suggestive of more formalised, non-mortuary architecture
and activity. Feasting associated with burned offerings and probably mortuary rituals appears
to have been a primary activity at Huaca Prieta. It was not until Phases IV and V, when the
agglutinated rooms and burial chambers on top of the mound and the ramp were added,
that Huaca Prieta appeared more typical of other coastal monuments. None of these early
coastal sites provide concrete evidence of permanent elites or authoritative figures.

The archaeological record and particularly the age and construction of the mound at
Huaca Prieta contribute to a growing body of evidence indicating that the Early to Middle
Holocene period in the Central Andes was a complex mosaic of different economies and
social forms. For instance, in south-west coastal Ecuador (Piperno & Stothert 2003) and
the western montane slopes of northern Peru (Piperno & Dillehay 2008; Dillehay et al.
2008; Dillehay 2011), mixed farming and foraging societies existed by at least 10 000–9000
cal BP. In the Andean highlands from Peru and Bolivia to northern Chile and Argentina,
economies focused on camelid husbandry and high-altitude crops were developed by at
least 6000 cal BP (Aldenderfer 1988; Bonavia 2008). Additional research will continue
to reveal that the origins of Andean civilisation have several interrelated regional roots,
each characterised by different social and economic conditions. In our perspective, a
critical threshold was crossed when these societies moved beyond the domestic context
to include planned sedentary communities and a formalised and structured public life. Not
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only did these societies establish social complexity and public monuments, but they also
initiated important environmental changes such as extensive landscape modification and
the domestication and spread of plants and animals that eventually led to the development
of early states in the Andes.
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The article by Dillehay et al. in Antiquity 86 summarised recent research at the mound of 

Huaca Prieta on the north coast of Peru where a first human presence was documented 

between ~13 700 and 13 300 cal BP, a combined maritime and incipient crop economy 

developed between ~9000 and 4000 cal BP and mound building began ~7500 cal BP. 

The findings contribute to knowledge of the origins of ancient monuments across the 

globe and to understanding the rise of early social complexity on the coast of Peru.  The 

campaign also included exploratory work on the remnant Pleistocene terrace which has 

Huaca Prieta at its tip (Figure S1). The supplementary material provided here gives 

essential data on the floodplain, the stratification of the mound, structural features in the 

mound, the subsistence economy and domestic sites beyond the mound. 

 

Keywords: Peru, Holocene, ritual mound, horticulture 

 

SOL 1. Floodplain deposits 
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The specific floodplain deposits of interest here comprise 1–8m of sand, mud and 

carbonate sediments that were deposited within various river, floodplain and coastal 

settings over the past 8000 years. The base of the Holocene sequence is readily identified 

by a sandy gravel and cobble surface that represents alluvial fan deposition during the 

late Pleistocene. The earliest Holocene sediments deposited over the lowstand gravels are 

silty, fine to medium sands typically found 6–8m below the modern surface. These sands 

are non-fossiliferous and lack any mud drapes or associated overbank muds, suggesting 

that they are channel and bar deposits of a largely clear-water, bedload-dominated stream 

channel, one presumably fed by meltwater from snow and glaciers in the Andean 

highlands.  Such a fluvial system is probably not unlike the modern Chicama River 

during normal discharge regimes (i.e. a non-El Niño year). These fluvial sands are 

sharply overlain by a complex sequence of well-bedded lagoon deposits that extend 

<1km inland of the modern shoreline, reflecting the backwater influence of rising sea 

level. These Early Holocene lagoon sediments are 1–3m thick and characterised by thick, 

alternating layers (5–20cm) of algal carbonates (primarily Charophyta) and micro-

fossiliferous blue muds (primarily Ostracoda). The ecology of both types of deposits is 

species depauperate (<6 total species) with intermittent wood, detrital organic layers and 

seagrass seeds (Ruppia maritima). Based on sediment lithology and ecological 

communities, these units reflect a predominantly oligotrophic and oligohaline lagoon, 

perhaps groundwater fed, with fringing wetland vegetation, a weak to intermittent 

connection to the sea and limited fluvial sediment input.  Found at depths of 3–6m below 

the modern surface, three radiocarbon dates near the base of the lagoonal sequence bound 

its lower age to ~7500 cal BP (~6939–7483 cal BP, see Table 1), with one shallower date 

(6404–6538 cal BP) showing that this open-water lagoon persisted for at least 1000 years. 

These lagoon deposits correspond with the deepest pre-mound and early mound building 

layers at Huaca Prieta, located on the lower inland side of the terrace and dated to ~9000–

7600 cal BP (Table 1). Preliminary data indicate that the lowstand gravels are overlain by 

dark to silty sands that roughly correspond to the ~9000–8000 cal BP phase of initial site 

occupation and probably represent an environment similar to the shallow, outwash 

wetland channels carved into the gravels and filled with vegetated sands and muds 
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located 2–20km to the north of the site today. These data confirm that early settlement 

and mound building at Huaca Prieta was coincident with the long-term development of 

an expansive wetland-fringed, estuarine lagoon. 

After ~6500 cal BP, the carbonate and muddy lagoon sediments become increasingly rare 

in the stratigraphic record and are permanently replaced in the upper 3m by 10cm-thick, 

yellowish-brown silt layers. The silt deposits are massively bedded and characteristic of 

the modern floodplain, thus reflecting a major environmental transition from open-water 

lagoon to emergent riverine floodplain. This conversion began by at least 5000 cal BP 

and appears to have been largely complete by ~4500 cal BP as indicated by a complete 

lack of carbonate or fossiliferous mud layers after this time. Sediments between the 

lagoon deposits and floodplain silts contain regular organic-rich horizons that represent 

ephemeral wetlands that existed during the transition. The driving mechanism for this 

environmental change requires an increased flux of riverine sediment to the coast, which 

infilled the lagoon and developed an expansive subaerial floodplain, which provided 

additional cultivable land.  

 

SOL 2. Mound stratigraphy 

The stratigraphy of the mound is complex. Certain individual strata within the mound 

represent discrete cultural use components and others collectively constitute single 

components. Others cease toward one end or both horizontal ends of the mound in such a 

fashion that the underlying layers unite to clasp them and hold them within a uniform 

mass. Others join up laterally, like fingers extending from the palm of the hand, 

signalling contemporaneous strata (Figures 5–7).  Thus, there is little current evidence to 

suggest that a single use or construction layer ever completely and evenly developed 

across the site, although such surfaces surely once existed.  Furthermore, all stratigraphic 

components must have been subjected to different rates of deposition, as a result of short- 

or long-term use episodes, construction phases and, very infrequently, the deposition of 

thin water-borne and wind-borne deposits in the basal levels. It was thus necessary to 

clearly distinguish between these types of strata and those that represent physical 

boundaries between components. A case in point is a succession of strata that represent 
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intermittent use episodes with time gaps between episodes. In such cases, the sediments 

at the point of juncture between any two components may be a floor, a fill layer or an 

architectural wall or room. To isolate discrete use episodes and component assemblages 

involved differentiating between fill and primary-deposition units, the latter best defined 

by floors and their in situ features and artefact offerings located on floors. Another 

important element in the stratigraphic analysis was the common practice of burying the 

dead in fills under floors in the mound. Graves served as reliable stratigraphic markers. 

Knowing the site was comprised of discrete depositional units, we devised an excavation 

strategy to examine and date as many horizontal and vertical components as possible by 

conducting deep trenching and horizontal stripping to examine strata, floors and features. 

We also carried out extensive off-mound trenching and block excavation to detect 

associated domestic areas (Figure S2). Given these stratigraphic characteristics, the 

excavation of the site involved a variety of techniques ranging from wall clearing, floor 

and use-surface stripping, trenching, block excavation or some other tactic designed to 

expose vertical profiles of a wide variety of cultural deposits both on and off  the mound. 

 

SOL 3. Observations on the architectural phases 

Remnants of the pre-mound occupation and the subsequent early mound layers of Phases 

II and III were eventually deeply buried beneath later mound constructions, thus making 

it very difficult to expose them during excavation. Bird’s (Bird et al. 1985: 35–43, 51–8) 

excavations were located on the ramp on the east side of the mound (HP-3), on its 

western edge (HP-2), and on top of it (HP-3), areas all dating to Phases IV and V. His 

excavations never reached the deeper, more interior layers of the mound, which are 

located ~3–4m directly below and behind the foundation stones of the Phase III retention 

wall.  Thus, Bird’s excavations in HP-3, the long north to south-trending trench on the 

eastern flank of the mound, exposed stratigraphy primarily associated with the ramp 

during Phases IV and V, which accounts for all of his radiocarbon dates between ~4500 

cal BP and younger. His work in this area also exposed a stone-faced retention wall built 

during Phases III and IV, which was later covered by construction of the ramp during 

Phase V. Bird (Bird et al. 1985: 40–1) reports that he terminated excavation in HP-3 
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when he reached a culturally sterile conglomerate rock layer, but what he exposed was an 

artefact-free fill composed of rock and clean sediments, which corresponds to our stratum 

35 in this unit (Figure 5). Our excavation below stratum 35 recovered nearly 3m more of 

cultural deposits.  

Bird (Bird et al. 1985: 43–6) thought that the Phase III circular sunken pit on the south 

side of the mound was a looter’s hole. However, our excavations have revealed that it is a 

sunken plaza defined by a series of stone-faced, stepped platforms and small rooms with 

stone walls constructed across a deep, roughly circular, concave-pit measuring ~25m in 

diameter. Shell, coca, bird feathers and other offerings, dating from at least ~4000 cal BP, 

were recovered from floors of the rooms and platforms of the plaza. The north end of the 

plaza ascends through a sinuous pathway to connect to burial chambers located on top of 

the mound that date to Phases III, IV and V.  

After each use and building episode, the mound was completely capped by a hardened 

artificial cement layer composed of saltwater, sediment, ash, crushed shells and other 

organic debris. These layers not only sealed the prior floors and fills but also prevented 

erosion of the site. Scattered among the floors and rooms are artefacts, extensive burned 

areas and deposits of ash and charcoal, articulated and disarticulated human remains, and 

ritual offerings. No hearths, post-holes, storage pits, food containers and other indicators 

of domestic occupation were recovered from the mound. While Bird (Bird et al. 1985: 

43–8) thought that the small, low-ceiling stone rooms (~1m high and 2–3m in diameter) 

on top of the mound were habitation structures, our excavations indicate they are burial 

chambers (cf. Rick 1990) containing articulated human skeletons and dated to Phases III–

V. Human burials were recovered from all mound-building phases, suggesting the 

structure was closely associated with mortuary rituals. However, the most prevalent 

activity associated with the mound is thousands of individual burning episodes within and 

across all strata in the site, suggesting it was built by limited groups of people during 

numerous ritual and construction episodes over a period of ~3500 years. Also notable is 

the absence of domestic debris throughout the mound. Off-mound domestic areas appear 

~7000 cal BP just north of the mound (Units 16 & 24), near Paredones and at domestic 

sites located several kilometres north in the coastal wetlands (Figure S1).  
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SOL 4. Subsistence economy 

We recovered over 200 000 floral and faunal remains representing more than 360 

individual species (Vasquez & Tham 2010), 65 of which correspond with Bird’s findings 

in the 1940s (Bird et al. 1985: 229–44). A detailed quantitative report on the specific taxa 

far exceeds the space limits here, thus a brief listing of the major species is provided. 

Marine species dominate throughout all time periods, with fish and shellfish being the 

most abundant and diverse remains. There are 34 shellfish species: Chiton, Fissurella, 

Collisella, Tegula, Polinices, Concholepas, Oliva, Cancellaria, Helisoma, Protothaca, 

Semele; 5 crustacean species: Cancer, Platyxanthus; 2 echinoderm species: Tetrapygus, 

Caenocentrotus; 19 fish species: Galeorhinus, Mustelus, Squatina, Rhinobatos, 

Myliobatis, Galeichthys, Engraulins, Ethmidium, Sardinops, Mugil, Trachurus, Sciaena, 

Anisotremus, Sarda; 11 bird species: Spheniscus, Diomedea, Charadrius, Larus, Egretta, 

Pelecanus thagus, Phalacrocorax, Sula, Zenaida, Podylimbus, Anas, and 8 mammalian 

species: Cavia, Canis, Lycalopex, Otaria, Balanidae, Delphinus, Odocoileus, Lama. The 

frequency of these species changes throughout time, which probably reflects changes in 

the local environment. 

Bird also recovered squash, chili pepper, lima bean, jack bean, gourd, cotton and other 

cultivars (Bird 1948; Bird et al. 1985: 229–40). Results of our macro-botanical study of 

floated feature fills and floor sediments, as well as starch grain, phytolith and pollen 

analyses, have added several additional species, including Preceramic maize (Zea mays), 

coca (Erythroxylum coca), peanut (Arachis hypogaea), chirimoya or guanábana (Annona 

sp.), pacae (Inga feuillei), sweet potato (Ipomoea batatas), yuca (Manihot esculenta), 

avocado (Persea sp.), quinoa (Chenopodium sp.), bean (Phaseolus vulgaris & Phaseolus 

lunatus), various tubers (Solanum sp.) and other crops. Not yet determined for some 

species is whether the morphological features are associated with domesticated forms. All 

of these crops are exotic to the littoral zone of the site.  

Our combined ecological and dietary evidence indicates that the initial economy of Phase 

I (~9000–7500 cal years ago) depended primarily on fish, shellfish, birds, seaweeds and 

sea lions. Squash (Cucurbita sp.), lima bean, and avocado were minor food elements. 
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Between ~7000–6000 cal BP, chili pepper (Capsicum sp.) and gourds (Lagenaria 

siceraria) were added. Around 6800 cal BP (Table 1), when the deltaic floodplain began 

to form, there is evidence for cotton production. Corn and the other crops were 

incorporated in Phases II to V, after ~6500 cal BP. Although increases in plant species 

show a continuous greater reliance on cultigens, marine species dominated the diet 

throughout all phases.   

 

SOL 5. Off-mound domestic sites 

 Our research also located 38 Preceramic domestic sites between the shoreline and 

backwater wetlands within 100m to 20km of Huaca Prieta (Figure S1). Preliminary 

results show that although these sites yield artefacts and food remains similar to those at 

Huaca Prieta, they differ significantly by containing domestic hearths, food preparation 

areas, middens and residential structures. However, they do not contain the black soot 

and ash found at Huaca Prieta. Geological dates and diagnostic artefacts place the 

majority of these sites between ~6000 and 4000 cal BP, which roughly corresponds with 

Phases III–V at Huaca Prieta and with an apparent population increase along this sector 

of the coast. The mound at Huaca Prieta was built and maintained probably by people 

living at these sites, especially Paredones, a large, deeply stratified domestic midden 

located ~1km to the north. The mound probably served these people for many 

generations as a communal ossuary and as a continuing focus for public events beyond 

the household and community levels.    

The stretch of the coast north of Huaca Prieta is an area that shared characteristics of 

material culture dating between at least 6500 and 500 cal BP and evolved as an integrated 

region. Cursory observation of Preceramic sites (n=38) along this stretch shows that low 

house mounds consisting of small cobblestone structures, midden refuse and human 

burials characterize them. In some locations, the mounds form small hamlets or 

communities comprised of several households and an open plaza-like area. One exception 

to these sites is Pulpar, a smaller version of Huaca Prieta that is also built on a terrace 

remnant and has similar tomb construction and cultural debris, but probably dates to our 

Phases IV and V. These communities are located on both the coastal and inland sides of 
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the estuarine wetlands, and were probably linked to Huaca Prieta and to late preceramic 

domestic sites situated farther inland, on the coastal plains and in the foothills of the 

Andes. The larger coastal sites are about 200m in length and defined by several mounded 

areas. Smaller sites have one to two house mounds and midden areas. As evidenced by 

study of the stratigraphy and artefact content in looter holes and natural drainages, many 

sites were continuously occupied from middle Preceramic to Chimu times (~5500–700 

cal BP).  

Particularly significant is the discovery of raised agricultural platforms buried ~1.5m 

below the present-day ground surface in ancient wetlands immediately east of Huaca 

Prieta and the domestic sites. The fields are radiocarbon dated to ~4800 cal BP, contain 

phytoliths of beans, squash and chili pepper, and are probably where crops were grown 

by occupants of Paredones and other nearby domestic sites.  
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Figure S1. Photomosaic of cutbank exposures (A–C) at the Chicama River mouth (shoreline is 50m left of 

A), plus a core section from the underlying stratigraphy (D).  Each panel (A–C) is contiguous and shown 

together in the top panel. The stars mark the location of radiocarbon ages, reported in calendar years BP.   

Overall, the stratigraphy here records a late Holocene prograding cobble-and-sand shoreface sequence 

(lower B) capped by younger muddy El Niño flood deposits (upper B) that prograde seaward (A).   In panel 

B the cobble shoreface deposits are truncated by a curvilinear surface that extends over 100 

landward (panel C) before transitioning into a thin-sand layer reaching another 100m onto the floodplain, 

representing a tsunami that impacted the coast just before the 1940 cal BP radiocarbon age from the 

overlying sandy shoreface.  The remnant of an earlier tsunami truncation surface is preserved on the right 

side of panel B, just up and left of the 2833 cal BP radiocarbon age. Another age of an organic-rich swale 

deposit that is capped by the cobbles dates to 2880 cal BP (panel C), confirming the occurrence of this 

first, earlier tsunami. The point of maximum shoreline transgression is recorded where shoreface cobbles 

onlap backdune sediments dated to 3740 cal BP (panel C), roughly the same age as a 3847 cal BP-dated 

human occupational horizon around 25m away.  Underlying the exposed shoreface and floodplain 

sequence are a series of carbonate-rich coastal lagoon deposits dating from ~6500–7500 cal BP (panel D). 

These well-bedded sediments include alternating layers of carbonate, organic-rich sediments, and blue 

mud that each represents changing fluvial sediment inputs and water levels during time of deposition.  The 

carbonates suggest deeper clear water, with the organic deposits indicating shoaling water with emergent 

vegetation, and the blue muds reflecting river sediment discharge into the lagoon. 
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Figure S2. Topographic contour map of Huaca Prieta and Paredones, showing all excavation and 

geophysical units and the position of the Pacific Ocean and the ancient lagoon to the sites. This stretch of 

the coast north of Huaca Prieta is an area that shared characteristics of material culture dating between at 

least 6500 and 500 cal BP and evolved as an integrated region. Cursory observation of Preceramic sites 

(n=38) along this stretch shows that sites are characterized by low house mounds consisting of small 

cobblestone structures, midden refuse and human burials. In some locations, the mounds form small 
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hamlets or communities comprised of several households and an open plaza-like area. One exception to 

these sites is Pulpar, a smaller version of Huaca Prieta that is also built on a terrace remnant and has 

similar tomb construction and cultural debris, but probably dates to our Phases IV and V. These 

communities are located on both the coastal and inland sides of the estuarine wetlands, and were probably 

linked to Huaca Prieta and to domestic sites situated farther inland on the coast plains and in the foothills 

of the Andes. The larger coastal sites are about 200 m in length and defined by several mounded areas. 

Smaller sites have one to two house mounds and midden areas. As evidenced by study of the stratigraphy 

and artefact content in looter holes and natural drainages, many sites were continuously occupied from 

middle Preceramic to Chimu times (~5500–700 cal BP).  
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idence of late Pleistocene cultural deposits that shed insights into the early human occupation of the Pacific
coast of South America. Radiocarbon dates place this occupation between ~14,200 and 13,300 cal yr BP. The
cultural evidence shares certain basic technological and subsistence traits, including maritime resources and
simple flake tools, with previously discovered late Pleistocene sites along the Pacific coast of Peru and Chile.
The results help to expand our knowledge of early maritime societies and human adaption to changing coastal
environments.

© 2012 University of Washington. Published by Elsevier Inc. All rights reserved.

Introduction

Some coastal archaeological sites of the late Pleistocene period are
located on now submerged continental shelves (Fladmark, 1979;
Gruhn, 1994; Erlandson et al., 2007; Meltzer, 2009). Recent discoveries
on narrow shelves minimally displaced by rising sea levels or on
uplifted shorelines along the Pacific coast of South America have docu-
mented human maritime occupations radiocarbon-dating between
~13,000 and 11,000 cal yr BP at Las Vegas in Ecuador (Stothert,
1985), Quebradas Tacahuay (Keefer et al., 1998), Jaguay (Sandweiss
et al., 1998), and de los Burros (Lavallée et al., 2011) in southern
Peru, and the Quebrada de Las Conchas and Huentelauquén sites
(Llagostera, 1979, 1992; Llagostera et al., 2000) in north and north-
central Chile, respectively (Fig. 1). These sites were located within 1
to 8 km from the sea at the time of occupation and invariably contain
the remains of marine fish, shellfish and birds, as well as stone tools
and debitage indicative of unifacial and bifacial technologies. Not only
do these discoveries indicate that marine resources were important
to the economy of early foragers but the Pacific coastline and coastal
plains also may have been used as an initial dispersion route in South
America. However, it has not been clear whether these sites were occu-
pied by the first migrants arriving along the coast or from interior areas

and developing into specialized maritime foragers or by generalized
foragers moving back and forth between coastal and inland zones.
Also located close to the north central Chilean shoreline during the
same period are non-maritime oriented sites associated apparently
with only terrestrial resources (e.g., Quebrada Santa Julia, Jackson et
al., 2007; possibly Quereo, Núñez et al., 1994).

Prior archaeological research by Junius Bird (Bird et al., 1985) in
the 1940s at Huaca Prieta, a large preceramic mound site located on
the southern tip of an ancient terrace in the present-day delta of the
Chicama River Valley on the north coast of Peru (Fig. 1), yielded a
long presence of maritime foragers and part-time horticulturalists
initially radiocarbon dated between ~5500 and 4200 cal yr BP. Our
recent work at the site has excavated numerous mound and off-
mound areas, including several units penetrating through more than
32 m of cultural deposits to reach the original surface of the terrace.
In three of these units, we recovered small numbers of stone artifacts
and faunal and mollusk remains associated with burned cultural fea-
tures, which radiocarbon dated to late Pleistocene times (Fig. 2;
Table 1; Supplementary material). We also have carried out paleoeco-
logical studies of the area to reconstruct the local environment and
economy of the site at the time of human use.

The full horizontal extent of early human activity along the 2 km
long Sangamon terrace where the site is located is difficult to deter-
mine not only because the archaeological materials are buried
under several large artificial mounds at minimum depths of 5 to
50 m but also because so much post-depositional disturbance has
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occurred as a result of this extensive mound-building and human oc-
cupation along the terrace over the past fourteenmillennia (Fig. 2). Of
the approximate 200 m2 of the ancient terrace surface intermittently
exposed by our deeper excavation units at Huaca Prieta and at nearby

sites (Dillehay et al., 2012), intact late Pleistocene cultural evidence
was documented in only 16 m2 distributed across Units 9 and 15
and TP-22 along the southeastern edge of the mound and terrace
(Fig. 2). The sizes of the exposed areas were 2×2 m in Unit 9,
1×6 m in Unit 15, and 2×3 m in TP-22. The intact Pleistocene levels
in these units revealed light scatters of stone tools and debitage, frac-
tured marine shells, and fragments of animal remains associated with
stratified, thin lenses of ash and charcoal (0.5–2 cm thick) and occa-
sionally powdered hematite and burned sediments (Fig. 3; Supple-
mentary Fig. S1 and Tables S1 and S2). The ashy charcoal lenses and
associated artifacts range in size between 20 and 80 cm. They do
not form discrete, bounded hearths or features. The burned sediments
are spotty across the excavations and range in color from a pinkish
gray (7/5YR N/2) to a strong brown (7/5YR 5/6).

Paleoenvironmental setting and history

During the late Pleistocene, the world sea level was rising and be-
tween 70 and 81 m lower than it is today (Ortlieb, 1989; Lea et al.,
2003; Siddall et al., 2003), placing the shoreline of this sector of the
Peruvian coast minimally 20 km farther west (Fig. 1). Today, the
shoreline is 150 m from Huaca Prieta. Our geologic cores in the site
area reveal an arid coastal alluvial plain fed by a sandy, braided-
river at the time of site occupation. The sediments deposited at this
time comprise non-fossiliferous sands and silty sands that overlie a
gravelly lowstand fan surface. This transition from gravel fan to
aggrading river plain suggests a changing climate and landscape in
the Andes catchment feeding the river system, with an increased sed-
iment yield from mountain hillslopes and possibly an increase in
water discharge. The change to an aggrading plain could also be a
consequence of rising sea level, although this is unlikely as these de-
posits were still 60–70 m above sea level. The aggrading sands at this
time are similar to those forming modern river bars and bars tops in
the lower reaches of the Chicama River, suggesting a shallow, braided
channel. However, unlike the modern system, the latest Pleistocene
sands extend several kilometers across the lower river valley, sug-
gesting that the fluvial system was mobile and likely sediment laden.

By 8300 cal yr BP the aggrading fluvial sands are replaced by well-
dated fossiliferous lagoon deposits. These alternating siliciclastic
muds and oligohaline carbonates likely represent the type of shallow
coastal lagoon that existed seaward of Huaca Prieta in the preceding

Figure 1. Location map of Huaca Prieta and other coastal sites along the Pacific rim of
South America.

Figure 2.Mound and Sangamon terrace at Huaca Prieta. Note the seashore in the background. The arrows point to places on the eastern side of the terrace where the research team
excavated through the mound to reach the deeper late Pleistocene deposits. The light brown basal deposit underneath the mound is the ancient surface of the Sangamon terrace.
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Table 1
Radiocarbon dates from Units 15 and TP-22 at Huaca Prieta.

Sample no.# Provenience δ13C Conventional 14C
age (14C yr BP)

1σ-calibrated age
range (cal yr BP)

2σ-calibrated age
range (cal yr BP)

Material

Unit 15 (Unit 21)
AA85507 Basal mound stratum: Unit 15 (1) −25.6 6522±54 7429–7323 7474–7268 Wood charcoal
AA75327 Pre-mound occupation: Unit 15-interface between strata 4-5 −29.5 7226±44 8019–7947 8156–7871 Wood charcoal
Beta290621 Pre-mound occupation: stratum 9, buried terrace −25.6 11,500±50 13,403–13,294* 13,420–13,260* Charred wood
Beta299536 Pre-mound occupation: stratum 13, buried terrace −28.3 11,800±50 13,757–13,517* 13,794–13,459* Wood
Beta 310272** Pre-mound occupation: top of stratum 13a −22.8 12,280±60 14,477–14,005** 14,867-13,924** Deer bone
Beta310273 Pre-mound occupation: bottom of stratum 13a −29.0 12,240±50 14,184–13,991* 14,530–13,891* Charred wood

TP 22
AA86947 Basal mound: stratum 16 (1) −24.0 4898±49 5644–5483 5711–5335 Wood charcoal
Beta210862 Pre-mound occupation: stratum 20 (4a) −27.4 9530±50 [11,000]–10,501 [11,000]–10,579 Wood charcoal
AA75326 Pre-mound occupation: stratum 22 (5a) −26.8 10,770±340 13,096–12,164* 11,508–13,344* Wood charcoal
Beta310274*** Pre-mound occupation: stratum 25 (8b) −21.7 12,950±50 13,828–13,454*** 14,034–13,301*** Sea lion bone
Beta290620 Pre-mound occupation: stratum 28 (11a) −28.3 11,780±50 13,732–13,510* 13,720–13,440* Wood

#Unless otherwise noted, all dates are calibrated using shcal04 calibration curve.
*Calibrated using Intcal09 calibration curve.
**Calibrated using marine 09.14c calibration curve with delta uncertainty of 725±173 (Jones, 2009). Date as originally calibrated using Intcal09 calibration curve: 1σ
14,477–14,005; 2σ 14,867–13,924.
***Calibrated using marine 09.14c calibration curve with delta uncertainty of 725±173 (Jones, 2009). Date as originally calibrated using Intcal09 calibration curve: 1σ
15,836–15,164; 2σ 16,157–15,077.
[ ] = calibrated range impinges on end of calibration data set for the Southern Hemisphere.

Figure 3. Stratigraphic profile of excavation units. a) Unit 15 showing cultural layers and radiocarbon dates (presented in 2σ cal yr BP): 1, basal mound layer of stone foundation at
~28 m in depth; 2–3, culturally sterile aeolian sand deposits and downslope cultural deposits, with varying amounts of gravel; 4, cultural layer of sandy midden debris; 5, culturally
sterile aeolian sand deposit; 6, culturally sterile deposit of aeolian sand; 7, culturally sterile, compacted aeolian sand deposit and light gravel lenses; 8, cultural layer of sand, coarse
gravel debris; 9, cultural layer; 10 and 12, culturally sterile silt layers; 11, culturally sterile aeolian and gravel deposit; 13, culturally sterile alluvial sand and gravel deposits; 13a,
ashy cultural layer; 14, intermittent thin layers of culturally sterile alluvial sand and gravel; 15, culturally sterile surface layer of the Sangamon terrace. b) Unit 22 showing cultural
layers and radiocarbon dates (presented in 2σ cal yr BP): 1, basal mound layer of stone foundation and midden debris at ~30 m in depth; 2-2a, culturally sterile aeolian sand de-
posit, 2b, thin culturally charred layer and artifacts; 3, culturally sterile aeolian sand deposit and downslope movement of cultural debris; 4, culturally sterile layer of compacted
aeolian sand and light gravel lenses; 4a, cultural deposit of aeolian sand, median to coarse gravel deposit and artifacts; base of 5, cultural layer; 5a, ashy cultural layer; 6, culturally
sterile deposit of eolian sand and various gravel sizes; 7, culturally sterile alluvial sand and gravel deposits; 8, culturally sterile gravel and alluvial sand deposit; 8a–b, ashy cultural
layer with artifacts; 9, culturally sterile sand and gravel layer; 10, culturally sterile sand and gravel layer; 11, intermittent thin layers of culturally sterile alluvial sand and gravel and
ashy cultural layer with artifacts; 12, culturally sterile surface layer of the Sangamon terrace.
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few millennia. At this time the fluvial channels likely discharged to a
shallow, wetland-fringed estuary on the low-gradient coastal plain
situated between 10 and 20 km west of the site. The continental
shelf along this portion of the Peruvian margin is comparatively
broad (20–30 km) and flat (~0.25% slope), making it more conducive
to wetland and lagoon development during early transgression than
the steep, narrow margins to the south. Located between these mar-
itime and terrestrial ecotones, the ancient remnant terrace on which
Huaca Prieta sits would have been a prominent, isolated feature on
the landscape with access to a variety of juxtaposed resource-rich
habitats, including the sandy, braided-river plain, associated fluvial
wetlands and arid aeolian plains, as well as the more distal
(~15–20 km) marsh- and lagoon-fringed littoral plain. Mollusca,
fish, sea-mammals, waterfowl, and terrestrial animals would have
provided an abundant source of food in the area, along with tubers,
rhizomes and other wild plants in the marshes.

Geologically, the remnant terrace on which the site sits is approx-
imately 3 km long and has a maximum width of 0.5 km. It is com-
posed of a monotonous bed of andine gravels and sands cemented
by calcite. The surface of the terrace is crusty and defined by ~1 m
of weathered clasts and cement. The south end of the terrace,
where the mound was built at Huaca Prieta, is ~4.5 m above the
present-day sea level (m asl). Approximately 2 km north of the site,
the terrace surface is 10.9 m asl. The degree of weathering (Leverett,
1898; Lauer, 1968) and the variable height of the terrace suggest an
interglacial age, most probably the Sangamon interglaciation
(~125–75 ka). The terrace is more than 2 m above the accepted inter-
national sea level in Sangamon times (Wells, 1986; Lambeck et al.,
2002; Lea et al., 2003; Siddall et al., 2003) probably due to local and
regional tectonic uplift along the Peruvian coast (Wells, 1986; Goy
et al., 1992; Saillard et al., 2011). The low height and relative flatness
of the terrace and the absence of a weathered surface under the
mound indicate its anthropogenic transformation by extensive
human occupation and land modification over the past 14 cal ka BP.

The sediments that contain the early cultural finds at Huaca Prieta
accumulated during an intermittent series of successive thin aeolian
sand layers, sheets of colluvial sand and gravel from slight downslope
movement of surface debris of the terrace, and possibly light over-
bank deposits of silt and gravel from the Chicama River that might
have once run along the eastern edge of the terrace, as indicated in
TP-22 (Fig. 3b). 2–8 cm of culturally sterile windblown sand overlay
and interfinger with thin cultural lenses (~0.5–2 cm thick) of charcoal
flecks and scorched sediments (see Supplement Fig. S1 for stratum
13a in Unit 15). Light scatters of stone tools and faunal remains lay
upon or are encased within these lenses in TP-22 and Unit-15
(Fig. 3; Fig. S1). The lenses and associated scatters are interpreted as
cultural layers representative of intermittent episodes of food prepa-
ration by terrestrial and maritime foragers. Thin debris layers of silt
represent breaks between the aeolian deposits. The interfingering
contact between the layers of silt and sand suggests that the ages of
the layers overlap in time. The silt layers reflect low energy, slack-
water overbank deposits from adjacent fluvial channels, with the var-
ious depositional events sealing each cultural episode defined by the
presence of stone tools, faunal remains, charcoal and burned sedi-
ment without displacing them. The absence of weathering or paleo-
sols within the alternating sand and silt layers suggests that they
are largely conformable and deposited without lengthy interruptions.
There are no interfingering silt and sand deposits and multiple cultur-
al layers in Unit 9, which is lower in elevation and closer to the east-
ern edge of the terrace.

All three units are deeply buried underneath the thicker, more
centralized portions of the mound at approximate horizontal inter-
vals of ~20–32 m. A 92–130 cm thick disconformable upward se-
quence of culturally sterile fine aeolian sands and finer gravel layers
overlies the late Pleistocene cultural layers in all units. There appears
to be a cultural hiatus between ~10,500 and 12,000 cal yr BP,

although this must be confirmed by future work at the site. Overlying
the sterile layers are ~15–32 m of pre-mound and mound cultural
strata containing later early andmiddle Holocene assemblages associ-
ated with the construction of Huaca Prieta, which dates between
~7700 and 4200 cal yr BP (Fig. 3; Dillehay et al., 2012). The deep,
long term, stratified sequence in these units emphasizes the long-
term attractiveness of this site environment. This depth also makes
it difficult to expose large horizontal areas of the archaeological
excavation.

Archaeological findings

In three of our 64 excavation units (Units 9 and 15, TP-22) and ad-
ditional geological cuts in and around Huaca Prieta (Figs. 2–3), late
Pleistocene assemblages were encountered discontinuously within
the buried deposits of the ancient surface of the terrace. Eleven radio-
carbon determinations on charred to uncharred pieces of wood, on
one deer bone, and on one sea lion bone directly associated with
the stone tools and burned features from the deeper levels of Unit
15 and TP-22 range from 13,420 to 13,260 cal yr BP (Beta-290621),
13,794–13,459 cal yr BP (Beta-299536), 14,530–13,891 cal yr BP
(Beta-310273), and 14,867–13,924 cal yr BP (Beta-310272) in Unit
15; and 13,344–11,508 cal yr BP (AA-75326), 14034–13301 cal yr BP
(Beta-310274: see Supplementary text), and 13,720–13,440 cal yr BP
(Beta-290620) in TP-22 (Table 1; Figs. 3a–b). These ages are corrobo-
rated by results from a continuous profile involving 120 additional ra-
diocarbon samples collected down the 15–32-m-deep stratigraphic
sections of excavation units in the site and nearby geological areas
(Dillehay et al., 2012). Our dates also are contemporary with the
aforementioned late Pleistocene sites along the Pacific coast of Peru
and Chile and a few hundred years earlier than other early forager
sites located in the Andean foothills between 25 and 50 km east of
Huaca Prieta (Dillehay, 2000, 2011; Chauchat and Pelegrin, 2003).

All artifactual debris and features recovered from the late Pleisto-
cene cultural lenses in Units 9, 15 and TP-22 are stratigraphically as-
sociated along the buried surface of the southeast point of the
Sangamon terrace. The late Pleistocene cultural materials are embed-
ded in or resting on intact thin lenses (see Fig. 3a, strata 8, 9 and 13a
in Unit 15; Fig. 3b, strata 4a, 5 and 5a, 8a–b and 11a in Unit 22) of
charcoal flecks, scorched sediment, faunal remains, and the stone
tools, all intact and encased in the stratigraphically intermittent
sand layers (~2–8 cm thick). A thin layer of hematite (~0.8 cm
thick), a non-local material, ash, and light scatters of charcoal and
wood flecks were associated with several stone tools and faunal re-
mains in stratum 13a, Unit 15 (Fig. S1). The light burning episodes
scattered along the buried edge of the terrace suggest repeated
ephemeral use of the area by foraging groups over several centuries,
and most likely the partial disturbance, removal or reuse of that evi-
dence by subsequent occupants. Macro-plant, starch grains, and phy-
toliths, if ever present, were not preserved in these levels.

The late Pleistocene cultural deposits yielded 42 flake tools and
flaked debitage, in addition to 36 bone and other remains of sea lion
(Otaria sp.), two with human-induced cut marks, deer (Odocoileus
virginianus), birds (cormorant, Phalacrocorax bougainvillii; pelican,
Pelecanus thagus; gull, Larus sp.; blackbird, Dives dives), fish (sharks,
Galeorhinus sp., Alopias vulpinus, Carcharhinidae) and spider crab
(Platyxanthus orbignyi), and 47 shellfish valves (sea snails, Tegula
atra, Thais chocolata; clams, Protothaca thaca; limpets, Fissurella max-
ima), and trace amounts of unidentified bone and shell (Table S1).
The stone tools were crafted primarily on fine- to coarse-grained
quartzite and basalt, source materials widely available as pebble and
cobble deposits in river channels and along the seashore and secondar-
ily on toba and a fine green chalcedony from the distant Andean foot-
hills. Stone artifacts include retouched and trimmed cutting, scraping
and gouging tools, including unifaces and other retouched-trimmed
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flakes, as well as smaller flake tools and debitage (Fig. 4, Fig. S2). Al-
though the faunal and artifact sample size from these deposits is lim-
ited, our preliminary evidence suggests an economy focused
primarily on resources from the seashore, marshes, and coastal
plains and secondarily from inland terrestrial zones.

At Huaca Prieta, contemporary with early cultural developments
in the Amotape and Siches area on the far north coast of Peru and at
Carrizal in the nearby Zaña Valley (Dillehay, 2011), there appears to
be a shared technique for producing small to moderate flakes of a
consistent size range (Fig. 4, Fig. S2). A flake is struck from a beach
pebble or river cobble, typically of basalt, toba or quartzite, and
used as a platform for the systematic removal of flakes in the
5–20 mm size range from roughly 40–60% of its perimeter. The con-
sistency in flake size and method of production clearly show these
were the intended end product of an expedient edge-trimmed reduc-
tion process.

Some of the edge-trimmed flakes were minimally retouched, gen-
erally retaining a proportion of cortex.What these flakeswere used for
is presently unknown, but they effectively extended the amount of the
cutting or scraping edge available from a given volume of rawmateri-
al. However, preliminary micro-usewear analysis of the worked edges
of the flakes suggests limited use of the full perimeter of the tool. This
seemingly inefficient use of the rawmaterial is likely due to the abun-
dance of raw material strewn along the shoreline and in the nearby
riverbed. These types of flakes, traditionally dated between 12,500
and 10,000 cal yr BP on the north coast of Peru (Richardson, 1981;
Lavallée, 2000), probably share a technological feature with unifacial
assemblages from the early coastal sites in southern Peru and north-
central Chile—they are made from moderate- to large-sized pebbles.
If the ability to make expedient flake tools consistently is a feature of
this early period along the Pacific coast of South America, then edge-
trimmed flakes manufactured primarily on beach pebbles are argu-
ably a regional maritime expression. On the other hand, the size and
form of those flakes and the unifacial cutting and scraping tools
made of quartzite, basalt, and andesite cobbles are similar in size and
form to those recovered from the inland site of Monte Verde in
south-central Chile, dated around 14,500 cal yr BP (Dillehay, 1997;
Collins, 1997). Although our sample size from Huaca Prieta is small,
there is no evidence of a bifacial tool technology in either Pleistocene
or Holocene times (~14,200–4200 cal yr BP) at the site, though it is
present at inland sites in the foothills east and northeast of Huaca

Prieta (Chauchat and Pelegrin, 2003; Dillehay, 2011; Lodeho, 2012)
and minimally at Quebrada Jaguay (Sandweiss et al., 1998).

More than 400 inland sites have been documented in the nearby
Zaña, Jequetepeque and Cupisnique, and Chicama drainages, located
20–70 km north and east of Huaca Prieta and radiocarbon dated be-
tween 13,200 to 11,000 cal yr BP (Briceño, 1999; Chauchat and
Pelegrin, 2003; Dillehay, 2011; Lodeho, 2012). These sites contain a
wide variety of faunal and floral resources primarily from the foothill
and riverine environments of the Andes and secondarily from the
coastal plains and seashore, the latter including the remains of small
amounts of marine fish and shellfish, brackish water fish frommarshy
estuaries, terrestrial mammals, and a variety of edible plants. Unifa-
cial and bifacial technologies made primarily of local raw material
but also jasper and chalcedony from the nearby highlands have also
been reported from these sites. These locales may differ significantly
from Huaca Prieta and the previously mentioned early sites along
the coast of Peru and Chile in that inland foothill groups either ex-
changed resources with coastal people or moved back and forth be-
tween the shoreline and the mountains.

Conclusions

The new evidence from Huaca Prieta establishes that people were
present on a prominent landform on a low-gradient alluvial plain be-
tween the Andean foothills and the seashore in northern Peru by
~14,200–13,300 cal yr BP. Despite a coastline located at least 20 km
away, preliminary data suggest that the primary diet of the site in-
habitants consisted of marine foods. The presence of deer remains
and stone raw materials also suggest the exploitation of resources
in the Andean foothills. We have no evidence to determine whether
any of these resources were procured by direct exploitation, by ex-
change with other groups, or both. Late Pleistocene interzonal move-
ment and exchange on the Pacific rim of the Andes are documented at
Monte Verde, Chile, around 14,500 cal yr BP (Dillehay, 1997), where
the recovery of resources primarily from riparian habitats and sec-
ondarily from coastal and mountain habitats suggests interzonal
movement and possibly exchange. Movement between coastal and
inland zones is also documented at the late Pleistocene sites of Las
Vegas in Ecuador (Stothert, 1985) and several locales in southern
Peru (Sandweiss et al., 1998), northern Chile (Santoro, 1985). Al-
though the areal exposure of the deeper deposits reported here is

Figure 4. Unifacial edge-trimmed flake tools from basal levels in TP-9 and Unit 22, a–b are associated with the deepest cultural level of TP-9, c–d are derived from cultural stratum
8b and e-g are from cultural stratum 11 in Unit 22.
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limited, the similarity of the recovered stone tool technology and fau-
nal remains at Huaca Prieta with contemporary sites along the coast
of Peru and Chile suggests primary marine adapted economies. Our
data also suggest that the earliest occupation at Huaca Prieta pre-
pared the way for the later intensification of maritime resources dur-
ing the early and middle Holocene period (Richardson, 1981) in the
region (between ~10,000 and 4200 cal yr BP) when the sea levels
continually rose and the shoreline shifted within a few hundred me-
ters of the site (Dillehay et al., 2012).

Huaca Prieta and other documented early coastal sites apparently
do not represent the first humanmigrants into South America because
earlier interior sites such as Arroyo Seco in Argentina (Politis et al.,
2011), several sites in eastern Brazil (Kipnis, 1998; Dillehay, 2000)
and Monte Verde, all dated between ~14,500 and 13,500 cal yr BP,
are a few centuries earlier. However, it can be hypothesized that
later migrants arriving along the coast from northern latitudes or
from the adjacent Andean highlands may have occupied these
known coastal sites. Although it is possible that the first migrants ar-
rived along the Pacific coast and their campsites are submerged
under water, it can also be hypothesized that thesemigrants exploited
a wide range of coastal and inland zones, thus leaving behind a series
of archeologically visible campsites stretching from the ancient sea-
shore to the Andean foothills. Once more early sites are found, we
can understand better the diverse adaptive strategies and human mi-
gration patterns operating along the western Pacific rim of South
America in late Pleistocene and early Holocene times.

Supplementary materials related to this article can be found on-
line at doi:10.1016/j.yqres.2012.02.003.
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MODELOS TECTÓNICOS DE SEGMENTACIÓN ANDINA

Andrés Tassara Oddo1

La Cordillera de los Andes es el arquetipo de cadenas montañosas construidas sobre una zona de subducción océa-
no-continente. Dentro de este marco tectónico simple existe, sin embargo, una clara segmentación espacial expresada 
en variaciones latitudinales en las unidades geológicas de primer orden que afloran en cada morfo estructura y 
del estilo estructural por medio del cual ellas son expuestas en superficie. Esta segmentación geológica coincide 
además con variaciones tanto en la topografía superficial como en la estructura profunda de la placa Sudamericana 
expresadas en las geometrías de discontinuidades de primer orden como la base de la corteza (o Moho) y el límite 
litósfera-astenósfera. Estas coincidencias en la segmentación geológica, topográfica, morfológica y geofísica indica 
que procesos geodinámicos fundamentales deben ser la causa de variaciones acopladas latitudinales que marcan 
la evolución y estructura de los Andes modernos.
La construcción de los Andes se inicia en el Oligoceno Superior tras la división de la placa oceánica Farallón en las 
placas Cocos y Nazca. Dicho fenómeno produce una triplicación de la velocidad de convergencia y una ortogonaliza-
ción de su azimut. En la actualidad las placas Sudamericana y Nazca convergen con una rapidez y azimut promedio 
de 7 cm/año y N78°E. La edad de la placa de Nazca en la fosa varía desde un máximo de 52 Ma a los 20°S hasta cero 
en el punto triple con las placas Sudamericana y Antártica (46.5°S). Dentro del contexto de los Andes centrales y 
del Sur, la placa oceánica está limitada por la subducción de la dorsal de Nazca a los 15°S y la dorsal activa de Chile 
en el punto triple. Entre los 15 y 23°S, la placa subducta con un ángulo de ~30° hasta profundidades del orden de 
550 km; al sur de dicha latitud, la losa mantiene su ángulo de penetración, pero entre 100 y 150 km de profundidad 
presenta una zona sub-horizontal que alcanza un ancho máximo de 400 km a los 32°S. Esta posición coincide con la 
subducción de la dorsal de Juan Fernández. Muchos autores han argumentado que la mayor flotabilidad asociada a 
la dorsal con respecto a la placa oceánica sería la causa principal de la horizontalización de ésta. Al sur de los 33,5°S 
la placa subductada retoma un ángulo del orden de 25°, pero su largo disminuye notablemente. Al sur de los 39°S, 
la escasa información sísmica disponible sugiere que la placa penetra con ángulo constante del orden de 15 a 20° 
hasta una profundidad de 150 km.
El límite entre los Andes centrales y los Andes del sur (33,5°S) corresponde a una transición tectónica mayor, mar-
cada por la subducción de la dorsal de Juan Fernández y la presencia de una zona de deformación EW-WNW en el 
continente. A lo largo de ambos segmentos continentales de primer orden, es posible definir una segmentación de 
segundo orden en función de las características topográficas, morfoestructurales, magmáticas, tectónicas y litoló-
gicas. El nombre propuesto para cada segmento responde a la morfoestructura representativa del orógeno. Esto es 
definido aquí como la zona axial del orógeno, cuyas elevaciones superan los 2.000.
El extremo norte de los Andes Centrales es ocupada por el Segmento Altiplano (15-23°S). Dicho segmento está 
curvado en torno al codo de Arica-Santa Cruz formando el Oroclino Boliviano, rasgo tectónico mayor del sistema 
de convergencia andino. La morfoestructura distintiva del antearco es la Cordillera de la Costa, la que en este seg-
mento presenta una elevación de 1.000 m. Al este de ella, se ubica la Depresión Intermedia, una cuenca rellena con 
sedimentos e ignimbritas neógenas. El límite entre el antearco y el orógeno principal corresponde a un sistema de 
estructuras de vergencia oeste, gran rechazo y acortamiento restringido que constituye el límite oeste de la Cordillera 
Occidental. Dicha cordillera alcanza las máximas elevaciones del segmento, que coinciden con aparatos volcánicos 
actuales (e.g., Volcán Parinacota, 6.350 m). Dichos aparatos forman la Zona Volcánica Central (ZVC, 15-28°S) de los 
Andes, caracterizada por complejos de estratovolcanes y domos andesitico-riodacíticos de afinidad calcoalcalina 
de alto K y algunos productos basálticos shoshoníticos y complejos ignimbríticos ácidos ubicados en el trasarco. Al 
este de la Cordillera Occidental se extiende el Altiplano con una elevación uniforme de 3.800 m. Esta unidad junto  
con la Puna forman el ‘Plateau’ de los Andes centrales. Este ‘plateau’ es limitado al este por la Cordillera Oriental, 
la cual con 5.000 m de elevación promedio, constituye el límite morfológico del orógeno principal. Al este de la 
Cordillera Oriental, la faja de escama delgada de las Sierras Subandinas ha concentrado la deformación de antepaís 
desde el Mioceno Superior al reciente. 

1 Departamento de Ciencias de la Tierra, Facultad de Ciencias Químicas, Universidad de Concepción, Concepción, Chile

Entre los 21 y 25°S, ocurren una serie de rasgos geotectónicos anómalos en comparación con el resto del margen 
continental, entre los cuales cabe destacar el aumento de la distancia entre la fosa y la Cordillera Occidental desde 
250 hasta 400 km (23°S) y la presencia de una cuenca intermontana alzada a 2.300 m que contiene los salares de 
Atacama y Punta Negra. Dicha cuenca es limitada al oeste por la Cordillera Domeyko, unidad constituida principal-
mente por rocas ígneas del Paleozoico Superior.
A lo largo del Segmento Puna (23°-28°S), el ancho del orógeno disminuye desde 400 a 150 km, al tiempo que se 
cierran hacia el sur las cuencas de antearco desarrolladas entre las Cordilleras de la Costa, Domeyko y Occidental. 
La elevación máxima en este segmento es el volcán Ojos del Salado (6.880 m). Al este de la Cordillera Occidental, la 
Puna constituye la continuación meridional del Altiplano. A diferencia de éste, el relieve es irregular con una eleva-
ción promedio de 4.200 m. En la porción norte de este segmento la deformación post Mioceno Superior -reciente 
al este de la Cordillera Oriental, es absorbida en el Sistema de Santa Bárbara (23-26°S), elemento morfoestructural 
transicional entre la deformación de escama delgada de las Sierras Subandinas y el estilo de fallas de basamento 
de las Sierras Pampeanas.
El orógeno del Segmento Cordillera Frontal (28-33.5°S) presenta un ancho del orden de 150 km y la mayor elevación 
de toda la Cordillera de los Andes (Monte Aconcagua, 6.960 m). El sector de antearco es ocupado exclusivamente 
por la Cordillera de la Costa. La Cordillera Occidental no existe en este segmento y el volcanismo está extinto desde 
el Mioceno Superior. El orógeno principal es ocupado por la Cordillera Frontal, morfoestructura que constituye, 
por lo menos litológicamente, la extensión meridional de la Cordillera Domeyko. Ella fue alzada por un sistema 
de fallas de basamento doblemente vergente durante el Mioceno Superior, simultáneamente con la fase final de 
deformación tipo escama delgada de la Cordillera Principal en el oeste. La Cordillera Frontal limita al este con la 
Precordillera argentina, unidad constituida por sedimentos marinos paleozoicos con deformación tipo escama 
delgada desarrollada sobre el antepaís entre el Mioceno Inferior y el reciente. Dicha deformación actúa desde 10 
Ma sincrónicamente con el alzamiento compresivo de las Sierras Pampeanas. Este estilo de bloques de basamento 
Paleozoico inferior, largos, delgados y alzados hasta 4.000 m, se extiende 700 km al este de la fosa. Múltiples autores 
han ligado la expansión hacia el este y posterior extinción del arco volcánico Mioceno y la contemporánea migración 
de la deformación compresiva hacia el antepaís, con el proceso gradual de horizontalización de la placa subductada.
El contraste entre los Andes Centrales y del Sur se expresa gradualmente a lo largo del Segmento Cordillera Principal 
(33,5-39°S). A partir de los 33,5°S hacia el sur, la fosa y el antearco se deflectan hacia el oeste y la primera está rellena 
con sedimentos. Al este de la Cordillera de la Costa se extiende el Valle Central, una cuenca rellena con sedimentos 
neógenos. El orógeno es ocupado por la Cordillera Principal, cuya elevación disminuye de norte a sur desde 4.000 
m hasta 1.500 m. Su vertiente oeste está formada por las rocas de cuencas volcano-tectónicas oligo-miocenas, que 
fueron invertidas simultáneamente con la deposición de las volcanitas del arco Mioceno Inferior-Plioceno. La in-
versión montó los depósitos terciarios hacia el este sobre rocas volcano-sedimentarias mesozoicas de la cuenca de 
antepaís neuquina. La Cordillera Principal constituye el basamento de la Zona Volcánica Sur (ZVS, 33,5-46°S). Ella 
está formada en este segmento por estratovolcanes andesítico-dacíticos calcoalcalinos cuya marca geoquímica e 
isotópica cortical disminuye de norte a sur. Durante el Neógeno la deformación del antepaís ha sido absorbida en 
la franja tipo escama gruesa de Neuquén, con algunos bloques de basamento Paleozoico Superior alzados. Estos 
bloques son remanentes meridionales de la Cordillera Frontal, la que en este segmento desaparece como expresión 
morfoestructural, al igual que la Precordillera argentina y las Sierras Pampeanas. La cantidad de acortamiento neó-
geno absorbido en la Cordillera Principal y en el antepaís neuquino disminuye de norte a sur, en coincidencia con 
un cambio en el estilo tectónico; entre los 36 y 39°S se sugiere que la convergencia es parcialmente absorbida por 
movimientos transcurrentes y verticales a lo largo de discontinuidades corticales pre-andinas oblicuas al margen.
El sector meridional de los Andes del sur es ocupado por el Segmento Cordillera Patagónica (39 - 47°S). Tanto la 
Cordillera de la Costa como el Valle Central disminuyen su elevación en sentido NS, de manera que al sur de los 
42°S el segundo se sumerge bajo el mar. El antearco es limitado hacia el este por la Zona de Falla Liquiñe-Ofqui 
(ZFLO), rasgo tectónico dominante de este segmento. Ésta es una estructura cortical de larga data (100 Ma) con una 
cinemática transpresional dextral desde por lo menos el Mioceno Medio. La componente de cizalle puro paralela 
a la convergencia absorbida por la ZFLO habría permitido el alzamiento de la vertiente occidental de la Cordillera 
Patagónica. Al este, el relieve desciende suavemente a elevaciones del orden de 1.000 m, formando en la pampa 



220

Three-dimensional density model of the Nazca plate

and the Andean continental margin

Andrés Tassara,1,2 Hans-Jürgen Götze,3 Sabine Schmidt,3 and Ron Hackney3

Received 3 August 2005; revised 22 April 2006; accepted 1 June 2006; published 26 September 2006.

[1] We forward modeled the Bouguer anomaly in a region encompassing the Pacific
Ocean (85�W) and the Andean margin (60�W) between northern Peru (5�S) and Patagonia
(45�S). The three-dimensional density model that reproduces the gravity field is a
continental-scale representation of density structure to 410 km depth that characterizes the
mantle and crust of the oceanic Nazca plate, subducted slab and continental margin with a
minimum number of bodies. We predefined the density of each body after studying the
dependency of density on composition of crustal and mantle materials and pressure-
temperature conditions appropriate for the Andean setting. A database of independent
geophysical information constrains the geometry of the top of the subducted slab, locally
the Moho of the oceanic and continental crusts and, indirectly, the lithosphere-
asthenosphere boundary underneath the continental plate. Other boundaries, notably the
intracrustal density discontinuity separating upper from lower crust below the continent,
were not constrained and their geometry is the result of fitting the observed and calculated
Bouguer anomaly during forward modeling. This contribution presents the model to
the Andean geoscientific community and contains some tools, like a sensitivity analysis,
that helps potential users of the model to interpret its results. We describe and discuss
some of these results in order to illustrate the application of the model to the study of a
wide range of phenomena (e.g., modification of oceanic plate structure by hot spots, shape
of the subducted slab, thermal structure of the continental lithosphere, compensation
mechanism and formation of orogenic relieve, causes of Andean segmentation).

Citation: Tassara, A., H.-J. Götze, S. Schmidt, and R. Hackney (2006), Three-dimensional density model of the Nazca plate and the

Andean continental margin, J. Geophys. Res., 111, B09404, doi:10.1029/2005JB003976.

1. Introduction

[2] The Andean Cordillera is a continuous mountain
chain along the western edge of South America that formed
by a uniform process of oceanic subduction underneath a
continental margin. After 200 Myr of convergence, this
process has left a highly segmented margin that is charac-
terized by systematic along-strike variations in topography,
morphology, tectonics, basin distribution, volcanism, sub-
duction geometry, deep lithospheric structure and geologic
history [e.g., Gansser, 1973; Jordan et al., 1983; Isacks,
1988; Mpodozis and Ramos, 1989; Cahill and Isacks, 1992;
Kley et al., 1999; Gutscher, 2002; Jacques, 2003; Stern,
2004]. In order to define a primary framework for discus-
sion and to avoid the differences between previous defini-
tions, we propose the following boundaries and
nomenclature for continental-scale segmentation of the

Andes (see inset of Figure 1a): northern (10�N–5�S),
central (5�S–33.5�S), southern (33.5�–46.5�S) and austral
(46.5�–56�S) Andes.
[3] The causes of this segmentation are not yet under-

stood. Several authors argue that the correlation between
features of the oceanic Nazca plate at the trench (age,
subduction of ridges), along-strike changes in the shape of
the subducted slab and boundaries between the Andean
segments (Figure 1a) means that this segmentation is
primarily controlled by the current configuration of the
subducting plate [e.g., Jordan et al., 1983; Pilger, 1984;
Pardo-Casas and Molnar, 1987; Gutscher et al., 2000;
Ramos et al., 2002; Yáñez et al., 2001, 2002; Yáñez and
Cembrano, 2004]. However, compared with the timescale
over which the configuration of the oceanic plate changes
(106–107 years), the segments and their boundaries are
longstanding (108 years) geological features of the Andean
margin [e.g., Gansser, 1973; Mpodozis and Ramos, 1989;
Mégard, 1984; Kley et al., 1999]. This observation suggests
that the old structure of the continent should also play a role
in controlling the fate of the Andean margin and the
maintenance of its segmentation.
[4] The evaluation of this hypothesis requires knowledge

of the compositional structure of the convergence system at
continental scales. We have tried to fulfil this requirement
by forward modeling the Bouguer anomaly for the central
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argentina una meseta rugosa moldeada glacialmente. La Cordillera Patagónica está formada principalmente por 
rocas intrusivas meso y cenozoicas de composición intermedia (Batolito Norpatagónico) emplazadas sintectónica-
mente con la ZFLO (por lo menos durante el Neógeno). La ZVS en este segmento está formada por estratovolcanes 
y numerosos centros eruptivos menores de composición basáltica a andesítica de afinidad calcoalcalina a toleítica 
emplazados en estrecha relación genética con la ZFLO. En la parte sur del segmento (42- 47°S), estratos mesozoicos 
al este de la Cordillera Patagónica afloran, a diferencia de los segmentos septentrionales, en un trasarco sin eviden-
cias de deformación compresiva neógena.

BASES GEOFISICAS DE LOS TSUNAMIS I y II
Andrés Tassara Oddo2

Los tsunamis son grandes olas empujadas por una masa de agua anómalamente voluminosa generada por pertur-
baciones gravitacionales en la columna de agua. Estas perturbaciones pueden ser de muy distinto origen, desde la 
caída de meteoritos en el océano, colapso de topografía subaérea o submarina con movimiento en masa de rocas, 
erupciones submarinas o el súbito movimiento del fondo marino producto de un terremoto. Cuando estos terremotos 
ocurren en zonas de subducción donde una placa oceánica se desliza bajo una continental se crean las condiciones 
para gatillar el mayor peligro y amenaza a las comunidades costeras en el mundo, ya que este proceso es capaz de 
crear desplazamientos métricos del fondo marino en áreas de centenas de kilómetros a lo largo de la costa y con 
una recurrencia global de al menos un evento significativo en 5 años. 
En este módulo nos dedicaremos a revisar las bases conceptuales que permiten comprender los fenómenos asocia-
dos a la generación de grandes terremotos tsunamogenicos en zonas de subducción. En este ambiente tectónico los 
terremotos están relacionados con el súbito movimiento de la placa continental superior por sobre la placa oceánica 
inferior a lo largo del contacto entre ambas. Dado que dicho plano de contacto tiene una inclinación de 20-30° hacia 
el interior del continente, cuando se produce el movimiento sísmico entre ambas placas en forma paralela a esta 
inclinación, se genera también un alzamiento vertical del fondo marino por sobre el área deslizada del plano de 
contacto. Este alzamiento vertical es igual al seno del ángulo de inclinación multiplicado por el deslizamiento cosís-
mico, es decir mientras mayor el deslizamiento mayor es el alzamiento y por tanto mayor será la perturbación de la 
columna de agua causante del tsunami. Dado que a su vez la magnitud de un terremoto depende exponencialmente 
del deslizamiento además del área total deslizada, se desprende entonces que mientras mayor sea la magnitud del 
terremoto causante mayor será el tsunami generado. Sin embargo esta relación teórica es solo parcialmente cierta 
ya que otra variable fundamental es el espesor de la columna de agua existente sobre el área deslizada cosísmi-
camente y la partición de la energía consumida por el terremoto entre producir el deslizamiento entre las placas, 
movilizar la gran mase de agua sobre la placa superior y emanar ondas elásticas. Así, existen terremotos de relativa 
baja magnitud (7-7.5) pero que generan enormes tsunamis porque su deslizamiento interplacas ocurre bajo el sec-
tor más profundo del mar en la fosa que marca el límite entre ambas placas. Un ejemplo en el que el deslizamiento 
ocurre cercano a la fosa y además el deslizamiento fue extremadamente grande (40-60 m) es el terremoto gigante 
de Japon 2011 que causó un tsunami devastador en las costas niponas y a lo largo de toda la cuenca del Pacífico.
En estos 2 módulos revisaremos el contexto tectónico de las zonas de subducción definiendo los elementos geológicos 
fundamentales y básicos asociados a la tectónica global de placas y el caso particular de estas zonas. Posteriormente 
ahondaremos en la estructura friccional del contacto entre las placas en una zona de subducción para comprender 
el porqué de la existencia de parches de alta fricción llamados asperezas sísmicas rodeados de zonas de baja fricción 
que pueden actuar como barreras sísmicas. Posteriormente revisaremos el concepto del ciclo sísmico, es decir la 
repetitiva ocurrencia de un terremoto característico un segmentos particulares de una zona de subducción a través 
de las fases intersísmica, cosísmica y postsísmica, detallando los procesos físicos que caracterizan cada fase y el 
estado actual del conocimiento sobre la interacción de ellas en el tiempo y espacio. Particular atención prestaremos 
a una revisión del estado del arte sobre la identificación de procesos presísmicos que pudieran servir en el futuro 
para avanzar en la predicción efectiva de estos terremotos y sus destructivos tsunamis.

2 Departamento de Ciencias de la Tierra, Facultad de Ciencias Químicas, Universidad de Concepción, Concepción, Chile



and southern Andes between 5� to 45�S and 60� to 85�W
(Figure 1a). The main aim was to produce a model that
(1) describes the three-dimensional (3-D) density structure
of the continental lithosphere, the Nazca plate and the
subducted slab down to 410 km depth, and (2) can be
used to analyze first-order structural and compositional
variations along the continental margin. This goal was
achieved without considering the details of regional and
local structures, but by producing a model that contain
valuable information at the scale of the entire Andeanmargin.
After a revision of the Andean geotectonic framework, data
and methods, we present the 3-D density model and discuss
its main features and implications for the geodynamic
processes acting along the western margin of South America.

2. Andean Geotectonics

[5] The first-order geotectonic elements of the Nazca
plate and the South American continent are shown in
Figure 1a. The age of the oceanic plate [Müller et al.,
1997] along the Peru-Chile trench increases from 0 Myr at
the triple junction with the Antarctic and South American
plates (46.5�S, south of the area considered in this study) to
a maximum of �48 Myr around 20�S. North of this latitude,
the continental margin changes its orientation from NNE to
NW, a feature known as the Arica Bend. The age of the
oceanic lithosphere at the trench decreases to �28 Myr at
5�S. Along-strike jumps in age are associated with fracture
zones that are recognizable as bathymetric lows with a
general azimuth of �70�. This is 10� less than the average
convergence direction defined by GPS measurements [e.g.,
Kendrick et al., 2003]. Bathymetric highs correspond to
aseismic ridges (i.e., Nazca, Juan Fernández and Iquique)
and to the active spreading center of the Chile Rise.
[6] Contours of the depth to the subducted slab, from data

available with the Generic Mapping Tools [Wessel and
Smith, 1998], are plotted in Figure 1a and show two seg-
ments of relatively flat subduction at intermediate depths
(70–150 km) below Peru (5�–15�S) and Argentina (28�–
33�S). The spatial correlation with the subduction of the
Nazca ridge at 15�S and the Juan Fernández ridge at 33�S
suggests a causative relationship with the development of
these flat slab segments [e.g., Gutscher et al., 2000; Yáñez et

al., 2002]. Elsewhere, the slab subducts with a dip of 25–
35� to �200 km depth, increasing at greater depths.
[7] Figure 1a also shows the position of modern volca-

noes and morphotectonic units forming the continental
margin. On the basis of the propositions of Jordan et al.
[1983], Mégard [1984], Mpodozis and Ramos [1989],
Allmendinger et al. [1997], and Kley et al. [1999], these
morphotectonic units have been redrawn using a GIS-based
analysis of digital topography and digital geological data-
bases of South America [Schobbenhaus and Bellizzia,
2001], Argentina [Servicio Nacional de Geológica Minero
Argentina, 1998] and Chile [Servicio Nacional de Geologia
y Mineria, 2003]. The Andean forearc is dominated by the
Coastal Cordillera. Along segments with steep subduction,
this unit is separated from the high internal cordilleras by
forearc basins (Intermediate Depression and central Valley).
Some uplifted Coastal Plains form prominent peninsulas
(e.g., Mejillones and Arauco) that disturb the otherwise
smooth coastline. The offshore forearc is very steep be-
tween the points where the Nazca and Juan Fernández
ridges subduct, but has a more subtle bathymetry and
contains submarine basins to the north [e.g., Clift et al.,
2003; Krabbenhöft et al., 2004] and south [e.g., Bangs and
Cande, 1997] of this area.
[8] The central Andes comprise a huge mountain range

with elevations above 3500 m covering an area of
�800,000 km2. The morphology is dominated by the
Altiplano-Puna plateau that has a maximum width of
�400 km at 18.5�S. North and south of the plateau, the
high cordilleras narrow to less than 200 km width. This
narrowing correlates with a decrease in Neogene crustal
shortening [e.g., Isacks, 1988; Kley et al., 1999], which
itself is related to systematic changes in the deformation
style of the foreland: thin skinned along the Sierras Sub-
andinas, thick skinned along the Santa Barbara System and
the northern Eastern Cordillera, and basement uplift along
the Sierras Pampeanas and Peruvian uplifted blocks [e.g.,
Kley et al., 1999]. The absence of asthenospheric mantle
above flat slab segments precludes the occurrence of arc
magmatism and hence the Central Volcanic Zone (CVZ) of
the Andes is restricted to the Western Cordillera between
15� and 28�S.

Figure 1. Geotectonic setting (a) and Bouguer anomaly (b) for the studied area. Inset shows the study area (rectangle with
bold lines) and continental-scale segmentation of the Andean continental margin. (a) Andean geotectonic setting on a
digital elevation map (http://www.ngdc.noaa.gov/mgg/gebco). White lines in the offshore region are isochrones of the
Nazca plate [Müller et al., 1997] with ages in million of years, names in capitals denote aseismic ridges and the active
spreading center of the Chile Rise, and names in minuscule denote fracture zones. In the onshore region, white dotted lines
with numbers are isodepths (in km) of the subducted slab from data available with GMT software package [Wessel and
Smith, 1998], triangles are active volcanoes from the Smithsonian Institute database (http://www.volcano.si.edu/gvp/
world), black lines depict boundaries of morphotectonic units as modified after references cited in the text: cpl, Coastal
Plains; pub, Peruvian uplifted blocks; cc, Coastal Cordillera; id, Intermediate Depression; cv, Central Valley; dc, Domeyko
Cordillera; wc, Western Cordillera; fc, Frontal Cordillera; ppc, Principal Cordillera; ab, Atacama Basin; ap, Altiplano; pn,
Puna; pc, Precordillera; ec, Eastern Cordillera; sp, Sierras Pampeanas; ssa, Sierras Subandinas; sbs, Santa Barbara System;
pgc, Patagonian Cordillera; srb, San Rafael Block; ns, Neuquén System; npm, North Patagonian Massif. (b) Bouguer
anomaly map of the study region with contours every 100 mGal. Dots in the onshore region depict the location of land
gravity stations (see text for data description). Lines are the 43 vertical cross sections from which the three-dimensional
density structure of the model is triangulated. Thick lines coincide with fracture zones from Figure 1a and correspond to
cross sections dividing the density structure of the oceanic plate and subducted slab in the seven segments labeled with
roman numbers I to VII.
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[9] The boundary between the central and southern Andes
at 33.5�S is a major tectonic transition [e.g., Yáñez et al.,
2002] bounding almost all the morphotectonic units exposed
in this region. South of this latitude, elevations higher than
�4000 m decrease gradually along the Principal Cordillera
to less than 2000 m in the Patagonian Cordillera. This
decrease also correlates with north-south variations in the
Neogene tectonic style. Basin inversion along the Principal
Cordillera and thick-skinned foreland tectonics along the
Neuquén System are linked to trench-oblique structures
[Godoy et al., 1999; Charrier et al., 2002; Cobbold and
Rossello, 2003]. These styles change south of 38�S to
trench-parallel, dextral strike-slip along the Liquiñe-Ofqui
Fault Zone (LOFZ) with dominant forearc extension and
little shortening recorded along the Patagonian Cordillera
and the North Patagonian Massif [e.g., Diraison et al., 1998;
Lavenu and Cembrano, 1999; Folguera et al., 2004]. The
steep subduction of the oceanic slab drives the mantle
magmagenesis feeding the Southern Volcanic Zone (SVZ).
The northern part of the SVZ forms the top of the Principal
Cordillera, whereas the southern SVZ (south of 39�S) builds
the western central part of the Patagonian Cordillera and
is genetically related to the LOFZ [Hervé, 1994; López-
Escobar et al., 1995; Cembrano et al., 1996].

3. Bouguer Anomaly

[10] Offshore Bouguer anomalies were computed from
the KMS01 satellite-derived free-air anomaly database
(Andersen and Knudsen [1998], http://geodesy.spacecenter.
dk/GRAVITY) by applying a correction using digital bathy-
metric data ( http://www.ngdc.noaa.gov/mgg/gebco) on a
2’ grid and replacing the water layer with material of density
2.67 Mg/m3. Onshore gravity data for the South American
continent have been compiled, homogenized and processed
by the Escola Politecnica Universidade de São Paulo (Brazil).
The database was provided by D. Blizkow (personal com-
munication, 2003) in the framework of a cooperation agree-
ment with the German Collaborative Research Centre
SFB267 ‘‘Deformation Processes in the Andes’’ (hereinafter
referred to as SFB267). We used the Bouguer anomaly of
circa 20,000 stations from this database that cover the study
area (dots in Figure 1b). Marchenko [2006], who exploited
these data to compute a geoid model for the continent,
estimate an average error in the onshore free-air anomaly of
�10 mGal. We assume that the further reduction to the
Bouguer anomaly has expanded this error to an average
uncertainty of ±20 mGal.
[11] Combining both databases, we generated the Bou-

guer anomaly map of Figure 1b. It shows a negative
anomaly less than �200 mGal associated with the high
cordilleras of the central Andes. This anomaly decreases
locally to less than �400 mGal along portions of the
Western Cordillera. A minimum of about �450 mGal is
located around the boundary between the Altiplano and
Puna. Along the southern Andes, the Bouguer anomaly is
greater than �200 mGal and increases to the south. South of
38�S, the anomaly is no longer correlated with the cordil-
leras and its minimum (about �120 mGal) is located in the
North Patagonian Massif. The 0 mGal contour coincides
with the coastline along the Peruvian forearc, whereas in
Chile it is shifted landward. This is more obvious south of

25�S and particularly along the southern Andes, where this
contour follows the limit between the Coastal Cordillera and
the Central Valley. Positive Bouguer anomalies are observed
along the Andean foreland between 38� to 25�S and north
of 15�S. They also dominate the offshore gravity field. The
trench axis correlates with the 200 mGal contour and a
strong positive gradient to the west. (Hereafter the terms
very short, short, intermediate and long wavelengths
are used for wavelengths <100 km, 100–300 km, 300–
1000 km, and >1000 km, respectively (see Figure 2).
Maximum Bouguer anomalies of �350 mGal are observed
together with less positive anomalies in patches of very
short wavelength along the southwestern limit of the Nazca
ridge. In general, oceanic ridges and fracture zones are
characterized by regions of positive anomalies that are less
pronounced than in their surroundings. Segments of oceanic
lithosphere separated by fracture zones show maximum
Bouguer anomalies along an outer rise west of the trench
and a general increase in the magnitude of the anomaly from
the north and south toward a region between the Nazca and
Iquique ridges. This spatial variation is positively correlated
with the age of the Nazca plate.

4. The 3-D Density Model

[12] Forward modeling of the Bouguer anomaly was
performed using the IGMAS modeling software (Interactive
Gravity and Magnetic Application System; see http://
www.gravity.uni-kiel.de/igmas). The modeling software
[Götze, 1984; Götze and Lahmeyer, 1988; Schmidt and
Götze, 1998; Breunig et al., 2000] makes use of an
interoperable 3-D Geoinformation System (IOGIS) and its
functionality. The model is formed by three-dimensional
bodies that are constructed using polyhedra whose geometry
is predefined by the user on a series of parallel vertical cross
sections. Density values for the modeled bodies are also
defined prior to the gravity modeling. By iteratively chang-
ing the geometry of the initial structure in accordance with
the available constraining data incorporated in the IOGIS,
the user eventually converges to the optimal fit between the
observed Bouguer anomaly and the anomaly produced by
the modeled 3-D density structure. This modeled anomaly is
calculated from the density contrast between the modeled
bodies and a simple background reference model. Thus the
design of a 3-D density model in IGMAS incorporates three
important decisions: the definition of the initial structure,
the selection of density values for the bodies forming the
model and the choice of a reference model. The rationale,
data and procedures allowing these decisions to be made are
described below.

4.1. Initial Model Structure

[13] The correlation between offshore Bouguer anomaly
and Nazca plate age suggests that the density structure of
the oceanic lithosphere is controlled by age discontinuities
associated with fracture zones. Therefore we defined the
vertical cross sections of the model in a direction parallel to
them. Figure 1b shows the 43 sections forming the model.
The sections are separated by 1� in latitude, have a length of
�3000 km and a depth of 410 km. Bold lines in Figure 1b
are profiles coinciding with the six first-order fracture zones
labeled in Figure 1a. In the model, segments of the oceanic
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lithosphere and the slab with distinctive density structure are
in contact across these fracture zones. The resulting seven
segments are labeled with roman numbers in Figure 1b.
[14] Figure 2 shows one of the cross sections as an example

of the structure used to construct the model. This structure is
simplified with respect to the complexity expected for sub-
duction zones, but it is sufficient to describe the density
structure of the convergence system at continental scales.
The oceanic plate and slab are formed by a one-layer crust
(OCz,y) overlying a mantle lithosphere body (OMz,y). The
suffixes z and y are assigned specific values that aid the
identification of each body in the model. The suffix z is equal
to m for the marine part of the oceanic plate and a to d for the
subducted parts of the slab (Figure 2). This division allows for
downward densification of the slab. The suffix y takes values
between I andVII along the strike of the study area (Figure 1b).
The oceanic plate and slab are underlain by one body repre-
senting the asthenospheric mantle (OA in Figure 2).
[15] The continental plate is formed by a two-layer crust

(UC and LC in Figure 2) overlying mantle lithosphere. The
crustal structure is unrealistic because it does not account
for the complex vertical stratification of the crust observed
worldwide [e.g., Christensen and Mooney, 1995], nor for
the lateral variation of crustal density that is very likely in a
region extending over more than 4000 km that is charac-
terized by complex surface geology. Note, however, that our

intention is to use the depth to the intracrustal density
discontinuity (ICD) separating upper and lower crust as a
proxy for this complex density structure.
[16] The continental mantle lithosphere is formed by two

bodies whose boundary is located underneath the eastern-
most active volcano observed within 50 km of each mod-
eled section. The eastern lithospheric body (EM in Figure 2)
represents the cold and dense mantle below the Andean
foreland and shield regions. The western lithosphere (WM
in Figure 2) should be less dense because it underlies the hot
volcanic arc and is presumably hydrated underneath the
forearc region. Below the lithosphere-asthenosphere bound-
ary (LAB), asthenosphere shallower than 150 km is also
formed by two bodies (WA and EA in Figure 2). These
bodies attempt to represent the expected gradual decrease in
asthenospheric density toward the volcanic arc produced by
high temperatures and hydration of the wedge. The subcon-
tinental mantle below 150 km depth is represented by one
body of constant density (LA in Figure 2).

4.2. Reference Density Model

[17] We use a horizontally stratified, four-layer reference
model that is homogeneous along the entire study region
and typifies the density variations with depth in a column of
average continental lithosphere. This is represented by the
right column RM in Figure 2. The reference model has an

Figure 2. (bottom) One of the vertical cross sections showing the lateral (3000 km) and downward
(410 km) extension of the model, and its general density structure with �2 times vertical exaggeration.
Right column labeled RM represents the reference model with the depth to density discontinuities and
density values in Mg/m3. Abbreviations of model bodies and their densities are defined in Table 1. See
text for description. (middle) Observed Bouguer anomaly along this sections in bold line and Bouguer
anomaly calculated from the density model in dotted line. They are shifted in some mGal in order to note
the good fit between them. (top) Decomposition of the observed Bouguer anomaly after filtering to show
the very short (� < 100 km), short (100 < � < 300 km), intermediate (300 < � < 1000 km), and long (� >
1000 km) wavelength components of the gravity field, as defined in the text.
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ICD at 15 km and Moho at 40 km, consistent with the
compilation of refraction seismic profiles of Christensen
and Mooney [1995]. In Appendix A, we summarize our
analysis of the thermal and density structure of the mantle.
This shows that for a heat flow of 50 mW/m2 along the
studied shield region [Hamza and Muñoz, 1996; Springer
and Förster, 1998], the depth to the LAB should be 150 km,
the value that we selected for the reference model.
[18] The densities of each layer of the reference model are

also shown in Figure 2. Following the petrophysical analy-
sis of Tassara [2006], a density of 2.7 Mg/m3 characterizes
a crystalline upper crust formed by granites with 73 wt %
SiO2. The same analysis suggests that below 20 km depth,
the lower crust can be effectively characterized by a density
of 3.1 Mg/m3. This is high compared with values of 2.8–
3.0 Mg/m3 typically assumed by gravity modelers [e.g.,
Berrocal et al., 2004; Mishra et al., 2004; Zeyen et al.,
2005], but it has also been selected by some authors to
typify deep levels of the continental crust [e.g., Ebbing
et al., 2005; Kozlovskaya et al., 2004]. For a lower crustal
layer of ‘‘normal’’ thickness (i.e., located between 15 and
�35–40 km depth), Tassara [2006, Figure 2] indicates that a
value of 3.1 Mg/m3 represents the average density of an
anhydrous gabbro crystallized from a calcalkaline basaltic-
andesite to basaltic magma, or a more basic but hydrated
mafic amphibolite. If the lower crust were buried to greater
depths (50 to 70 km, like in the Andean crustal roots), this
density is representative of metaigneous rocks with an
andesite to basaltic-andesite composition.
[19] The density selected for the reference mantle litho-

sphere is 3.32 Mg/m3. As shown in Figure A2b, this value is

an average of those expected for a continental harzburgite
with surface heat fluxes that are normal for shield regions
(45–55 mW/m2). A density of 3.45 Mg/m3 for the sublitho-
spheric mantle in the reference model is an average of
values computed in Appendix A for a pyrolitic mantle along
an adiabatic thermal gradient between 150 km and the
bottom of the model at 410 km depth.

4.3. Selection of Density Values for Modeled Bodies

4.3.1. Nazca Plate
[20] Figure 3 summarizes the density values calculated by

Hacker et al. [2003a] for metamorphosed and fresh mid-
ocean ridge (MOR) basalts (Figure 3a) and harzburgite
mantle (Figure 3b) for temperatures between 100� and
1000�C and pressures up to 8 GPa (�270 km depth). At
near-seafloor conditions (bottom left corner of Figure 3a),
fresh oceanic crust would have a density of 3.1 Mg/m3,
whereas its fully hydrated counterpart shows a reduced
density of 2.7 Mg/m3. The density of 3.05 Mg/m3 selected
for the oceanic crust of the reference model and segments III
to VII of the Nazca plate (see selected densities in Table 1)
implies a mixture of 85% fresh basalts and gabbros and 15%
fully metamorphosed basalts that is consistent with seismic
findings worldwide [e.g., Carlson and Miller, 2004]. This
relatively high density is adequate for the basalt- and gabbro-
bearing seismic layers 2 and 3 forming most of the oceanic
crust. Note that in the calculation of this average density we
do not consider the sedimentary seismic layer 1, because the
incoming Nazca plate normally shows only a thin (<300 m)
layer of pelagic sediments in seismic profiles [e.g.,Bangs and
Cande, 1997; Flüh et al., 1998; Krabbenhöft et al., 2004].

Figure 3. Pressure(depth)-temperature diagrams and boundaries of density fields associated with
metamorphic facies for (a) MOR basalt and (b) harzburgite, after Hacker et al. [2003a]. Density
boundaries are shown by thick lines, bold for metamorphosed rocks and segmented for unmetamor-
phosed rocks, with density values in Mg/m3. Thin lines are PT-depth paths of oceanic Moho for some
Andean profiles proposed by Springer [1999] and Oleskevich et al. [1999]. Grey regions labeled Tohoku
and Nankai are after Hacker et al. [2003a].
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The reduction of the crustal density for the two southernmost
segments (I and II, Table 1) is necessary for achieving a fit
with the observed Bouguer anomaly near the trench axis.
This reduction suggests either an intrinsically low crustal
density, consistent with these segments being created at the
slow spreading Chile Rise [Henstock and Thompson, 2004],
or the existence of cracks that are still open and filled with
seawater because the relatively young age of these segments
precludes their closure [e.g., Carlson, 2004].
[21] Information summarized in Figure A2a, together with

the age distribution of the Nazca plate [Müller et al., 1997],
was used to initially fix the thickness and density of the
oceanic mantle lithosphere at the trench for each of the seven
segments forming the Nazca plate in the model. However, the
final densities selected for each body were fine tuned during
the modeling in order to fit the observed long-wavelength
Bouguer anomaly near the trench axis. The final density
values for each segment are shown in Table 1.
4.3.2. Subducted Slab
[22] The densification of the slab with depth is the result

of metamorphic reactions occurring in the oceanic crust and
mantle as they are exposed to high temperatures and
pressures during passage toward the deep mantle [e.g.,
Kirby et al., 1996; Peacock and Wang, 1999; Hacker et
al., 2003a]. Understanding these reactions and their effect
on the subducted slab density is restricted by the incomplete
knowledge of the thermal structure of the Andean subduc-
tion zone. Springer [1999] and Oleskevich et al. [1999]
proposed two-dimensional temperature profiles along some
regions of the Andean forearc. From these profiles, we have
extracted the (P)T-depth path of the slab Moho and plotted
them in the diagrams of Figure 3. This information was used
to gain insights into the probable changes in slab density
with depth and to select the density values for crustal and
mantle bodies of the slab segments a to d (Figure 2 and
Table 1). In particular, it can be observed (Figure 3) that for
relatively old segments of the Nazca slab (III to V; 33.5�S to
21�S), the PT-depth paths down to 100 km depth are very
similar to each other and also to that of the Pacific slab
subducting along the Tohoku trench. For these slabs, a
relatively smooth increase in density is expected with depth,
in contrast to the young and warm slab subducting at 44�S
(segment I), which is comparable to the Philippine slab
below Nankai. The high temperatures reached at shallow
depths in these subduction zones imply an important in-
crease in density at depths less than 100 km due to enhanced
dehydration, mostly of the oceanic crust. Without a better

understanding of the thermal structure along the Andean
subduction zone, we consider the proposed density structure
of the slab (Table 1) as a rough, but acceptable, first
approximation.
4.3.3. Continental Margin
[23] Along the entire study region the continental crust is

formed by two layers whose densities remain unchanged
with respect to the values selected for the reference model,
i.e., 2.7 Mg/m3 for the upper crust and 3.1 Mg/m3 for the
lower crust. The expected spatial variation of the crustal
density structure with respect to the reference model, mostly
caused by lateral changes in compositional structure and
thermal conditions within the crust [Tassara, 2006], is
represented in this modeling by variations in the depth of
the intracrustal density discontinuity (ICD). Owing to the
high density value selected for the lower crust, the ICD is
the most prominent density discontinuity below the conti-
nent and a large portion of the Bouguer anomaly will be
absorbed by changing its geometry. In the discussion, we
analyze the implications of using this density structure and
the potential modifications of the resulting model produced
by reducing the lower crustal density.
[24] The eastern mantle lithosphere (EM in Figure 2 and

Table 1) maintains a density of 3.32 Mg/m3, as in the
reference model. Considering the information summarized
in Appendix A, the selected density for the western mantle
lithosphere body (WM in Figure 2 and Table 1) is
3.24 Mg/m3. This value accounts for the very high heat
flow observed along Andean volcanic arcs [Henry and
Pollack, 1988; Hamza and Muñoz, 1996; Springer and
Förster, 1998]. This body also underlies the forearc region,
which is colder than the arc, but is affected by the extensive
hydration likely to be caused by water liberated from the
subducting slab. For the range of depths (30 to 100 km) and
temperatures (150� to 600�C) expected for the Andean
mantle forearc [e.g., Oleskevich et al., 1999], Figure 3b
predicts that a fully hydrated, serpentinized harzburgite
should have an average density near 2.7 Mg/m3, whereas a
fresh harzburgite would have a density of 3.35 Mg/m3. The
selected value of 3.24 Mg/m3 implies a mixture of 20%
serpentinized harzburgite and 80% fresh harzburgite. These
relative proportions are consistent with the percentage of
serpentinization of the mantle forearc deduced from seismic
studies worldwide [Carlson and Miller, 2003].
[25] The difference between lithosphere and astheno-

sphere in our model is both compositional and thermal.
The lithosphere is thought to be composed by depleted

Table 1. Densities Selected for the Bodies Forming the 3-D Modela

Segment

Oceanic Plate and Subducted Slab

Continental Plate Asthenospherem a b c d

OC OM OC OM OC OM OC OM OC OM UC LC WM EM OA LA WA EA

I 2.98 3.26 2.98 3.26 3.25 3.30 3.35 3.38 3.55 3.5
II 3.00 3.30 3.00 3.30 3.2 3.33 3.3 3.4 3.55 3.5
III 3.05 3.33 3.05 3.33 3.2 3.36 3.3 3.4 3.55 3.5
IV 3.05 3.34 3.05 3.34 3.2 3.36 3.3 3.4 3.55 3.5 2.7 3.1 3.24 3.32 3.41 3.45 3.31 3.35
V 3.05 3.355 3.05 3.355 3.2 3.37 3.3 3.4 3.55 3.5
VI 3.05 3.35 3.05 3.35 3.2 3.36 3.3 3.4 3.55 3.5
VII 3.05 3.34 3.05 3.34 3.2 3.36 3.3 3.4 3.55 3.5
aDensities are in Mg/m3. Abbreviations are I–VII, along-strike segments of the oceanic plate and subducted slab; m, marine part of the oceanic

lithosphere; a–d, downward parts of the slab; OC, oceanic crust; OM, oceanic mantle lithosphere; UC, upper continental crust; LC, lower continental crust;
WM, western continental mantle lithosphere; EM, eastern continental mantle lithosphere; OA, oceanic asthenosphere; LA, lower continental asthenosphere;
WA, western continental asthenosphere; EA, eastern continental asthenosphere.
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harzburgites whose density decreases toward the LAB along
a conductive thermal gradient. In contrast, the asthenospher-
ic bodies between the continental LAB and the reference
depth of 150 km are formed by a fertile and hence dense
lherzolite whose density increases downward along an
adiabatic gradient. In this context, the asthenospheric bodies
WA and EA (Figure 2) have an average density that is
higher than the overlying lithosphere (Figure A2b), contrary
to the common idea derived from the existence of a
seismic low-velocity zone (LVZ) at the base of some
continental plates [Turcotte and Schubert, 2002]. As
shown in Figure A2b, the density of 3.35 Mg/m3 selected
for the eastern asthenosphere body is an average of the
values expected for a fertile lherzolite and heat fluxes lower
than 70 mW/m2. The western asthenosphere below active
volcanic zones, where heat flow is higher than 75 mW/m2

[Hamza and Muñoz, 1996; Springer and Förster, 1998], can
be represented by a density of 3.31Mg/m3, slightly lower than
for the reference lithospheric mantle. This implies that this
body has a negative density contrast producing a mass deficit
in themodel that can intuitively be associatedwith the seismic
mantle LVZ.

5. Geometry of Density Discontinuities and
Their Constraints

5.1. Oceanic Plate

[26] The oceanic crustal thickness was initially fixed to
7 km, the average global value [White et al., 1992; Bown and
White, 1994]. During modeling, the oceanic Moho was
adjusted to match the local constraints given by refraction
seismic profiles for some regions near the trench axis (Figure 4)
and mostly by fitting the short- to intermediate-wavelength
Bouguer anomaly along the modeled cross sections.
[27] For each segment forming the Nazca plate, our

model represents the oceanic mantle lithosphere with one
body whose thickness and density were initially forced to
correspond with the age-predicted value at the trench axis.
These predicted values were computed as described in
Appendix A using the Nazca age grid of Müller et al.
[1997]. In order to fit the intermediate- to long-wavelength
Bouguer anomaly, these initial values were then optimized
for an area near the trench axis. Figure A2a shows that a
decrease in Nazca ages west of the trench implies a
reduction in the age-predicted LAB depth in that direction
and also a subsequent decrease in the average lithospheric
density with respect to the value at the trench. This is the
result of hotter thermal conditions for younger plates. There-
fore a westward increasing lithospheric mass deficit with
respect to the density structure at the trench can be predicted
by the half-space cooling model. This is consistent with the
offshore Bouguer anomaly that decreases toward the west
(Figure 1b). With only one body of constant density repre-
senting the oceanic lithosphere in the model, we reproduce
this pattern by replacing westward increasing amounts of
dense sublithospheric mantle by lighter lithospheric material
to fit the long-wavelength Bouguer anomaly.

5.2. Subducted Nazca Slab

[28] The Moho and upper surface of the slab have been
imaged by reflection and refraction seismic profiles along
some regions of the forearc. Receiver function studies also

locally image the slab Moho. From the references listed in
Figure 4, we digitized the depth to these discontinuities and
included them in the model. This information was combined
with hypocenters recorded by local seismic networks (as
referenced in Figure 4) and complemented with seismicity
registered at teleseismic distances and recorded in the USGS
NEIC catalogue (http://neic.usgs.gov/neis/epic/), the ‘‘Cen-
tennial Global Earthquake Database’’ (http://www.geonavi.
com/eric/HotNews/eqDB.html) and in data described by
Engdahl et al. [1998]. To locate the upper surface of the
slab, the digitized seismic images and the seismicity asso-
ciated with the Wadati-Benioff zone within 50 km of each
modeled cross section were considered. Selected profiles of
the global tomography model of Villaseñor et al. [2003]
were used to constrain the geometry of the slab at depths
greater than 200 km, where seismicity is generally scarce.
[29] The resulting slab geometry is best constrained in

regions like the central Andes between 20� and 25�S where
seismic profiles, receiver function observations and local

Figure 4. Distribution and references of locally generated
seismic information incorporated into the 3-D density
model to constraint the geometry of the subducted slab
(local seismic networks and refraction seismic profiles) and
continental Moho (Pn apparent velocity and receiver
function results).
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seismic networks are available and the global tomography
model is well constrained. For these regions, we estimate an
uncertainty in slab position of ±5 km at 150 km depth based
on the standard average error for hypocenter locations [e.g.,
Hacker et al., 2003b]. The slab geometry is poorly defined
in other regions, like the southern Andes south of 40�S,
where no local data are available, teleseismic information is
intrinsically scarce at all depths, and the global tomography
model is poorly resolved. In this region, uncertainties in slab
position can be as high as ±25 km at 150 km depth.

5.3. Continental Lithosphere–Asthenosphere
Boundary

[30] We shape the geometry of the continental LAB in our
model mostly by fitting the intermediate- to long-wavelength
Bouguer anomaly, but also by simultaneously maintaining
consistencywith two independent data sets: the heat flowmap
of South America of Hamza and Muñoz [1996] and
continental-scale seismic tomography models of Vdovin
et al. [1999], van der Lee et al. [2001] and Feng et al.
[2004]. To do this, we accept that the LAB beneath the
continent is thermally defined as the depth at which the
conductive thermal gradient characteristic of the lithosphere
intersects an asthenospheric adiabat [e.g., Artemieva and
Mooney, 2001] and therefore that variations in LAB depth
should be positively correlated with the intermediate- to long-
wavelength distribution of surface heat flow density Qs (see
Appendix A). In addition, and as pointed out by Feng et al.
[2004], the subcrustal seismic velocity structure is primarily
sensitive to mantle temperature variations and hence to the
LAB depth. During the modeling, we attempted to represent
in the final LAB geometry the most robust features suggested
by both the regional- to continental-scale variations of Qs
reported by Hamza and Muñoz [1996], as well as the
distribution of S wave velocities below 100 km and Rayleigh
surface waves at periods greater than 60 s shown in the maps
of Vdovin et al. [1999], van der Lee et al. [2001] and Feng et
al. [2004]. The average estimated error in the LAB geometry
resulting after this modeling is 10 km.

5.4. Continental Moho

[31] The Moho discontinuity is fixed in the model based
on the results of seismic experiments in some regions of the
Andean margin (Figure 4). Most of these data have been
produced in the framework of the SFB267 project. Receiver
function analysis of locally recorded earthquakes along the
central Andes between 20� and 25�S were published by
Yuan et al. [2000, 2002]. Using two different methods, they
observed a P-to-S seismic wave velocity converter at the
base of the continental crust and reported depths to the
Moho. As discussed in the original papers, these estimates
are generally in good agreement with published data
obtained from deep seismic refraction profiles [Wigger et
al., 1994; Schmitz et al., 1999] and other receiver function
studies [e.g., Beck et al., 1996]. However, Yuan et al. [2002]
do not discuss the reason why their estimates from a grid
search algorithm are up to 10 km shallower than those
reported by Yuan et al. [2000] based on stacking and depth
migration of the receiver functions along EW profiles. We
used a Moho depth in between these two estimates to
represent the Moho geometry along profiles where both
results are available.

[32] Yuan et al. [2006] also report a receiver function
profile at 39�S, from which we have digitized the Moho
depths obtained after correcting the depth-migrated receiver
functions by the results of the grid search method. Two
additional unpublished receiver function profiles imaging
the continental Moho at 21�S and 25.5�S were provided by
I. Wölbern (personal communication, 2004). Fromm et al.
[2004] estimated Moho depths from an analysis of apparent
Pn wave phase velocities recorded along an EW array of
broadband seismic stations around 30�S. These estimates
are in good agreement with those published by Regnier et
al. [1994].
[33] For unconstrained regions, the Moho was shaped by

fitting the intermediate-wavelength Bouguer anomaly along
each modeled cross section, maintaining a smooth transition
to seismically constrained regions and following the general
trend of surface elevation under the assumption that the
orogenic topography is primarily compensated by a crustal
root. By doing this, we follow the main conclusions of
previous isostatic analyses of the Andes [e.g., Götze et al.,
1991, 1994; Introcaso et al., 1992; Tassara and Yáñez, 2003]
and elsewhere [e.g., Lowry et al., 2000;Watts, 2001], but note
that we made no attempt to fix the Moho geometry from
predictions of either Airy or flexural isostatic compensation
models.
[34] On the basis of the previously mentioned discrepancy

between different receiver function methods, the average
thickness of converters at the base of the crust along receiver
functions profiles and the sensitivity analysis of Fromm et al.
[2004], we estimate the average uncertainty in Moho
depth to be ±5 km in regions where it is seismically
constrained.

5.5. Intracrustal Density Discontinuity

[35] The geometry of the ICD is not constrained by
independent information. Instead, it is adjusted to remove
any misfit to the observed Bouguer anomaly that remains at
intermediate to short wavelengths after fixing the Moho and
subcrustal density structure in the manner described above.

6. Residual Bouguer Anomaly and Model
Accuracy

[36] The quality and accuracy of the model can be
quantified by its ability to reproduce the observed gravity
field. Figure 5 shows a residual Bouguer anomaly map
computed by gridding the differences between observed and
calculated Bouguer anomaly for each gravity station
contained in the database. Less than 10% of the studied
region has residual anomalies with amplitude greater
than the estimated error in the observed Bouguer anomaly
(±20 mGal). These anomalies are of very short to short
wavelength and are not systematically distributed in the map.
[37] At wavelengths relevant to this work (i.e., greater

than some hundred kilometres), the residual anomalies lie
well within the range ±20 mGal. The histogram in Figure 5
shows a tight concentration of residual anomaly values
around 0 mGal, defining a standard deviation of 15.05 mGal.
These statistics indicate that the 3-D density model
satisfactorily reproduces the regional- to continental-scale
features of the observed Bouguer anomaly with an accuracy
better than the error in the measured anomaly. This means
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that the model is a good representation of mass distribution
along the Andean margin.

7. Sensitivity Analysis

[38] We used a facility of IGMAS to test the sensitivity of
the final model to changes in density and geometry. We
estimated the uncertainty in the density selected for each
body as the tolerable percentage variation in this parameter
that would produce a variation in the calculated Bouguer
anomaly equal to the estimated error of the observed
anomaly, i.e., ±20 mGal. These uncertainties are presented
in Table 2a. The average uncertainty resulting from changes
in the depth to density discontinuities is shown in Table 2b.

To estimate these uncertainties, for several cross sections of
the model we calculated the vertical variation of the vertices
defining each discontinuity that produce an average change
in the calculated Bouguer anomaly equal to the tolerance
limit of ±20 mGal. The uncertainty associated with each
discontinuity should be less than that of the vertices. This is
because the 3-D effect on the gravity field produced by
vertically moving the whole discontinuity is larger than the
effect of moving single vertices. We estimate the expected
uncertainty in the depth of each discontinuity to be 20% of
the average uncertainty calculated for single vertices.
[39] This analysis and the information summarized in

Table 2a give an indication of the tolerable range of
variation in densities for each body and the geometry of

Figure 5. Residual Bouguer anomaly generated by the final model. The residuals were calculated for
each gravimetric station as the difference between observed and calculated Bouguer anomaly. Regions
delimited by white and black contours have anomalies lower than –20 mGal and higher than 20 mGal,
respectively. More than 90% of the modeled area has residuals between these limits. The histogram
shows a tight concentration of residuals around zero with a standard deviation � = 15.05 mGal.
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the discontinuities separating these bodies. This approach is
by no means a tool to evaluate the accuracy of the model and
it does not guarantee the resolution of the method. However,
this information can be used to analyze the meaning of the
final geometry obtained for density discontinuities that are
not constrained by independent information. We discuss
some specific aspects to be taken into account during the
description and interpretation of the model.
[40] Densities of the oceanic mantle lithosphere could

change by 0.15–0.3% with respect to the selected values
without a noticeable change in the modeled Bouguer
anomaly. Therefore and considering the calculations in
Appendix A (Figure A2a), the model is sensitive to varia-
tions in the oceanic mantle density produced by a change in
plate age of ±5 Myr. Such an age change for the Nazca plate
does occur at scales of 500 km and its effect on the gravity
field, namely the westward decrease of the Bouguer anom-
aly caused by decreasing average mantle density, is incor-
porated into the model by shifting the oceanic LAB
downward by more than 8 km, i.e., by an amount equivalent
to the uncertainty in the depth to this discontinuity.
[41] For continental mantle bodies, the calculated uncer-

tainties in density between 0.15 and 0.4% and 10 km in the
LAB depth, reflect a tolerable change in the surface heat
flow of ±5 mW/m2 for cold foreland shield regions and up
to ±10 mW/m2 for hotter orogenic regions (Figure A2b).
Along some regions of the Andean margin, the surface heat
flow changes at scales smaller than the size of mantle bodies
(�200 km) and with amplitudes greater than the estimated
tolerance limit (5–10 mW/m2 [Hamza and Muñoz, 1996]).
These thermal anomalies with respect to the modeled mantle
structure could produce a local misfit between observed and
modeled Bouguer anomaly that will be compensated during
the modeling by shifting unconstrained density discontinui-
ties, i.e., the Moho in regions without seismic constraints
and the ICD. The effect on the Moho could be of the order
of ±5 km (Table 2b), which is identical to the uncertainty
range associated with locating this discontinuity using
seismic methods. This indicates that mantle density varia-
tions, at least those associated with regional fluctuations in
the thermal field, will not cause major additional uncertain-
ties in the Moho geometry. Similarly, compared with effects
caused by lateral density variations within the crust, the
effect of mantle density variations on the ICD geometry
should be minor (�2 km, Table 2b).
[42] The selected density for the upper continental crust

has an uncertainty of 0.92%. The empirical relationship
between density and silica content for crystalline upper

crustal rocks proposed by Tassara [2006] indicates that
�1% change in density around the selected value of
2.7 Mg/m3 is equivalent to a variation of �5 wt % SiO2

around the normal content of a granite (73 wt % SiO2). For
regions where the upper crust is mostly formed by crystalline
rocks with a composition in this range, the geometry of the
ICD will be dominated by the actual structure at the base of
the upper crust and lateral density variations below this base.
If the real upper crust locally comprises rocks with a density
more than 1% lower or higher than 2.7 Mg/m3 (sedimentary
basins or crystalline rocks with less than 68 wt % SiO2),
then the effect on the Bouguer anomaly will be higher than
the tolerance limit of 20 mGal. This effect must be compen-
sated in the model by vertically shifting the ICD by more
than the 2 km estimated as the uncertainty for this discon-
tinuity. In this way, the ICD geometry would also account for
lateral density changes at upper crustal levels.
[43] A tolerable change of 0.32% for the lower crustal

density indicates that the model is sensitive to density
variations of up to 2.5% that can be produced by the
extreme thermal differences between hot volcanic arcs and
cold shields [Tassara, 2006]. The huge density uncertainties
of �15% related to the unknown lower crustal composition
[Tassara, 2006] are even more important. In this context,
the geometry of the ICD reflects the lateral variations in
upper and mostly lower crustal composition, temperature
within the lower crust and, to a minor extent, local thermal
or compositional anomalies in the mantle.

8. Description and Discussion of Results

[44] We describe the main results of this modeling in
terms of the final geometry of the density discontinuities
that make up the 3-D model and discuss the implications of
these results for some aspects of the geodynamics of the
Andean margin. Tables S1–S6 list the vertices that define

Table 2a. Uncertainties of Allocated Density Values Resulting From the Sensitivity Analysisa

Segment

Oceanic Plate and Subducted Slab

Continental Plate Asthenospherem a b c d

OC OM OC OM OC OM OC OM OC OM UC LC WM EM OA LA WA EA

I 2.31 0.30 2.95 0.49 5.75 0.96 6.32 0.97 7.07 1.14
II 2.00 0.27 3.03 0.42 5.03 0.69 6.39 0.94 8.73 1.25
III 1.40 0.21 2.78 0.45 3.78 0.50 4.57 0.58 7.63 0.94
IV 1.37 0.18 3.83 0.51 4.34 0.44 5.48 0.58 7.23 0.77 0.92 0.32 0.40 0.15 0.06 0.06 0.36 0.23
V 0.65 0.15 3.60 0.42 4.12 0.41 6.03 0.61 9.85 1.14
VI 0.85 0.18 1.34 0.42 2.23 0.44 2.42 0.44 7.74 0.80
VII 2.42 0.21 2.88 0.41 3.59 0.45 3.81 0.47 6.84 7.14
aAbbreviations are as in Table 1. All values are absolute magnitudes. Uncertainties in density are tolerable percentage change with respect to the density

values for the corresponding body in Table 1.

Table 2b. Main Geometriesa

Geometries Value

Oceanic Plate
Moho 1.5
LAB 8

Slab
Upper surface 5

Continental Plate
ICD 2
Moho 5
LAB 10
aUncertainties in geometries are in km.
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the geometry of each discontinuity in the final IGMAS
model and are available in the auxiliary material1.

8.1. Nazca Plate

8.1.1. Oceanic Moho
[45] The thickness of the oceanic crust obtained from the

3-D density model is shown in Figure 6a. This thickness has
been calculated by subtracting the resulting oceanic Moho
depth from the satellite-derived bathymetry. Only �55% of
the area covered by the Nazca plate in Figure 6a has a
crustal thickness lying within the tight global range of 7 ±
1 km estimated by White et al. [1992] and Bown and White
[1994]. This value reduces to �45% if the more homoge-
nous region to the north of the Nazca ridge is excluded.
[46] The anomalous distribution of crustal thickness cor-

relates with the water depth anomaly (Figure 6b), i.e., the
difference between observed bathymetry and water depths
predicted by the half-space cooling model [Turcotte and

Schubert, 2002, p. 175] for Nazca ages from Müller et al.
[1997]. Regions with positive depth anomalies greater than
500 m are generally correlated with estimated crustal
thickness greater than 8 km. This correlation suggests that
these areas have been thermally uplifted after interaction
with known hot spots (i.e., Easter, San Felix, Juan Fernán-
dez) and diffuse thermal anomalies (‘‘Easter hot line’’ of
Bonatti et al. [1977]), and injected with amounts of magma
that exceed those generated along spreading centers. Depth
anomalies greater than 1000 m along oceanic ridges are
compensated by crustal roots in excess of 10 km thickness.
The thickest oceanic crust is observed below the Nazca
ridge, which shows a continuous crustal root with maximum
crustal thickness of 35 km at the intersection of the ridge
with the Nazca fracture zone. This is more than twice the
maximum thickness of the Iquique and Juan Fernández
ridges. The crustal root of the Juan Fernández ridge is
discontinuous and does not thicken toward the trench. This
is in agreement with the gravity-derived crustal thickness
observed by Yáñez et al. [2002] and the refraction seismic
tomography of Kopp et al. [2004].

Figure 6. (a) Crustal thickness of the oceanic Nazca plate resulting from the model. Bold white
contours are for isolines of 6 and 8 km, remarking the worldwide average oceanic crustal thickness of 7 ±
1 km [Bown and White, 1994]. (b) Water depth anomaly of the Nazca plate (see text for definition) for
plate ages after Müller et al. [1997].

1Auxiliary materials are available at ftp://ftp.agu.org/apend/jb/
2005jb003976.
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[47] Neutral to negative water depth anomalies are corre-
lated with thin oceanic crust (<6 km) along all fracture zones
south of 15�S. Thinner crust along fracture zones is a
common observation [e.g., White et al., 1992]. The thick
oceanic crust along the Chile Rise is not likely to be a real
structural feature, but more an artefact of the model generated
to compensate the presence of light molten material along the
active ridge axis whose density should be much lower than
the value selected for the crust of segments I and II.
8.1.2. Oceanic Lithosphere-Asthenosphere Boundary
[48] The depth to the oceanic LAB obtained from the

density model (LABM) is shown in Figure 7a. Figure 7b
shows the age-predicted LAB depth (LABP) calculated
from a half-space cooling model as in Appendix A. LABP

decreases and LABM increases west of the trench.
[49] The westward deepening of LABM represents the

westward increasing mantle lithosphere mass deficit with
respect to the density structure at the trench caused by the
expected decrease in average density related to westward
younging of the Nazca plate. In this context, the resulting
LABM map of Figure 7a can be used to predict the oceanic
mantle density structure expected under the thermal con-

ditions implied by the half-space cooling model. In Appen-
dix B, we explain a method to correct the densities of the
oceanic mantle lithosphere considering the values selected
for each segment (Table 1) and the maps of Figure 7 for
modeled and age-predicted depths to the oceanic LAB. This
correction essentially considers that the LAB depth must
correspond to the prediction of the cooling model and then
the spatial variations of LABM are converted to density
variations with respect to the selected mantle lithosphere
values by means of a simple mass balance. In Appendix B,
we also show that the ‘‘corrected’’ density structure, after
being included in the 3-D density model, reproduces the
observed Bouguer anomaly, demonstrating the validity of
such a correction. The corrected densities are shown in
segments I to VII in Figure 8. The spatial variations
obtained are now realistic, with a density decrease west of
the trench and jumps across the fracture zones separating
plate segments. However, unrealistically low density values
were calculated for segments younger than 15 Myr, sug-
gesting that the method described is not valid for extremely
thin and hot lithospheres along the Chile Rise.

Figure 7. (a) Lithosphere-asthenosphere boundary (LAB) of the Nazca plate resulting from the model
(LABM). (b) LAB depth predicted by an age-dependent half-space cooling model (see text) for Nazca
ages after Müller et al. [1997].
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[50] At regional scales, reduced densities with respect to
the surroundings can be observed along the Nazca ridge,
particularly in its southwestern part (segment V). This
correlates with the thickest oceanic crust estimated from
the forward gravity modeling (Figure 6a). Both phenomena
are related to the lowest Bouguer anomaly observed west of
the trench region and suggest that, in addition to a thick
crustal root, low lithospheric mantle densities also play a role
in compensating the load of the Nazca ridge. This in turn
could imply a thermally active lithospheric system that can
be associated with the complex and poorly studied interac-
tion of the ridge, the Nazca fracture zone and some deep
thermal anomaly like that proposed by Bonatti et al. [1977].
Small-scale (<200 km diameter) zones of mantle density
lower than the surroundings are also evident near the trench
to the north of the Juan Fernández ridge (segment IV) and
along the subduction region of the Mocha-Valdivia fracture
zone (segment III). The low densities to the north of the Juan
Fernández ridge are in good agreement with both the
position and magnitude of reduced mantle seismic velocities
inferred by Kopp et al. [2004]. They explained these low
velocities by partial serpentinization of the uppermost man-
tle where an old hot spot-related fault system was reactivated
once it reached the bent outer rise region. Enhanced mantle
serpentinization could also explain low densities associated
with the subducting Mocha–Valdivia fracture zone, for
which the concentration of strike-slip deformation during
its Neogene tectonic history [Tebbens and Cande, 1997] left
a pervasively faulted uppermost mantle.

8.2. Subducted Slab

[51] The slab geometry obtained from the method de-
scribed in section 5.2 is shown in Figure 9a. The inclusion
of shaded topography, illuminated from the NE, allows a
comparison with upper plate morphostructure. Continental-

scale features of the subducting slab that are evident in
Figure 9a are in good agreement with the slab geometry
presented previously by Cahill and Isacks [1992], Creager
et al. [1995], and Gutscher [2002]. In particular, coinciden-
ces are observed in the definition of (1) a relatively constant
penetration angle (i.e., between the trench and 50 km depth)
of �20� between 5� and 36�S that decreases further to the
south; (2) flat segments between 100 and 150 km depth
associated with volcanic gaps in Peru (5�–15�S) and
Argentina (27�–32�S); (3) steeply subducting segments
with dip angles of 25–35� between flat slab regions; and
(4) a general parallelism between trench axis, coastline,
volcanic front and slab contours along the Arica Bend.
Unlike previous models of slab geometry, the geometry
shown in Figure 9a contains significant information at
regional scales (hundred kilometres) because the database
compiled for this model contains more information of better
quality than was available for previous compilations.
[52] The slab geometry resulting from our model could be

used for several tasks. In the following we only deal with
the causes of slab flattening in the context of the relation-
ship between the crustal structure of subducting oceanic
ridges (Figure 6a), the position and morphology of flat slab
segments and their remarkable correlation with the mor-
phostructure of the continental plate (Figure 9a). These
observations suggest that although the southern, shallow
part of the Peruvian flat slab is obviously correlated with the
subduction of the huge Nazca ridge, the positive buoyancy
of subducted ridges with respect to the surrounding slab
[e.g., Gutscher et al., 2000; Yáñez et al., 2001] is a
necessary but insufficient condition for causing slab flat-
tening. In particular, note that the subduction of the Iquique
ridge, which has a more continuous crustal root than the
Juan Fernández ridge in Figure 6a, is associated with a
steeply subducting slab underneath the Altiplano region.

Figure 8. Corrected density structure of the Nazca plate lithospheric mantle. The results of the
procedure discussed in the text and Appendix B for each of the seven modeled segments forming the
oceanic plate are shown.

Figure 9. Geometry of density discontinuities underneath the continental margin that were constrained with independent
data. Triangles are active volcanoes and the shading corresponds to topography-bathymetry. (a) Subducted slab contoured
every 25 km. (b) Lithosphere-asthenosphere boundary (LAB) contoured every 20 km. (c) Moho every 10 km. In Figures 9b
and 9c, dotted lines depict the intersection of the corresponding discontinuity with the subducted slab (white line) and the
plane separating western and eastern mantle bodies (black line) (see also Figure 1b).
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Two other factors to be considered as controls on the shape
of the slab are (1) locally enhanced buoyancy of the oceanic
plate caused by hydration of the uppermost mantle to the
north of the Juan Fernández ridge, as revealed by seismic
velocities [Kopp et al., 2004] and density anomalies
(Figure 8, segment IV), and (2) the dynamic control exerted
by the absolute westward motion of the South American
plate, as highlighted by the thermomechanical models of
van Hunen et al. [2004]. This is also coupled to a decrease
(from the Altiplano toward the Peruvian and Argentinean
flat slab segments) in the amount of convergence that is
absorbed by upper plate shortening [e.g., Isacks, 1988].

8.3. Continental Plate

8.3.1. Lithosphere-Asthenosphere Boundary
[53] The LAB depth below the Andean continental mar-

gin resulting from this modeling is shown in Figure 9b. We
describe some continental-scale features of the LAB geom-
etry that are robust with respect to the uncertainties derived
from the gravity modeling and those related to the heat flow
data [Hamza and Muñoz, 1996] and seismic tomography
models [Vdovin et al., 1999; van der Lee et al., 2001; Feng
et al., 2004] used to constrain it.
[54] Active volcanic zones are underlain by lithosphere

thinner than 80 km. This value reduces to 60 km below the
central Puna and along the SVZ south of 36�S, where
thinner crust (Figure 9c) allows the existence of shallower
asthenosphere. As shown in Figures 9b and 9c, the mantle
under volcanic zones is formed by the western bodies of
Figure 2 that has a low density with respect to the eastern
mantle bodies. This reflects their position underneath the
hottest and most hydrated regions of the continental margin.
The lithosphere below volcanic gaps and flat slab segments
has the same properties as the cold and dense eastern body
(EM in Figure 2 and Table 1) and is also thicker than 100 km.
[55] East of the main cordilleras, the LAB reaches depths

greater than 120 km north of 12�S and along an ENE
oriented region underneath the eastern Sierras Pampeanas.
The northwestern limit of this region roughly correlates with
the presumed suture between the Rio de la Plata Craton
and the Pampean suspect terrain, and between the latter
and the Cuyania terrain [e.g., Ramos, 1988; Chernicoff and
Zappettini, 2003]. This suggests a first-order distinction
between these lithospheric blocks. The thickest lithosphere
within the study region (>160 km thick) underlies the eastern
part of the Brazilian shield. This region is separated from the
thick lithosphere underneath the Peruvian foreland (>140 km
thick) by a NW oriented and relatively thin lithospheric
corridor that connects with a wide zone of lithosphere
thinner than 120 km underlying the western Brazilian shield
and the foreland behind the Altiplano-Puna plateau.
[56] For regions not affected by arc volcanism, the

thinnest lithosphere can be recognized east of the southern
Andean cordilleras underneath the North Patagonian
Massif, where LAB depths are less than 80 km. This region
shows a gradual transition to the thick Pampean lithosphere
to the north, which comprises NW oriented structures that
can be recognized in the topography of the Neuquén System
and San Rafael Block (see Figure 1a). This could suggest
that the proposed Patagonian plate [e.g., von Gosen, 2003]
is essentially different to the continental blocks to the north.
The region of shallow LAB in Patagonia to the east of the

Neuquén System and along the northern part of the North
Patagonian Massif has been subjected to intense Cenozoic
volcanic activity of presumed asthenospheric origin [e.g., de
Ignacio et al., 2001; Kay et al., 2004]. This could be related
to a persistent thermal anomaly that characterizes the
Patagonian lithosphere.
8.3.2. Moho
[57] The depth to the continental Moho is shown in

Figure 9c. We comment on some continental-scale charac-
teristics of this geometry that, within the uncertainties
previously discussed, can be considered first-order features
of Andean crustal thickness.
[58] The modeled intersection of the continental Moho

with the subducted slab along the central Andean forearc
(white dashed line in Figure 9c) roughly coincides with the
coastline, the 0 mGal contour line (Figure 1b), the 30–
50 km depth range of the subducted slab (Figure 9a) and the
downdip limit of the seismogenic zone (DLSZ) as defined
by Tichelaar and Ruff [1991] and Khazaradze and Klotz
[2003]. Thus the model suggests a strong causative rela-
tionship between these observables and also supports the
main conclusion of Oleskevich et al. [1999] that the DLSZ
corresponds to the intersection of the subduction thrust fault
with serpentinized, nonseismogenic forearc mantle. Along
the southern Andean forearc (mostly south of 38�S), the
modeled Moho-slab intersection is shifted westward with
respect to the DLSZ determined by Khazaradze and Klotz
[2003]. This could indicate a seismogenic forearc mantle in
this region, similar to that proposed for other subduction
zones [e.g., Simoes et al., 2004].
[59] East of the Moho-slab intersection, the crust is

commonly thinner than 30 km and the Moho is upwardly
convex. The forearc mantle is generally shallower than
20 km, particularly underneath the Peruvian coastline and
the Central Valley south of 38�S. The thinned crust south of
38�S is consistent with seismic tomography results that
image a shallow mantle below the southern Andean forearc
[Bohm, 2003] and with Meso-Cenozoic extension of the
forearc region [e.g., Mpodozis and Ramos, 1989].
[60] The high topography of the central Andean orogen is

compensated by thick crust reaching more than 60 km
thickness. This crustal root seems to be very narrow
(<100 km) north of 13�S, widening southward as the
Altiplano also widens. This part of the plateau is locally
underlain by crust thicker than 70 km, with a maximum of
�75 km constrained by receiver function analyses (Figure 4)
beneath the western limit of the Eastern Cordillera. In
contrast to the thick Altiplano, the Puna shows a crustal
root thinner than 55 km. Considering that the elevation here
is almost 1000 m higher than in the Altiplano, Isacks [1988]
and Yuan et al. [2002] proposed that the Puna is partially
compensated by hot shallow asthenosphere, which can be
observed in the resulting LAB map (Figure 9b). These
features are consistent with the Late Neogene delamination
suggested by some authors [e.g., Kay and Kay, 1993;
Allmendinger et al., 1997] and restricts the occurrence of
significant lower crustal removal to a region located in the
central part of the Puna.
[61] South of 26�S, the high cordilleras are again under-

lain by a Moho deeper than 60 km. The morphology of the
crustal root along the southern central Andes seems to be
affected by the complex structural interaction between the
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Frontal Cordillera, the Argentinean Precordillera and west-
ern Sierras Pampeanas (Figure 1a), further suggesting the
presence of lithospheric-scale discontinuities between dif-
ferent continental terrains. Along the Principal Cordillera,
the crustal thickness gradually decreases from 60 to 40 km.
Around 36�S, we observe a local minimum of the crustal
thickness that can be connected to a NW oriented region of
thin crust (<35 km) to the east. This region was constrained
by receiver function results at 39�S and is correlated with
upper crustal structures recognizable in topography and
associated with active back-arc volcanism [e.g., Folguera
et al., 2002; Kay et al., 2004]. The central segment of the
SVZ (37�–40�S) overlies crust �40 km thick, but this value
seems to decrease to less than 30 km along the southern-
most SVZ. In this region there are no seismic constraints
and the shallow Moho could be indicating the presence of
dense mantle and/or crustal material.
8.3.3. Intracrustal Density Discontinuity
[62] The depth to the ICD is shown in Figure 10a. This is

a result of our model that is independent of other geo-
scientific information, and therefore it can be used to gain
new insights into the three-dimensional mass distribution
within the Andean continental crust. Owing to the multiple
factors potentially affecting the ICD geometry, its interpre-
tation is a complex task that should be undertaken with the
assistance of independent information.
[63] In an attempt to evaluate the effect of upper crustal

density variations, we produced a map showing the per-
centage difference between surface density and the value
of 2.7 Mg/m3 selected for the upper crust. This map was
generated using the digital geological map of South
America [Schobbenhaus and Bellizzia, 2001], which
describes first-order geological units. Applying standard
density values [e.g., Carmichael, 1989; Tassara, 2006] for
the lithologies described in this map and then calculating for
each geological unit the percentage difference with respect
to 2.7 Mg/m3, we ended up with the map of Figure 10b. We
note that this map is useful for assisting the interpretation of
the ICD geometry, as shown below, but a deeper and more
robust interpretation for specific regions should consider a
more detailed surface density map and seismic velocity
models against which the internal structure suggested by
the ICD can be tested.
[64] We advance a general interpretation of some inter-

esting features evident in Figure 10. We note an anticorre-
lation between the depth to the ICD and surface density. In
regions where high-density rocks are exposed at the surface,
the ICD is shifted upward by an amount that should depend
on the volume of these units. For instance, Cenozoic
basaltic lavas covering the eastern Neuquén System and
North Patagonian Massif (5–8% higher than 2.7 Mg/m3 in
Figure 10b), coincide with regions where the ICD is deeper
than 10 km. This suggests that they are thin sheets overlying
a basement likely dominated by felsic Late Paleozoic
rocks [e.g., Mpodozis and Ramos, 1989]. In contrast,
Meso-Cenozoic intermediate-to-basic igneous rocks out-
cropping along the central Andean Coastal Cordillera and
the Patagonian Cordillera and characterized by densities
some percent higher than the selected value of 2.7 Mg/m3,
are consistently associated with an ICD shallower than 5 km.
The spatial continuity of this shallow ICD zone indicates
that such high-density rocks likely form the entire crust along

the central Andean forearc (including its offshore region)
and that they could be connected with the Patagonian
Batholith below the Cenozoic cover of the northernmost
southern Andes. Similarly, the Early Palaeozoic high-density
mafic-to-ultramafic rocks outcropping along some of the
western Sierras Pampeanas seem to be the surface expression
of a larger terrain characterized by ICD depths shallower
than 7.5 km and presumably by high crustal densities. The
extent of this region in Figure 10a coincides with the
presumed location of the suspected Cuyania terrain [Ramos,
1988; Chernicoff and Zappettini, 2003], supporting its
characterization as a mafic-dominated block that is probably
allocthonous with respect to the dominantly felsic Andean
basement [e.g., Lucassen et al., 2004]. However, the ENE
oriented nature of regions where the ICD is shallower than
5 km and their correlation with seismic velocity anomalies at
mantle depths, as imaged by Wagner et al. [2005], suggest
that this ICD feature could be partially associated with strong
lateral density variations in the upper mantle that are prob-
ably produced by the subduction of the Juan Fernández
ridge. As for other features observed in the ICD map,
evaluating the real causes behind the observed patterns
requires an integrated interpretation that includes crustal
seismic velocity models.
[65] Figure 10b also shows that most of the rocks

outcropping along the central Andean orogen have a density
differing from the modeled upper crustal value by a mag-
nitude similar to the tolerable uncertainty for this body, i.e.,
±1%. For this region, the ICD geometry should reflect the
structural discontinuity between upper and lower crust and
variations of lower crustal density with respect to the value
selected for the model. In this context, one of the strongest
features observed in Figure 10a is an ICD generally deeper
than 15 km between 7� and 29�S underneath the axis of the
central Andean orogen, reaching values greater than 25 km
to the north and south of the Altiplano. This deep ICD
suggests a large felsic component in the orogenic crust, at
least larger than beneath the cordilleras south of 36�S,
where an ICD shallower than 10 km suggests a mafic-
dominated crust. Note that heat flow data [Hamza and
Muñoz, 1996] and the LAB geometry of Figure 9b suggest
a similar thermal state along the central Andean plateau and
the southern Andes that is likely characterized by high
temperatures at lower crustal depths. This precludes a
possible thermal effect on the observed difference in the
ICD geometry for these regions and suggests that compo-
sitional differences are the main cause of the continental-
scale Andean segmentation.
[66] Variations in ICD geometry along the central Andean

plateau correlates with changing foreland deformation
mechanisms. A shallower ICD along the central Altiplano
(10–15 km) coincides with the flat detachment of the thin-
skinned Sierras Subandinas, whereas toward the boundaries
of the plateau, a deeper ICD (>15 km) correlates with thick-
skinned deformation [Isacks, 1988; Allmendinger and
Gubbels, 1996; Kley et al., 1999]. This suggests that the
crustal compositional structure exerts an important control
on the deformation of the continental margin.
[67] An ICD no deeper than 25–30 km along the Altiplano-

Puna plateau suggests that the bulk crustal composition is at
most intermediate, but certainly not felsic, as suggested by
some authors based on low P wave velocities (Vp�6 km/s) at
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middle lower crustal depths [e.g., Beck and Zandt, 2002;
Yuan et al., 2002]. As proposed by Schmitz et al. [1997], the
combination of low Vp and high density at lower crustal
depths can be reconciled by substantial degrees of partial
melting of a mafic protolith. The coincidence of high seismic
attenuation (Qp = 100) and an extremely high electrical
conductivity (1 S/m) down to 20 km depth below the
Altiplano [e.g., Haberland et al., 2003, and references
therein] has been interpreted as a distinctive signal of high
degrees of partial melting in the middle lower crust. This
could also explain the low rigidity underneath the Altiplano
[Tassara and Yáñez, 2003; Tassara, 2005] and low bulk
viscosities (1019–1022 Pa s) required to produce the crustal
flow thought to be partially responsible for the deformation
pattern along the plateau [Lamb, 2001; Yang et al., 2003;
Husson and Sempere, 2003; Hindle et al., 2005; Gerbault et
al., 2005]. We believe that our three-dimensional model
could be combined in the future with available seismic
velocity models in order to estimate the amount and distri-
bution of partial melting present in the Altiplano and Puna
crust, and to validate the compositional characterization
proposed here for the plateau crust.

8.4. Reducing the Lower Crustal Density

[68] The density of 3.1 Mg/m3 selected for the lower
crustal body of the model is high compared with the range of
values normally assumed by gravity modelers and implies
that the density contrast across the ICD (0.4 Mg/m3) is larger
than across the continental Moho (0.22 Mg/m3). This situa-
tion was criticized during the review of this paper, meaning
that it is necessary to justify the use of the relatively high
lower crustal density and to test the effect of reducing this
density in the model.
[69] We prefer this high value mainly on the basis of the

petrophysical analysis performed by Tassara [2006] to
specifically provide an analytical tool to support the design
of the model. This analysis demonstrated that a lower crustal
density of 3.1 Mg/m3 suitably represents the density of
metaigneous rocks of andesitic to basaltic composition
(60–50 wt % SiO2) formed under middle to lower crustal
pressure-temperature conditions (20–70 km depth) and over
a wide range of water contents (dry to H2O-saturated). Our
choice of density allows the model to clearly differentiate
a felsic upper crust (�70 wt % SiO2) from intermediate-
to-mafic lower crust and to map the lateral density
variations inside the crust using changes in the ICD
depth with respect to the reference model as a proxy
for these variations. Recent gravity models presented by
Kozlovskaya et al. [2004] and Ebbing et al. [2005] that
are based in seismic velocity models, have lower crustal
densities even higher than 3.1 Mg/m3. In addition, some
P wave tomography results reported for the Andean margin
to the south of the Altiplano-Puna plateau, show velocities
higher than 7.2 km/s at middle-to-lower crustal levels [e.g.,
Pardo et al., 2003; Bohm, 2004], which according to the
petrophysical modeling of Sobolev and Babeyko [1994],
imply a mafic lower crustal composition with densities
greater than 3.1 Mg/m3. A density contrast at middle crustal

levels that is greater than the contrast across the Moho in our
model is also supported by seismic tomography models that
show a smooth velocity gradient across the Moho [Pardo et
al., 2003; Bohm, 2004] and receiver function studies for the
central Andes that commonly image an upper-to-middle
crust P-to-S wave converter that is more intense than the
one marking the continental Moho [Yuan et al., 2000; Beck
and Zandt, 2002].
[70] These arguments build a foundation for the high

density value selected for the lower crust in the model.
Nevertheless, we have evaluated the effects that a reduction
in the lower crustal density would have on the final 3-D
model. We reduced the density of the lower crust from 3.1
to 3.0 Mg/m3, both in the reference model and in the 3-D
structure. The density and geometry of other bodies
remained the same. In this case, the average crustal density
of the reference model is �2.88 Mg/m3 (i.e., similar to the
average density traditionally assumed for the continental
crust [e.g., Christensen and Mooney, 1995; Turcotte and
Schubert, 2002]) and the Moho is the largest density
contrast below the continent. Rather than readjusting the
entire model, we calculated the residual Bouguer anomaly
produced by this different configuration. The map and
histogram of Figure 11, which were generated in the same
way as Figure 5, help to identify the changes in densities
and/or geometries of the original model that are necessary in
order to reachieve the fit between observed and calculated
Bouguer anomaly. For instance, we observe a systematic
shift of �100 ± 20 mGal between both anomalies for the
oceanic region. This shift is produced by the increase in the
positive density contrast between the lithospheric mantle of
the 3-D model and the lighter lower crust of the new
reference model. This shift is 5 times greater than the error
in the observed Bouguer anomaly. Considering Tables 2a
and 2b and preserving the original oceanic Moho and LAB
geometries, the misfit has to be compensated by decreasing
the densities of oceanic crust or lithospheric mantle by �5%
and 1%, respectively. Considering the high density values
required for the original model (Table 1) to fit the Bouguer
anomaly at the trench, this reduction could have some
justification. Whatever the case, this would be a systematic
change that would not affect the main conclusions reached
in section 8.1 with respect to the relative spatial variations in
oceanic crustal thickness and mantle density structure.
[71] Most of the forearc and foreland regions and the

entire continent south of 36�S show residual Bouguer
anomalies in the range ±20 mGal (Figure 11). This implies
that for these areas, reducing the lower crustal density has
an effect on the calculated gravity field that cannot be
resolved by the available data and hence no changes in
the original 3-D model are necessary. This is not the case for
the central Andean orogen. In this region, the thick crustal
root and larger density contrast across the Moho generate a
significant mass deficit and a shift of 40 to 120 mGal
between observed and calculated Bouguer anomaly. As-
suming that the subcrustal density structure is relatively
well-constrained in this region, this positive shift must be
compensated either by moving the ICD upward by several

Figure 10. (a) Geometry of the intracrustal density discontinuity (ICD). Triangles are active volcanoes and the shading
corresponds to topography-bathymetry. Contours every 5 km. (b) Map representing the percentage difference between
density of geological bodies at the surface and the density value selected for the modeled upper crustal body (see text).
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kilometres or by increasing the densities of mantle bodies
and/or the slab. According to the information summarized in
Tables 2a and 2b and considering the large volume of the
asthenospheric mantle body below the plateau (WA,
Figure 2), the misfit could be avoided by increasing the
density of this body by at least 1%. However, based on the
thermal analysis in Appendix A and the fact that this body is
positioned under the hot and hydrated mantle wedge, a 1%
increase in density is unrealistic. The other possibility is to
increase the density of the slab bodies c and d (Figure 2) by
3–5%. Although the poor knowledge of the density struc-
ture of the subducted slab allows such a density increase, it
would be necessary to explain why this increase occurs only
below the central Andes. We conclude that reducing the
lower crustal density from 3.1 to 3.0 Mg/m3, would be best

compensated by shallowing the ICD and hence increasing
the proportion of intermediate-mafic material that forms the
crust. In this case, the main compositional characterization
of the Andean crust inferred from the ICD geometry of the
original model is unchanged. We think that a systematic
comparison of the ICD geometry derived from the model
with existing seismic velocity models and geochemical
parameters could help in the future to quantitatively con-
strain these scenarios and to gain better insight into the
compositional structure of the Andean crust.

9. Summary and Conclusions

[72] We have presented a 3-D density model covering the
Nazca plate (85�W) and the Andean continental margin

Figure 11. Residual Bouguer anomaly map and histogram as calculated for Figure 4, but after reducing
the density of the lower crustal body of the 3-D model and the reference model from 3.1 to 3 Mg/m3.
White contours are for �20 mGal (bold) and �60 mGal (dotted); black contours are for 20 mGal (bold)
and 60 mGal (dotted).
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(60�W) between northern Peru (5�S) and Patagonia (45�S)
that incorporates a simplified representation of density
structure to 410 km depth. This inferred density structure
is the result of forward modeling of the Bouguer anomaly
with constraints from a compilation of independent (mostly
seismic) data to fix the geometry of the subducted slab,
locally the Moho of the oceanic and continental crusts, and
indirectly the lithosphere-asthenosphere boundary (LAB)
underneath the continental plate. The allocation of densities
for the bodies forming the model is supported by a quan-
titative analysis that considers density to be a function of the
chemical and mineralogical composition of rocks and pres-
sure-temperature conditions appropriate for the Andean
setting. A sensitivity analysis allows the uncertainties asso-
ciated with the modeling to be quantified and provides a
tool for interpreting the meaning of unconstrained density
discontinuities.
[73] After describing and discussing the geometries of the

major density discontinuities of the model, significant con-
clusions can be drawn that are related to the geodynamics of
the Andean margin. For instance, the coincidence between
water depth anomalies and the heterogeneous spatial distri-
bution of crustal thickness for the oceanic Nazca plate
compared with the worldwide average of 7 ± 1 km [e.g.,
White et al., 1992], suggests that it has been substantially
modified by the interaction with hot spots and diffuse
thermal anomalies since its creation. These interactions
resulted in some modification of the mantle density struc-
ture, which seems to also be affected by enhanced hydration
near fracture zones and the trench. The southern Peruvian
and Argentinean flat slab segments are associated with the
prolongation of the Nazca and Juan Fernández ridges,
respectively, but the Iquique ridge, which has dimensions
similar to the Juan Fernández ridge, does not generate a flat
slab below the Altiplano region. This suggests that the
subduction of oceanic ridges is a necessary but insufficient
condition for the flattening of the slab, an interpretation that
is in agreement with conclusions drawn from numerical
modeling [e.g., van Hunen et al., 2004].
[74] Below the continental margin, our model shows

interesting variations in the LAB depth that can be correlated
with thermomagmatic segmentation (LAB < 80 km depth
along the active volcanic zones; LAB > 100 km depth along
volcanic gaps associated with flat slab subduction) and the
pre-Cenozoic configuration of the margin (LAB > 120 km
depth below Rio de la Plata Craton and suspected Pampia
terrain; LAB > 160 km depth below the eastern Brazilian
shield). The Patagonian terrain (or plate [von Gosen, 2003])
in the southeastern part of the study region shows extremely
thin lithosphere (LAB < 80 km depth) for its position
eastward of the main volcanic arc. This could be associated
with the thermal anomaly that produced the Cenozoic
alkaline volcanism characteristic of Patagonia.
[75] Variations in the morphology and thickness of crustal

roots underneath the high Andean cordilleras (�75 km
below the Altiplano region; <40 km along the southern
Andes) and their spatial relation with surface topography
and amounts of crustal shortening, suggest large- and small-
scale variations in the isostatic mechanisms compensating
the mountain chain and the processes that lead to construc-
tion of the Andean orogen. As inferred by previous authors,
the main compensation mechanism seems to be related to

thick and buoyant crustal roots [e.g., Götze et al., 1991;
Introcaso et al., 1992; Tassara and Yáñez, 2003], but mantle
thermal roots, elastic flexure, lateral density variations, and
dynamic support from mantle and lower crustal flow could
be also acting to partially compensate the cordilleran
topography. Understanding the interaction between these
processes can be supported by the Moho geometry of our
3-D model, but this task should also consider the internal
crustal structure that can be inferred from the intracrustal
density discontinuity (ICD) separating light upper crust
from dense lower crust in the model. The ICD is a proxy
for the lateral density variations produced mostly by
changes in crustal composition, but also in lower crustal
temperature and possibly the degree of hydration and partial
melting of crustal rocks. Separating these effects requires
the consideration of independent data such as the surface
density map presented in this work or seismic velocity
models for specific regions. When efficiently combined
with such data, the ICD geometry can provide useful
information on the mass distribution within the continental
crust. Into this context, one important conclusion suggested
by the ICD geometry is that the long-term, continental-scale
Andean segmentation is likely caused by difference in the
crustal composition from intermediate-to-felsic along the
central Andes to mafic for the southern Andes.
[76] We believe that the 3-D density model presented here

is a valuable contribution to the Andean geoscientific
community. The 3-D structure is the final result of our
modeling efforts, but we consider the modeling to be a
starting point for moving toward an integrated understand-
ing of Andean geodynamic processes. Auxiliary material
Tables S1–S6 contain the vertices that define the geometry
of major density discontinuities.

Appendix A: Mantle Density Structure

[77] To examine the density structure of the mantle, we
use the Excel Macro released by Hacker and Abers [2004].
This tool implements the work of Hacker et al. [2003a] to
calculate several physical properties (including density) of a
predefined mineral assemblage at a given pressure-temper-
ature (PT) condition. This tool was modified to read
physical conditions from an one-dimensional PT gradient
in order to calculate density profiles downward the litho-
sphere. Pressures are defined by a lithostatic gradient:

P zð Þ ¼ �gz ðA1Þ

where z is depth, � = 3 Mg/m3 is an average density and g =
9.8 m/s2 is acceleration of gravity. Lithospheric tempera-
tures are calculated along conductive geotherms. For the
oceanic plate the geotherm follows a half-space cooling
model [Turcotte and Schubert, 2002, p.161]:

TOC zð Þ ¼ DT
z

zL0
þ 2

p
exp ���p2

z2L0

� �
sin

zp
zL0

� �� �
ðA2Þ

where DT = 1300�C is the temperature difference between
top and bottom of the oceanic lithosphere, zL0 = 2.32(��)0.5

is the thermal thickness of the plate, � = 1 mm2/s is the
thermal diffusivity and � is the age of the oceanic plate. The
continental thermal structure is defined by a conductive
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geotherm with crustal heat production decaying exponen-
tially with depth [Turcotte and Schubert, 2002, p.147]:

TCT zð Þ ¼ Tsþ Qs� �Hl

k
zþ �Hl2

k
1� e�z=l

� �
ðA3Þ

Ts = 25�C is the surface temperature, H = 1 �W/m3 is the
crustal heat productivity, l = 10 km is the length scale for the
decrease of H with depth, k = 2.5 W/m�C is the thermal
conductivity and Qs is surface heat flow density. This
parameterization defines the one-dimensional thermal
structure of the oceanic lithosphere TOC(z) by the age of

the oceanic plate � , and that of the continental lithosphere
TCT (z) by the surface heat flow density Qs. Examples of
these geotherms are shown in Figure A1 for an oceanic plate
age of 30 Myr and a continental heat flow of 50 mW/m2.
[78] The asthenospheric thermal regimen is defined by an

adiabat described by

TA zð Þ ¼ T0 þ Gz ðA4Þ

where T0 = 1300�C is the potential temperature reached at
the Earth surface and G = 0.3�C/km is the adiabatic
gradient.
[79] Figure A1 also shows density profiles calculated by

coupling equations (A1) to (A4) with the macro of Hacker
and Abers [2004] for two mineral assemblages; a spinel
harzburgite (‘‘hzG’’ in Hacker and Abers [2004]) and a
garnet lherzolite (‘‘pyrolite’’ of Hacker and Abers [2004]).
These rocks represent mantle peridotites characterizing
depleted continental lithosphere and fertile asthenosphere,
respectively. The oceanic lithosphere, which is the residue
left after much less amounts of basalt extraction than that
producing the continental lithosphere [e.g., Lee et al., 2005],
would have an intermediate mineralogical composition
between these end-members. From these density profiles
we calculate an average lithospheric mantle density:

� ¼ 1

ZL� ZM

Z ZM

ZL

� zð Þdz ðA5Þ

with � (z) being the variation of density with depth resulting
from the computations and ZM and ZL the depth to the
Moho and to the lithosphere-asthenosphere boundary
(LAB), respectively. The latter is defined as the intersection
of the conductive lithosphere gradient with the astheno-
spheric adiabat. Applying this procedure for oceanic plate
ages between 5 and 50 Myr, continental surface heat fluxes
between 45 and 85 mW/m2 and ZM = 10 km for the ocean
and ZM = 40 km for the continent, we compute variations
of the average lithospheric density � for both selected
peridotites as a function of � and Qs. This is presented in
Figure A2 that also shows the variations of ZL and the
average densities of a pyrolite along the adiabat representing
the asthenosphere. The latter was calculated with an
expression similar to (A5), but integrating between ZL =
75 km (= LAB depth for a 30 Myr old oceanic lithosphere)

Figure A1. Density profiles (thick lines) calculated as
explained in the text for harzburgite (dotted line) and
lherzolite (bold line), and temperature gradients (thin lines)
for three thermal regimes: continental (black), oceanic
(grey), and adiabatic (light grey). This color code also holds
for the density profiles. ZM is depth to the Moho (OC,
oceanic; CT, continental) and ZL depth to the lithosphere-
asthenosphere boundary (‘‘� = 30’’ means oceanic plate age
of 30 Myr; ‘‘Qs = 50’’ means continental surface heat flow
of 50 mW/m2).

Figure A2. Average density (thick lines) of the mantle and depth to the lithosphere-asthenosphere
boundary (thin line) calculated as explained in the text for twomantle peridotites as a function of (a) oceanic
plate age and (b) continental surface heat flow.
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and ZL(�) in Figure A2a, and between ZL = 150 km (=
LAB depth beneath a continent conducting a surface heat
flow of 50 mW/m2) and ZL(Qs) in Figure A2b.
[80] Information in Figure A2 was used to design the

reference model and to select density values for the bodies
forming the 3-D density model, as discussed in the main text.

Appendix B: Correcting the Density Structure of
Oceanic Mantle Lithosphere

[81] Figure B1 represents, schematically and in a 2-D
section, the relationship between the constant density of the
oceanic mantle lithosphere selected for the forward gravity
modeling �M, the asthenospheric density �A, the depth to
the lithosphere-asthenosphere boundary (LAB) resulting
from the forward modeling LABM (Figure 7a), the LAB
depth predicted by a half-space cooling model LABP

(Figure 7b) and the corrected density for the oceanic mantle
lithosphere �P(x) that we want to calculate from the other
parameters. The three latter magnitudes depend on the
distance x from the trench axis.
[82] By construction of the 3-D density model, at x = 0

we have that LABM = LABP and �M = �P(x). For x 6¼ 0, a
balance of the total mass contained in vertical columns of
the modeled density structure and that expected for an age-
dependent cooling model of the oceanic plate allows the
following expression to be written

�M LABM � ZM½ � þ �A ZC� LABM½ �
¼ �P xð Þ LABP � ZM½ � þ �A ZC� LABP½ � ðB1Þ

where ZM is the depth to the oceanic Moho resulting from
the gravity modeling (Figure 6a) and ZC is a compensation
depth. Arranging this expression and considering the three-
dimensional nature of the problem, we get

�P x; yð Þ ¼ �M LABM x; yð Þ � ZM x; yð Þ½ � þ �A LABP x; yð Þ � LABM x; yð Þ½ �
LABP x; yð Þ � ZM x; yð Þ

ðB2Þ

where (x, y) denote the geographic coordinates of the
evaluating point in a map. LABP(x, y) (Figure 7b) was
computed by the procedure discussed in Appendix A and
considering the oceanic plate ages for the Nazca plate
extracted from the grid of Müller et al. [1997]. This
information was used together with the results of the 3-D
density model for the depth to oceanic Moho ZM(x, y)
(Figure 6a) and LABM(x, y) (Figure 7a), and density values
summarized in Table 1 for the lithospheric and sublitho-
spheric oceanic mantle, to compute the corrected density
values �P(x, y) from (B2) for each of the seven segments of
the Nazca plate considered in this study (Figure 1a). The
results of these calculations are shown in Figure 8.
[83] In order to test the validity of such a procedure, we

modified the density structure of the 3-D model for the
segment VII of the Nazca plate to coincide with that
predicted by (B2). Figure B2 (top) shows a detail for one
of the cross sections forming the segment VII in the original
3-D density model. Note the good fit between observed and
modeled Bouguer anomaly and the similarity with the
situation schematized in Figure B1, in particular that the
mantle lithosphere is formed by one body of constant
density, and that LABM and LABP diverge westward the
trench axis. Figure B2 (bottom) shows the same cross
section but with the mantle lithosphere has been divided
in three different bodies according to the density values and
distribution resulting for the proposed procedure and pre-
sented in Figure 8, segment VII. Using this corrected
structure for the lithosphere, fixing the LAB depth to that
predicted by the cooling model (LABP) and maintaining the
rest of the density structure as defined initially by the 3-D
density model, it can be observed that the fit between
observed and modeled Bouguer anomaly remains as good
as for the original situation in Figure B2 (top). This
demonstrates that the procedure we use to compute cor-

Figure B1. Schematic representation of the relationship
between the lithospheric mantle structure of modeled
oceanic plate and that expected for the half-space cooling
model. The parameters are x, distance from the trench axis;
�M, density of the modeled lithospheric mantle body; �A =
density of the modeled asthenospheric mantle body; ZM,
depth to the oceanic Moho; LABP, depth to the lithosphere-
asthenosphere boundary predicted by the half-space cooling
model; LABM, depth to the lithosphere-asthenosphere
boundary from the model; ZC, an arbitrary compensation
depth; �p(x), predicted density of the lithospheric mantle as
a function of x. These parameters are used to compute a
mass balance expressed by equations (B1) and (B2).

Figure B2. (top) part of a vertical cross section from the 3-D
density model along segment VII of the Nazca plate. Note the
good fit between observed and modeled Bouguer anomaly
and the geometries and values of parameters defined in
Figure B1. (bottom) Same cross section but with a
lithospheric mantle structure corrected after applying the
procedure of equation (B2). Note that the fit to the
gravity field is as good as in Figure B2 (top).
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rected densities for the oceanic mantle lithosphere is valid
and generates a density structure that reproduces the gravity
field.
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F. Perosi, and C. Fernandes (2004), Deep seismic refraction and gravity
crustal model and tectonic deformation in Tocantins Province, central
Brazil, Tectonophysics, 388, 187–199.

Bohm, M. (2004), 3-D Lokalbebentomographie der südlichen Anden
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and J. Reinemund, pp. 59–89, Circum-Pac. Res. Counc., Houston, Tex.

Müller, R. D., W. R. Roest, J.-Y. Royer, L. M. Gahagan, and J. G. Sclater
(1997), Digital isochrons of the world’s ocean floor, J. Geophys. Res.,
102, 3211–3214.

Oleskevich, D. A., R. D. Hyndman, and K. Wang (1999), The updip and
downdip limits to great subduction earthquakes: Thermal and structural
models of Cascadia, south Alaska, SW Japan, and Chile, J. Geophys.
Res., 104, 14,965–14,991.

Oncken, O., et al. (2003), Seismic imaging of a convergent continental mar-
gin and plateau in the central Andes (Andean Continental Research Project
1996 (ANCORP ’96)), J. Geophys. Res., 108(B7), 2328, doi:10.1029/
2002JB001771.

Pardo, M., D. Comte, and T. Monfret (2002), Seismotectonic and stress
distribution in the central Chile subduction zone, J. S. Am. Earth Sci., 15,
11–22.

Pardo, M., T. Monfret, E. Vera, A. Eisenberg, and G. Yáñez (2003),
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S U M M A R Y
We present an upgraded version of a previously published 3-D density model of the Andean
subduction zone between 18◦S and 45◦S. This model consists of 3-D bodies of constant density,
which geometry is constrained by independent seismic data and is triangulated from vertical
cross-sections. These bodies define the first-order morphology and internal structure of the
subducted Nazca slab and South American Plate. The new version of the density model results
after forward modelling the Bouguer anomaly as computed from the most recent version
of the Earth Gravitational Model (EGM2008). The 3-D density model incorporates new
seismic information to better constrain the geometry of the subducted slab and continental
Moho (CMH) and has a trench-parallel resolution doubling the resolution of the previous
model. As an example of the potential utility of our model, we compare the geometry of
the subducted slab and CMH against the corresponding global models Slab1.0 and Crust2.0,
respectively. This exercise demonstrates that, although global models provide a good first-order
representation of the slab and upper-plate crustal geometries, they show large discrepancies
(up to ±40 km) with our upgraded model for some well-constrained areas. The geometries
of the slab, lithosphere–asthenosphere boundary below the continent, CMH and intracrustal
density discontinuity that we present here as Supporting Information can be used to study
Andean geodynamic processes from a wide range of quantitative approaches.

Key words: Gravity anomalies and Earth structure; Subduction zone processes; South
America.

1 I N T RO D U C T I O N

The Chilean margin along the southwestern coast of South America
(SA) is the type locality of strongly compressive subduction zones
(Uyeda & Kanamori 1979; Heuret & Lallemand 2005). Plate con-
vergence between Nazca (NZ) and SA occurs at rates of 66 mm yr–1

in a nearly perpendicular direction with respect to the NS-oriented
trench axis (Kendrick et al. 2003; Ruegg et al. 2009). Rapid conver-
gence is partially absorbed as crustal shortening and thickening to
produce the largest non-collisional orogen on the Earth, the Andes
Cordillera (Isacks 1988; Oncken et al. 2006). Long-term dynamic
support of the Andes requires elevated shear strength along the in-
terplate seismogenic zone (Yáñez & Cembrano 2004; Lamb 2006),
which leads to the largest megathrust earthquakes on the planet. The
geometry of the subducted slab changes along the margin between
normally dipping (30◦) and subhorizontal (<10◦; Cahill & Isacks
1992), controlling the locus of magmatic chains and volcanic gaps
(Stern 2004). A better understanding of this rich range of geody-
namic processes can be gained if sufficient knowledge is provided
on the current anatomy, that is, 3-D structure, of the Andean margin.

Here we present an upgraded version of the 3-D density model
of the NZ Plate and the Andean margin published by Tassara et al.

(2006, hereafter T06). T06 model was constructed by forward mod-
elling the Bouguer gravity anomaly under the constraints of pub-
lished geophysical data and is a continental-scale representation
of the internal structure of NA and SA plates. Electronic material
accompanying T06 has been used for a number of quantitative ap-
proaches. This includes the complementation of isotopic data for
the delineation of crustal domains at the Central Andes (Mamani
et al. 2008), characterization of continental lithosphere thickness
and comparison against the elastic thickness (Pérez-Gussinyé et al.
2008), constraining the 3-D forearc structure below a first-order
seismic segment boundary (Melnick et al. 2009), prediction of the
rheological stratification of the lithosphere contributing to the un-
derstanding of Andean mountain building processes (Farı́as et al.
2010), computation of vertical stresses loading the Chilean megath-
rust with implications for the recognition of seismic asperities
(Tassara 2010) and the definition of geometries for a 3-D finite
element model that has been applied to estimate coseismic slip dis-
tribution for the Mw9.5 1960 Valdivia Earthquake (Moreno et al.
2009) and pre-seismic locking before the Mw8.8 2010 Maule Earth-
quake (Moreno et al. 2010).

In this upgraded version of the 3-D density model of the NZ Slab
and Andean margin we increased the along-strike resolution of the
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model with respect to T06, using a high-resolution and spatially
continuous Bouguer anomaly computed from the Earth Gravita-
tional Model 2008 (Pavlis et al. 2008) and incorporating seismic
constraints published after the creation of T06. We describe meth-
ods, data and results obtained after this upgrading. As an example
of the utility of our well-constrained model, we compare the new
geometries of the slab and continental crust against global-scale
models to show that such models are good first-order representa-
tions but they fail describing important details of the Andean struc-
ture. We think that geometries for the slab upper surface, continen-
tal lithosphere–asthenosphere boundary (LAB), continental Moho
(CMH) and intracrustal discontinuity (ICD) that we present here as
Supporting Information will be of usefulness for a number of quan-
titative applications related to short- and long-term geodynamic,
tectonic and seismogenic processes occurring inside the Andean
margin.

2 M E T H O D

To describe the distribution of masses inside the Andean subduc-
tion zone between 5◦S and 45◦S, the T06 model considers a number
of 3-D bodies to represent the density structure of the oceanic NZ

Plate, subducted slab and overriding South American Plate (Fig. 1).
A constant value of density is assigned to each of these bodies
based on petrophysical considerations that take into account the ex-
pected lateral variations of composition and pressure–temperature
conditions below the margin [Fig. 1; see details of the model de-
sign and assignation of density values in Tassara et al. (2006)].
The 3-D density structure of T06’s model was triangulated from
43 vertical cross-sections that are parallel to the convergence di-
rection and separated by one geographic degree between them. For
each cross-section, the model visually integrates available sources
of geophysical data to constraint the geometry of first-order density
discontinuities like the slab upper surface, the LAB below the con-
tinental plate, the CMH and an ICD that separates upper (light) and
lower (dense) crustal bodies. The gravity effect of the triangulated
3-D density structure is computed following a formulation described
elsewhere (Goetze & Lahmeyer 1988) and then visually compared
along each section against the observed Bouguer anomaly. By iter-
atively changing the position of vertices that form density discon-
tinuities for each section in accordance to independent geophysical
information, the selected final model produces the best possible fit
between the observed and computed Bouguer anomaly. The along-
strike (trench-parallel) resolution of the T06 model is limited to
half of the distance between each cross-sections (∼50 km), whereas

Figure 1. Cross-section of the 3-D density model. This section intersects the trench axis at 32.8◦S, runs parallel to the convergence direction and is shown
as an example of the IGMAS software that was used to construct the present model. Upper panel: curves for the measured (meas Gz) and model-calculated
(calc Gz) Bouguer anomaly, which almost coincide along this section (as for the rest of the model). Lower panel: it shows the structure of the density model
as formed by different bodies of constant density (each with a different colour). Values of density for bodies forming the upper plate are shown in parenthesis
in units of kg m–3. Values of density for the subducted slab are not shown because they change from north to south in accordance to variations in the slab
age at the trench (see Tassara et al. 2006 for details). The right-hand part shows the acronyms and definition for the slab upper surface (SLAB), continental
lithosphere–asthenosphere boundary (LAB), continental Moho (CMH) and intracrustal discontinuity (ICD). The figure includes new seismic constraints for
the CMH and SLAB contained as points in the compiled database (see references in the legend of the upper panel) that were used to modify the geometries of
these discontinuities with respect to those of the T06 model (legend in the lower panel).
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the across-strike resolution is higher because short-wavelength fea-
tures (∼10 km) of the Bouguer anomaly are directly fitted for each
section.

The new version of the model was constructed using a recent
edition of the Interactive Gravity and Magnetic Application System
(IGMAS, http://www.gravity.uni-kiel.de/igmas/). It has the same
east–west length than that one in T06 model (85–60◦W) but covers
only the Chilean part of the NZ–SA convergent margin between
18◦S and 45◦S. This upgraded version is constructed by triangula-
tion between 55 vertical cross-sections that are oriented following
the convergence direction (as for the T06 model) and are separated
by 0.5◦ in latitude. Thus, the along-strike resolution is now 25 km,
doubling the resolution of T06’s model.

3 DATA

3.1 Bouguer anomaly

Gravity data used by the T06 model is a compilation of point mea-
surements inland and altimetry-derived marine gravity data that
were used to compute the simple Bouguer anomaly (i.e. without
terrain corrections) following standard procedures (Blakely 1996)
and tied to the WGS84 reference ellipsoid. For this upgraded ver-
sion of the 3-D density model we use the release 2008 of the
Earth Gravitational Model (EGM2008; Pavlis et al. 2008). The
EGM2008 model is an optimized combination of available land
data, marine gravity from satellite altimetry and data obtained by
the Gravity Recovery And Climate Experiment (GRACE) satel-
lite mission. The EGM2008 model has been released as a spher-
ical harmonic representation and is complete until degree and or-
der 2159, meaning a spatial resolution of ca. 10 km. From the
International Center for Global Earth Models (http://icgem.gfz-
potsdam.de/ICGEM/ICGEM.html) we downloaded the so-called
classical gravity anomaly computed by ICGEM from EGM2008
with reference to the WGS84 ellipsoid, ensuring its direct compar-
ison with the T06 gravity database. This corresponds to the free
air anomaly computed at the ellipsoid surface, from which we then
calculated the simple Bouguer anomaly following a procedure de-
scribed elsewhere (Tassara et al. 2007); this considers computing
a simple Bouguer correction from GEBCO topography/bathymetry
data (http://www.ngdc.noaa.gov/mgg/gebco/gebco.html) using an
infinite slab with density 2670 kg m–3 onshore and 1650 kg m–3

offshore. The Bouguer corrections were low-pass filtered with a
cut-off wavelength of 20 km, which ensures that short-wavelength
noise due to a rough topography will not be introduced into the cal-
culated Bouguer anomalies. Terrain corrections were not included
to produce a simple Bouguer anomaly comparable with the one used
in the T06 model.

We produce a regular Bouguer anomaly grid for the area of study
with a spatial resolution of 5 km, that is, forcing the EGM2008
model to half of its maximum spatial resolution. The error in the
free-air gravity anomaly estimated for EGM2008 varies with wave-
length but reaches 5–10 mGal at the maximum degree and order
used here (Pavlis et al. 2008).

Fig. 2 shows differences between Bouguer anomaly values con-
tained in T06’s database and the EGM2008-derived grid used here.
This map shows the irregular and locally poor spatial distribution
of land gravity stations used by the T06 model. Although the pub-
lic documentation of EGM2008 does not describe the origin and
distribution of land data included on it, this model likely consid-

ers the same data used by T06 for the Andean region, which were
those gravity data publically available at the time of publication.
Therefore, the small difference observed in Fig. 2 between T06 and
EGM2008 for most of the onshore Andean margin is to be expected.
For high-topography regions of the central Andes where land grav-
ity data were not included in the T06 database and probably are also
lacking in EGM2008, Bouguer anomalies are mostly derived from
a topography-based prediction of gravity and complemented with
GRACE observations at long wavelengths (Pavlis et al. 2008). This
means that there are still relatively large uncertainties in the gravity
field at short wavelengths (<50 km) for such regions. Nevertheless,
we preferred to use the EGM2008 in our study because it allows
a spatially continuous and regular representation of the Bouguer
anomaly for the entire area of interest. Fig. 2 remarks that for most
of the study area the differences between old and new gravity data
are lower than the average error in the Bouguer anomaly reported by
T06 (±20 mGal). For areas where the difference is larger than this
value, the upgraded density structure must be modified with respect
to that one considered by the T06 model to compensate changes in
the observed gravity field.

3.2 Seismic data

We compiled relevant seismic information published after the cre-
ation of the T06 model (mid 2005), which is used to further con-
straint the geometry of the subducted slab and CMH (Figs 1 and 2).
For the slab geometry we added to the previous seismicity database
new hypocentre determinations from temporal, local seismic net-
works (Anderson et al. 2007; Lange et al. 2007; Haberland et al.
2009) that complement teleseismic location hypocentre informa-
tion from updated versions (end 2010) of the Centennial Catalogue
(Engdahl & Villaseñor 2002) and the National Earthquake and
Information Center (NEIC) Preliminary Determination of Epicenter
(PDE) catalogue. We also digitized the upper surface of the slab as
imaged by active source seismic profiles (Sallares & Ranero 2005;
Krawczyk et al. 2006; Contreras et al. 2008; Scherwath et al. 2009;
Moscoso et al. 2011) and modified the geometry of the crust–mantle
boundary adding new constraints from receiver function studies
(Maksymowicz 2005; Gilbert et al. 2006; Heit et al. 2008; Woelbern
et al. 2009; Perarnau et al. 2010) and teleseismically recorded Moho
reflections (McGlashan et al. 2008). Fig. 1 shows one modelling
cross-section extracted from the original IGMAS model as an ex-
ample of how this seismic information is used to constraint and
modify the geometry of the slab upper surface and the CMH.

4 R E S U LT S

The final geometries for the slab upper surface (SLAB), continental
LAB, CMH and ICD that resulted after this upgrading are pre-
sented as Supporting Information in the form of ASCII tables that
contain the position (longitude, latitude and depth below sea level)
of vertices defining each discontinuity across the modelled sections.
Using the adjustable tension continuous curvature surface gridding
algorithm of the Global Mapping Tools (Wessel & Smith 1991),
we interpolate these vertices into regular and continuous grids of
5 × 5 km cell size to produce maps showing the topography of
each discontinuity below the Andean margin (Figs 3A–D). Depths
uncertainties arise from original uncertainties in the geophysical
information used to constraint each discontinuity (as discussed by
T06) and produce average values of 10 km for SLAB and LAB, 5
km for CMH and 2 km for ICD. These uncertainties do not consider
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Figure 2. New gravity and seismic data. The map is a representation of a 5 × 5 km grid of the studied region that have values only for nodes containing at least
one gravity station of those considered for the Tassara et al. (2006; T06 model) database inside a radius of 15 km. These nodes are colour coded according to
the difference between Bouguer anomaly values reported by T06 model and values computed from the 2008 version of the Earth Gravitational Model (Pavlis
et al. 2008), which is used here. Squares, lines and circles show the location of seismic data added to the T06 database during the present upgrading. Black
arrow shows current convergence velocity vector (Kendrick et al. 2003). Red line shows the location of cross-section of Fig. 1.

the fact that terrain corrections were not applied in the computation
of the Bouguer anomaly for both models. Terrain corrections for
regions of the Andean margin characterized by an extremely high
relief (e.g. near the coast of northern Chile, Eastern Cordillera
of Bolivia and eastern flank of the Frontal Cordillera in Ar-
gentina) can contribute maximum values of 10–25 mGal (Goetze &
Kirchner 1997). These values are inside the general error of the
gravity anomaly assumed by T06 model but are larger than the
error of the EGM2008-derived Bouguer anomaly used in this new
version. Considering that the SLAB, LAB and CMH geometries are
mostly constrained by independent seismic information, errors in
the Bouguer anomaly caused by avoiding terrain corrections would
translate into further uncertainties in the ICD geometry. Following
the sensitivity analysis presented by Tassara et al. (2006), this will
imply that the depth to the ICD in our model can be overestimated
by up to 3 km for high-relief regions at local scales. Future versions
of the model will incorporate terrain corrections in the computation
of the complete Bouguer anomaly to reduce sources of uncertainties
and errors in the final geometry of the ICD at local scales. Never-

theless, we think that the regional-scale tendency of the ICD would
not change compared to this present version.

To better appreciate changes incorporated to these geometries
during the present upgrading, we compute the depth difference
between new and old geometries for every vertex of each disconti-
nuity of the upgraded model, and produce discrete grids from them
(Figs 3E–H). Regional changes in the geometry of SLAB are larger
than its uncertainty below the southern Chile forearc (around 74◦W;
43◦S) where new seismic data show that the slab is 15–25 km deeper
than estimated by T06’s model, and for the Argentinean flat-slab
(around 68◦W; 30◦S) where newly incorporated seismicity from
local-to-regional studies imposes 10–20 km shallower depths of the
slab. Because no additional information has been incorporated to
constrain the LAB geometry, it shows no significant changes other
than some variations introduced to follow changes on SLAB and
CMH. New seismic constraints for the CMH impose notable deep-
ening (up to 20 km) below the northernmost and south-central Chile
forearc and a shallowing (5–10 km) in areas eastwards of these re-
gions. Variations in the subcrustal mass distribution generated by
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Figure 3. Upgraded geometries of the 3-D density model. Upper panel (A–D): map representation of continuous 5 × 5 km grids constructed from vertices
defining the depth from the sea level to the slab upper surface SLAB (A), lithosphere–asthenosphere boundary (LAB) (B), continental Moho (CMH)
(C) and intracrustal discontinuity (ICD) (D). Lower panel (E–H): maps showing the location of these vertices as colour coded by the difference in the depth to
each discontinuity between T06 model and this upgraded version. A positive difference (red) indicates an overestimation for the depth to the corresponding
discontinuity of the T06 model with respect to the present model. All colour scales are in kilometres.

changes in SLAB, LAB and CMH geometries are compensated in
terms of the forward gravity modelling by reciprocal changes in the
ICD geometry. However, large amplitude (>10 km absolute value)
and short-wavelength (<20 km) difference between old and new
ICD geometries are mostly due to differences between Bouguer
anomaly data used for both versions of the model. This is most
notable along the high cordilleran region of central Chile and Ar-
gentine where T06 model had no gravity data, the EGM2008 gravity
model is relatively less confidential and terrain corrections are likely
the largest; therefore, the ICD geometry here should be considered
and interpreted with caution.

5 C O M PA R I S O N A G A I N S T
G L O B A L - S C A L E M O D E L S

We further compare the new SLAB and CMH geometries against
estimates of the global-scale models Slab1.0 (Hayes et al. 2012) and
Crust2.0 (Bassin et al. 2000) to test the ability of these models for
describing the 3-D structure of the Andean margin. This comparison
(Fig. 4) is shown here as an example of the kind of analysis that is
possible with our well-constrained model.

Fig. 4(A) shows depth differences between our SLAB grid and
point estimates of the depth to the slab upper surface contained

C© 2012 The Authors, GJI, 189, 161–168
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Figure 4. Comparison with global-scale models. Depth differences between geometries of the upgraded model compared to (A) the slab depth from Slab1.0
(Hayes et al. 2012) and (B) continental Moho depth from Crust2.0 (Bassin et al. 2000). A positive difference (red) indicates an overestimation for the depth to
the corresponding discontinuity of the global models with respect to the present model. Colour scales are in kilometres. Red line shows the extent of Slab1.0
model in (A) and the location of the trench axis in (B).

in the ASCII table sam_slab1.0_clip.xyz available from the Slab1.0
website (http://earthquake.usgs.gov/research/data/slab). For most of
the studied region, both models agree between a 10 km uncertainty
limit. This is particularly true below the Chilean forearc where
Slab1.0 makes a good job describing the megathrust geometry
(which is the main goal of this global model), even considering
that it does not include several of the seismic data incorporated in
our model (Anderson et al. 2007; Lange et al. 2007; Contreras et al.
2008; Moscoso et al. 2011). However, Slab1.0 overestimates by a
large magnitude (10–40 km) the depth to the slab in the Argen-
tinian flat-slab region in comparison to our modelling where refined
seismicity estimations from local seismic studies (Anderson et al.
2007) combined with recent teleseismic data are included. The large
positive difference below northwestern Argentina, where almost no
seismicity is recorded at 200–400 km depth by teleseismic cata-
logues used by both models, is due to the fact that Slab1.0 prefers a
larger upward convexity than our model to link intermediate-depth
(<200 km) and deep (>550 km) seismicity.

Fig. 4(B) depicts depth difference between our CMH grid
and estimates of the CMH depth contained in the gridded
ASCII file map2.t7.gmt available from the Crust2.0 website
(http://igppweb.ucsd.edu/g̃abi/rem.html). This model is based on
a compilation of active seismic profiles that is used in combination
to the age and tectonic regimen of a given region to assign types of
crustal structure to grid nodes at a 2◦ × 2◦ resolution covering the

entire Earth. For most of the planet where no seismic profiles are di-
rectly used (the case of SA), Crust2.0 can be considered a prediction
of the crustal structure. Fig. 4(B) shows that this prediction, although
very coarse in resolution, is quite good for most of the nodes that
cover our model region, particularly below Argentina where both
models coincide between a 5 km uncertainty limit. However, the
Moho depth of Crust2.0 is 10–25 km lower than our estimate be-
low the extremely thick (75–80 km) and good-constrained Bolivian
Altiplano Crust. Moreover, the largest discrepancies are notable
below the Chilean side of the margin, where Crust2.0 either under-
estimate crustal depths (offshore region between 18◦S and 27◦S) or
overestimates the depth to the Moho, reaching differences with our
model as large as 25–40 km (29◦S and 33◦S). These large differences
in the forearc region, where we use several seismic constraining data,
could be explained because the crustal structure here is intrinsically
complicated by the intersection of the continental margin and the
slab along the subduction interface. Our study shows that paying
attention to the details of subduction zone structure should improve
new versions of global crustal models.

6 C O N C LU D I N G R E M A R K S

This upgraded version of the gravity-derived 3-D density model
of the Andean margin integrates most of the seismic data reported
in the literature in a unified and well-constrained continental-scale

C© 2012 The Authors, GJI, 189, 161–168
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representation of the internal anatomy below the margin. This model
can be useful for a number of applications, and we showed here an
example by comparing geometries of the model against those of
global-scale models for the subducted slab and continental crust.
This exercise showed that Slab1.0 (Hayes et al. 2012) and Crust2.0
(Bassin et al. 2000) models give a good first-order representation of
the geometries of the slab upper surface and the depth to the CMH,
particularly for the megathrust interplate fault below the Chilean
forearc in the case of Slab1.0 and the stable Argentinean foreland
for Crust2.0. However, large discrepancies do exist for several re-
gions where we included local seismic estimations as constraining
data input for our modelling. These results could be valuable for
authors of these global-scale models during future construction of
improved versions and for other researchers that would like to have
an independent estimate of the quality and performance of these
global models in comparison with better constrained representa-
tions of the internal Earth structure. We hope that the Andean geo-
scientific community interested in the study of short- and long-term
processes from a quantitative perspective could further benefit from
this upgraded version of the model and the electronic geometries
of SLAB, LAB, CMH and ICD that are available as Supporting
Information with this article.
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Abstract

The results of a two-dimensional flexural analysis applied to the Andean margin, which is based on the correlation

between topography and Bouguer anomaly, are here reviewed in order to characterize rigidity variations across and along

the forearc–arc transition of the Central Andes and to understand the role of the forearc in the formation of the Altiplano

Plateau. The forearc has maximum rigidities between 158 and 238S. Forearc rigidity decreases gradually southward and

sharply toward the plateau. The main orogen (elevations higher than 3000 m) is very weak along the entire Central

Andes. A semi-quantitative interpretation of these trends, based on the relationship between flexural rigidity and the

thermo-mechanically- and compositionally-controlled strength of the lithosphere, allows the following conclusions to be

made: (1) across-strike rigidity variations are dominated by the thermal structure derived from the subduction process; (2)

the forearc constitutes a strong, cold and rigid geotectonic element; (3) southward weakening of the forearc is directly

related to the decreasing thermal age of the subducted slab; (4) very low rigidities along the main orogen are caused by

the existence of a thick, quartz-rich crust with a low strain rate-to-heat flow ratio; (5) the strength of the plateau

lithosphere is localized in an upper-crustal layer whose base at ~15 km could be correlated with a P-to-S seismic wave

converter (TRAC1 of Yuan et al., 2000 [Yuan, X., Sobolev, S., Kind, R., Oncken, O. et al. 2000. Subduction and

collision processes in the Central Andes constrained by converted seismic phases. Nature, V 408, 21/28 Diciembre, p.

958–961]); (6) the forearc–plateau rigidity boundary corresponds to a zone of changing thermal conditions, eastward-

increasing crustal thickness and felsic component in the crust, and low strain-rate deformation, which correlates with a

west-verging structural system at the surface. These conclusions suggest that the rigid forearc acts as a pseudo-indenter

against the weak plateau and allows the accumulation of ductile crustal material that moves westward from the eastern

foreland. This pseudo-indenter is geometrically represented by a crustal-scale triangular zone rooted at TRAC1. This

model allows the integration of existing contradictory ideas on the dynamics of forearc–plateau interaction that are
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related to the relative importance of upper-crustal compressive structures and lower crustal accumulation below the

forearc.

D 2005 Elsevier B.V. All rights reserved.
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1. Introduction

The Andean Cordillera is the classic example of a

mountain chain formed during the subduction of an

oceanic slab under a continental plate. In this non-

collisional geotectonic environment, the existence of

the Altiplano–Puna Plateau (158–288S), the biggest

continental plateau on the Earth after Tibet, is a highly

intriguing phenomenon. As a result of the geo-

scientific work carried out in the last decades, it is

now accepted that the huge crustal volume related to

plateau formation (up to 75 km crustal thickness,

Beck et al., 1996; Yuan et al., 2002) is principally due

to crustal shortening concentrated at the eastern-most

edge of the orogen during the Neogene (Allmendinger

et al., 1997; Lamb and Hoke, 1997; Baby et al., 1997;

Kley et al., 1999; McQuarrie, 2002). But a remaining

question is how to relate this building mechanism at a

lithospheric scale with the processes occurring at the

western side of the orogen where the Nazca and South

American plates are actually interacting. There are

still no explicit answers to this question. Moreover,

much of the work that discusses this topic expresses

contradictory ideas, mainly about the relative geo-

tectonic importance of upper-crustal compressive

structures with respect to lower-crustal ductile defor-

mation below the forearc (compare for example

Isacks, 1988; Lamb and Hoke, 1997; Wörner et al.,

2000 and Wörner and Seyfried, 2001 with Muñoz and

Charrier, 1996; Victor et al., 2004 and Garcı́a and

Herail, 2001).

Based on the results of a flexural analysis applied

to the Andean margin (Tassara, 1997; Tassara and

Yañez, 1996, 2003), this review evaluates the

mechanical state of the western slope of the Central

Andean segment (158–348S) and contributes to a

better understanding of the tectonic role of the forearc

in the formation of the plateau. In contrast to other

flexural approaches (e.g. Stewart and Watts, 1997),

this analysis examines spatial variations of forearc

rigidity and along-strike gradients of horizontal

stresses. The results are discussed from a rheological

and tectonic point of view and allow a new geo-

tectonic model of the slab–forearc–arc interaction to

be proposed.

2. Geotectonic description of the Central Andes

The present-day Andes are principally the result

of an orogenic process that started in the Late

Oligocene after a major reorganization of the oceanic

plates in the eastern Pacific (e.g. Tebbens and Cande,

1997). This reorganization produced a tripling of the

convergence rate to 150 mm/year (Pardo-Casas and

Molnar, 1987; Somoza, 1998). Since the Early

Miocene, the convergence rate has diminished

continuously to the current situation in which the

Nazca and South American plates move at almost

the same absolute rate of ~37 mm/year (at ~238S),
giving a total convergence of ~74 mm/year in the

direction N788E (Norambuena et al., 1998; Anger-

mann et al., 1999).

The Central Andes (158–348S) are considered here

to be a continental-scale segment of the Andean

convergence system. The limits of this segment

coincide with the boundaries of several morphotec-

tonic units of the continental plate (see Fig. 1). These

limits are also correlated with abrupt N–S changes

from bflatQ (b108 dip) to bnormalQ (~308 dip)

subduction in the depth range 100 to 150 km, and

with the intersection of the Nazca and Juan Fernández

oceanic ridges with the continental margin. Based on

along-strike variations of topography, volcanism,

tectonic style and subduction conditions, the Central

Andes can be divided into three second order

segments, which are here named Altiplano (158–
238S), Puna (238–288S) and Frontal Cordillera (288–
348S). The definition and nomenclature of these

segments are partially taken from Jordan et al.

A. Tassara / Tectonophysics 399 (2005) 39–5740

(1983), Mpodozis and Ramos (1989) and Kley et al.

(1999). Here the term bmain orogenQ is used to refer to
the sector comprising elevations higher than 3000 m.

In the next sections, the forearc and main orogen-

foreland sectors of the Central Andes are described

separately.

Fig. 1. Geotectonic framework of the Central Andean convergence system between 128 and 358S on a grey-shaded image of topography and

bathymetry (USGS, 1996; Smith and Sandwell, 1997). Morphotectonic units of the continental plate are depicted (partially modified from

Mpodozis and Ramos, 1989): cc, Coastal Cordillera; id, Intermediate Depression; cv, Central Valley; dc, Domeyko Cordillera; wc, Western

Cordillera; fc, Frontal Cordillera; ppc, Principal Cordillera; ab Atacama Basin; ap, Altiplano; pn, Puna; pc, Precordillera; ec, Eastern Cordillera;

sp, Sierras Pampeanas; ssa, Sierras Subandinas; sbs, Santa Barbara System. Triangles are active volcanoes of the Central (black) and Southern

(white) Volcanic Zones. Dashed black lines are 50 km contour lines of the subducted oceanic plate (Cahill and Isacks, 1992). Nazca and South

American absolute motion vectors with respect to a point in the Eastern Cordillera are from Marret and Strecker (2000). The position of the

Nazca and Juan Fernández oceanic ridges, as well as ages of the Nazca plate at the trench (from Müller et al., 1997), are also shown. The Central

Andes are subdivided into Altiplano, Puna and Frontal Cordillera segments (partially modified from Jordan et al., 1983; Mpodozis and Ramos,

1989; Kley et al., 1999). Profiles used in the flexural analysis are shown by the dashed white lines labelled p1 to p10.

A. Tassara / Tectonophysics 399 (2005) 39–57 41
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2.1. Forearc

The Peru–Chile trench has a maximum depth of 8000

m. It is almost free of sediments and no accretionary

prism is observed along the margin (e.g. von Huene et al.,

1999). East of the trench, the oceanic Nazca plate

subducts with a constant dip of 308S (Cahill and Isacks,

1992; Creager et al., 1995) and the continental slope

ascends steeply to the coast. The distance between the

trench axis and the coast has a maximum of 170 km at

the Arica bend (188S) and a minimum of 70 km at 298S.
This geometry is correlated with the curvature of the

margin: concave-seaward in the Altiplano segment

(Bolivian Orocline of Isacks, 1988) and convex-seaward

in the Frontal Cordillera segment. Eastward of the coast

line and along the entire margin, uplifted metamorphic

(Palaeozoic) and basic magmatic (Mesozoic) rocks of the

Coastal Cordillera are exposed. Behind this unit, the

Intermediate Depression basin is filled with Cenozoic

volcanosedimentary deposits (Hartley et al., 2000). South

of 268S this basin disappears and the slope of the Coastal

Cordillera ascends continuously to the crest of the Andes.

No Neogene structural boundary between the forearc and

the main orogen has been reported along the Frontal

Cordillera segment. The Domeyko Cordillera (or Chilean

Precordillera) at the eastern side of the Intermediate

Depression, is an Eocene magmatic and tectonic belt

exhuming late Palaeozoic felsic igneous rocks (Mpodo-

zis and Ramos, 1989), which north of 258S is related to

a west-verging, high-angle structural system that

propagated slowly to the west during the Neogene

(Muñoz and Charrier, 1996; Victor et al., 2004; Garcı́a

et al., 2002; Jacay et al., 2002; Farı́as et al., in press).

This structural system has been described as the

western tectonic limit of the Altiplano–Puna Plateau

and following Muñoz and Charrier (1996) hereafter

will be named the bWest-vergent Thrust SystemQ
(WTS). Between 238 and 258S, and to the east of the

Domeyko Cordillera lies the Atacama basin, a major

topographic and geologic anomaly that is one of

several anomalous features occurring across the

margin at this latitude (Schurr et al., 1999; Götze

and Krause, 2002; Belmonte, 2002).

2.2. Main orogen and foreland

The Central Volcanic Zone (CVZ) of the Andes

(158–288S) is a chain of Quaternary stratovolcanic

complexes and andesitic–rhyodacitic domes of high-K

calcalkaline affinities (Allmendinger et al., 1997; Kay

et al., 1999) located on top of the Western Cordillera

(max. elevations N6000 m). This unit also contains

exposures of well-preserved volcanic features of

middle Miocene to Pliocene ages (Wörner et al.,

2000). Along the Altiplano and Puna further east,

there are restricted outcrops of shoschonitic basalts

and several large silicic complexes (de Silva, 1989).

The Altiplano is an internally drained basin filled with

gently deformed Cenozoic synorogenic sediments and

volcanics (Allmendinger et al., 1997; Baby et al.,

1997; McQuarrie, 2002), located at a constant

elevation of 3800 m. In contrast, the Puna further

south has irregular elevations averaging 4200 m.

The eastern boundary of the Altiplano–Puna

Plateau is the Eastern Cordillera (max. elevations

N5000 m), a doubly-vergant deformation belt active

until the middle–late Miocene (Herail et al., 1996;

McQuarrie, 2002). The active deformation of the

Altiplano segment has been absorbed since late

Miocene at the eastward-propagating thin-skinned

belt of the Sierras Subandinas. The tectonic style of

the active foreland deformation changes transitionally

south of 238S from the doubly-vergant thick-skinned

Santa Barbara System toward the uplifted basement

blocks of the Sierras Pampeanas south of 278S. These
elongated, narrow and 4000 m high ranges of

crystalline Palaeozoic rocks extend up to 700 km to

the east of the trench axis. They were uplifted

synchronously with the thin-skinned deformation of

the (Argentinean) Precordillera (Ramos et al., 2002).

The main orogen south of 288S is occupied by the

Frontal Cordillera. This unit could be considered, at

least lithologically, a southward continuation of the

Domeyko Cordillera. Described by Allmendinger et

al. (1990) as a narrow plateau of 80 km width and

average elevation of 4000 m (up to 6500 m), this

cordillera was uplifted by a doubly-vergant basement

fault system during the late Miocene. This uplift

occurred synchronously with the final phase of thin-

skinned deformation of Mesozoic sedimentary

sequences belonging to the Principal Cordillera in

the south-western part of the main orogen (Cristallini

and Ramos, 2000; Ramos et al., 2002). These events

correlate with the eastward shift and then cessation of

the volcanic arc at the Sierras Pampeanas, which has

been interpreted as an indication of the temporal
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development of flat subduction (e.g. Gutscher et al.,

2000; Kay and Mpodozis, 2002; Ramos et al., 2002).

3. Flexural analysis

3.1. Data

A two-dimensional flexural analysis was applied to

15 profiles between 158 and 478S (Tassara, 1997;

Tassara and Yañez, 1996, 2003). Ten of these profiles

covering the Central Andes region are shown in Fig. 1

(p1 to p10). Each profile is orthogonal to the trench

axis and extends eastward more than 1000 km into the

stable South American craton. Data-spacing along

profiles is 5 km and each point contains, as input data

to the flexural analysis, bathymetry-topography and

Bouguer anomaly. The former was interpolated from

Smith and Sandwell (1997) and GTOPO30 (USGS,

EROS data centre, 1996) digital datasets. Bouguer

anomalies were extracted from a grid computed by

SERNAGEOMIN (Chilean Geological Survey) that is

based on more than 100000 gravimetric stations

compiled from different sources (see Tassara, 1997,

for a full description).

3.2. Method

Fig. 2 summarizes the concepts behind the

implemented method (see also Turcotte and Shubert,

1982; Watts, 2001). This flexural analysis assumes

that the continental lithosphere is a two-dimensional

thin elastic plate of variable thickness Te overlying an

inviscid asthenospheric mantle. This lithosphere is

composed of a crust with density qc=2900 kg/m3 and

a lithospheric mantle with density qm=3300 kg/m3.

Flexural rigidity is defined as D ¼ E
12 1�m2ð Þ T

3
e [Nm]

(Turcotte and Shubert, 1982). Poisson Ratio m and

Young Modulus E are considered constants with

magnitudes 0.25 and 70 GPa respectively. In this

framework, across-strike variations in Te (from trench

to craton in this case) control the rigidity distribution

of the lithosphere. Under the effect of vertical topo-

graphic loads gqch(x) [with g=9.8 ms�2, h(x)

elevation] and total horizontal stresses rh (resulting

from compressive external forces and tensional

internal body force), the elastic lithosphere is

deflected downward. This drives the deflection of

the embedded Moho and due to the density contrast

between crust and mantle (here �400 kg/m3), a long-

wavelength Bouguer anomaly is generated.

A modified version of the finite difference code of

Bodine (1981) was used to solve the equations

associated with the flexural problem (see Tassara,

1997 and Tassara and Yañez, 2003, for a full

description). According to the thin elastic plate

approximation, this problem is restricted to one

dimension (x in Fig. 2) and each profile is divided

into elements of 5 km length. Both extremes of the

profile are fixed (zero deflection at trench and

easternmost craton), and an initially constant crustal

thickness of 33 km was used.

The set-up imposes an artificial mass deficit (with

respect to the real Earth) at the westernmost edge of

the model. This is because the dense oceanic

lithosphere below the subduction plane is replaced

by continental crust in the starting model. In order to

200
mGal 0

-400

33 km
trench craton

0 x1 x2 x

30°
σh

gρch(x) ρc

ρm

Te(x1)
Te(x2)

Fig. 2. Conceptual sketch of the applied flexural analysis. The

continental lithosphere is a thin elastic plate, whose thickness Te is

allowed to change along the horizontal�axis (note different values

of Te at x1 and x2). The lithosphere is composed of a crust of density

qc=2900 kg/m3 and 33 km thickness and a lithospheric mantle of

density qm=3300 kg/m3. Vertical topographic load gqch(x) [ g=9.8

ms�2, h(x) topographic elevation] and total horizontal stress rh

drive the downward deflection of the whole lithosphere and its

embedded Moho (dotted line). The density contrast between crust

and mantle (�400 kg/m3) generates a long-wavelength Bouguer

anomaly (thin line in upper part of the figure). The model

lithosphere is fixed at both extremes of the profile, which implies

zero deflection at the trench and easternmost craton. Replacement of

dense oceanic lithosphere (q=3100 kg/m3) by continental crust at

the westernmost edge of the modelled profile impose an artificial

mass deficit that is subtracted from the observed Bouguer anomaly

(dashed line in upper part of the figure) by computing the gravity

effect of a triangular body of oceanic lithosphere (dashed area)

below a subduction plane dipping 308 to the east. The corrected

Bouguer anomaly (thick line in upper part of the figure) can be

compared with the model-generated anomaly during an iterative

change of Te(x) and rh that conclude with the best visual fit between

observed and calculated anomalies at long wavelengths (N300 km).
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realistically compare the Bouguer anomaly generated

by the model with the observed anomaly along each

profile, a correction was applied to the observed

anomaly to account for this mass deficit. The

subtracted correction along each profile is simply

the gravity effect (relative to a continental crust of

density 2900 kg/m3) of a triangular body formed by

oceanic lithosphere (density=3100 kg/m3) below the

slab top dipping at 308 to a depth of 33 km (dashed

area in Fig. 2). The geometry of this body is

consistent with the subduction geometry reported

by Cahill and Isacks (1992; see Fig. 1) and allows

the method to be applied continuously from the

westernmost part of the forearc to the entire

Fig. 3. Results of the applied flexural analysis. Values of elastic thickness Te along each modelled profile are shown by grey tones between black

for TeN70 km and white for Teb10 km. Awhite star marks the position of the minimum Te value (Min-Te) along each profile. Arrows with values

are the estimated total Horizontal Stress rh [�1012 N/m] for profiles where it is not zero. Also shown are the Holocene volcanoes and the main

structures of the bWest-vergant Thrust SystemQ (WTS, from Victor et al., 2004; Garcı́a et al., 2002; Jacay et al., 2002).
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continental margin. The long-wavelength bcorrectedQ
Bouguer anomaly is taken as the actual signal of the

Moho and lithospheric deflection, a procedure

supported by the small relative influence of sub-

crustal sources in the Andean gravity field (Götze

and Kirchner, 1997; Kösters, 1999).

An iterative change both in the elastic thickness

structure along the profile Te(x) and the value of total

horizontal stress rh, allows the best visual fit between

corrected and model-generated Bouguer anomalies at

long-wavelengths (N300 km) to be found. This

exercise concludes with the final values of Te(x) and

rh for each profile.

Sensitivity analyses (Tassara, 1997) indicate that

elastic thickness variations of 20% produce changes in

the predicted Bouguer anomaly that are within the

F25 mGal error for observed anomalies. This gives

an indication of the uncertainty associated with the

method. Similarly, rh is estimated with a total

uncertainty of F1.25�1012 N/m.

3.3. Results

Final Te estimates resulting from the modelling

are presented in Fig. 3, together with rh values for

those profiles where it is not zero. Along each

modelled profile, Te values are depicted by different

grey tones and a white star marks the position of the

minimum elastic thickness value (Min-Te). Also

shown are the Holocene volcanoes and main

structures of the West-vergent Thrust System

(WTS, after Victor et al., 2004; Garcı́a et al., 2002;

Jacay et al., 2002), that will be discussed in the next

sections. Table 1 summarizes the most relevant

parameters describing these results.

Fig. 4 shows bcorrectedQ, model-generated and

residual Bouguer anomalies of four representative

profiles. For wavelengths comparable with the main

orogen (N300 km), the residuals (or misfit) resulting

from the model show values lower than F30 mGal.

Observing Fig. 4 and considering that the Bouguer

anomaly ranges between 200 and �450 mGal at these

latitudes (e.g. Götze et al., 1994), these residuals

represent less than 5% of the maximum variation of

the gravimetric signal, thus supporting the validity of

the results.

At shorter wavelengths and in accordance with

the simple lithospheric model and boundary con-

ditions imposed, higher residuals appear. In the

forearc, residuals are on average 50 mGal. The

existence of these residuals, added to the fact that

values of Te calculated at the trench axis represent

a maximum estimate of the actual values that

could exist there (due to the zero-deflection

imposed at the trench) and considering the

uncertainties induced by the method in Te esti-

mates, justifies the use of the these results for a

semi-quantitative evaluation of first-order, continen-

tal-scale rigidity variations across and along the

continental margin.

From Fig. 3 and Table 1, the following first-order

spatial trends of elastic thickness and horizontal stress

can be delineated:

– Profile 5 (p5, 238S) has anomalous values

compared with profiles north and southward. This

fact is related to the anomalous character of the

whole lithosphere of the northern Puna segment,

i.e. the presence of major morphological anoma-

lies (e.g. Mejillones Peninsula and Salar de

Table 1

Values of relevant parameters estimated for each profile

Segment Altiplano Puna Frontal Cordillera

Profile (Lat.) p1 (158S) p2 (178S) p3 (188S) p4 (208S) p5 (238S) p6 (258S) p7 (26.58S) p8 (28.58S) p9 (308S) p10 (338S)

Min-Te 5.5 4.5 5 1 7 4 0 0 2.5 3

Max-Te 71 69 69 72 36 63 62 57 55 47

d 145 215 195 190 255 145 215 215 210 240

DTe 0.45 0.30 0.33 0.37 0.11 0.41 0.29 0.27 0.25 0.18

rh [�1012 N/m] 2.5 2.5 0 0 0 0 0 0 2.5 4

Variations High rigidity of the forearc Anomaly Southward decrease of the forearc rigidity

Min-Te—Minimum value of elastic thickness; Max-Te—Maximum value of elastic thickness at the trench; d—distance between Min-Te and

Max-Te; DTe—gradient of elastic thickness—(Max-Te�Min-Te)/d; rh—total horizontal stress.
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Atacama), anomalously thick crust in the forearc

(e.g. Giese et al., 1999) and a postulated thermal

mantle anomaly that at least partially compensates

the Puna elevation (e.g. Withman et al., 1996).

The existence of these anomalies makes it

impossible to apply the above described assump-

tions and method to this sector. In the subsequent

description and discussion, this profile will not be

considered.

– For each profile, Te shows maximum values (Max-

Te) at the trench axis. In the Altiplano segment,

Max-Te varies between 69 km (p2–3) and 72 km

(p4). South of 268S, Max-Te diminishes system-

atically to 47 km at 338S (p10).

– The minimum value of Te (Min-Te) along the

Altiplano segment is located in the western part of

the Domeyko Cordillera, in spatial correlation with

the WTS. Further south, Min-Te is at the western

limit of the Frontal Cordillera.

– Te diminishes relatively sharply toward the

main orogen. This decrease is depicted by the

spatial gradient of Te; DTe=(Max-Te�Min-Te)/d

(with d the distance between Max-Te and Min-

Te). DTe has a maximum of 0.45 in the

Altiplano–Puna segments (p1) and decreases

gradually south of 268S to a minimum of 0.18

at 338S (p10).

– Along all the modelled profiles the main orogen

is characterized by Te values lower than 10 km. In

the Altiplano segment, this very low Te zone

extends up to the central part of the Eastern

Cordillera and further south it includes the

Argentinean Precordillera.

– East of the very low Te zone, the elastic thickness

increases to values in the range 65 km (Altiplano

segment) to 45 km (Frontal Cordillera segment).

– Estimated rh, with an uncertainty of F1.25�1012

N/m, is 2.5�1012 N/m between 158 and 178S, zero
between 188 and 298S and then increases south-

ward to values of 2.5�1012 N/m at 308S and

4�1012 N/m at 338S.

The decrease of both Max-Te and DTe south of

268S is interpreted as an indication of a real decrease

in the forearc rigidity. It is also important to note the

existence of a sharp rigidity contrast between the

forearc and the main orogen of the Altiplano segment

(as is shown in profiles p1 to p4).

4. Interpretation and discussion of the results

4.1. Basis for a geotectonic interpretation of Te
estimates

In order to give a sufficient framework for

geotectonic interpretation of Te variations across and

along the Central Andes, the relationship between Te

"corrected" Bouguer anomaly
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Fig. 4. bCorrectedQ, model-generated and residual (corrected—model-generated) Bouguer anomalies along four representative profiles (p2, p4,

p7, p10). Note that at long wavelengths residuals are lower than F30 mGal. In the forearc they are of the order of 50 mGal. Morphotectonic

units are as named in Fig. 1.
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and parameters describing the rheology and structure

of the continental lithosphere must be discussed. A

full discussion of this topic can be found in Kusznir

and Karner (1985), Ranalli (1994), Burov and Dia-

ment (1995), Jackson (2002) and in Tassara (1997)

and Tassara and Yañez (2003).

Let r(z) be defined as the deviatoric stress

externally applied to a two-layer lithosphere (crust

and mantle), and C(z) as the internal yield strength of

this lithosphere (both depending on depth z). If crust

and mantle are mechanically coupled, Te is equal to

the depth range over which r(z)bC(z). Within this

range, r(z) is elastically supported. Above and below

this elastic beam, r(z) generates permanent deforma-

tion of brittle and ductile nature, respectively. Brittle

strength is commonly described by Byerlee’s law

(Byerlee, 1978), which depends only on the brittle

gradient and increases linearly with depth. Ductile

strength is non-linearly dependent on strain rate,

temperature and rock type (e.g. Carter and Tsenn,

1987).

According to the definition of the elastic thickness

and for a given external stress field and brittle

gradient, Te is determined by the ductile strength of

the lithosphere and thus is also dependent on the

intrinsic crustal and mantle lithologies and on the

extrinsic thermo-mechanical regime defined by strain

rate ė and temperature distribution. In a first approx-

imation this distribution can be described by a linear

geothermal gradient that depends only in the thermal

conductivity and the surface heat flow density Q, a

parameter that can be measured on the Earth surface.

An inspection of the commonly advocated law of

ductile dislocation-diffusion creep of polymineralic

materials (e.g. Carter and Tsenn, 1987; Ranalli, 1987;

Burov and Diament, 1995; Porth, 2000) allows the

conclusion that Te is an increasing function of the

strain rate-to-heat flow ratio ė/Q acting on the

lithosphere, though it is more sensitive to changes in

Q due to the exponential relationship between

temperature and ductile strength. Moreover, it is

accepted that the strength of a polymineralic material

is dominated by the absolute content of quartz, which

is the weakest mineral in a silicate assemblage (e.g.

Carter and Tsenn, 1987; Handy, 1990; Burov and

Diament, 1995). Thus, different crustal rheologies

should be described by the content of this mineral in

the crust and, in this way, it can be established that

ductile strength and Te are a decreasing function of

this quartz content.

Mantle rheology is commonly described by the

properties of wet dunite (Carter and Tsenn, 1987;

Burov and Diament, 1995; Porth, 2000), and reduc-

tions in its strength derive mostly from water content,

a factor that also plays a role in crustal strength (e.g.

Jackson, 2002). Finally, if crust and mantle are

mechanically decoupled by a ductile lower crust, Te
is strongly reduced and the amount of reduction

increases with increasing crustal thickness (Burov and

Diament, 1995; Porth, 2000).

In summary: for a given external deviatoric stress

field, an assumed value of brittle gradient and a

homogeneous wet dunite mantle, Te is an increasing

function of the strain rate-to-heat flow ratio ė /Q and a

decreasing function of the thickness and quartz

content of the crust. In the next sections, this

relationship is used to discuss selected aspects of the

rigidity distribution estimated by the flexural analysis.

4.2. Across-strike Te variations

Fig. 5 presents Te profile p4 at 208S together with

the 2D steady-state thermal structure calculated at

218S by Springer (1999) assuming a subduction

model for forearc and magmatic arc and a crustal

stacking model describing simple underthrusting for

the eastern Plateau and foreland. The comparison

between model-derived surface heat flow density Q

and the averaged measurements at each morphotec-

tonic unit reported by Springer and Förster (1998) are

also shown, as are topography and the Moho

discontinuity at 208S after Yuan et al. (2000). There

is a clear correlation of Te with the isotherm-path that

suggests that the subduction-derived thermal structure

controls the global rigidity of the continental litho-

sphere. This conclusion can be extended to the whole

margin if it is assumed that thermal models of

subduction zones, independent of subduction param-

eters, show always the general structure described by

Springer (cf. Peacock, 1996; Gutscher et al., 2000).

The subducted slab thermal control on continental

rigidity seems to be especially relevant at the cold and

rigid forearc where a conduction-dominated thermal

model successfully reproduces the low Q values

reported here. However, Springer’s model is not able

to explain high Q values at the Plateau (locally as high
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as 180 mW/m2). According to Babeyko et al. (2002),

this discrepancy can be explained by assuming

thermal convection of a felsic, ductile and hot lower

crust together with the existence of shallow magma

chambers. The sharp change from high Te at the

forearc to very low Te at the main orogen could be

interpreted in terms of this across-strike change of the

thermal regime. However, the position of Min-Te to

the west of the volcanic arc and its related thermal

anomaly (see Figs. 3 and 5) suggests that other

factors, like the increase of crustal thickness toward

the orogen, across-strike changes of crustal lithology

from mafic-dominated at the forearc to felsic-domi-

nated at the Plateau (e.g. Lucassen et al., 2001) and

the injection of slab-derived water into the lithosphere

below the Domeyko Cordillera (ANCORP, 1999;

Giese et al., 1999), also control the localization of

this rigidity boundary.

Low Te values west of the main orogen could

partially be caused by faulting and low strain rates.

This suggestion is supported by the spatial correlation

between Min-Te and the western limit of the West-

vergent Thrust System (WTS). Estimates of deforma-

tion rates across the WTS (Victor et al., 2004) are as

low as 5�10�17 s�1, a value that lies at the lower

bound of geological strain rates (Pfiffner and Ramsay,

1982). Low deformation rates at the retro-wedge

boundary of asymmetric, Altiplano-like plateaus have

also been observed in numerical experiments con-

ducted by Vietor and Oncken (2002).

4.3. North–south weakening of the forearc

South of the Altiplano segment, an along-strike

weakening of the forearc can be observed (Fig. 3 and

Table 1): Max-Te=72 km and DTe=0.37 at 208S (p4)

decrease to Max-Te=47 km and DTe=0.18 at 338S
(p10). This weakening is correlated with a decrease

of the slab age from 50 Ma at 208S to 35 Ma at

33.58S (Fig. 1; Müller et al., 1997). According to the

inverse relationship between thermal age and surface

heat flow density for oceanic plates discussed by

Turcotte and Shubert (1982, p. 165), such a north–

south decrease of the slab age implies a ~20%

increase in the slab-derived heat flow. Taking into

account that Te is a decreasing function of Q, this

variation may explain the southward weakening of

the forearc.

Tassara (1997) and Tassara and Yañez (2003) show

that profile 10 at 338S presents the minimum values of

Max-Te and DTe found between 158 and 478S. South
of 338S, these values are slightly higher (Max-Tec50

km) than at this latitude, but still lower than along the

Altiplano segment. The substantial forearc weakening

observed at 338S could be at least partially related to

the thermal rejuvenation of the oceanic plate during its

passage over the Juan Fernández hotspot. From

forward modelling of magnetic anomalies, Yáñez et

al. (2001) point out that the age of the volcanic

edifices forming the Juan Fernández ridge near the

trench axis at 338S is 9–10 Ma. Thus, this locally
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Fig. 5. Across-strike section at 208S showing the modelled Te profile p4 (thick solid line), isotherms after Springer (1999), Moho discontinuity

(dotted line) after Yuan et al. (2000), surface heat flow density derived from the Springer’s model (dashed line) and average heat flow density

measured by Springer and Förster (1998) (straight lines). Topography is exaggerated five times and morphotectonic units are as named in Fig. 1.
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young and hot oceanic lithosphere could generate a

local maximum in the forearc weakening.

Another factor that seems to be coupled with these

phenomena is the flattening of the subducted slab

along the Puna and Frontal Cordillera segments.

Although the change in slab dip angle occurs below

100 km depth and thus further east of the forearc

domain (see Fig. 1), this flattening is associated with a

southward increase of: the mechanical coupling in the

Wadati-Benioff zone (Gutscher et al., 2000; Yañez

et al., 2002), the maximum depth of the seismogenic

zone (Klotz et al., 2001) and the liberated seismic

energy (Gutscher, 2002; Pardo et al., 2002a). This

southward increasing seismic activity along the

interplate contact of the Frontal Cordillera segment

could produce a high frictional heating that can also

account for part of the southward weakening of

the forearc.

The fact that a reduction of Max-Te and DTe is not
observed to the north of 208S, in spite of decreasing

slab age to 40 Ma at 158S, suggests that both the local

thermal anomaly associated with the Juan Fernández

ridge and high frictional heating induced by flat

subduction should be added to the main thermal

control on forearc rigidity exerted by the slab age.

These combined effects explain the along-strike

variations of elastic thickness estimates.

4.4. Very weak main orogen

According to the concepts highlighted in Section

4.1 and following published analyses of 1D yield

strength envelopes (Carter and Tsenn, 1987; Burov

and Diament, 1995; Porth, 2000; Jackson, 2002;

Tassara and Yañez, 2003), the very low values of

elastic thickness along the whole main orogen of the

Central Andes (Teb10 km; compare with values in

Tables 5.2 and 6.2 of Watts, 2001), can be interpreted

as the combined result of a thick and very weak crust

dominated by a high quartz content and a low ė /Q
ratio.

Seismic experiments in the Altiplano and Puna

segments suggest a Moho depth up to 75 km below

the plateau and low seismic velocities and Poisson

ratios (Zandt et al., 1994; Beck et al., 1996; Schurr

et al., 1999; Swenson et al., 2000; Yuan et al., 2000,

2002). These low values have been interpreted to

suggest that the crust is wholly felsic in composition

(e.g. Swenson et al., 2000; Yuan et al., 2002; Beck

and Zandt, 2002). This interpretation is supported by

the bulk felsic geochemical composition derived for

the basement of these segments by Lucassen et al.

(2001). South of 288S, preliminary results of a seismic

tomography study (Pardo et al., 2002b) indicate a

Moho depth below the Frontal Cordillera of up to 70

km. According to Mpodozis and Kay (1990), late

Palaeozoic felsic magmatic rocks that form the Frontal

Cordillera are partially derived from an enriched

felsic-like deep crustal source. All the preceding

arguments support the existence of a relatively

homogeneous, thick and quartz-rich crust that char-

acterizes the main orogen of the entire Central Andes.

The existence of a low ė /Q ratio along the

Altiplano–Puna Plateau is directly supported by

anomalously high Q values (up to 180 mW/m2;

Henry and Pollack, 1988; Hamza and Muñoz, 1996;

Springer and Förster, 1998). Strain rates calculated

from geological deformation rates averaged over 10

Ma (Lamb, 2000; Hindle et al., 2002) and from non-

seismic GPS velocities (Klotz et al., 2001; Bevis et al.,

2001) are in the order of 10�15 s�1 (intermediate

range of geological strain rates, Pfiffner and Ramsay,

1982).

No heat flow measurements exist along the Frontal

Cordillera, but Hamza and Muñoz (1996) suppose that

this value should be in the order of 60 mW/m2. This

estimate is based on the maximum value observed

north of 158S by Henry and Pollack (1988) in a sector

which is similar to the Frontal Cordillera segment in

the sense that it has flat subduction and a related

volcanic gap. In this context, the very low Te
estimated for the Frontal Cordillera segment can be

explained only if the strain rate here is also very low.

Considering the kinematic data of Giambiagi and

Ramos (2002), Cristallini and Ramos (2000), Vergés

et al. (2002) and Jordan and Allmendinger (1986) and

then that the active deformation across this segment is

taking place in a broad sector between the Frontal

Cordillera (Cristallini and Ramos, 2000) and the

eastern Sierras Pampeanas (Ramos et al., 2002),

geological deformation rates averaged over 10 Ma

can be estimated to lie in the range 10�16–10�17 s�1.

GPS velocities determined by Klotz et al. (2001) are

in the order of 10�16 s�1. A detailed discussion of this

topic is beyond the scope of this contribution, but this

thermo-mechanical change along the Central Andean
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orogen, in the presence of a homogeneous thick and

felsic crust, should be considered a key characteristic

of the Andean system related to along-strike changes

of the foreland tectonic styles and, from a geodynamic

point of view, to the evolution of upper-plate

deformation and synchronous flattening of the sub-

ducted slab.

1D yield strength envelopes (Carter and Tsenn,

1987; Burov and Diament, 1995; Porth, 2000;

Jackson, 2002; Tassara and Yañez, 2003), also show

that very low Te values are an indication that the

only sector of the lithosphere containing strength is

the upper crust. For Tec10 km and depending on

the assumed crustal rheology, the brittle–ductile

transition should exist at a depth of 2–7 km. Below

~15 km, the lithosphere would have no strength and

deform ductilely for all ranges of external forces.

The proposed base of the competent upper crust at

~15 km depth correlates remarkably well with the

position of a P-to-S seismic wave converter observed

by Yuan et al. (2000) across the whole Plateau

(trans-Andean converter one or TRAC1). This intra-

crustal discontinuity is the top of a low velocity zone

related to a high temperature zone with partial

melting extending to middle-lower crustal depths

(Yuan et al., 2000). This zone is also imaged as a

high conductivity anomaly by magnetotelluric

experiments (e.g. Brasse et al., 2002).

4.5. Estimates of horizontal stress rh

In the context of the mechanical model used in this

study, estimates of horizontal stress rh should be

interpreted as the sum of all horizontal stresses acting

along the modelled profile. According to Froidevaux

and Isacks (1984), Porth (2000) and Vanderhaeghe et

al. (2003), horizontal stresses operating on a con-

vergent continental margin derive mainly from the

compressive force imposed by the convergence and

the extensional body forces related to the gravitational

relaxation of the orogen. Thus, along-strike variations

of rh should reflect the combined effect of independ-

ent variations of both forces.

Values of rh=0F1.25�1012 N/m observed

between 188 and 288S can be interpreted in terms of

an almost neutral state of total horizontal stress along

the Altiplano–Puna plateau. This neutral state results

from cancellation of compressive forces exerted by

the convergence and extensional body forces related

to the huge crustal root below the plateau. Allmen-

dinger et al. (1997) point out that the current state of

stress observed from seismic and neotectonic data in

the central part of the Altiplano–Puna is neutral to

extensional and suggest that bfar field compression is

balanced with the weight of the uplifted plateauQ. The
same observation is used by Froidevaux and Isacks

(1984) to calculate an external compressive stress of

6.1�1012 N/m that balances the horizontal extensional

stresses produced by the high and thick plateau. This

value will be taken in the following discussion as the

reference compressive stress that is imposed by the

current convergence conditions along the Altiplano–

Puna segment in order to neutralize the extensional

stresses induced by the Plateau.

One of these convergence conditions is that the

oceanic slab is older than 40 Ma (Fig. 1). The increase

of rh north of 188S to 2.5�1012 N/m and mainly

south of 288S to 4�1012 N/m (both with an

uncertainty of F1.25�1012 N/m) seems to be

correlated with decreasing age of the Nazca plate at

the trench (see Figs. 1 and 3). This decrease should

cause an increment in the slab buoyancy that is locally

reinforced around 158S and 33.58S by subduction of

the Nazca and Juan Fernández buoyant oceanic

ridges. Thus, values of rhN 0 can be interpreted as

the expression of a high compressive stress, whose

excess with respect to the horizontal extensional stress

of 6.1�1012 N/m is due to the relatively high

buoyancy of the subducted slab. In this context, the

external compressive stress directly generated by the

convergence (rh+6�1012 N/m) can reach values of

8.5�1012 N/m and 1013 N/m at the northern and

southern boundaries of the Central Andes. These

values are slightly lower than typical slab pull stresses

(e.g. Turcotte and Shubert, 1982, p. 287).

Along the Frontal Cordillera segment, two other

phenomena can also account for the southward

increase of rh. First, the previously discussed south-

ward-increasing magnitude and depth of interplate

coupling that is associated with the flattening of the

subducted slab (see Section 4.3) allows the interpre-

tation that the imposed compressive stresses are more

efficiently transmitted to the continental lithosphere in

this segment than further north. Second, the south-

ward narrowing of the main orogen means a decrease

of its total crustal volume and a corresponding
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decrease in extensional body forces. Even if no

increase of the external compressive stress is consid-

ered, this must generate a southward increase of the

total horizontal stress (i.e. rhN0). This reduction in

extensional body forces also means that the compres-

sive stress produced by the convergence at the

southernmost limit of the Central Andes should be

lower than 1013 N/m.

5. Geotectonic model of forearc–plateau

interaction at the Altiplano segment

The results discussed in this paper indicate that the

Andean forearc is a rigid geotectonic element on the

western edge of the convergence system that is

thermo-mechanically connected at long time-scales

with the strong and cold subducted slab. Palaeomag-

netic data on early Miocene rocks belonging to the

Altiplano forearc (e.g. Roperch et al., 2000; Lamb,

2001; Arriagada et al., 2003) show no tectonic

rotations during the Neogene. This suggests that the

current curvature of the Bolivian orocline was acquired

and frozen prior to the main phase of Plateau formation

and that the high rigidity of the forearc could be traced

as a long-term (at least 20 Myr) stable feature of the

continental margin. The current subduction geometry

along the Altiplano segment, which is dominated by

the parallelism between the convergence vector and

the symmetry axis of the Bolivian orocline (Gephard,

1994), probably is the steady-state situation in terms of

the thermal control of the slab on the forearc rigidity.

In this context and in spite of the effective ~85% of

convergence absorbed along the subduction plane

(e.g. Klotz et al., 2001; Bevis et al., 2001), the long-

term slab–forearc system can be interpreted as a rigid,

indenter-like backstop that has resisted the westward

movement of crustal material coming from the

shortened eastern foreland. This material is thus

forced to accumulate below the competent upper

crust of the Altiplano.

Considering that the trench axis and forearc also

move westward in an absolute reference frame, but

with a rate ~30% slower than the stable South

American craton (Lamb, 2000; Klotz et al., 2001;

Bevis et al., 2001; Hindle et al., 2002), the slab–

forearc system cannot be considered a real indenter in

the sense of directly pushing toward the orogen and

producing the deformation and crustal thickening

responsible for plateau formation (as is the case where

India indents against Asia to produce the Tibetan

Plateau: e.g. Tapponnier et al., 1986; Houseman and

England, 1993).

Fig. 6 shows the proposed geometry for the

convergence system and emphasises the structure

forming the forearc–plateau transition. The upper

eastern boundary of the forearc pseudo-indenter is

marked by the downward extension of the WTS, the

geometry of which was determined by Victor et al.

(2004) from geometric modelling and restoration of

surface structures at 20823VS. The lower eastern

boundary is here assumed to correspond with the

path of the 3508C isotherm of Springer (1999),

which limits the crustal seismicity observed in the

forearc at 208–228S (ANCORP, 1999). This situation

is also described at 228–248S by Belmonte (2002),

who points out that the 3508C isotherm constitutes a

cut-off limit for crustal seismicity and is therefore an

important mechanical and rheological limit across the

forearc–arc transition. David et al. (2002) also

observe crustal seismicity concentrated in a west-

dipping plane below the forearc at 188–19830VS,
which they consider to be a bthermal and rheological

boundary between the rigid forearc and the soft crust

of the magmatic arcQ. They calculate a stress tensor

with a maximum compressive stress axis parallel to

the convergence direction and dipping parallel to the

west-dipping seismicity plane. This fact allowed

them to propose the existence of a true east-verging

compressive structure limiting the rigid forearc

(Farı́as et al., in press). In the geometrical model

proposed here, both boundaries define a crustal-scale

triangular zone (Fig. 6). The eastern tip of this

triangular zone is located 25 km below the Western

Cordillera and is rooted at TRAC1 of Yuan et al.

(2000). The spatial continuity of these three features

along the Altiplano segment permits the proposed

geometry to be extended to the entire margin

between 188 and 238S.
TRAC1 is here interpreted as the base of the

competent upper crust of the plateau, which is thus

decoupled from the westward-moving ductile crust

related to the underthrusting of the Brazilian shield

below the Sierras Subandinas (Fig. 6; see also Beck

and Zandt, 2002). The proposed geometry below the

Plateau and foreland is similar to the model of
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McQuarrie (2002), who suggests that the existence and

propagation of thin (15 km) and long (300 km) rigid

basement sheets decoupled from lower crust are the

principal mechanism of crustal shortening and thick-

ening to form the Plateau. Here it is proposed that

some sort of basal drag exists along TRAC1 which

transfers to the competent upper crust a slow westward

movement. This movement is related to the develop-

ment of the WTS and its low deformation rates. The

crustal material confined in the wedge of the forearc

triangular zone should be subjected to high pressures

and is probably deformed under low strain rates.

The ductile and partially melted middle-lower crust

coming from the east is forced to circulate below the

lower eastern boundary of the forearc. This process

seems to be partially coherent with the mechanism

proposed by Isacks (1988) to explain the formation of

the western monoclinal flexure and subsequent west-

ward tilting of the forearc during his simple-shear

stage of Plateau uplift (late Miocene to present). In this

scenario, the forearc and western orogen respond

passively to the uplift of the plateau as a single unit.

A similar model has also been invoked by Lamb and

Hoke (1997), Hartley et al. (2000) and Wörner et al.

(2002), but all these authors do not consider or give

little importance to the well-documented existence of

west-verging, high-angle and high-throw structures

uplifting the western margin of the Plateau (Muñoz

and Charrier, 1996; Victor et al., 2004; Garcı́a et al.,

2002; Farı́as et al., in press). The geotectonic model

proposed here allows the integration of these appa-

rently contradictory ideas through the decoupling of

upper and lower crustal deformation across a crustal-

scale triangular zone linked with the forearc–plateau

transition.

6. Conclusions

1. Review of a flexural analysis applied to the Central

Andean margin (158–348S) shows the following

results concerning forearc–arc interaction:

Fig. 6. Schematic cross-section at 208S and a 3D view of topography and bathymetry along the Altiplano segment, presenting the proposed

geometry of the forearc-plateau transition. Constraining information for this model is referred in the inset diagram. Dark grey tones represent

rigid sectors (forearc, plateau upper crust and foreland) and light grey tones show weak crust (middle-lower plateau crust, forearc wedge). In the

electronic version of this figure, dark blue colours in the continental crust represent rigid sectors (forearc and foreland), light red colours

represent weak middle-lower crust, brown is the competent upper crust of the plateau, light blue is the oceanic plate and green is the lithospheric

mantle. Crustal material in orange is confined to deform under low strain rates. Arrows depict the flow of material from the east.
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a. The forearc region has high rigidity (Max-

TeN50 km) decreasing relatively sharply toward

the main orogen (DTeN0.18), which itself is

characteristically very weak (Teb10 km).

b. Both Max-Te and DTe are maximum along the

Altiplano segment and they decrease systemati-

cally southward. This is interpreted to reflect a

southward weakening of the forearc.

c. The position of Min-Te along the Altiplano

segment is correlated with the western limit of

the Domeyko Cordillera and the bWest-vergant

Thrust SystemQ (WTS) of Muñoz and Charrier

(1996).

d. The total horizontal stress rh resulting from

external compressive forces and internal gravita-

tional forces is 2.5�1012 N/m between 158 and
178S, zero between 188 and 298S, and increases

gradually southward up to values of 2.5�1012

N/m at 308S and 4�1012 N/m at 338S.
2. These results were interpreted and discussed from a

rheological point of view through a relationship

indicating that Te is a decreasing function of crustal

thickness and intrinsic quartz content in the crust

and an increasing function of the extrinsic strain

rate-to-heat flow ratio. The conclusions of this

exercise are:

a. Across-strike Te variations are at first-order due

to the thermal structure derived from the

subduction process.

b. A sharp rigidity boundary across the Altiplano

segment is caused by a combination of (1) a

change from slab conduction-dominated thermal

regime at the forearc to crustal thermal convec-

tion below the plateau (e.g. Babeyko et al., 2002);

(2) an eastward increase of crustal thickness and

water in the lithosphere; (3) an increasingly felsic

crustal composition (e.g. Lucassen et al., 2001);

(4) the existence of low strain rates below the

Domeyko Cordillera (Victor et al., 2004).

c. North–south weakening of the forearc could be

primary related to the decreasing thermal age of

the Nazca slab below the continent. Other

factors partially responsible for this weakening

can be an increased frictional heating driven by

the southward flattening of the subducted slab

and a local thermal anomaly in the Nazca plate

at 338S related to the young and hot Juan

Fernández ridge.

d. The forearc is a cold and rigid geotectonic

element at the western edge of the continent that

is thermo-mechanically controlled at long time-

scales by the subducted slab. Absence of post-

Oligocene vertical rotations in the Altiplano

forearc (e.g. Arriagada et al., 2003) suggests

that this rigid behaviour has existed throughout

the evolution of the plateau.

e. Along the whole main orogen, Teb10 km

reflects the existence of a thick, quartz-rich

crust submitted to a low strain rate-to-heat flow

ratio ė/Q. Geoscientific information supports

such a characterization and the supposed low Q

along the Frontal Cordillera segment (Hamza

and Muñoz, 1996) implies a very low ė . This
along-strike thermo-mechanical change along

the axis of the main orogen is a key feature of

the Andean orogeny.

f. According to yield strength envelopes, Teb10

km implies the existence of a competent upper

crust whose base is located at 15 km depth. This

depth is well correlated with the seismically-

defined TRAC1 intra-crustal discontinuity

(Yuan et al., 2000).

g. Estimates of total horizontal stress rh=0

(F1.25�1012 N/m) indicate a neutral stress

state along the Altiplano–Puna plateau. Extreme

values of 2.5�1012 N/m and 4�1012 N/m at the

northern and southern boundaries of the Central

Andes can be correlated with a high interplate

coupling related to the high buoyancy of slabs

younger than 40 Ma subducting together with

oceanic ridges. Along the Frontal Cordillera,

the southward increase of rh should be also

caused by the narrowing of the thickened crust

and the subsequent decrease of the extensional

gravity forces related to the orogen.

The cold and rigid forearc of the Altiplano segment

constitutes a pseudo-indenter which does not push

but resists the relative motion of the ductile crustal

material transported from the shortened eastern

foreland. This material is forced to accumulate

below the competent upper crust of the plateau.

This pseudo-indenting forearc is shaped by the

downward prolongation of the WTS, as is reported

by Victor et al. (2004), and by the 350 8C isotherm

of Springer (1999) that limits reported crustal
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seismicity (ANCORP, 1999). Both boundaries form

a crustal-scale triangular zone whose edge is rooted

at the TRAC1 seismic converter (Yuan et al., 2000).

This discontinuity decouples an almost stationary

(relative to the forearc) competent upper crust from

a westward-moving, ductile middle-lower crust

derived from the underthrusting of the Brazilian

shield below the Sierras Subandinas. Basal drag

along TRAC1 could transfer a slow westward

movement to the upper crust of the plateau that is

consistent with the low deformation rates of the

WTS (Victor et al., 2004). This model reconciles

contradictory ideas related to the importance of

upper-crustal compressive structures relative to

lower-crustal accumulation below the forearc in

the dynamics of forearc–plateau interaction.
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J. (Eds.), Geology of the Andes and its Relation to

Hidrocarbon and Mineral Resources, Circum-Apcific Council

for Energy and Mineral Resources Earth Sciences Series, vol.

11, pp. 59–90.

Mqller, R.D., Roest, W.R., Royer, J.-Y., Gahagan, L.M., Sclater,

J.G., 1997. Digital isochrons of the world’s ocean floor. Journal

of Geophysical Research 102, 3211–3214.
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The South America plate boundary is one of the most active subduction zone. The recent Mw=8.4 Arequipa
2001 earthquake ruptured the subduction plane toward the south over 400 km and stopped abruptly on the
Ilo Peninsula. In this exact region, the subduction seismic crisis induced the reactivation of continental fault
systems in the coastal area. We studied the main reactivated fault system that trends perpendicular to the
trench by detailed mapping of fault related-geomorphic features. Also, at a longer time scale, a recurrent
Quaternary transtensive tectonic activity of the CFS is expressed by offset river gullies and alluvial fans. The
presence of such extensional fault systems trending orthogonal to the trench along the Coastal Cordillera in
southern Peru is interpreted to reflect a strong coupling between the two plates. In this particular case, stress
transfer to the upper plate, at least along the coastal fringe, appears to have induced crustal seismic events
that were initiated mainly during and after the 2001 earthquake. The seafloor roughness of the subducting
plate is usually thought to be a cause of segmentation along subduction zones. However, after comparing and
discussing the role of inherited structures within the upper plate to the subduction zone segmentation in
southern Peru, we suggest that the continental structure itself may exert some feedback control on the
segmentation of the subduction zone and thus participate to define the rupture pattern of major subduction
earthquakes along the southern Peru continental margin.

© 2008 Elsevier B.V. All rights reserved.

1. Introduction

The plate boundary between the South American plate and the
subducting Nazca plate along the coast of Peru is the site of large
destructive earthquakes, including the major June 23, 2001 (Mw=8.4)
event (Figs. 1 and 2). This last century, the southern segment of the
Nazca subduction zone has undergone 6 major earthquakes, that
jumped southward along the subduction plane from 1913 (Mw=7.9),
1942 (Mw=8.2), 1974 (Mw=8.0), 1996 (Mw=7.7), 2001 (Mw=8.4), to
2007 (Mw=8.0). The 2001 earthquake took place within the north-
western part of the rupture zone associated with the 1868 earthquake
(Mw=8.8; Dorbath et al., 1990; Tavera and Audin, 2004) but did
not break along the part of the seismic gap left by this previous large
earthquake (Nishenko, 1985; Tavera et al., 2006). Weak seismicity
(either inmagnitude or number of events) occurred on the subduction
plane or in the continental plate during the 6 months period
before the mainshock (Ruegg et al., 2001; Tavera et al., 2006). On a
longer time scale, neither the northern Chilean nor the southern
Peruvian seismic network recorded crustal events (MlN5) for the
40 years in the forearc, while at least 10 occurred since 2001. The

present-day seismic gap along the subduction zone is located right on
the Peru–Chile border and in Northern Chile, extending from Ilo to
Antofagasta (Fig. 1). The Arequipa earthquake was produced by the
rupture of a 400 km long by 150 km-wide segment of the subduction
plane (Robinson et al., 2006). The complete pattern of the seismic
crisis suggests a southern migration of the rupture. Indeed, modeling
the teleseismic broadband P waveforms of this Peru earthquake
indicates that the source time function has two pulses of moment
release with the larger second one located about 100–150 km
southeast of the mainshock hypocenter (Fig. 2, Giovanni et al., 2002;
Tavera et al., 2006). This underthrusting main event was followed by
the southward spreading of the whole aftershock sequence (Fig. 2;
Robinson et al., 2006). The southward migration of the aftershock
sequence stopped propagating at Ilo Peninsula, the area that also
coincides with the occurrence of the largest aftershock (7 July 2001,
Mw=7.5; Figs. 1 and 2).

Although most of the present-day deformation accommodated in
the Central Andes is concentrated in the Subandean zone on the
Amazonian side of the Eastern Cordillera, we will show that active
crustal tectonic and seismic activity are occurring in southern Peru
forearc as well. Many faults identified in satellite and aerial images
based on the topography and regional geomorphology (Figs. 1 and 3)
cross-cut the Neogene detritic formations that cover most of the
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southern forearc (Moquegua Formation, Fig. 4). Although contributions
regarding local active tectonics in southern Peru and crustal seismic
activity have been published (Engdahl et al., 2006, Macharé and Ortlieb,
1992; Goy et al., 1992, Ortlieb et al., 1996), systematic fault description,
geometric and kinematic data are lacking for the large Peruvian portion
of the Arica Bend region (Sébrier et al., 1985; Audin et al., 2003; Tavera
and Audin, 2004). Likewise, no detailed studies focusing on active
tectonics have been conducted in the Coastal Cordillera.

No GPS data are available for the forearc as only one permanent
station is installed in Arequipa (in the volcanic arc), thus little is

known about the active deformation in the Central Andes Pacific
lowlands. McCaffrey (1996) suggest arc parallel extensional strain for
southern Peru whereas it's demonstrated that Northern Chilean
forearc suffers arc parallel compressional strain (Allmendinger et al.,
2005; Gonzalez et al., 2003). In this study, geomorphic evidence of
Quaternary to present-day tectonic activity is described from the
Coastal Cordillera to the piedmont of the Western Cordillera (Audin
et al., 2006; Sébrier et al., 1985, 1988). Examination of aerial
photographs and satellite data in conjunction with focused field
work confirms that Quaternary subduction earthquakes related

Fig.1. Geodynamic setting of the Nazca subduction zone in Southern Peru, northern part of the Arica Bend. Rupture zones of major seismic events of the last century are reported. The
present-day seismic gap extends between southern Peru and northern Chili. The topographic map of Ilo Region outlines the Chololo Fault trace and the other perpendicular to the
trench fault systems (Puite and El Abra Faults).

Fig. 2. 23rd of June 2001 earthquake and its aftershocks from Peruvian network data, after Tavera et al. (2006). The Nazca fracture zone is reported, being a seismic barrier that stalled
the propagation of the main shock rupture as discussed by Robinson et al. (2006) (as on Fig. 1).
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tectonic activity exists and additionally reveals the presence of
undescribed active structures. These undescribed structures must be
taken into account in the description of fault kinematics within
the Central Andes as these faults participate in the partitioning of
the deformation throughout the forearc. Indeed the Coastal area from
17° S to 18°30 S is affected by a network of normal faults, trending
perpendicular to the trench that a margin-parallel stretching in
contrast with margin-parallel compression observed in Northern
Chile (Allmendinger et al., 2005).

We will focus on some of the strong geomorphic signatures, such
as active fault traces, scarplets, and river gully offsets, which are all
indicative of active motions along the Chololo Fault System at various
spatial and temporal scales. Specifically, the Chololo Fault System and
a series of similar faults that trend perpendicular to the coast (Fig. 3)
near the limit of the 2001 earthquake rupture may indicate that the
structure of the upper continental plate plays a role in the
segmentation of the subduction plane. We infer that this induced
segmentation is due to a strong seismic coupling between the
subducting and upper continental plates. We propose here that

there may be an influence of the forearc structure on the subduction
segmentation.

2. Seismotectonic and geologic setting

The study area extends around the town of Ilo for a distance of
100 km along the coast and towards the town of Moquegua (Fig. 1).
The seismotectonic setting of the Peruvian coastal area is largely
controlled by the oblique convergence of the Nazca and South
American Plates north of the Arica Bend. These two plates are
converging at a rate of 78 mm/year (Demets et al., 1990), with the
Nazca plate subducting beneath the South American Plate (Bevis et al.,
2001). It is now recognized that most of the relative plate motion is
accommodated by slip along the subduction interface between these
two plates, such as associated with the 2001, 23 June earthquake
(Norabuena et al., 1998; Bevis et al., 2001; Khazaradze and Klotz,
2003). The southern Peru earthquake of June 23, 2001 was a Mw of
8.4, which is the largest magnitude earthquake recorded during
30 years prior to the Sumatra earthquakes. Most of the energy release

Fig. 3. Shaded-relief image of 30 m spaced digital elevation model (DEM derived from SRTM data) superimposed with active fault systems of the Coastal area, some associated with
peninsulas. Note that they are all trending perpendicularly to the trench. Aerial photography of the northern segment of the Chololo Fault System with and without fault trace
interpretations.
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and the largest aftershock (Mw 7.6) occurred to the southeast of the
hypocenter, in the part of the fault-rupture zone nearest to the town of
Ilo (Robinson et al., 2006; Fig. 2). As this part of the subduction plane is
interpreted to be highly coupled, a response of the continental plate
was highly expected in this Ilo area.

In the Ilo region, the Coastal Cordillera is characterized by large
faults or fault systems that are easily observed on the SRTM DEM and
aerial photography (Figs. 1, 2 and 3). However, from kinematic point of
view, the fault systems trending perpendicular to the trench offset
either the Neogene sedimentary formations, Quaternary alluvial fans
(Moquegua Fm, 12 to 2.7 Ma; Figs. 2–4), or the intrusive rocks that are
part of the Coastal Batholith (Roperch et al., 2006; Audin et al. 2006).

In the Ilo area, the coastal region experienced Plio-Pleistocene uplift,
which is evidenced by staircased sequences of marine terraces (Fig. 4;
Ortlieb et al., 1996). Near Ilo, at the southern extremity of the Chololo
Fault System, the emergent Pampa del Palo region was previously
studied by Ortlieb et al. (1996). By combining aerial photo interpreta-
tion and stratigraphic observations, Ortlieb et al. (1996) studied a
faulted block that periodically moved independently of the rest of the
southern Peruvian coast for some time between the Middle and Late
Pleistocene (Fig. 4). Since then, the same block is described to be
affected by NE–SW trending faults.

The Coastal Batholith plutons yield mostly Middle Cretaceous–
Early Eocene ages and define two belts parallel to the coast south of

Fig. 4. Simplified geologic map of the Ilo area (after INGEMMET, 2001; Roperch et al., 2006). Note the Coastal batholith formations that extend only south of Ilo and the perpendicular
fault systems observed equally north or south of Ilo peninsula.

Fig. 5. Topographic cross sections from SRTM data. The cross section is reported in plane view on the aerial photos. The vertical offset of about 350 m is deduced from geological
observations and the offset of stratified fine sediments interbedded with coarse conglomerates preserved at the top of Chololo hill (Fig. 4).
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Ilo: one along the Cordillera and one 75 km to the east of Ilo.
Northward of Ilo, only one belt concentrates both Plutonic events
along the volcanic Cordillera. The single belt extends from Arequipa to
Ilo area, and then abruptly split in two belts separated by 75 km that
mark a significant migration of the arc in the Late Cretaceous,
occurring only south of Ilo area (Fig. 4).

Fromclimatic pointof view, somenewconstraints on erosion rates of
pediplains in the forearc of Northern Chile determined using concentra-
tions of terrestrial cosmogenic nuclides (TCNs) indicate that almost no
erosion has occurred since the Late Miocene (Dunai et al., 2006; Kober
et al., 2007). Indeed, those results suggest extremely lowerosion rates of
~0.7 m/Myr on the Costal Cordillera since the Late Miocene. Thus,
hyperarid climate enabled the preservation of geomorphic markers
offset by fault traces in the Coastal area of southern Peru.

We will focus in this paper on the Chololo Fault System, which has
never been the subject of a detailed mapping or seismic history study.

The topography is the consequence of geomorphic processes,
erosional or tectonic, acting on the regional and local scale. By
describing the geomorphic features associated with the Quaternary
fault trace, the surface rupture after the subduction earthquake of
2001, and 4 crustal seismic events that occurred in the area during and
after the 2001 crisis, we infer that the strong seismic coupling in the
coastal area between the subducting Nazca plate and the overriding
South American plate is the source of post subduction crustal seismic
activity observable in crustal seismicity and active fault geomorphol-
ogy. Indeed, the active faulting onland coincides with the limit of
ruptures on the plate interface.

3. Tectonic geomorphology of the Chololo Fault System

The Chololo Fault System (CFS) as a whole has a surface trace of
about 40 km extending from Punta Coles to the Panamerican Highway

Fig. 6. GPS kinematic topographic profile crossing the secondary normal fault scarp along the Chololo Fault System. Zoom on the vertical offset of the most recent alluvial fan
generation. Note the triangular facets, typical from normal movements on the fault. A for gully identification. Topographic profile is done along the thalweg in order to intercept the
most recent vertical offset. See the field photo of the secondary fault scarp.
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in the north, eventually reaching the Moquegua Valley (Figs. 1 and 3).
The CFS consists of various sub-segments, some en echelon, the older
and larger segment being transtensional with major left-lateral
strike-slip and normal movements; and the smaller and lower
segments (with respect to the valley) showing mainly normal move-
ments (Figs. 3 and 4). The CFS trends more or less N55° E, and dips
between 50° and 60° to the SE (Fig. 5). The normal scarps are facing
southeast and offset either the bedrock piedmont contact (Fig. 4) or the

active alluvial fans. Recent alluvial fans and eolian deposits are
coalescing along the scarps at various sites along the fault trace. Near
one of the topographic profile lines across the fault trace are offset
ashes, mostly observed along the youngest scarp (Fig. 6). This ash is
typically fine and grey in color, most likely associated with the last
Huaynaputina eruption (1600 AD; De Silva and Zielinski, 1998). These
grey unconsolidated ashes are observed everywhere in the forearc of
southern Peru usually filling the valleys and capping the most recent

Fig. 7. Aerial photo, gullies map and field photos of the fault. The segmentation of the fault trace in surface is compatible with left-lateral movement on the main fault. Also note at a
smaller scale, the systematic curving of the river gullies and ridge crest to theWest on the Northern side of the fault and to the east on the southern side. On the field photo again some
nice triangular facets are marking the fault scarp.
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alluvial fans. At this particular site, no geochronologic data are available
yet to support this correlation.

4. The normal component

Our detailed studywas focused on the northern segment of the CFS
(Fig. 3). Vertical offset of about 350 m is observed along the main fault
segment between the Moquegua Formation topping of the cerro
Chololo and the Moquegua Formation/Quaternary infilling down in
the valley to the southeastern side of the fault (Figs. 4 and 5). The very
flat layers that can be observed on Cerro Chololo, at the top of the foot
wall are not folded nor affected by any kind of faulting. Similar
outcrops of these deposits composed of undeformed conglomerates
and eolian sediments can be seen infilling the canyons cut into the
valley.

Narvaez (1964) suggests that the deposits are Quaternary in age.
Roperch et al. (2006) compared those deposits to the thin Neogene
successive layers described as filling the Moquegua valley in other
sites near Moquegua (Fig. 5). In light of these two hypothesis, the
deposits are either part of the Moquegua D Formations ranging from
Upper Miocene to 2.7 Ma (Roperch et al., 2006) or are younger as
suggested by Narvaez (1964).

At the foot of the main scarp, we used kinematic GPS to measure
precise topographic profiles, oriented perpendicularly to the fault
(Fig. 6). In this way, we made high-resolution measurements of the
vertically offset alluvial fan surfaces. Most recent and individual scarps
are observed in the river beds or cutting across the youngest alluvial
fan (Fig. 6). The main fault system is marked by regular triangular
facets illustrating the vertical displacement with vertical offsets
reaching at least 20 m (Fig. 6). The smallest recent scarp (1.5 m) is
found on the secondary normal fault affecting the last generation of
alluvial fans (Fig. 6). It seems to cumulate two events or to be re
eroded.

5. The strike-slip component

The relatively straight trace is indicative of a high-angle, strike-slip
fault (Figs. 3, 4 and 6). Additionally, aerial photo analysis allowed us to
identify en echelon fault segments (Fig. 3), which indicate normal-
sinistral motion. A detailed study of the crest alignments and river
offset along the main fault is presented on Figs. 7 and 8. In both plane
view or in the oblique field photos, the upper part of the cliff is
systematically displaced to the left with respect to the lower part, all
along the fault trace, and it works for each crest or dry gullies (Fig. 8).
Triangular facets mark the morphology of the cliff next to the main

fault trace together with left-lateral offsets of thalwegs. The secondary
segment is dominated by a normal offset with no systematic
evidences of strike-slip. With white dots to indicate the piercing
points used to estimate at least one scale of lateral offsets, we
highlight on the aerial photo the similar offset undergone by ridge
crests and thalwegs of stream channels on Fig. 8. After faulting, the
lower abandoned channel is preserved as in A or B on Fig. 7, and the
channel is now facing the cliff, cut off from any water supply. It is
impossible to explain this landform of an incised headless stream
channel in the upper cliff without invoking a lateral offset along the
fault trace. Moreover this type of offset is observed systematically at
various sites along the fault (see Figs. 7 and 8).

The respective lateral offsets are measured along the fault trace
and support the regular activation of the fault system and a recurrent
seismic history. The offset varies from some meters to 480 m (Fig. 8).
The maximum offset area along the fault that we were able to
reconstruct is presented on Fig. 8. The two best piercing points
identified are dry valley walls, two of them being relatively major
valleys which are quite distinct with regard to morphology on both
sides of the fault. These dry valleys are separated from one another by
the same distance d, about 200 m (Fig. 8). This exact same distance
between the two valley walls on both the northern and southern sides
of the fault trace allows us to confirm that the two sets of valley walls
(one on the northern side of the fault trace and the other on the
southern side) constitute real recognizable geomorphic features. The
best matching of the valley north and south of the fault trace also
restores the continuity of other smaller stream channels incised in the
mountains farther west. When ridge sideslopes are relatively planar
and the fault trace is roughly perpendicular to a narrow ridge crest,
such as in the case of the Chololo Fault System; the net slip vector can
be measured graphically (Fig. 8). From this reconstruction, we can
calculate a lateral slip vector of about 480 m.

6. Others fault systems perpendicular to the trench

The prominent NE-striking fault systems which are restricted in
latitudes ranging from 16.5° S to 18.5° S in southern Peru, exist only
where the obliquity of the convergence direction is maximal with
respect to the trench. Most of the fault scarps face northward, north of
Ilo and southward, south of Ilo (Figs. 9 and 10). As scarps are well
preserved in such hyper arid regions, we can determine scarp heights
from topographic profiles issued from SRTM data (Fig. 9). Most of the
scarp heights range between 50 m and 1000 m along very vertical
faults. This suggests that a small amount of extension has been
accommodated along these fault systems through time and that they

Fig. 8. Note NW–SE streams, crests and alluvial fans misalignment, deviation and offset on 3D Google Earth image. The two biggest and recognizable dry valleys are preserved and
offset on each side of the main fault trace by a sinestral movement. The proposed reconstruction suggests the need of extensional NW–SE movement on the main structure.
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have been repeatedly activated since at least 4 Ma (Fig. 10, last
episodes of sedimentation in the Central valley, i.e. Moquegua D
Formation after Roperch et al., 2006). These faults are restricted to the
Coastal Cordillera, disappearing below the Moquegua Fm or older
sedimentary formations towards the Cordillera Occidental. Finally
these faults exist only where the continental plate is more directly
committed to the stress of the subduction processes, near the coastal
area, above the seismogenic zone (Stern et al., 2002).

7. Seismotectonics and crustal events recorded by the Peruvian
national permanent network

During the 2001 subduction earthquake, the Chololo Fault trace
that trends across Inalhambrica Plain above Ilo, was marked by open
cracks striking N30° E. Ruptures occurred along the pre-existing 2 m-
high scarps but show no reliable vertical offsets, only open cracks of
about 20–30 cm. Most of the houses built on this scarp, which

Fig. 9. Shaded-relief image of 30 m spaced digital elevation model (DEM derived from SRTM data) superimposed with active fault systems. 4 seismic events MN5, are reported. Their
location and focal mechanisms are calculated by data issued from the permanent Peruvian network maintained by the Instituto Geofisico del Peru. The rupture of 2001 subduction
event stopped on Ilo peninsula. Topographic cross section from NW to SE on the normal fault set observed north of Chololo Fault System, showing the topographic evidences of
normal movement along very vertical faults, with a small horst. A landslide scar is still visible in the bathymetry (Smith and Sandwell, 1997).
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corresponds to the southern horsetail termination of the Chololo Fault
in Punta Coles near Ilo, were destroyed during the earthquake.

Manymicroseismic events (M≥4)occurred inMoquegua region after
the June 2001 subduction earthquake, whereas really few were even
recorded in the whole southern Peru during the last previous 5 years
(Tavera et al., 2006). Most (5 of the 9) of themajor crustal seismic events
that occurred after the subduction earthquake of 2001 havemagnitudes
higher than 4 and are thus were recorded by the network (Fig. 9). This
allowed us to calculate focal mechanisms which could be compared to
the regional crustal deformation deduced fromtectonic and geomorphic
analysis. Each event was recorded by the southern national Peruvian
seismic network and thus the P and Swaveswere analysed from6 broad
band stations and 2 short period stations of the permanent network.
Two of the 4 events are clear aftershocks of the main subduction
earthquake (Fig. 9). The last rupturing event is in the upper crust: the
23rd June 2001 (Latitude 17.9251° S, Longitude 71.5791° W,
depth=35.4 km, ML=5.4); the 25th June 2001 (Latitude 17.4512° S,
Longitude 71.1269° W, depth=19.3 km, ML=5.1). The most superficial
event occurred at a depth of ~20 km and correlates very well with the
locationof surfaceoffsets long fault systemscutting theMoquegua Fmas
observed from field investigations or remotely (DEM, Figs. 3 and 9). This
structure appears to be a normal fault base on the tectonic studies,
topographic profile (Fig. 9), and the location of the seismic event on the
fault system would indicate a vertical fault. This observation suggests
that if associated to tectonic deformation, the event should be located
right on the fault and the focal mechanism should be compatible with
the whole trend of the fault system. Indeed the focal mechanism is also
showing a normal sinistral component that fits correctly with the field

observations (Fig. 9). The deepest event (about 35 km deep) is located
right above the scar of a huge submarine landslide that is affecting the
margin in front of Ilo (Fig. 9).

The two other seismic events have occurred almost 2 and 3 years after
the subduction crisis of 2001 (26 August 2003, Latitude 17.4246° S,
Longitude 71.0835° W, Depth=19.4 km, ML=5.8; 30 May 2004, Latitude
17.5849° S, Longitude 71.1523° W, Depth=54.4 km, ML5.0). Since the
occurrence of such seismic events was rare or non existent before the
subduction earthquake of 2001, they seem to be closely related to the
sequenceof aftershocks (Fig. 9). TheML=5.8, 26August 2003event, iswell
located and clearly associated to some crustal deformation right along the
Chololo Fault System (Fig. 9). As this structure appears to be transpressive,
showing a composite normal-sinistral movement, the location of the
seismic event on the Chololo Fault System is coherent with a nearly
vertical fault.Moreover, the focalmechanismalso showsanormal sinistral
component that fits correctly with the tectonic observations. The spatial
extensionof the fault (about40km) suggests that this fault systemreaches
the lithospheric scale and the depth of this seismic event correlates with
this interpretation. The interplate depth is about 20 km to 60 km deep in
this part of the subduction zone, beneath the Coastal Cordillera (Tavera
et al., 2006).Wehighlight that the instantaneous deformation traducedby
the occurrence of seismic events on this structure is perfectly compatible
with the Quaternary deformation at a larger time scale.

8. Discussion

The Chololo Fault System consists of sub-parallel fault segments
that form awide zone at the base of the south-facing front of the Cerro

Fig. 10. Aerial photo of two other perpendicular faults north and south of Chololo F., one with a scarp facing northward, the other with a scarp facing southward. Note the fault trace
cutting through the alluvial fans, showing the Quaternary activity of those faults. U: Up. D: Down.
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Chololo, north of the town of Ilo. The fault cuts straight across
Quaternary to Holocene alluvium and shows morphologic evidence
for normal and sinestral strike-slip motion. We investigated the fault
zone at several sites selected from satellite images and field studies.
The southernmost of these fault segments is the youngest and shows
vertical scarps and lateral offsets. These young scarps are formed on
piedmont intermittent alluvial fans that extend from the range-front
intermittent gullies. The scarps are poorly developed across the recent
fan surfaces, probably as a result of recent erosion or deposition. The
youngest movement on the fault is probably Holocene or latest
Pleistocene for the southernmost segment. Moreover, numerous
normal faults cut the coastal area north and south of the Chololo
Fault zone, which offset either the crystalline basement, the Neogene
pediments or the Quaternary alluvial fans issuing from the foot wall
(Figs. 10 and 11).

The purpose of the tectonic geomorphologic work here is to show
that prominent geomorphic markers exists along crustal fault systems
in the forearc of southern Peru which provide evidence Quaternary
tectonic activity. Mapping active fault traces along the coastal area in
southern Peru and identifying recent surface offsets can thus be used
to determine the key locations where active faulting, either normal or
strike-slip, is involved in the deformation of the coastal area.

Some of these markers are robust enough to allow us to
characterize the kinematics along the faults, at least for the
Quaternary period and show systematic vertical movements asso-
ciated with a small amount of extension.While surface processes are a
much weaker signal than the tectonic signal, with time and strong El
Nino events, they gently degrade the traces of active tectonics,
possibly creating the segmented nature of the structures we observe
in the forearc. Geomorphic observations confirm that despite some
segmentation that is observed along the fault systems, crustal seismic
events can be expected to occur in this area of the Andean forearc. The
fact that perpendicular fault systems are restricted along the coastal
fringe suggests that plate coupling plays a role in their formation and
activation.

9. The existence and implications of inherited structures of the
continental margin

Among these tectonic features oriented perpendicular to the coast,
most show a normal component. The detailed CFS is itself associated
to transpressive kinematics. Those NE–SW normal fault systems are

likely due to seismic crustal activity (accounting for the ongoing
Andean tectonic processes) and some to relaxation processes of the
stress imposed on the outer forearc after the occurrence of major
subduction earthquakes. Indeed if inherited zones of weakness or pre-
existing fault systems are present in the overriding plate near this
region of increased stress, then such faults may serve to localize the
strain.

As discussed byMcCaffrey (1996) kinematics of crustal faults in the
upper plate can be related to the occurrence of major subduction
earthquakes and to the obliquity of the convergence direction with
respect to the trench (McCaffrey, 1996).

Seismological data from the Peruvian network and observation of
surface ruptures that followed the 2001 subduction earthquake show
that several faults are seismically active. For instance, the reactivation
of the Chololo fault immediately triggered by the 2001main shock has
been responsible for some of the destructions that affected the upper
area of Ilo city. Indeed, on the 25th of June 2001 (Ml=5.1) and 26th of
August 2003 (Ml=5.8) two crustal earthquakes occurred right on the
Chololo Fault System and its neighbouring fault systems in the
Moquegua valley. These events present focal mechanisms compatible
with the occurrence of extension on these faults. Related with the
strong seismic coupling and the obliquity of convergence between the
two plates, this fault system trending perpendicular to the trench, may
constitute a barrier to the propagation of the aftershocks along the
subduction plane and correlate with the segments that define the
subduction plane. These faults could be activated in a particular period
of the seismic cycle, for instance at the end of the interseismic period
when the horizontal compressive stresses are maximum within the
continent. McCaffrey et al. (2000) state that the along strike
extensional strain will be larger over the coupled plate boundary
where basal active forces are acting. This is supported by the fact that a
margin-parallel gradient in the margin-parallel velocity must exist
due to the actual bending of the South American plate. Moreover this
study illustrates McCaffrey et al.'s (2000) discussion regarding the
theoretical spatial correlation that should exist in some cases between
interplate coupling and forearc extensional deformation (McCaffrey
et al., 2000).

10. Conclusions

The coastal range is affected by a system a normal faults trending
perpendicularly to the coast, which may be comparable to northern
Chile reverse or normal ones that are trending obliquely to the coast
(Gonzalez et al., 2003; Allmendinger et al., 2005). These normal faults
are especially frequent on the eastern border of the Central Valley,
affecting the Holocene alluvial fans as well as Coastal Cordillera Jurassic
to Cretaceous crystalline formations. They show a main normal
component and, for at least two of them, a transpressional movement
with a left-lateral component. We interpret this motion to be due to the
obliquity of the convergence direction of the subducting plate (N79,
77mm/year, DeMets et al.,1990) with respect to the trench. This type of
vector, imposing a 79° N stress from the highly coupled zone to the
surface, induces a relaxation compatible in direction with normal
sinestral movement on a N55° active fault in the overriding plate.

We speculate that these features may be associated with segmenta-
tion of the upper and/or lower plates. This fault set can be interpreted as
progressive step faults, that may be triggered by gravitational effects
due to major subduction earthquakes. Alternatively, these faults may be
susceptible to permanent deformation which prevents the accumula-
tion of the elastic strain energy necessary to sustain seismic rupture and
thus constitute a seismic barrier. Recent studies focusing on the
aftershock sequence of the 2001 Peru earthquake show that the rupture
produced by the subduction seismic event (moment magnitude 8.4)
propagated for 70 km before encountering an area of fault that acted as
a barrier (Robinson et al., 2006). The rupture continued around this
barrier, which remained unbroken for 30 s and then began to break

Fig. 11. Aeromagnetic map and crustal block limits (after INGEMMET, 2001). Seismic
events MN5, recorded by the permanent Peruvian network (run by Instituto Geofisico
del Peru, Lima) after 2001 subduction earthquake.
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again, propagating to the south before stopping on Ilo peninsula.
Robinson et al. (2006) associate this first barrier with the Nazca fracture
zone features on the subducting oceanic plate. However, it's also well
known that segmentation of the upper plate (Fig. 11) can constrain the
propagation of seismic ruptures along the subduction plane (such as in
the case of Japan, on upper plate in Nankai subduction zone (Okamura,
1990;Wells et al., 2003)). Here, we interpret the propagation pattern to
be mainly associated to margin perpendicular structures as in the case
of the Chololo Fault System in southern Peru and to previous
segmentation of the Peruvian Coastal Cordillera (Fig. 11). Large, linear
magnetic anomalies lie along the coast of southern Peru (INGEMMET,
2001) as presented on Fig. 10. We interpret this map to reflect the
crustal structure of the Cretaceous arc in the Coastal area. Negative
anomalies also coincide with Miocene sedimentary basins and their
limits with the superficial trace of the active normal fault systems
mapped previously in this study. The clear discontinuity observed
between the prominent positive and negative magnetic anomaly
correlates with seismic stalling of subduction events in the Ilo region
as can be seen either in instrumental seismicity with the 2001
earthquake or in historic seismicity for the 1582, 1687 and maybe
1784 events (Dorbath et al., 1990; Fig. 11). Indeed it is striking that
historical earthquake ruptures are confined in north or south of the Ilo
peninsula (Dorbath et al., 1990; Fig. 12). All of the data gathered in this

study suggest that the propagation of major subduction events along
the Nazca plate boundary is conditioned in southern Peru by pre-
existing pronounced features in the geometry of the upper continental
South American Plate which localizes the deformation after the
occurrence of the subduction earthquakes.
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